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Subduction is a major process that plays a first-order role in the dynamics of the 
Earth. The sinking of cold lithosphere into the mantle is thought by many authors 
to be the most important source of energy for plates driving forces. It also deeply 
modifies the thermal and chemical structure of the mantle, producing arc volcan-
ism, and is responsible for the release of most of the seismic energy on Earth. There 
have been considerable achievements done during the past decades regarding the 
complex interactions between the various processes acting in subduction zones. This 
volume contains a collection of contributions that were presented in June 2007 in 
Montpellier (France) during a conference that gave a state of the art panorama and 
discussed the perspectives about “Subduction Zone Geodynamics”. The conference 
was held under the patronage of the “Société Géologique de France” in the frame of 
the International Year of Planet Earth sponsored by UNESCO and the International 
Union of Geological Sciences. During the conference, a volume of 172 abstracts has 
been published in the “Mémoires Géosciences Montpellier” vol. 41 (2007) and is 
available at Géosciences Montpellier Laboratory (http://www.gm.univ-montp2.fr). 
Twelve keynotes launched the discussion on the following topics: Geodynamics and 
Physical Models (S. Sobolev and T. Becker), Geodesy, Seismogenic Zone and Seismic 
Hazard (W. Thatcher and S. Das), Seismology (D. Zhao and P. Silver), Structure 
and Tectonics (R. von Huene and R. Wortel), Geochemistry and Metamorphism 
(Y. Tatsumi and S. Guillot), and Petrology and Mineral Physics (M. Schmidt and 
H. Green). We favoured the multidisciplinary approach to debate on remaining key 
questions.

The chapters included in this special volume provide a sampling of the presenta-
tions given in Montpellier and offer a unique multidisciplinary picture of the recent 
research on subduction zones geodynamics. They were organized into five main top-
ics: Subduction zone geodynamics, Seismic tomography and anisotropy, Great sub-
duction zone earthquakes, Seismogenic zone characterization and Continental and 
ridge subduction processes. Each of the 13 chapters collected in the present volume 
is primarily concerned with one of these topics. However, it is important to highlight 
that chapters always treat more than one topic so that all are related lighting on differ-
ent aspects of the complex and fascinating subduction zones geodynamics.
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Subduction Zone Geodynamics

Seismological data as Wadati-Benioff zones and the distribution of tomographic 
anomalies illustrate short-term snapshot of the subduction process; the cold lithos-
phere sinks into the fluid-like mantle with different dips and shapes. However, the 
long-term evolution of subduction is still uncertain due to its transient character. 
Hence, to better understand the dynamics of subduction, seismic data need to be 
integrated with petrological, geochemical and structural constraints as well as 
numerical and laboratory models. Only modelling, in fact, can provide a dynamic 
view of the slab behaviour giving the opportunity to insert all the direct and indi-
rect observables into a comprehensive picture. Recognizing the importance of 
modelling, Becker and Faccenna (this volume) offer a detailed and updated review 
on the subduction (numerical and laboratory) modelling and, in turn on current 
understanding of subduction dynamics, analyzing the process from a regional to 
a global view.

It is generally accepted that slab negative buoyancy provides the primary driving 
force for subduction. In this view, the subduction of areas of over-thickened oceanic 
crust (seamount chains, oceanic plateaus, island arcs), isostatically more buoyant 
than normal oceanic lithosphere, potentially affects the subduction behaviour influ-
encing its kinematics, slab shape, seismic activity, arc volcanism and coastal geomor-
phic features. Royden and Husson (this volume) use three-dimensional semi-analytic 
“unforced” subduction models, in which trench kinematics is controlled only by slab 
buoyancy, with the aim of systematically analyzing the relationships between slab 
density, slab geometry and subduction velocity rates.

Subduction dynamics depends on the existence and the distribution of slab 
windows. Wortel et al. (this volume) address this question by focussing on STEP  
(subduction-transform-edge-propagator) faults that control the final stages of 
evolution of subduction zones. A STEP fault is a tear in the slab which decouples 
oceanic subducting lithosphere from continental buoyant lithosphere. This tectonic 
element allows the lateral lithospheric segmentation and, in turn, the continuation 
of an active subduction process once continental lithosphere is forced at depth. 
The central Mediterranean Sea is used as a case study because of its peculiar recent 
history.
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240 scientists have attended the three-days meeting among which 180 Europeans and 60 from USA, Asia and other countries. (First row from the left: Francesca Funiciello 
with her daughter (12th place) and Serge Lallemand (5th place) )



Seismic Tomography and Anisotropy

The seismology is the most effective method to explore the structure of subduction 
zones at great depths. A major characteristic that makes the subduction zones differ-
ent from other regions comes from the release of water from the sinking slab. This 
process leads to seismogenesis, melting and viscosity reduction and thus enhances 
the mantle flow. Mainprice and Ildefonse (this volume) explore the contribution of 
hydrous phases in seismic anisotropy by reporting the elastic properties and char-
acteristics of the wave propagation in anisotropic media for a number of hydrated 
minerals.

Calò et al. (this volume) present seismic tomographic inversions of P- and 
S-wave velocity in the southern Tyrrhenian region based on the combined use of 
the Double-Difference technique for inversions, a recently developed algorithm for 
local earthquake tomography, and a statistical Weighted Average Model method. 
This innovative tomographic approach is capable to strongly improve the resolution 
of the final model giving the opportunity to highlight also heterogeneities within the 
Calabrian subducting lithosphere never visualized before.

Great Subduction Zone Earthquakes

Among the biggest challenges of this century, the earthquake prediction is highly 
ranked, especially those which focus on the great event occurring along some sub-
duction zones. One can address the problem at different scales and using various 
approaches. In this section, the emphasis is first given at a macroscopic scale either 
from rupture characteristics or kinematics and structural considerations.

Based on several well-studied rupture processes during great earthquakes, Das 
and Watts (this volume) observe that subducting seamounts should play a significant 
role. The approach chose by Gutscher and Westbrook (this volume) is substantially 
different. They observe that many of the margins with broad accretionary wedges 
have produced strong earthquakes (M9) in the past, as well as giant tsunamis. They 
propose that these wide accretionary wedges promote larger co-seismic slips and 
rupture duration for shallow earthquakes because of their lower rigidity.

Seismogenic Zone Characterization

Before having the opportunity to drill, sample and monitor the seismogenic zone, 
we have no other choice than improving our imagery of the margin’s structure and 
mechanical behaviour using either detailed bathymetry, reflection and refraction 
seismics, seismology or geodesy. It is clear that marine and land observations have 
notably contributed in our understanding during the past decades.

Von Huene et al. (this volume) present a review of the current models based on high 
quality geophysical images of active margins. He refers to the Kelin Wang’s concept 
of dynamic Coulomb wedge model to explain the differences in strain during inter-
seismic locking and co-seismic slip in a converging plate environment. The imaging 
of inter-seismic locking is a challenge for geodesists and only densely monitored 
regions can help us to elucidate, for example the occurrence of slow slip episodes 
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and non-volcanic tremors along the brittle-plastic transition zones of the subduction 
interface. Such study is exemplified at the Nankai subduction zone and the results 
are presented in this volume by Aoki and Scholtz. They have used the vertical com-
ponent of the GPS to discriminate the rigid plate motion from the deformation due 
to interplate locking.

Continental and Ridge Subduction Processes

Subduction processes partly differ from “classical” oceanic subduction when a con-
tinent or a spreading ridge subducts. The buoyancy, the compositional structure and 
the magmatic activity in the case of a spreading ridge obviously interfere with the 
“regular” subduction mechanisms.

At first, Guillot et al. (this volume) present a review of the exhumation processes 
in both oceanic and continental contexts based on petrological and geochronologi-
cal data on HP-UHP/LT metamorphic rocks presently sliced in meta-sediments or 
embedded in “mélange” formations. Comprehensive two-dimensional thermo-
mechanical models are proposed to account for the different settings of occurrence of 
these rocks. Then, a history of subduction episodes that produced the Taiwan orogen 
is developed by Chang et al. (this volume) based on constraints provided by the two 
“mélanges” recognized on the island.

Scalabrino et al. (this volume) review in their chapter the main events that occurred 
on land at the Chile Triple Junction where the Chile spreading ridge subducts beneath 
the Patagonian Cordillera. Tectonic, sedimentary and magmatic features are described 
chronologically and feed an evolutionary model of the area.

Finally, Mantilla-Pimiento et al. (this volume) present a detailed study based on 
two-dimensional seismic reflection data and potential field interpretations about the 
complex history of the active Colombian margin since late Cretaceous. They are able 
to image a huge oceanic basement complex sandwiched between an ancient conti-
nental tectonic wedge and the present active accretionary wedge.

Serge Lallemand
Francesca Funiciello
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Abstract Temporal variations in the buoyancy of subducting lithosphere exert a 
fi rst-order control on subduction rate, slab dip and the position of the associated vol-
canic arc. We use a semi-analytic, three-dimensional subduction model to simulate 
“unforced” subduction, in which trench motion is driven solely by slab buoyancy. 
Model rates of subduction and model slab dip respond almost immediately to changes 
in the buoyancy of the subducting lithosphere entering the trench; as more buoyant 
slab segments correlate with slower subduction rates and steeper slab dip. The results 
are largely consistent with observations from the Banda and southern Apennine sub-
duction systems, where subduction slowed and ended shortly after the entry of conti-
nental lithosphere into the trench. Over a 2 m.y. period, model subduction rates 
decrease from ~70 mm/year to ~30 mm/year for the Banda Arc, and from ~40 mm/
year to ~20 mm/year for the Apennine Arc. Increases in model slab dip and decreases 
in arc-trench distance are likewise consistent with hypocenter locations and volcanic 
arc position along the Banda and Sunda arcs. In contrast, a time period of ~10 m.y. is 
needed for model subduction rates to slow to near zero, much longer than the ~3 m.y. 
upper bound on the observed slowing and cessation of trench motion in the Apennine 
and Banda systems. One possible explanation is that slab break-off, or the formation 
of large slab windows, occurred during the last stages of subduction, eliminating 
toroidal fl ow around the slab and allowing the slab to steepen rapidly into its fi nal 
position.

Subduction with Variations in Slab 
Buoyancy: Models and Application 
to the Banda and Apennine Systems

Leigh H. Royden and Laurent Husson

L.H. Royden
Department of Earth, Atmospheric and Planetary Sciences, 
M.I.T., Cambridge, MA 02139, USA, lhroyden@mit.edu

1 Introduction

Slab buoyancy provides the primary driving force for 
subduction (e.g., Forsyth and Uyeda, 1975; Chapple 
and Tullis 1977; Conrad and Lithgow-Bertelloni, 
2004). However, several studies have revealed a 
poor correlation between observed slab buoyancy 

and subduction kinematics (Jarrard, 1986; Doglioni 
et al., 1999; Lallemand et al., 2005). This may refl ect 
the importance of other factors that affect subduction 
rate and has led to a number of studies that explore a 
wide range of factors that might affect subduction 
(e.g., Kincaid and Olson, 1987; Funiciello et al., 2003; 
Schellart, 2004, Bellahsen et al., 2005; Royden and 
Husson, 2006; Capitanio et al., 2007; Billen and Hirth, 
2007, Stegman et al., 2006). Alternatively, it may be 
that temporal variations in slab buoyancy exert a short-
term effect on subduction that is as important as the 
mean buoyancy.
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Temporal variations in slab buoyancy occur com-
monly during subduction, for example when oceanic 
plateaus, seamounts or fragments of continental crust 
enter a subduction system. Thus by examining the 
relationship between slab density, slab geometry and 
subduction rate from theoretical models, and compar-
ing these results to the time-history of subduction 
and magmatism in natural systems, we can begin to 
understand how variations in slab density may control 
a host of geological phenomenon. Yet, despite the 
extensive literature on subduction process, only a 
handful of studies have examined the role of variable 
slab buoyancy in the subduction process. These have 
generally aimed at examining the role of slab buoy-
ancy in controlling slab shape (i.e., van Hunen et al., 
2004) and arc curvature (i.e., Morra et al., 2006). In 
contrast, Martinod et al. (2005) use an analog approach 
to show that buoyant slab material entering the sub-
duction system both steepens the slab angle and 
reduces the velocity of the trench. In this paper we 
investigate more systematically the length and time-
scales over which variations in slab buoyancy control 
on subduction velocity, slab geometry and subduction 
dynamics, with a brief comparison to two natural sub-
duction systems.

2 Subduction Model

We use a semi-analytical model updated from Royden 
and Husson (2006) that includes a Newtonian viscous 
mantle and a slab of fi nite width, as measured parallel 
to the trench. Figure 1 shows the geometry and 
primary sources of stress on the slab. This model uses 
approximate solutions for toroidal fl ow around the slab 
and for fl ow above and beneath the slab. This provide 
a reasonable approximation of stress on the slab 
at distances of more than ~100 km from its side bound-
aries (Royden and Husson, 2006). We have neglected 
possible curvature of the trench and slab along strike, 
which also affects stress on the slab near the side 
boundaries.

A uniform viscosity is assigned to the slab, making 
up a viscously competent zone that is 50 km thick and 
localized within the upper (cold) portion of the slab 
(Table 1). Subduction is assumed to be “unforced,” 
in that the rate of subduction and trench migration 
are determined only by the negative buoyancy of the 

subducted lithosphere and viscous stresses induced in 
the slab and surrounding mantle. In the model, far-fi eld 
motions of the plates do not contribute to the subduc-
tion process nor play a role in trench migration. Unless 
otherwise specifi ed, the foreland (unsubducted litho-
sphere in front of the trench) is assumed to be station-
ary relative to the underlying lower mantle; therefore 
the rate of trench motion is equal to the rate of subduc-
tion (see later portions of this paper and Royden and 
Husson, 2006, for alternative assumptions). This is 
equivalent to the analog models that fi x the end of the 
slab to the sidewall of the tank (e.g., Kincaid and 
Olson, 1987).
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upper mantle
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      stress

Fig. 1 Schematic diagram of the model subduction zone. Shaded 
areas within the slab denote low-density (high buoyancy) slab 
segments. F

g
, F

n
 and F

s
 are gravitational force, and normal 

and tangential components of viscous forces, respectively. w
0
 is 

pre-subduction water depth of the foreland. Shaded areas in the 
upper mantle outside of the slab denote areas of high viscous 
stress on the slab due to the fl ux of mantle in or out of this 
constricted region

Table 1 Model parameters for Figs. 2 and 3

w
a
 Mid-ocean ridge depth 2.5 km

l Thickness of slab 100 km
 Trench length 600 km
 Thickness of upper plate 50 km
r

a
 Density of the asthenosphere 3,300 kg m−3

r
c
 Density of the crust/frontal prism 2,800 kg m−3

r
w
 Density of water 1,000 kg m−3

 Viscosity of the upper mantle 
  (excluding slab and lithosphere) 2.5 × 1020 Pa
 Viscosity of slab “core” 1023 Pa s
 Thickness of slab “core” 50 km
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Subduction is “mature” in that the end (or “tail”) of 
the slab extends to the top of the lower mantle, treated 
in this paper as a rigid boundary. This condition 
prevents mantle fl ow beneath the slab tail (Garfunkel 
et al., 1986). Note, however, that the position of the 
slab tail is determined only by viscous forces within 
the slab and upper mantle. The slab position is not a 
priori fi xed with respect to the top of the lower mantle. 
This differs from tank models where the deep slab 
becomes fi xed onto the base of the tank (see Funiciello 
et al., 2003). Because the process of slab deformation 
within the transition zone is poorly known, it is not 
clear which, if either, of these assumptions is more 
correct. There should be little difference between them 
when the foreland lithosphere, and thus the slab tail, is 
relatively stationary with respect to the top of the lower 
mantle. However, differences in predicted behavior 
could become large when there is rapid relative motion 
between them.

Prior to subduction, slab buoyancy can, to fi rst 
order, be linearly equated with the bathymetry of the 
soon-to-be-subducted lithosphere (its “pre-subduction” 
water depth, w

o
). For a slab thickness of 100 km and an 

asthenospheric density of 3300 kg/m3, each kilometer 
change in pre-subduction water depth translates to 
a change in mean slab density of ~23 kg/m3. Slab 
buoyancy is neutral if w

o
 equals ~2.5 km, very negative 

if w
o
 is ~6.5 km (e.g., old oceanic lithosphere), and 

very positive if w
o
 is ~0 km (e.g., typical continental 

lithosphere). (See Royden and Husson, 2006, for 
further discussion of buoyancy and bathymetry.) Note, 
however, that slab buoyancy is a function only of the 
lithospheric material that is actually subducted and the 
density of that material as it is subducted. If sediments 
or crust are stripped from the slab as it enters the 
subduction zone, or if phase changes occur during 
subduction, the slab buoyancy changes accordingly. 
In this paper we ignore both of these effects, although 
they could easily be included with appropriate changes 
in slab density with depth.

3 Subduction of a Model Foreland

In Figs. 2 and 3 we show results for subduction of a 
model foreland consisting of a deep oceanic domain 
(w

0
 = 6.5 km) embedded with several contrasting buoy-

ancy domains, including a continental island (250 km 
wide, w

0
 = 0 km), an oceanic plateau (800 km wide, 

w
0
 = 3.5 km), and a continental margin (w

0
 = 0 km) 

(Fig. 2a). Slab buoyancy is varied in a direction normal 
to the trench while all other parameters are held 
constant.

After subduction of oceanic lithosphere has achieved 
a steady-state geometry and rate (at ~70 mm/year), the 
contrasting buoyancy domains reach the trench and are 
subducted sequentially. When the continental island 
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enters the trench and reaches the uppermost astheno-
sphere (~65 km depth), the rate of subduction drops 
abruptly and trench retreat slows to 5–10 mm/year 
(Fig. 2b). Subsequently, as the leading edge of the next 
oceanic segment enters the trench and reaches the 
uppermost asthenosphere, the subduction rate increases 
again to ~70 mm/year. A similar pattern of decreasing 
and increasing rate occurs with subduction of the 
oceanic plateau. Finally, rates slow and subduction is 
terminated when the continental margin enters the 
system; its leading edge is ultimately subducted to 
~300 km depth km (Fig. 3, see also Ranalli et al., 2000; 
Regard et al., 2003).

The time-scale over which subduction rates respond 
to changes in slab buoyancy is generally on the order 
of just a few million years. When subduction rates 
change in response to slab buoyancy, the rates of 
change can be rapid only when the subduction rate is 
rapid. This is because each new lithospheric segment, 
with new buoyancy, enters the system at the rate of 
subduction, and the subduction system adjusts to the 
new slab buoyancy accordingly. Thus rapid changes in 
subduction rate can only occur when the subduction 
velocity is high; when subduction velocity is low, 
changes in subduction rate must occur slowly, but the 
rate of change can become rapid as the subduction rate 
speeds up.

Model steady-state subduction of the dense 
oceanic slab occurs at an average dip of ~60–65° 
(Figs. 2b and 3). When continental or plateau litho-
sphere enter the system, the slab steepens to more 
than 80° because the buoyant part of the slab at shal-
low depth resists sinking and slows the rate of trench 
retreat; meanwhile the deeper, denser part of the slab 
continues to sink at a faster rate. Flattening of the 
shallow slab occurs when dense lithosphere follows 
buoyant lithosphere into the trench because the dense 
slab at shallow depth sinks more rapidly than the 
buoyant material at greater depth. Thus there is 
a strong correlation between slab dip and trench 
migration rate (Fig. 2b). For narrow, highly buoyant 
slab segments, the dip of the slab may become inverted 
at depth, with a local depth-minimum coinciding with 
the buoyant slab segment (Fig. 3a).

Equating the distance from the subduction bound-
ary to the volcanic arc with the horizontal distance 
over which slab defl ection increases from 2 to 100 and 
150 km, the distance from the subduction boundary to 
the volcanic arc is ~220–250 km during steady-state 
oceanic subduction for the parameters used in this 
paper (Fig. 2c). This decreases to ~150–170 km during 
subduction of the continental island and oceanic 
plateau areas. The greatest change in the location of 
the volcanic arc occurs when subduction terminates 
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against the continental margin and the distance from 
the thrust belt to the volcanic arc is decreased to 
~100 km. The precise distance to the arc is highly 
sensitive to factors like the density of material in the 
frontal prism (Fig. 1), but the signifi cant decrease in 
arc-trench distance during slowing of subduction is 
a robust feature of the model results.

4  Case Studies: Banda and Apennine 
Systems

The subduction model used here supposes that subduc-
tion occurs solely as a result of negative slab buoyancy, 
so the model results are not applicable to orogenic 
belts like the Himalaya, which accommodate rapid 
inter-plate convergence driven largely by far-fi eld 
forces (e.g., Conrad and Lithgow-Bertelloni, 2004). 
It is best applied to unforced subduction systems that 
display upper-plate extension concurrent with subduc-
tion, such as those of the Mediterranean region 
(e.g., Malinverno and Ryan, 1986; Wortel and 
Spakman, 2000; Royden, 1993a, b; Jolivet and 
Faccenna, 2000; Faccenna et al., 2003), and the region 
extending eastward from Indonesia to the Pacifi c plate 
(Hall, 1996; Charlton, 2000; Daly et al., 1991; Rangin 
et al., 1990; Hinschberger et al., 2000). The Apennine 
and Banda Sea systems offer excellent opportunities to 
compare model results with observations in systems 
where subduction has terminated following entry of 
continental lithosphere into the subduction zone. 
Conversely, there are also subduction systems where 
an increase in subduction rate can be correlated with 
entry of denser lithosphere into the trench, but the 
amount of geologic information needed to document 
rates and timing renders such comparisons beyond the 
scope of this paper.

4.1 Geological Settings

Subduction of Australian lithosphere northward beneath 
the Banda Arc occurred prior to Pliocene time at a rate 
of ~70 mm/year (Fig. 4a, after Hinschberger et al., 
2000). The pre-subduction depth, w

o
, of the subducted 

oceanic lithosphere was probably similar to that 
observed today in the adjacent Indian Ocean, ~5.7 km. 
During Pliocene time, the eastern end of the subduction 
system encountered the continental margin of north-
western Australia and arc-continent collision occurred 
diachronously from west to east. During subduction of 
the margin, w

o
 decreased to its current value of ~0.05 km. 

The rate of subduction dropped to zero by 0.5–1.0 Ma 
while to the west (Sunda arc), subduction of oceanic 
lithosphere continues at ~70 mm/year (Kreemer et al., 
2000; Richardson and Blundell, 1996; Hughes et al., 
1996). Thus the Banda Sea offers an excellent opportu-
nity to observe the reaction of subduction system to the 
entry of continental material into the trench, and at the 
same time to observe steady-state subduction of oce-
anic lithosphere (Sunda arc) that is probably similar to 
that of the Banda arc prior to collision.

The Late Cenozoic Apennine system consumed 
mixed oceanic and continental lithosphere along a west-
dipping subduction system (Fig. 4b). Reconstruction of 
the southern Apennines suggests a Late Miocene sub-
duction rate of ~30–50 mm/year or perhaps higher (e.g., 
Patacca et al., 1990; Fig. 5b, detailed rates taken from 
the unpublished work of P. Scandone, pers. com., 2006, 
average rate from Faccenna et al., 1997). The apparent 
oscillations in rate are probably artifacts of an incom-
plete geological record, and the maximum rates are 
probably the more signifi cant. In any case, we choose a 
rate of 40 mm/year as the pre-collisional rate of subduc-
tion for the Apennine system. In Pliocene time, the 
southern Apennine trench encountered the continental 
Adriatic lithosphere and thrusting and subduction had 
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ended by Quaternary time (see e.g., Patacca et al., 1990; 
Faccenna et al., 2001; Jolivet and Faccenna, 2000).

4.2 Model Parameters

The transition from oceanic to continental foreland 
was modeled for these two systems using the same 
parameters as in Fig. 2 and Table 1, except as noted in 
Table 2. In particular, the pre-subduction water depth 
of oceanic lithosphere subducted in the Banda 
region was estimated from the depth of the adjacent 
ocean basin (5.7 km for the Banda Arc). The pre-
subduction water depth for the deepwater portions of 
the Apennine slab is unknown, so we chose a moderate 
depth of 5 km. In both cases the pre-subduction water 

depth of continental portion of the lithosphere is set to 
sea-level. A range of slab viscosities, from 1022 to 1024 
Pa s, were used in the model runs, with the viscosity of 
the surrounding mantle chosen in each case to provide 
a subduction velocity of ~70 mm/year for the Banda 
system and ~40 mm/year for the Apennine system.

4.3 Subduction Rates

Model rates of subduction are in excellent agreement 
with the rapid termination of subduction within the 
Apennine and Banda systems for the initial period of 
slow-down, with velocities slowing down from ~70 to 
~30 mm/year over a 2 m.y. period for the Banda Sea 
model, and from ~40 to ~20 mm/year over a 2 m.y. period 

su
bd

ru
ct

io
n 

ra
te

 (
m

m
/y

r)

-50510

80

60

40

20

0

time (Ma)

S. Apennines

Banda Arc

Banda Arc
Banda

Arc

b)

su
bd

uc
tio

n 
ra

te
 (

m
m

/y
r)

40 mm/yr

0 mm/yr

60 mm/yr

20 mm/yr

80

60

40

20

0
 10 05 -5

time (Ma)

c) su
bd

uc
tio

n 
ra

te
 (

m
m

/y
r)

40 mm/yr

0 mm/yr

60 mm/yr

20 mm/yr

80

60

40

20

0
 10 05 -5

time (Ma)

d) 
su

bd
uc

tio
n 

ra
te

 (
m

m
/y

r)

80

60

40

20

0
 10 05 -5

time (Ma)

a) 

1022 Pa s
1023 Pa s
1024 Pa s

1022 Pa s
1023 Pa s
1024 Pa s

Fig. 5 Observed (gray curves) and model (black 
curves) rates of subduction for the Banda arc the 
Southern Apennines. Parameter values are given in 
Table 2. (a), (b) Subduction rate versus time following 
entry of continental lithosphere into the trench at 
5 Ma. Foreland velocity relative to the top of the lower 
mantle is zero. Labeled curves correspond to different 
values of slab viscosity. (c) Subduction rate versus 
time for the Banda Arc following entry of continental 
lithosphere into the trench at ~5 Ma. Labeled curves 
correspond to different imposed values foreland 
velocity (from foreland toward trench) relative to the 
top of the lower mantle. (d) Same as (c) except that 
slab detachment occurs at 470 km depth at the time 
indicated by the vertical arrow

Table 2 Parameters for Figs. 5 and 7

 Pre-subduction water depth Northward foreland velocity Slab viscosity Mantle viscosity
  (relative to lower mantle)  

Figure 5a (Banda) 5.7 km 0 mm/year 1022 Pa s 1.9 × 1020 Pa s
 5.7 km 0 mm/year 1023 Pa s 1.8 × 1020 Pa s
 5.7 km 0 mm/year 1024 Pa s 1.5 × 1020 Pa s
Figure 5b (Apennines) 5.0 km 0 mm/year 1022 Pa s 2.4 × 1020 Pa s
 5.0 km 0 mm/year 1023 Pa s 2.2 × 1020 Pa s
 5.0 km 0 mm/year 1024 Pa s 1.8 × 1020 Pa s
Figure 5c,d (Banda) 5.7 km 0 mm/year 1022 Pa s 1.9 × 1020 Pa s
 5.7 km 20 mm/year 1022 Pa s 2.1 × 1020 Pa s
 5.7 km 40 mm/year 1022 Pa s 2.4 × 1020 Pa s
 5.7 km 60 mm/year 1022 Pa s 2.7 × 1020 Pa s
Figure 7 5.7 km 0 mm/year 1023 Pa s 1.8 × 1020 Pa s
 5.7 km 0 mm/year 1024 Pa s 1.5 × 1020 Pa s
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for the Apennine system (Fig. 5a and b). This indicates 
that the timescale over which subduction initially 
responds to changes in slab buoyancy is similarly rapid 
in the natural systems and in the model, and is largely 
independent of slab viscosity. However, for all slab vis-
cosities, the latter stages of subduction termination are 
signifi cantly faster in the observed systems than in the 
model results. In particular, the slowing of model sub-
duction from 20 to 0 mm/year occurs over at least 10 m.y., 
with a gradual slowing of rate, while subduction in the 
Apennine and Banda systems terminates abruptly.

One possible source of the mismatch between 
observed and model results is the imposed velocity of 
the foreland relative to the top of the lower mantle (see 
e.g., Schellart, 2005). The foreland lithosphere for the 
Apennine subduction system is approximately station-
ary, or at least not moving very rapidly, in the hot spot 
reference frame (e.g., Gordon and Jurdy, 1986). Its 
motion with respect to the top of the lower mantle is, 
presumably, similar. However, the Indian-Australian 
plate (the foreland for the Banda subduction system) is 
moving northwards in the hotspot reference frame at 
~60 mm/year, bringing into question the importance of 
the absolute velocity of the foreland with respect to the 
top of the lower mantle.

Figure 5c shows the model decrease in subduction 
rate expected for imposed foreland velocities, relative 
to the top of the lower mantle, ranging from 0 to 
60 mm/year, in a direction orthogonal to and toward 
the trench. In order to match the initial subduction 
velocity of ~70 mm/year and to keep the initial slab 
buoyancy consistent with a pre-subduction water depth 
of 5.7 km, the viscosity of the mantle had to be 
adjusted for each individual case (Table 2). With these 
constraints, there is little predicted variation in the rate 
at which subduction slows as a function of imposed 
foreland velocity, indicating that this is probably not 
the cause of the misfi t between observations and model 
in the latter stages of subduction termination. This 

result is consistent with the Apennine and Banda 
systems exhibiting the same rapid termination in sub-
duction regardless of foreland velocity. It appears that 
some process, not included in our subduction model, 
must be responsible for the rapid termination of 
subduction in the latter stages of continental margin 
subduction, as we discuss further below.

4.4  Slab Dip and Migration of 
the Volcanic Arc

A robust result of the model is that the slab dip steep-
ens as buoyant material enters and descends into the 
subduction system. For example, Fig. 3 shows the 
model slab dip steepening from about 60–65° during 
steady-state subduction of oceanic lithosphere to 85° 
or more after buoyant lithosphere enters the trench. 
This compares favorably to the slab geometries indi-
cated by earthquake hypocenters from the Sunda and 
Banda arcs (Fig. 6); the average slab dip in the Sunda 
arc, where oceanic lithosphere is being subducted in 
steady-state is ~55–60° between 200 and 400 km depth. 
The slab dip along the Banda arc, where subduction 
has ceased, is ~75–80°. Both model and observations 
show an increase in slab dip of about 20° during entry 
of the continental margin into the subduction system. 
The modern slab dip beneath the Apennines is also 
very steep, perhaps 80° or more (Lucente et al., 1999; 
Piromallo and Morelli, 2002).

Another robust result from the model is the migra-
tion of the volcanic arc (equated in the model with 
a depth of 100–150 km at the top of the subducted slab) 
toward the trench during subduction of buoyant litho-
sphere. Thus there is a strong correlation between sub-
duction rate and the location of the volcanic arc. The 
modern position of the volcanic arc within the Southern 
Apennines is ~100 km from the thrust front, similar to 
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the model results of Fig. 2c after subduction of the con-
tinental margin. Within the Banda-Sunda arc system, 
the volcanic arc is ~250–350 km from the Sunda trench 
but only ~150–200 km from the inactive Banda thrust 
front. Using the Sunda arc as a proxy for the Banda arc 
prior to its interaction with the Australian continental 
margin, there appears to have been a 100 km decrease in 
the distance from the thrust front to the volcanic arc that 
is associated with subduction of the margin (Fig. 7). 
While we cannot rule out that some of the decrease in 
arc-trench distance might be due to shortening in the 
fore-arc region after the eruption of the last volcanic 
arc rocks at ~3 Ma, the fact that the slab dip is steeper 
slab the Banda region than in the Sunda region is also 
consistent with a decrease in the arc-trench distance 
during slowing and cessation of subduction.

5 Slab Detachment?

A number of authors (e.g., Buiter et al., 2002; Wortel 
and Spakman, 2000) have suggested that during the 
entry of continental lithosphere into a subduction zone, 
the lower part of the slab detaches from the upper part, 

in a process commonly referred to as “slab break-off” 
or “slab detachment.” This process has been specifi -
cally suggested for both the Apennine (Buiter et al., 
1998) and Banda arc (Elburg et al., 2004) systems. 
While a detailed investigation of this process is beyond 
the scope of this paper, we can make a preliminary 
assessment of whether this process could lead to a 
suffi ciently rapid termination of the last stages of 
subduction, as indicated in Fig. 5.

Figure 5d shows the results for a simulated slab 
break-off at the time indicated by the vertical arrow. 
Although our model does not really allow for proper 
slab break-off, we simulate instantaneous slab break-
off by truncating the slab at 470 km depth and setting 
the viscous stresses on the bottom of the slab to zero. 
This somewhat ad hoc modifi cation of the forces on the 
slab eliminates the high stress area beneath the lower 
part of the slab (Fig. 1) and also eliminates the viscous 
stresses that result from toroidal fl ow around the slab 
(because mantle can fl ow through the region formerly 
occupied by the deep part of the slab). The results indi-
cate a very rapid transition from slow subduction to no 
subduction, in good agreement with observations from 
the Banda Sea (Fig. 5d) and the Apennines (not shown 
but similar to Fig. 5d). Although not a precise simula-
tion of slab break-off, these results suggest that slab 
break-off may provide a mechanism whereby the last 
stages of subduction occur very quickly.

Importantly, the reduction in weight of the deep 
slab is not the most important factor in causing rapid 
cessation of subduction. Rather, it is the creation of a 
shortcut for mantle fl ow that is critical in enabling 
rapid steepening of the slab into its fi nal, stationary 
position. In particular, the creation of gaps in the slab 
enables rapid fl ow out of the geometrically confi ned, 
high-stress region beneath the deep slab (Fig. 1), 
thereby allowing for rapid motion of the deep slab.

6 Discussion and Conclusions

In general, rates of subduction and trench motion 
respond rapidly to changes in slab buoyancy. 
Subduction rates respond more rapidly to changes in 
slab buoyancy when the subduction rate is fast, and 
less rapidly when subduction rates are slow. Because 
subduction rates are faster for more negatively buoyant 
slabs, there is a discrepancy between the amount 
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of time that various buoyancy domains spend in the 
shallow part of the subduction system and their origi-
nal extent within the foreland. In Fig. 2, continental 
lithosphere and oceanic plateau regions initially make 
up ~25% of the foreland, but account for ~55% of the 
subduction time. Thus the duration of events within 
a thrust belt cannot be used as a direct measure of 
the original extent of various buoyancy or facies 
domains because the low buoyancy regions will be 
over-represented in the duration of thrusting.

The dip of subducted slabs at shallow depth 
(~100 km) tracks closely with the rate of trench 
migration. For the parameters used in this paper, very 
dense slabs (old ocean) subduct at angles of ~60–65° 
whereas more buoyant lithospheres, like the oceanic 
plateau modeled in Fig. 2, subduct at steeper angles. 
(The precise slab dip depends on a variety of parame-
ters and may vary from system to system even if slab 
buoyancy is identical). When all other parameters are 
held constant, the correlation between subduction rate 
and slab dip at 100 km depth is surprisingly good. This 
is counter to the common misconception that high-
density slabs dip more steeply than low-density slabs 
(e.g., Luyendyk, 1970). The latter is correct if the 
trench retreat rate is held constant while slab buoyancy 
is varied, but not when both subduction rate and trench-
migration rate are controlled by the negative buoyancy 
of the slab. This agrees with the fact that little correla-
tion is found between observed slab dip and slab den-
sity (e.g., Jarrard, 1986; Heuret and Lallemand, 2005).

Because arc-magmas are generated above subducted 
slabs at depths of 100–150 km, there is also a correla-
tion between the slab buoyancy, slab dip and location of 
the volcanic arc. As slab dips steepen, the volcanic arc 
should move closer to the trench (or front of the thrust 
belt). This occurs most markedly during subduction of 
a continental margin or other large buoyant object and 
is illustrated by the Banda/Sunda subduction system 
(Fig. 2). Equating the distance from the trench to the 
volcanic arc with the horizontal distance over which the 
slab depth increases from 10 to 100 km, the model dis-
tance from the trench to the volcanic arc decreases by 
~100 km during subduction of the continental margin.

When subduction terminates, the viscous stresses on 
the slab disappear and the stresses on the slab arise only 
from its buoyancy. If subduction is terminated by sub-
duction of a continental margin or other buoyant object, 
the depth to which the leading edge of the buoyant litho-
sphere can be subducted depends on its buoyancy and 

the buoyancy of deeper, denser portions of the slab. This 
is refl ected in the extensional stresses transmitted along 
the slab (Fig. 3c). For a uniformly buoyant slab subduct-
ing in steady-state, the extensional stress along the slab 
increases toward the surface. (Note that extensional 
stress is not necessarily zero at the surface; only the ver-
tical component of stress, integrated along the slab, must 
be zero.) When subduction terminates after subducting 
a continental margin, the extensional stress within the 
subducted slab is greatest at the former ocean-continent 
transition. This result is intuitive because at that stage 
there are no longer stresses on the slab from viscous 
fl ow in the surrounding mantle. Thus the extensional 
stress on the slab increases upwards to the point where 
the density of the slab is less that the density of the sur-
rounding mantle. This suggests slab attenuation and 
possible slab detachment may be most likely to occur at 
this site (see Fig. 3c and Wortel and Spakman, 2000; 
Regard et al., 2003).

Our results apply largely to unforced subduction 
systems, where trench motion is controlled by slab 
buoyancy and not by far-fi eld constraints on relative 
plate velocities. Modeling studies (e.g., Hassani et al., 
1997) and observations (e.g., on the Nazca subduction 
zone, Gutscher et al., 1999) indicate that velocities 
imposed on the upper plate can play a large role in 
determining slab geometry and kinematics. For this 
reason, we have chosen natural examples where the 
upper plate lithosphere experienced extension during 
the subduction process, suggesting relatively little 
stress coupling between the over-riding and down-
going plates.

Nevertheless, some of the general concepts devel-
oped here may be extrapolated more broadly. We sug-
gest that, for large plates like the Pacifi c, local and 
short-term variations in upper plate deformation, such 
as in the Japan or Kurile regions, may be more closely 
related to temporal and spatial variations in slab buoy-
ancy than to the mean buoyancy of the slab. Even small 
variations in slab buoyancy result in speeding or slow-
ing of trench motion. Although the change in rate may 
be but a minor fraction of the total trench velocity, 
even a change in rate of 5 mm/year over 10 m.y. can 
result in signifi cant stretching or shortening of the 
upper plate. If this interpretation is correct, it helps to 
explain the apparent contradiction that slab buoyancy 
is the most important driver of subduction, yet there 
appears to be a lack of correlation between local slab 
buoyancy and associated upper plate deformation.
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Abstract Particularly interesting stages in the evolution of subduction zones are the 
two main transient stages: initiation and termination. In this contribution the focus 
is on the second of these: terminal stage subduction, often triggered by continental 
collision or arc-continent collision. The landlocked basin setting of the Mediterranean 
region, in particular the western-central Mediterranean, provides unique opportuni-
ties to study terminal stage subduction and its consequences.

We use seismic tomography results on lithosphere and upper mantle structure as a 
source of information on plate boundary structure, and concentrate on the lithospheric 
scale aspects. Combining this structural information with process-oriented numerical 
modelling studies and regional observations, we present a 3D model for convergent 
plate boundary evolution after collision, in which slab detachment and the formation 
of tear or STEP (Subduction-Transform-Edge-Propagator) faults are key elements. 
A STEP fault laterally decouples subducting lithosphere from non-subducting litho-
sphere in a scissor type of fashion. It enhances the ability of a slab to retreat through 
the mantle fl ow around the edge of the subducted slab. In this way collision and back-
arc extension may occur in close proximity. In our study area this specifi cally pertains 
to collision along the north African margin, STEP formation in easterly direction, 
CCW rotation of the southern Apennines slab and the opening of the Tyrrhenian Sea. 
Vertical tearing of subducted lithosphere may play an important role as well, but is 
probably not crucial. On the basis of the good agreement between the Mediterranean-
based model and the evolution of the Tonga-Fiji region we expect that the model may 
shed light on other complex convergent plate boundary regions, as well.

In summary: Upon continental (or arc-continent) collision, along-trench variations 
in lithospheric properties of the subducting lithosphere may lead to disruption and 
segmentation of the subduction system. Following slab detachment along limited seg-
ments of a convergent plate boundary, the development of STEP faults is expected. 
These faults contribute to an increase in arc curvature within plate boundary segments. 
This contributes to the sinuous geometry of long subduction systems such as in the 
western and southwest Pacifi c.

Keywords Subduction · Seismic tomography · Continental collision · Slab detachment 
· STEP fault · Roll-back
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1 Introduction

Among the stages that may be distinguished in subduc-
tion zone evolution, the most intriguing ones probably 
are the transient stages of initiation and termination. 
Transient stages typically result in a wider spectrum of 
expressions than approximately steady state condi-
tions. In this contribution the focus is on terminal stage 
subduction, often triggered by continent-continent or 
arc-continent collision (both hereafter referred to as 
continental collision). In this terminal stage the topic of 
back-arc extension deserves special attention, in view 
of Royden’s (1993) fi nding of a peculiar combination 
of collisional events and escape type of arc migration 
and back-arc extension.

Since Karig (1971), the relation between subduction 
and back-arc extension (in combination with migration 
of the arc involved) is well-known. Identifying hinge 
migration as resulting from the gravitational instability 
of dense oceanic lithosphere (Elsasser, 1971) was a 
major step in understanding the physical cause of the 
connection. The process became commonly referred to 
as (slab) roll-back or slab retreat. Subsequent progress 
was hampered by the intrinsic short-comings of 2D 
modelling. This led Dvorkin et al. (1993) to investigate 
the signifi cance of 3D aspects of subduction zones, 
particularly a fi nite width slab allowing mantle fl ow 
around the slab edges. Several studies expanding on 
this topic and other 3D aspects of subduction have 
further elucidated their role in subduction zone evolu-
tion and back-arc extension (Funiciello et al., 2003; 
Schellart, 2004; Bellahsen et al., 2005; Stegman et al., 
2006; Schellart et al., 2007).

Because continental collision plays a key role in 
terminating subduction we choose the Mediterranean 
region, the evolution of which is characterized by 
continental collision and terminal stage subduction 
(Le Pichon, 1982; Jolivet and Faccenna, 2000; Wortel 
and Spakman, 2000), as our study area. We start from 
the regional geodynamic setting. Deploying informa-
tion on lithosphere and upper mantle structure as 
obtained from seismic tomography we concentrate 
on the geodynamic process causing and allowing roll-
back. Adopting a lithospheric scale approach, we com-
bine the structural information with physical guidance 
from modelling studies to arrive at an evolutionary 
model for terminal stage subduction and accompany-
ing back-arc extension.

2  Terminal Stage Subduction 
in Mediterranean Region: North 
Africa and the Sicily-Tyrrhenian 
Region

Collision has been part of geodynamic analyses of the 
Mediterranean for many decades (e.g., Argand, 1924), 
albeit originally predominantly in the context of the 
Africa-Europe collision in the Alps. In a plate tectonic 
framework, the role of collision in the evolution of 
the wider Mediterranean region has been highlighted in 
different ways by Le Pichon (1982) and Royden (1993).

Le Pichon (1982) focused on the role of Africa-
Europe collision in the westernmost Mediterranean 
(Gibraltar arc region) and the Arabia-Anatolia collision 
in the east (Bitlis region) in establishing a landlocked 
basin setting. In such a setting the gravitational insta-
bility of the African lithosphere of the Mediterranean 
promoted roll-back of subduction zones and associated 
back-arc extension. Jolivet and Faccenna (2000) 
further advanced our understanding of the regional 
evolution by pointing out the contemporaneity of the 
start of extension in the Mediterranean and the role of 
the decrease in absolute velocity of the African plate in 
causing an acceleration in slab retreat. On a somewhat 
smaller scale, Royden (1993) concentrated on the kine-
matic relationship between collisional processes in 
parts of the Alpine-Mediterranean region and escape 
type of arc migrations in adjacent regions, such as the 
Carpathians, the Hellenic and Apennine arcs and the 
Betics-Rif thrust belt.

In this paper we use tomographic results to delin-
eate 3D aspects of subduction zones and process-based 
understanding to investigate the physical processes 
giving rise to a kinematic pattern very similar to the 
type described by Royden (1993).

2.1  Deep Structure and Regional 
Evolution

Seismic tomography has played a major role in pro-
ducing new information concerning the deep structure 
of subduction zones, in particular where the subducted 
lithosphere’s geometry is not or only partially outlined 
by earthquake hypcentres. This has very clearly been 
the case in the Mediterranean region where indeed 
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earthquake hypocentres only provided very limited 
windows on the deep structure of the convergent plate 
boundary zone (Giardini and Velonà, 1991; Spakman 
et al., 1993; Wortel and Spakman, 1992, 2000; 
Spakman and Wortel, 2004; Piromallo and Morelli, 
2003; Lucente et al., 1999). Our early studies of the 
geodynamic implications of seismic tomography 
results (Spakman et al., 1988; Wortel and Spakman, 
1992) showed the signifi cance of the new source of 
information on structure of the lithosphere and upper 
mantle.

The Mediterranean region shows arc migration and 
back-arc extension in both the western Mediterranean 
(Liguro-Provencal Basin and Tyrrhenian Sea) and the 
Aegean region. Since in the Aegean case back-arc 
extension is fully active (McClusky et al., 2000), 
terminal stage subduction can be studied best in the 
western Mediterranean. We refer to Spakman and 
Wortel (2004) for a detailed overview of the tomo-
graphic results available for the western-central 
Mediterranean, in combination with resolution tests, 
a discussion of other tomographic results and a regional 
scale interpretation.

There is general consensus on the fi rst order 
kinematic evolution of the western Mediterranean. 
Characteristic feature is the Late Oligocene to Recent 
arc migration starting from a location along the eastern 

margin of Iberia and southern France (e.g., Dewey 
et al., 1989; Auzende et al., 1973; Rehault et al., 1984; 
Doglioni et al., 1997; Faccenna et al., 2001a; Schettino 
and Turco, 2006). The migrating trench system made 
contact with the north African continental margin 
in the Langhian (~15 Ma). In a second episode of 
extension starting at about 10 Ma, the extension con-
tinued with an eastward shift of activity (Fig. 1), 
towards the Tyrrhenian realm (Carminati et al., 1998; 
Faccenna et al., 2001b). Malinverno and Ryan (1986) 
illustrated the relevance of Elsasser’s (1971) gravita-
tional sinking and arc migration model for the 
Tyrrhenian region.

The present-day plate boundary between Africa/
Adria and Eurasia is often drawn from the Apennines, 
through the highly curved Calabrian Arc towards the 
Maghrebides in northern Africa. As shown by 
Carminati et al. (1998) on the basis of seismic tomog-
raphy results, however, this apparently continuous arc 
does not correspond to an equally continuous subduc-
tion zone. Here we display the regional seismological 
structure in a series of horizontal slices through the 
BS2000 model of Bijwaard and Spakman (2000) 
(Fig. 2). The sections show a high velocity anomaly of 
the Calabrian slab and clearly indicate the absence of 
a subducted slab underneath the plate boundary seg-
ment in and to the west of western Sicily.

Fig. 1 Regional topographic/bathymetric map of the Sicily-
Tyrrhenian Sea region (see inset for location of the main fi gure 
within the larger western-central Mediterranean region). It shows 
the location of the convergent plate boundary in the western-
central Mediterranean in the Langhian (~15 Ma) and at Present. 

CT = Calabria Trench. White dents indicate detachment of sub-
ducted slab, black dents indicate continuous slabs. The exact 
location of the transition from detached slab towards continuous 
slab in Southern Italy is uncertain. The STEP fault is shown as 
a deformation zone, with an overall dextral sense of shear
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2.2 Plate Boundary Evolution

The seismological structure in Fig. 2 pertains to the 
present-day situation. In order to develop a model for 
the evolution of the plate boundary we use results from 
modelling studies and follow the plate boundary evolu-
tion in a process-oriented way. We start from the stage 
of collision between the outwardly migrating (in S, SW 
and E direction) trench system and the north African 
continental margin (Fig. 1). In doing so we summarize 
earlier work and put it in a regional perspective.

2.2.1  Continental Collision and 
Slab Detachment

The migrating trench in the western Mediterranean 
reached the North African margins at ~15 Ma. Van de 

Zedde and Wortel (2001) numerically investigated the 
evolution of stress and strength in subducting litho-
sphere in case of transition from oceanic to continental 
lithosphere subduction. They showed that continental 
collision (in particular the soft type of collision, 
i.e., upon slab retreat) can lead to very shallow slab 
detachment (breakoff) of the subducted slab. This is 
schematically shown in Fig. 3a.

The seismic velocity distribution (Spakman and 
Wortel, 2004; Wortel and Spakman, 2000) shows evi-
dence for the absence of high velocity slab material, 
and hence for slab detachment, below the north African 
margin in the ~100–300 km depth range, almost along 
the margin’s entire length. It does not show clear 
evidence for a distinct pattern of lateral migration of 
the slab detachment process, neither to the west nor to 
the east. In analyses of convergent margin evolution it 
is important that slab detachment occurs with a consid-
erable delay time (several Myr) relative to the time of 

Fig. 2 Horizontal sections 
through the BS2000 seismic 
tomography model of Bijwaard 
and Spakman (2000) for the 
Sicily-Tyrrhenian region, 
at the depths indicated. P-wave 
velocity anomalies are given 
in percentages relative to the 
ambient depth-dependent 
velocity of the one-dimensional 
reference model ak135 (Kennett 
et al., 1995). White dots indicate 
earthquake hypocentres
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fi rst arrival of the continental lithosphere at the trench 
(van de Zedde and Wortel, 2001).

The lateral variation in contact properties along the 
trench system in the western-central Mediterranean 
implied that slab detachment was probably confi ned 
to the north African segment, whereas the Calabrian 
segment, in which the oceanic Ionian lithosphere was 
consumed, remained continuous. This leads to the next 
phase.

2.2.2 Formation of a Vertical Slab Tear

A detached slab along a major part of the plate bound-
ary gives rise to in-plate bending stresses (Yoshioka 
and Wortel, 1995), tending to tear away the detached 
part from the continuous part. We assume a vertical 
tear to develop as in Fig. 3a (this is not a critical 
assumption; an alternative is presented below and in 
Fig. 3c and d). The vertical tear leads to the creation of 
a free slab edge. This is an important evolutionary step 
in the process, since both analogue and numerical 
experiments have convincingly shown the prominence 
of transport of asthenospheric and deeper mantle mate-

rial around the edge of the slab, allowing the slab to 
retreat further and faster (see references given in 
Introduction).

2.2.3 Formation of a STEP Fault

Carminati et al. (1998) and Carminati and Wortel 
(2000) proposed a tear fault as the connection between 
the north African and the Calabrian plate boundary 
segments (Fig. 1). The physical need for this type of 
fault was recognized from the beginning of plate 
 tectonic theory (Isacks et al., 1968: “scissors type of 
faulting”; also regularly referred to as tear fault or 
transfer fault). Govers and Wortel (2005) drew atten-
tion to the non-rigid body nature of the relative motions 
along such a fault, and named it STEP fault (Subduction-
Transform-Edge-Propagator). They investigated the 
potential for propagation and the stress fi eld and verti-
cal motions associated with its activity. The motion 
along a STEP fault, in general, and the dextral motion 
indicated in Fig. 1, in particular, are to be understood 
as the overall sense of motion of a possibly broad 
deformation zone, in which also block rotations can be 

Fig. 3 Schematic representation of 
the subduction zone geometry in the 
Sicily-Tyrrhenian region. The region 
approximately corresponds with that 
in Fig. 1. The vertical scale of the 
boxes is 300 km. (a) Detached slab 
after collision of the African 
continent with the migrating trench 
system in the western-central 
Mediterranean. A vertical tear 
separating the detached part from the 
continuous part is indicated. Dotted 
line, labelled S, indicates future 
STEP fault. (b) Formation of a STEP 
fault and subsequent trench retreat 
(roll-back). (c) and (d) An alternative 
scenario for STEP fault generation: 
The detachment fault in the 
subducted slab may shoal and rotate 
towards an approximately vertical 
orientation. The detached slab 
segment (in c) may tear away from 
the continuous segment (see d). 
In this case the confi guration closely 
resembles that in (a)
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involved. The STEP is formed by the action of the slab 
pull acting on the continuous slab, around the edge of 
which the mantle material fl ows and accommodates 
the roll back. STEP faulting and roll-back are intrinsi-
cally coupled aspects; a STEP is a crucial element in 
the 3D evolution of arc systems exhibiting roll-back.

We note that vertical tearing as described above 
(Fig. 3a) is not required for the initiation of STEP 
faulting. In view of the possibly very shallow level of 
slab breakoff (~35 km; van de Zedde and Wortel, 2001) 
we envisage another possibility, namely shoaling and 
rotation of the detachment fault in the subducted slab 
towards an approximately vertical orientation (Fig. 3c) 
to form a STEP fault. Shoaling may be dependent on 
the curvature of the trench. Whether the detached slab 
remains linked to the continuous segment (Fig. 3c) or 
not (Fig. 3d) is not critical for the further evolution. 
The confi guration in Fig. 3d is virtually the same as in 
Fig. 3a, with a vertical tear.

If the detached part of the slab (in Fig. 3: below 
North Africa) remains laterally connected to non-
detached subducted lithosphere (in Fig. 3c: below 
Calabria) the slab pull acting on the non-subducted 
lithosphere at the surface, is concentrated in the trench 
segment where the subducting slab is still continuous 
in the downdip direction (in Fig. 3c: along the Calabria 
Trench segment). STEP fault formation, indicated by 
the red arrow, is to be expected in a very similar way as 
in Fig. 3a and b.

2.2.4  Slab Retreat with or without 
Back-Arc Extension

Once a STEP fault has been initiated the adjacent 
continuous slab segment can roll-back. Depending on 
the regional tectonic setting, the slab retreat can be 
accompanied by either advective motion as a rigid 
body or deformation of the overriding plate (Fig. 4; 
see also Govers and Wortel, 2005). Figure 4 illus-
trates this by two situations with different boundary 
conditions on the left side of the model: (a) no “east-
west” motion between left and right side of the model, 
and (b) east-west motion is possible. For the 
Tyrrhenian situation eastward rigid body type advec-
tion (relative to the African lithosphere) of the over-
riding lithosphere was/is not possible (situation as in 
Fig. 4a) and deformation developed, giving rise to the 
back-arc extension in the Tyrrhenian Sea, of which 

the Marsili and Vavilov basins with their oceanic 
basement are the most prominent expressions. The 
Caribbean plate is an example of an overriding plate 
which largely follows the eastward motion of the 
Lesser Antilles trench through rigid body motion 
(similar to Fig 4b).

In summary, we connected a series of processes 
into an evolutionary model for plate boundary evolu-
tion after continental collision. The components are 
(Fig. 3): (1) Continental collision (“soft”, in the north 
African case); (2) Slab detachment; (3) Formation of 
a vertical tear which laterally separates the detached 
part of the slab from the adjacent still continuous part 
of the subducted slab. This step is not a crucial one; 
(4) Formation of a STEP fault and retreat of the con-
tinuous segment of the slab; (5) Back-arc extension, 
unless advection of the overriding follows the retreat-
ing trench. Basically, the entire process is governed by 
the transient distribution of slab pull forces acting on 
the subducting slab.

The above analysis was aimed at abstracting an 
essential aspect of collision and subsequent plate 
boundary evolution, which – as was realized by Royden 
(1993) – can be studied very well in the Mediterranean 
context. For other analyses of back-arc extension and 
arc migration in the western-central Mediterranean 
we refer to Faccenna et al. (2001a, b, 2004), Wortel and 
Spakman (2000) and Spakman and Wortel (2004), and 
other references given in Sect. 2.1.

3 Test of Evolutionary Model

3.1 Magmatism

Although the scenario developed for the Sicily-Tyrrhenian 
region seems physically sound, we would like to subject 
the above model scenario to new tests, preferably against 
data which have not been used in the development of the 
scenario. This could be done by using observations from 
the same region but of a different type. Magmatic data 
are valuable in this context, since they bear information 
on transient process, including their timing. Maury et al. 
(2000) and Coulon et al. (2002) concluded that alkaline 
magmatism in northern Africa is accounted for by slab 
breakoff, as was proposed by Carminati et al. (1998). In 
the Tyrrhenian realm, data on spatial and temporal varia-
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tions in magma composition (Peccerillo, 2005) support 
the scenario developed. However, we consider this as not 
yet convincing in view of the lack of spatial resolution.

3.2 Tonga-Vitiaz Trench Region

Alternatively, we can test the scenario in a completely 
different tectonic environment, with a similar starting 
situation. Collisional (arc-continent) events must have 
occurred in many regions in the geological history. 
Preferably, such a test is to be carried out in a region 

which experienced collision recently enough to show 
observational evidence concerning the evolution of the 
process. There are several reasons for selecting the 
Tonga-Fiji region as an excellent candidate for such a 
test: among these are (1) The starting situation is very 
similar to the one in the western-central Mediterranean; 
a long uninterrupted trench system, north-northeast of 
Australia (Hall, 2002; Schellart et al., 2006); (2) Magnetic 
anomaly data allow reconstruction of the complicated 
recent history of back-arc extension, and last but not 
least, (3) In this region the presence of STEP faults is 
demonstrated in a uniquely convincing way by a detailed 
seismicity and focal mechanism study of Millen and 

Fig. 4 Schematic representation (map view) of two situations 
showing a STEP fault near the edge of a subducting slab, in 
combination with the motion or deformation of the overriding 
plate. Subduction and subduction direction are indicated by 
black dents. Left and right are taken to correspond with west 
and east, respectively. The NW part represents the overriding 
plate. (a) The left side boundary condition is: no “eastward” 
motion (indicated by rollers). Subduction of (oceanic) litho-
sphere is accompanied by eastward trench retreat (roll-back) and 
back-arc extension (light areas in overriding plate). The region 

of extension may migrate with the retreating trench, towards the 
right/east. The STEP fault shows dextral motion, not uniform 
along the STEP fault, possibly in combination with CW rota-
tions. (b) At the left boundary a velocity boundary condition 
applies, implying that the overriding plate moves relative to the 
subducting plate. If the relative motion equals the trench retreat 
rate, no intraplate deformation in the overriding plate occurs. 
This is rigid body advection of the overriding plate, and the 
STEP fault acts like a regular transform fault, with dextral sense 
of motion
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Hamburger (1998): A narrow band (~40 × 80 km) of nor-
mal faulting events (“hinge faulting”, along vertical fault 
planes) with focal depths in the range 18–88 km provides 
direct evidence for tearing of the Pacifi c plate.

The region shown in Fig. 5 encompassing the 
Tonga-Fiji, the New Hebrides and the Vitiaz trench is 
a complicated segment of the plate boundary between 
the Pacifi c plate and the (Indo)-Australian plate. The 
sum of the back-arc spreading rates and the motion of 
the Pacifi c plate produces the world’s highest subduc-
tion rate (~24 cm/year, Bevis et al., 1995; Doglioni 
et al., 2007), in the Tonga trench.

Figure 6 shows horizontal sections from the seismic 
tomography model BS2000 (Bijwaard and Spakman, 
2000). In view of the high subduction velocity at 
the Tonga Trench effects of recent slab segmentation 
are to be found at greater depths than in the Calabrian 
subduction zone. A distinct slab edge is visible at the 
northern limit of the Tonga trench. Note the difference 
in orientation between the slab anomaly at 870 km 
depth and the Tonga slab anomalies in the upper 
mantle at 420 and 330 km depth. Another conspicuous 
feature is the distribution of deep earthquake hypocen-
tres, not only in the very active Tonga subduction zone, 
but also outside the Tonga slab, in the northwestern 
part of the region displayed (see Fig. 6, section at 
630 km depth).

In a reconstruction of the regional evolution Hall 
(2002) shows a long trench system, the Melanesian 
Arc, which was subject to major reorganization, prob-
ably in Miocene time. Hall (2002) identifi ed the colli-
sion of continental type of lithosphere (the Ontong 
Java Plateau) with the Melanesian Arc as the likely 
cause of the plate boundary reorganization. Whether 
this collision affected the region of the present-day 
Vitiaz trench (Fig. 5) or rather the Solomon Islands 
region more to the west is uncertain. A similar analysis 
was made by Schellart et al. (2006) who distinguished 
a smaller continental type of block to the east of the 
Ontong-Java Plateau, the Melanesian Borderland, 
which in his reconstruction did collide with the trench 
system at the location of the present-day Vitiaz trench, 
in the Middle Miocene (~10 Ma).

In both reconstructions active motion of the 
Pacifi c plate brought a continental block (Melanesian 
Borderland, Ontong Java Plateau) into collisional 
contact with part of the trench system. Presumably, 
continent-arc collision of this type led to termination 
of the convergence and subsequent slab detachment in 
that particular part of the trench, now called Vitiaz 
Trench (Fig. 7a). Several studies have proposed a 
fossil subduction origin for the bathymetric feature 
of the Vitiaz trench (Pelletier and Auzende, 1996, 
and references therein). Subsequent development of a 

Fig. 5 Regional topographic/
bathymetric map for the 
Tonga-Vitiaz Trench region 
(see inset for location of the 
main fi gure within the larger 
southwest Pacifi c region). 
It shows the approximate 
location of the convergent plate 
boundary in this part of the 
SW Pacifi c in the Middle–Late 
Miocene and the present 
location of the Tonga Trench. 
White dents indicate presumed 
detachment of subducted slab, 
black dents indicate continuous 
slabs. The STEP fault is shown 
as a deformation zone, with an 
overall sinistral sense of shear
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free slab edge set the stage for STEP faulting to be 
initiated. This in turn allowed for the rapid eastward 
retreat of the Tonga slab (Fig. 7b), and the opening of 
the Lau Basin (see Fig. 5 for location). Recognizing 

that the resolution in the northern part of the 330 km 
depth section (Fig. 6) is not suffi cient to draw direct 
conclusions from the tomographic images it appears 
that there is no anomaly in the uppermost mantle 

Fig. 6 Horizontal sections 
through the BS2000 seismic 
tomography model of Bijwaard 
and Spakman (2000) for the 
Tonga-Vitiaz Trench region, 
at the depths indicated. P-wave 
velocity anomalies are given 
in percentages relative to the 
ambient depth-dependent 
velocity of the one-dimensional 
reference model ak135 (Kennett 
et al., 1995). White dots indicate 
earthquake hypocentres

Fig. 7 Schematic representation of the subduction zone geome-
try in the Tonga-Vitiaz Trench region. The model applies to the 
region approximately corresponding with that in Fig. 5. Vertical 
scale of the box is 300 km. a Detached slab after collision of 
continental type of plateau (Melanesian Borderland, Schellart 

et al., 2006) with trench system in the SW Pacifi c (the present-
day Vitiaz Trench). A vertical tear separating the detached part 
from the continuous part is indicated. Dotted line, labelled S, 
indicates future STEP fault. b Formation of a STEP fault and 
subsequent trench retreat (roll-back) of the Tonga trench



56 R. Wortel et al.

corresponding to a slab consumed in the Vitiaz Trench. 
The earthquake hypocentres at the base of the upper 
mantle (630 km depth section), however, are consid-
ered to occur in the remnants of lithosphere once 
consumed in the Vitiaz Trench (Chen and Brudzinski, 
2001; Brudzinski and Chen, 2003). In combination 
this is indicative of detachment in the Vitiaz slab seg-
ment. The absence of high velocity anomalies to the 
west of the northern Tonga slab edge is in agreement 
with the presence of the STEP fault zone indicated in 
Fig. 5 The above noted change in orientation of the 
slab anomaly (Fig. 6) testifi es to the rotation Tonga 
Trench. In combination with the Millen and Hamburger 
(1998) results on tear faulting in the STEP fault zone 
and the young age of the Lau Basin (start of spreading 
at about 5.5 Ma, with rifting starting a few Myr earlier 
[Parson and Hawkins, 1994; Schellart et al., 2006]), 
these inferences strongly support the evolutionary 
model in Fig. 7 which is identical to the one derived 
for the Sicily-Tyrrhenian region. In fact, the Fig. 7a 
and b displaying the Vitiaz-Tonga slab structure are 
exact mirror images of the ones in Fig. 3a and b for the 
Sicily-Tyrrhenian region.

We conclude that the Middle Miocene to Recent 
evolution of the Tonga-Vitiaz Trench region is in very 
good agreement with the evolutionary model derived 
from the Sicily-Tyrrhenian region. This is taken as an 
indication that the model is of more than only regional 
(western-central Mediterranean) validity.

4 Discussion

4.1  Arc Straightening and/or Increasing 
Curvature in Subduction Roll-Back

The free slab edge allows for sideways migration 
of asthenospheric and deeper mantle material around 
it, and consequently higher roll-back velocities relative 
to adjacent segments of the same trench system. In 
case there is only one STEP fault in the system the 
retreat of the slab will lead to a rotation of the plate 
boundary segment. If the starting confi guration was 
arc-shaped, such a rotation leads to straightening of 
the convergent arc segment involved. On the other 
hand, if we consider the combination of the convergent 
segment and the STEP segment(s) of the evolving arc 

system it will appear to lead to an increase in arc cur-
vature. This aspect is particularly clear in case of the 
Apennines, but it can also be recognized in the Tonga 
Arc (Fig. 7).

The Apennines-Calabrian arc evolution bears simi-
larities with aspects of the Hellenic arc evolution in 
the eastern Mediterranean, where the African plate 
subducts beneath the Crete and the Aegean region. The 
southwestern arc segment is convergent and relatively 
straight, and the eastern part (from south of central 
Crete to Rhodes) represents the expression of a STEP 
type segment of the arc (Huchon et al., 1982; Govers 
and Wortel, 2005).

If a second STEP develops, the above straightening 
does not apply and an approximately translational type 
of motion of the arc segment between the two STEPS 
may occur, as proposed for the Gibraltar arc (Lonergan 
and White, 1997; Spakman and Wortel, 2004), the 
recent development of the Calabrian arc and the rela-
tive motion of the Caribbean plate relative to the South 
American plate (Govers and Wortel, 2005). For this 
2-STEP case, arc curvature may further be increased 
by mantle fl ow around both slab edges (Schellart, 
2004; Morra et al., 2006).

4.2 Other Regions

In Sect. 3.2 we have seen that STEP fault are not 
regional features of Mediterranean geodynamics only. 
Govers and Wortel (2005) have compiled a series of 
identifi ed or proposed STEP faults in several other 
regions. Among these are the northern boundary of the 
Sandwich plate in the southern Atlantic, the northern 
and southern boundaries of the Caribbean plate, the 
northern and southern segments of the Carpathian arc, 
the eastern Hellenic arc, and the western edge of the 
north Sulawesi trench in Indonesia. In addition, Wortel 
et al. (2006) identifi ed a STEP fault along the eastern 
part of the Cyprus arc.

In the Pacifi c realm, apart from the Tonga region, 
Schellart et al. (2003) identifi ed roll-back in combina-
tion with STEP type of faulting in the Kuriles arc 
and back-arc region and investigated the STEP’s near-
surface expression by analogue modelling. In fact, 
the western Pacifi c Ocean provides a setting where 
STEP formation is to be expected because a basic 
condition for slab roll-back, gravitational instability of 
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the oceanic lithosphere involved in subduction, is 
amply fulfi lled in view of the predominantly Mesozoic 
lithospheric age. In this light, the tear in the subducting 
Izu-Bonin slab identifi ed by Miller et al. (2004) may 
lead to a new arc segmentation phase in the region.

We expect STEP faults to be intrinsic tectonic ele-
ments in highly curved arcs, and anticipate that the 
number of identifi ed STEP faults will further increase.

4.3  Arc Segmentation as a Repetitive 
Process?

Both in the Western Mediterranean and in the Tonga-
Vitiaz Trench region we started from long continuous 
arcs, as postulated in regional studies. One may wonder 
whether perceptions of that type are the  consequence of 
incomplete knowledge about early stages of arc devel-
opment and subduction zone evolution. The postulated 
long arcs and/or the associated subducted slabs were 
possibly already segmented in early stages of the regional 
evolution, of which direct evidence was lost. Along 
these lines we hypothesize that the above evolutionary 
model applies to long arc segments which, upon grow-
ing by outward arc migration, become prone to collision 
and segmentation along the lines of the model consid-
ered. The new segments may again grow in length (as 
expressed at the surface) till new continental collisional 
events cause a repetition of the segmentation process. 
This may happen to a long trench system such as the 
Tonga-Kermadec trench, in the future, by the interaction 
with continental plateaus or ridges. The process we have 
considered in this paper, then leads to a new complica-
tion added to the earlier arc structure, and as such it may 
be a modular process within a repeating scheme.

4.4  Other Aspects of Terminal Stage 
Subduction Involving Slab 
Detachment

In this contribution we concentrated on continental 
collision and arc migration and back-arc extension. If 
continental collision results in slab detachment other 
expressions or accompanying processes are to be 
expected, notably in the fi eld of vertical motions and 
magmatism. We briefl y mention some pertinent studies.

Buiter et al. (2002) and Gerya et al. (2004) studied 
vertical motions by using an elastic rheology and a 
viscous rheology for the descending plate, respectively. 
In the former study the total magnitude of vertical 
motion was found to possibly amount to as much as 
2–6 km. A striking result in the latter study was the 
long time span of the uplift process after the occur-
rence of slab detachment (~20 Myr).

Wortel and Spakman (1992) and in particular Davies 
and von Blanckenburg (1995) drew attention to the 
implications of slab breakoff for magmatic processes, 
with emphasis on the generation of alkaline magmas. 
For several other regions slab detachment has been 
 proposed to account for special types of (post-colli-
sional), usually K-rich magmatism, for example, for the 
Himalayas by Kohn and Parkinson (2002), for Central-
Southern Italy by Wortel et al. (2003), and for Mexico by 
Ferrari (2004). De Boorder et al. (1998) have highlighted 
the association of mineralization zones with regions 
where slab detachment has been proposed. A crucial 
element in both magmatism and mineralization is the 
possible rise of asthenospheric material to unusually 
shallow depths after shallow slab breakoff.

5 Conclusions

We have identifi ed a series of sequential process 
components for the evolution of a plate boundary 
in part of which continental collision occurs and 
combined them into a three-dimensional evolutionary 
model. Lateral (i.e., along strike of the trench) varia-
tion in nature of the lithosphere arriving at the trench, 
from continental lithosphere to oceanic lithosphere, 
sets the stage for the entire process. Continental colli-
sion triggers the process by causing slab detachment, 
and STEP fault formation is a key element in the 
further evolution. The various components represent 
stages in a continuous process, governed by the tran-
sient distribution in slab pull forces. As such, it is an 
evolutionary model for arc segmentation, which leads 
to strongly varying patterns of back-arc spreading.

Whereas we have derived the model for the Sicily-
Tyrrhenian area, the Tonga-Vitiaz Trench region shows 
a strikingly similar evolution, which testifi es to its 
more general validity. Hence, we expect that it will 
shed light on other convergent plate boundary regions 
with a history involving collision.
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Abstract The seismology is the most effective method to explore the structure 
of subduction zones to great depth. The distinguishing feature of the mantle in the 
subduction regions is the presence of hydrated phases, which transport water into 
the Earth’s interior and release it with dramatic local consequences, triggering earth-
quakes and melting. The seismological detection of these hydrous phases and geo-
dynamic interpretation of fl ow in the hydrous mantle depend on knowledge of the 
anisotropic elastic properties and the characteristics of the wave propagation in aniso-
tropic media. In this paper we briefl y recall the distinguishing features of anisotropic 
wave propagation and the observable parameters. We suggest the Vp/Vs ratio is a 
physically sound parameter than can be observed by seismology in anisotropic 
regions of the Earth, whereas the Poisson’s ratio, which is often quoted, is not directly 
observable and does not correspond to the characteristics of wave propagation in an 
anisotropic or isotropic medium. We report for the fi rst time the ratios of Vp/Vs1 and 
Vp/Vs2, where Vs1 is the fastest and Vs2 slowest S-wave velocities of an anisotropic 
media. We present the current knowledge of the anisotropic seismic properties of 
hydrous minerals in the upper mantle, transition zone, and lower mantle that are 
stable along low temperature geotherms associated with subduction, and identify 
which minerals are likely to infl uence seismological observations because they have 
very high volume fractions, or very high anisotropies, or both of these.

In the upper mantle antigorite and talc are exceptionally anisotropic (Vp 71%, 
Vs 68% and Vp 65%, Vs 68%, respectively) and chlorite is also very anisotropic 
for S-waves (Vp 35%, Vs 76%). Comparatively less anisotropic are hornblende 
(Vp 27%, Vs 31%), used as proxy for tremolite in subduction zones, and clinohumite 
(21.8%, Vs 15.9%). Brucite at 4 GPa (Vp 26.5%, Vs 30.9%) and the dense hydrogen 
magnesium silicate (DHMS) phase A at 9 GPa (Vp 9.3%, Vs 17.6%) are the only 
hydrous minerals stable in the upper mantle that have had their elastic properties 
measured at in situ mantle pressures. Except for the phase A, all these minerals are 
more anisotropic than olivine for at least one parameter (Vp, Vs, Vp/Vs1, or Vp/
Vs2). In the transition zone the major phases hydrous wadsleyite and ringwoodite 
have moderate to weak anisotropies (Vp 16.3%, Vs 16.5%, and Vp 1.9%, Vs 4.4%, 
respectively). The DHMS Superhydrous B has a moderate anisotropy (Vp 6.9%, 
Vs 11.6%). At greater depth the DHMS phase D at 24 GPa (Vp 10.8%, Vs 18.0%) 
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is the only hydrous phase that can transport hydrogen from the transition zone into 
the lower mantle. The phase D is more anisotropic for S than P waves like many of 
the hydrous phases. From these data it is clear that hydrous phases are in general very 
anisotropic. However, pressure can play a strong role in reducing anisotropy. It is the 
case for brucite and talc, in which increasing pressure from ambient to 4 GPa reduces 
the anisotropy by about 50% for both P and S waves. In contrast, the anisotropy of the 
DHMS phase A does not change signifi cantly with pressure.

Our picture of the seismic anisotropy of hydrated minerals remains incomplete; 
the elastic properties of many have not been measured even at ambient conditions 
(e.g., 10 Å phase and phase E) or not measured in their true elastic symmetry 
(e.g., clinochlore). The majority of hydrous minerals have not been measured at high 
pressure, and none related to hydrated mantle have been measured at elevated tem-
perature. We have shown in the few cases where hydrous minerals have been mea-
sured as a function of pressure, that this variable has an important effect on the 
velocity distribution and in most cases reduces the degree of anisotropy, hence 
we would expect seismic anisotropy to play a key role in the determination of the 
shallow structure of subduction zones in the upper mantle.

Keywords Seismic anisotropy · Elastic properties · Hydrous minerals · Subduction

1 Introduction

Subduction zones are regions of extensive recycling of 
hydrated materials (sediments, hydrated oceanic crust 
and upper mantle) that are transformed by metamor-
phic processes into a series of high-pressure mineral at 
great depths. Many of the minerals postulated to exist 
at great depth in subduction zones have only been dis-
covered in the laboratory at extreme conditions of 
pressure and temperature, with no natural occurrences 
having been reported. On the other hand minerals pos-
tulated to exist on the subduction plane (metamor-
phosed sediments and oceanic crust) and the hydrated 
forearc mantle (hydrated peridotites) are exposed on 
the Earth’s surface by the slow rise of forearc serpen-
tine seamounts, the relatively rapid exhumation pro-
cesses of high pressure metamorphic rocks or the even 
more dynamic ascent of volcanic xenoliths. One group 
of minerals that are expected to be volumetrically 
important components of the hydrated mantle, which 
is taking part in the recycling of hydrogen at depth, are 
the hydrated minerals, although the contribution of 
anhydrous silicates is now also known to be signifi cant 
(Smyth and Jacobsen, 2006; Hirschmann, 2006). 
Knowledge of the seismic properties of minerals at 
depth is obviously essential for the interpretation of 

seismic data in terms of petrology and the anisotropic 
seismic properties are vital for deduction of fl ow 
patterns in the mantle. Knowledge of the seismic prop-
erties of hydrated phases and nominally anhydrous 
phases containing hydrogen allows the exploration of 
degree of hydration of the mantle, which is clearly a 
dynamic process in subduction zones with implica-
tions for seismogenesis (e.g., Seno et al., 2001; Hacker 
et al., 2003b; Jung et al., 2004), magma generation 
(e.g., Ulmer and Trommsdorff, 1995) and metamor-
phic transformations (e.g., Hacker et al., 2003a). 
In this paper we will investigate the anisotropic elastic 
properties of hydrated phases and nominally anhy-
drous phases containing hydrogen and the implications 
for seismic properties.

Seismology measures the bulk elastic properties 
of the Earth, with contributions from anelastic and 
viscoelastic properties. The bulk elastic properties are 
controlled to fi rst order by the volumetrically domi-
nant elements and hence in this study of seismic prop-
erties of subducted rocks it is natural to consider fi rst 
minerals that have volume fractions of more than 10%. 
For seismic anisotropy the same reasoning holds, but if 
a mineral is exceptionally anisotropic, the classical 
example is layered silicates (e.g., biotite) in crustal 
rocks, then even volume factions of less than 10% can 
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have an important effect on the rock properties. The 
degree of crystallographic preferred orientation also 
has a major infl uence on the contribution of anisotro-
pic mineral to overall properties of a rock. In the case 
of mica minerals they have very strong shape and 
mechanical anisotropy, and hence they tend to be 
strongly oriented in almost all rock types from unde-
formed sediments to highly deformed metamorphic 
rocks. In the context of the strong localised fl ow fi eld 
in subduction zones, it is highly likely that most rocks 
are plastically deformed to some degree and the miner-
als have crystallographic preferred orientation (CPO).

From a mineral physics point of view the input to a 
subduction zone can be separated into minerals of the 

thin veneer of sediments, hydrated oceanic crust, and 
upper mantle. The temperature of the subducting plate, 
controlled essentially by its age and subduction rate, 
mediate the metamorphic processes that produce 
a sequence of transformations of hydrous minerals 
(e.g., Arcay et al., 2005; Fumagalli and Poli, 2005). 
Theses minerals subsequently release fl uids as the 
temperature of the slab rises, that hydrate the surround-
ing mantle and trigger fl ux melting (e.g., Ulmer and 
Trommsdorff, 1995) (Fig. 1), and rising melt reduces 
seismic velocities (e.g., Vp −6%) in the mantle wedge 
(Nakajima et al., 2001). The process of a series of 
linked transformations of hydrous phases with over-
lapping stability fi elds of decreasing water content 
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with depth can continue to depths of the transition 
zone and the lower mantle (e.g., Kawamoto et al., 
1996). When slab temperatures are suffi ciently low 
(e.g., N.E. Japan), when old plates are subducted, anti-
gorite is stable over a signifi cant depth range in the 
slab (Fig. 1), and its breakdown will trigger earth-
quakes in the form of a double Benioff zone (e.g., 
Fumagalli and Poli, 2005; Brudzinski et al., 2007). 
At greater depth the dense hydrous magnesium silicate 
(DHMS) called the phase D could be preserved to 
1,200-km depth, being then the only hydrated phase 
capable of recycling hydrogen into the lower mantle 
(Fig. 2). Alternatively, in warmer subduction zones 
the hydrous phases may be completely de-hydrated at 
some critical depth, called a choke point (Kawamoto 
et al., 1996), resulting in the breaking of the chain of 
hydrous phases with depth and the failure to transfer 
hydrogen to greater depth. Fumagalli and Poli (2005) 
suggest this could happen at 200-km depth if the over-
lap in stability fi elds between the 10 Å and phase A is 
not maintained by low temperature and water satura-
tion. In this case it is rather the breakdown of clinochlore 
with a higher temperature stability that causes the 
double Benioff zone. Hence the presence of hydrous 
phases in the deeper part of the subduction zone will 
depend on the past temperature of the slab at shallower 
depths necessary to maintain the hydrous chain, and 

of course its current temperature for the phase stability 
of any given hydrous mineral.

Estimates of the petrology of subducted mate-
rial have been made based on rocks exposed at the 
surface, samples dredged from the ocean fl oor 
(e.g., Michibayashi et al., 2007) and xenoliths (e.g., 
Michibayashi et al., 2006), thermodynamical calcula-
tions (e.g., Hacker et al., 2003a; Bousquet et al., 2005, 
1997) and laboratory experiments (e.g., Ohtani et al., 
2004; Iwamori, 2004; Fumagalli and Poli, 2005). 
In general some combination of all three approaches is 
effectively incorporated in these studies to different 
degrees, resulting is some variations in the volume 
fractions reported by different authors. For the Earth’s 
mantle we have illustrated the positions of the main 
anhydrous and hydrous phases in pressure-temperature 
space together with the mantle and subduction zone 
geotherms in Fig. 2 using the stability fi elds of hydrous 
phases reported by Schmidt and Poli (1998) and 
Fumagalli and Poli (2005) for the low pressure region, 
and those of Iwamori (2004) and Ohtani et al. (2004) 
for high pressures.

The hydrous phases can be divided into 3 main 
groups with increasing depth;

1. Low pressure (P < 5 GPa) minerals, such as antigo-
rite (13.0 wt% H

2
O), clinochlore (13 wt% H

2
O), talc 

(4.8 wt% H
2
O), Ca-amphibole tremolite or parg-

asite (2.3 wt% H
2
O) are commonly observed in 

exposed metamorphic rocks.
2. Moderate pressure (5–7 GPa) minerals, such as 

phlogopite (4.8 wt% H
2
O), 10Å phase (10–13 wt% 

H
2
O), clinohumite (2.8 wt% H

2
O) in hydrated 

peridotites, lawsonite (11.5 wt% H
2
O) and zoisite 

(2.0 wt% H
2
O) in hydrated metamorphosed basalts 

and potassium rich phengite (4.6 wt%H
2
O) in meta-

morphosed sediments.
3. High pressure (>7 GPa) minerals such as the 

k-amphibole richterite (2.1 wt% H
2
O), topaz-OH 

(10.0 wt% H
2
O), phase Egg (11–18 wt% H

2
O) and 

the DHMS or alphabet phases, phase A (12 wt% 
H

2
O), phase B (3 wt% H

2
O), phase superhydrous 

B (2 wt% H
2
O), phase D (10 wt% H

2
O), and phase 

E (11 wt% H
2
O), most of which have never observed 

at the Earth’s surface.

The general trend there will be a decrease in the water 
content in the hydrated slab with depth as the hot 
 surrounding mantle raises the slab temperature by 
thermal conduction, causing the breakdown and reduc-
tion of the volume faction of hydrous minerals, and 
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fi nally releasing water to the adjacent mantle. As a word 
of caution it should be said that the heterogeneous water 
distribution, which is an intrinsic feature of the subduc-
tion zone system, implies the presence or the absence of 
hydrated minerals, as well as the occurrence of both 
water saturated and water undersaturated conditions. 
The stability of a hydrated mineral implies neither the 
presence of free water phase nor water saturation (Poli 
and Schmidt, 2002). The relatively low temperature in 
subducted slabs favours the formation of hydrous min-
erals that contain large amounts of water as hydroxyl 
groups (e.g., antigorite, chlorite, phases E and D), which 
increases the likelihood of water under saturated assem-
blages. The appearance of a fl uid is related to the ther-
modynamic defi nition of saturation and controlled by 
assemblages buffering the chemical potential of water 
(e.g., Bolfan-Casanova, 2005); the relationships between 
the amount of water and the presence of free water are 
not straightforward. Experiments are often conducted in 
water-saturated conditions, with free water present (e.g., 
Fumagalli and Poli, 2005; Schmidt and Poli, 1998), 
whereas studies of natural samples often infer water 
undersaturated assemblages, particularly at very high 
pressure (e.g., Chinner and Dixon, 1973).

In what follows we will develop tensor methods to 
assess the contribution of these minerals to seismic 
anisotropy and their potential for giving diagnostic 
seismic signals to determine the degree of hydration in 
the mantle.

2  The Relationship Between Elastic 
and Seismic Anisotropy

There are two types of elastic waves, which propagate 
in an isotropic homogeneous elastic medium, the faster 
compressional (or longitudinal) wave with displace-
ments parallel to propagation direction, and the slower 

shear (or transverse) waves with displacements 
perpendicular to the propagation direction. In anisotro-
pic elastic media there are three types, one compres-
sional and two shear waves with in general three 
different velocities (Fig. 3). In order to understand the 
displacements associated with different waves, and 
their relationship to the propagation direction and elas-
tic anisotropy, it is important to consider the equation 
of propagation of a mechanical disturbance in an 
anisotropic elastic medium. The solution of elasto-
dynamical equation for the displacement of monochro-
matic plane wave is given by Christoffel equation as

det |C
ijkl 

n
j 
n

l 
- rV 2 d

ik
| = 0

where C
ijkl

 is elastic stiffness fourth rank tensor, n
j
 the 

propagation unit vector, V are the three phase veloci-
ties, ρ is density, and δ

ik
 is the Kronecker delta. We can 

simplify this equation by introducing the Christoffel 
(Kelvin-Christoffel or acoustic) tensor T

ik
 = C

ijkl
 n

j
 n

l
 

and three wave moduli M = ρV2. The Christoffel tensor 
is symmetric because of the symmetry of the elastic 
constants, and hence the eigenvalues of the 3 × 3 
Christoffel tensor are three positive real values of the 
wave moduli (M) corresponding to ρVp2, ρVs12, ρVs22 
of the plane waves propagating in the direction n. The 
three eigenvectors of the Christoffel tensor are the 
polarization directions (also called vibration, particle 
movement or displacement vectors) of the three waves. 
As the Christoffel tensor is symmetric the three eigen-
vectors (and polarization) vectors are mutually perpen-
dicular. In the most general case there are no particular 
angular relationships between polarization directions 
(p

k
) and the propagation direction (n

j
). However, typi-

cally the P-wave polarization direction is nearly paral-
lel and the two S-waves polarizations are nearly 
perpendicular to the propagation direction, and they 
are termed quasi-P or quasi-S waves to distinguish 
them from the P and S of isotropic media (see Fig. 2). 
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propagation direction // polarization Vp
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in general  quasi-Vp > quasi-Vs1> quasi-Vs2
polarizations are mutually perpendicular

Fig. 3 Relation between 
polarisation and propagation 
directions of waves in isotropic 
and anisotropic elastic media 



68 D. Mainprice, B. Ildefonse

In general, the three waves have polarizations that are 
perpendicular to one another and propagate in the same 
direction with different velocities, with Vp > Vs1 > 
Vs2. Computer methods for calculation seismic wave 
velocities in anisotropic are given by Mainprice 
(1990).

In the case of subduction zones it has become stan-
dard practice to use the isotropic Vp/Vs ratio or 
Poisson’s ratio to characterise the seismic response 
related to hydrated minerals (e.g., serpentine group 
minerals, Christensen, 1996, 2004), or the presence of 
dehydration fl uids (e.g., Ito, 1990; Kono et al., 2007), 
or as yet undetermined minerals with low Vp/Vs (e.g., 
Rossi et al., 2006). Classically for an isotropic medium 
there is only one Vp/Vs ratio as the velocity is the same 
for all propagations directions and there is only one Vs 
velocity. In seismology the Poisson’s ratio (ν) has been 
calculated form the classical isotropic relationship

ν  
é ù- 2

=  ê ú
- 1ê úë û

2

2

( / )1

2 ( / )
p s

p s

V V

V V

However, in anisotropic elastic media there are 
three velocities (Vp, Vs1, Vs2) and hence two ratios 
Vp/Vs1 and Vp/Vs2, and of course these ratios vary 
with direction. The anisotropic Poisson’s ratio (ν

ijkl
) 

varies with direction in a complex manner. Poisson’s 
ratio is defi ned by the elastic strain in two orthogonal 
directions, the longitudinal (or axial) direction (x

i
) and 

transverse (or lateral) direction (y
i
). The lateral strain 

is defi ned by -e
ij
y

i
y

j
 along y and the longitudinal strain 

by e
ij
x

i
x

j
 along x, where e

ij
 is the infi nitesimal strain 

tensor. The anisotropic Poisson’s ratio (n
ijkl

) is given as 
the ratio of lateral to longitudinal strain (Sirotin and 
Shakolskaya, 1982) as

ij i j ijkl i j k l
ijkl

kl k l mnop m n o p

ν  = - = -
S

S

y y x x y y

x x x x x x

ε
ε

where S
ijkl

 is the elastic compliance fourth rank tensor 
in 4 index notation. To compare n

ijkl
 to seismic wave 

propagation we could choose the axial and transverse 
strain directions to be parallel to the orthogonal P- and 
S-wave polarization directions, respectively. However, 
this analogy is clearly not exact, as the strains associ-
ated with seismic waves in an elastic medium require 
shear strain components not present in the defi nition of 
Poisson’s ratio. Hence, we can fi nd no sound physical 

reason for using Poisson’s ratio in the characteristic 
seismic properties of anisotropic or even isotropic 
media when the more direct observation of Vp/Vs 
ratios for an isotropic medium and Vp/Vs1 plus Vp/
Vs2 for anisotropic medium have a clear physical 
meaning.

3  Seismic Anisotropy of Hydrated 
Phases

The anisotropic seismic properties of hydrous phases 
shown in Fig. 2 are estimated to have volume fractions 
well above 10% and we will use these to illustrate the 
anisotropic behaviour of hydrous minerals in rocks of 
peridotite composition in subduction zones.

3.1 Upper Mantle Phases

3.1.1  Above 180 km Depth: Low Temperature 
Serpentine Minerals

First, we will consider the case of serpentine poly-
morphs, i.e., lizardite, chrysotile, and antigorite. 
Although there is no direct information on the amount 
of water in the peridotite layer of slabs, it should 
contain water due to serpentinization or chloritization. 
Serpentine is commonly observed on the ocean fl oor 
near fracture zones, in particular at slow-spreading 
ridges (e.g., Lagabrielle et al., 1998; Mével, 2003; 
Ildefonse et al., 2007). Schmidt and Poli (1998) esti-
mated that the upper 5 km of the peridotite layer suf-
fers about 10% serpentinization; Ranero and Sallarès 
(2004) estimated about 17% of serpentinization in the 
upper 20 km of the peridotite layer of the Nazca plate 
that is subducted at the North Chile trench. Lizardite is 
volumetrically the most important serpentine mineral 
in serpentinites, especially retrograde metamorphosed 
(hydrated) peridotites. The low temperature serpen-
tine minerals chrysotile and lizardite occur widely in 
serpentinites, commonly together, and correspond to 
inferred temperature conditions ranging from the 
surface up to perhaps as high as 400°C (Evans, 2004). 
The low temperature serpentine minerals are observed 
to form by hydration on sea fl oor of abyssal peri-
dotites at mid-ocean ridges under static conditions 
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(e.g., Mével, 2003), and are particularly abundant 
in the thick lithosphere of slow spreading ridges 
(e.g., Cannat, 1993; Lagabrielle et al., 1998). Although 
controversial, it appears that chrysotile is meta-stable 
in the laboratory and eventually transforms to lizard-
ite (e.g., Grauby et al., 1998; Evans, 2004). The pres-
ence of the low temperature serpentine minerals in the 
hydrothermally altered oceanic crust and lithosphere 
lowers the density and seismic velocities (e.g., Carlson 
and Miller, 1997; Christensen, 2004).

In the subducted oceanic lithosphere the major 
release of water in fl uid-saturated systems is caused by 
the breakdown of antigorite in cold slabs (Ulmer and 
Trommsdorff, 1995), with an associated reduction in 
P-wave velocity of 5.1% (Kono et al., 2007). Antigorite 
is expected to be the serpentine mineral stable at rela-
tively higher temperatures and much higher pressures 
of the upper mantle (Evans et al., 1976), for example in 
the forearc upper mantle (e.g., Kamiya and Kobayashi, 
2000; Bostock et al., 2002; Brocher et al., 2003; 
Hyndman and Peacock, 2003). In particular, the dehy-
dration of antigorite has been associated with the 
formation of double seismic zones (e.g., Peacock, 
2001; Hacker et al., 2003b), which are know to be 
global phenomena (Brudzinski et al., 2007). As pointed 
out by Christensen (2004) and Watanabe et al. (2007), 
much of the interpretation of wedge mantle seismic 
velocities in terms of the volume fraction of serpentine 
(e.g., Carlson and Miller, 2003) has been made by 
incorrectly using an empirical relationship between 
volume fraction of low temperature lizardite-chrysotile 
serpentinites with Vp, Vs and density established by 
Christensen (1966), rather than stable high-pressure 
phase antigorite. Christensen (1978, 2004), Kern 
(1993), Kern et al. (1997), and Watanabe et al. (2007) 
have all studied samples with clearly identifi ed high 
antigorite volume fractions. These samples show that 
antigorite has higher Vp, Vs and lower Vp/Vs ratio 
than lizardite-chrysotile serpentinites. In addition Kern 
and Tubia (1993), Horen et al. (1996) and Song et al. 
(2004) also report ultrasonic measurements of serpen-
tine samples that have transverse anisotropy, but do not 
identify which serpentine minerals are present. Both 
Christensen (2004) and Watanabe et al. (2007) have 
produced new empirical relationships between volume 
fraction of high temperature antigorite serpentinites to 
Vp, Vs and density. Kern (1993) and Kern et al. (1997) 
reports a strong crystal preferred orientation of c-axes 
with over three times random densities normal to the 

foliation. Watanabe et al. (2007) report a strong 
foliation, probably indicative of CPO, in 50% of their 
antigorite samples. There are no single crystal mea-
surements of the elastic tensor of serpentine minerals 
due to the diffi culty in fi nding natural single crystals of 
suffi cient size and quality. Recently Auzende et al. 
(2006) and Pellenq et al. (2008) have used transferable 
semi-empirical interatomic potentials to compute the 
elastic tensor of single crystal lizardite and antigorite, 
respectively, at ambient pressure. The lizardite elastic 
constants of Auzende et al. (2006) predict linear com-
pressibility for a- and c-axes of 2.3 × 10−3 and 20.5 × 
10−3 GPa−1 are in reasonable agreement with the exper-
imentally measured values of 2.7 × 10−3 and 9.7 × 10−3 
GPa−1 reported by Hilairet et al. (2006), being good for 
the a-axis, but two times too high for the c-axis. The 
antigorite elastic constants of Pellenq et al. (2008) pre-
dict linear compressibility for a- and b-axes of 2.3 × 
10−3 and 2.2 × 10−3 GPa−1, which agree well with 
values of 3.7 × 10−3 and 3.3 × 10−3 GPa−1 reported by 
Hilairet et al. (2006), however the predicted value for 
the c-axis 17.9 × 10−3 GPa−1 is again twice the mea-
sured value of 8.2 × 10−3 GPa−1. Reynard et al. (2007) 
have used ab-initio methods to calculate the elastic 
properties of pseudo-hexagonal lizardite, but compari-
sons between experimentally measured compressibil-
ity along the c-axis with the predicted compressibility 
is fi ve times greater than measured, and hence they are 
not acceptable to predict seismic properties. Both the 
model elastic constants of Auzende et al. (2006) and 
Pellenq et al. (2008) predict very strong anisotropy for 
Vp (76.7% and 71.2%) and dVs (81.7 and 67.6%) with 
high Vp velocities and high shear wave splitting (dVs) 
anisotropy in the basal plane for lizardite and antigo-
rite, respectively. The polarization of the fastest 
S-waves (S1) is parallel to the basal plane in both poly-
morphs. All the features in Fig. 4 are very characteris-
tic of layer silicates. The Vp/Vs1 and Vp/Vs2 ratios 
for lizardite and antigorite are shown in Fig. 5, they 
have the general pattern of high values in the basal 
plane and low values around the c-axis. In detail, the 
Vp/Vs1 is more complex with small region of high 
Vp/Vs1 around the c-axis. Overall, lizardite and anti-
gorite are characterised by high Vp/Vs1 and Vp/Vs2 
for propagation directions around the basal plane. 
The velocity ratios have high anisotropies, 36.1–41.2% 
for Vp/Vs1 and 92.8–100.4% for Vp/Vs2 for anti-
gorite and lizardite, respectively. The values of the 
velocity ratios vary from 1.25 to 4.30 with direction. 
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The Voigt-Reuss-Hill average isotropic values of Vp/Vs 
for Auzende et al. (2006) and Pellenq et al. (2008) elas-
tic constants are 1.77 and 1.73, respectively. For refer-
ence, the experimentally measured Vp/Vs values given 
by Christensen (2004) at 1 GPa pressure for isotropic 
lizardite and antigorite are 2.17 and 1.87, respectively; 
the Vp/Vs ratio is higher in lizardite than antigorite in 
both the calculated and experimental values.

3.1.2  Above 180 km Depth: Minerals Stable 
at Higher Temperature

Several of the minerals present in the fi rst 180-km 
depth range of subduction zones are stable to higher 
temperatures than antigorite. Among the more impor-
tant minerals likely to be stable in warm slabs are talc, 
brucite, clinochlore and tremolite-pargasite.
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Fig. 4 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy 
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polarization direction (white 
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(Vs1) for single crystal lizardite 
and antigorite, calculated using 
the elastic tensors reported 
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Talc (Mg
3
Si

4
O

10
(OH)

2
) is of great geological impor-

tance having a widespread occurrence from the surface 
of the seafl oor to depths of 150 km in subduction zones. 
Perhaps, it is best known to form during the serpentini-
zation of abyssal peridotites at mid-ocean ridges 
(e.g., Cannat, 1993; Mével, 2003) being associated 
with alteration of orthopyroxene to serpentine + talc, 
where talc can represent up to 41% by volume of the 
rock (e.g., Hacker et al., 2003a). At the Mid-Atlantic 
Ridge, talc locally represents 100% of ODP cores 
drilled at 14°50′N (Shipboard Scientifi c Party, 2004). 
It also a mineral commonly sampled in detachment 
faults associated to oceanic core complexes (e.g., 
MacLeod et al., 2002; Escartín et al., 2003; Boschi 
et al., 2006). In subduction zones, it forms in the 
mantle wedge from the breakdown of antigorite to give 
talc + forsterite + water (e.g., Evans et al., 1976), this 
reaction has recently be found to explain the global 
pattern of seismicity that displays double Benioff 
zones (Brudzinski et al., 2007). At greater depths, talc 
releases water in the dehydration reaction to enstatite 
at ca 1.7 GPa 660°C (60-km depth) (e.g., Ulmer and 
Trommsdorff, 1995). Talc should accordingly be pres-
ent from shallow depths to 60 km. However talc can 
still be present at depths of 100 km or more, where it 
forms in metamorphosed oceanic crust at ultra-high 
pressure conditions during the hydration of mafi c 
eclogites, even at water under-saturated conditions 
lacking a free fl uid phase (Poli and Schmidt, 1997). 

The elastic constants of talc have recently been deter-
mined by ab initio methods by Mainprice et al. (2008). 
At ambient pressure talc is perhaps the most elastically 
anisotropic mineral with P-wave anisotropy of 80% 
and S-wave anisotropy of 85%. At a representative 
pressure of its occurrence in a subduction zone of 
0.9 GPa (40-km depth) the P-wave anisotropy is 64.9% 
and S-wave anisotropy is 65.1% (Fig. 6). The Vp/Vs1 
and Vp/Vs2 ratios have anisotropies of 45.7% and 
95.2%, respectively. The velocity ratios vary from 1.05 
to 3.18 with direction.

Brucite Mg(OH)
2
 is interesting as it is a model 

system for understanding dense hydrous magnesium 
minerals (alphabet phases) under hydrostatic compres-
sion and an important structural unit of many sheet 
silicates, such as chlorite, lizardite and talc. It is occa-
sionally a major phase in low temperature and pressure 
oceanic serpentinites, as at Hess Deep (e.g., Mével 
and Stamoudi, 1996), or at the Mid-Atlantic Ridge 
(e.g., Bach et al., 2004, 2006). At higher pressures 
brucite commonly occurs in association with antigo-
rite (Hostetler et al., 1966) at upper mantle PT condi-
tions shown in Fig. 2, and could constitute 13% 
and 7% by volume of a hydrated harzburgite and lher-
zolite, respectively, according to Hacker et al. (2003a). 
Brucite is a very anisotropic phase at room pressure, 
however at pressures approximating to the in-situ 
conditions (P = 4 GPa) in the upper mantle the anisot-
ropy is reduced, but still very high at 26.5% and 30.9% 
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for Vp and Vs, respectively (Fig. 7). Brucite like other 
layer structures has the highest value of Vp/Vs2 in the 
basal plane of 2.27 and anisotropies of Vp/Vs1 and 
Vs2 of 19.3% and 43.1% that is considerably less 
than antigorite at room pressure. For reference the 
Voigt-Reuss-Hill average isotropic of Vp/Vs ratio for 
Brucite is 1.68.

The clinochlore end member of the chlorite series is 
a strong candidate to be present in the hydrated upper 
mantle. Experimental evidence reported by Fumagalli 
and Poli (2005) for the presence of clinochlore in 
hydrated lherzolite and harzburgite at 20–40%wt frac-
tions in the pressure range up to 6 GPa and tempera-
tures around 700°C make clinochlore a possible 
alternative to antigorite to explain mantle wedge seis-
mic anisotropy. Clinochlore is the product of break-
down of tremolite or pargasite in hydrous peridotites 
(Fumagalli and Poli, 2005). The temperature depen-
dent overlap of stability fi elds of clinochlore and the 
10 Å phase has major implications for the transfer of 
H

2
0 to higher pressures phases at depth (Fumagalli 

and Poli, 2005). However, the elastic constants of the 
10 Å phase have not yet been measured, so that seismic 
interpretation of such a transfer is at present impossi-
ble in the anisotropic case. Alexandrov and Ryzhova 
(1961a) have measured the elastic constants of a num-
ber of layer silicates under the approximation that their 
elastic properties can be well described by the 5 inde-
pendent constants corresponding to hexagonal crystal 
symmetry. They have measured phlogopite for example, 

however we do not illustrate the seismic properties of 
this mineral, as it is stable at higher temperatures than 
commonly associated with subduction. In the case of 
clinochlore, they only managed to measure ultrasonic 
velocities corresponding to 4 elastic constants 
(C

11
,C

33
,C

44
 and C

66
), but as C

12
 = C

11
–2C

66
 we have the 

value for C
12

. However, the value for C
13

 has not been 
measured. To estimate the values of C

13
 we used the 

systematics of all Cij for layer silicates reported by 
Alexandrov and Ryzhova (1961a). A plot of Cij/
density versus Cij in order of magnitude (C

11
, C

66,
 C

33
, 

C
12

, C
13

 and C
44

) for muscovite, phlogopite, biotite and 
clinochore shows that the values of C

13
 lie between C

12
 

and C
44

 and simple linear interpolation gives C
13

 = C
44

 
+ (C

12
–C

44
)/2 = 40.2 GPa for clinochlore. The elastic 

constant of clinochlore can be further verifi ed by com-
paring the experimentally measured linear compress-
ibility (β) along the a- and c-axes given by Pawley 
et al. (2002), b

a
 = 3.0 × 10−3 GPa−1 and b

c
 = 5.1 × 10−3 

GPa−1, with values calculated from Cij of clinochlore 
of b

a
 = 2.7 × 10−3 GPa−1 and b

c
 = 8.1 × 10−3 GPa−1, 

which are very close for the a-axis and slightly too 
high for the c-axis. We calculated values of linear com-
pressibility from the unit cell data of Welch and 
Crichton (2002) using ba = (1−a/a

0
)/P where a is the 

cell edge at pressure P and a
0
 is the cell length at 10−4 

GPa pressure, and obtained b
a
 = 3.0 × 10−3 GPa−1 and 

b
c
 = 5.0 × 10−3 GPa−1, very similar to the results of 

Pawley et al. (2002). To obtain a better match between 
the linear compressibilities would require adjusting 
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lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 for 
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C
13

 and other Cij (see Nye, 1957) that are constrained 
by the ultrasonic data, but further analysis is compli-
cated by the fact that Alexandrov and Ryzhova (1961a) 
do not give the composition of their crystal, hence 
more elaborate constraint on the elastic constants is 
not justifi ed. Calculated clinochlore seismic properties 
(Fig. 8) have a similar pattern of anisotropy to antigo-
rite, typical of layered silicates, with high Vp and very 
strong shear wave splitting in the basal plane, but with 
a higher symmetry due to hexagonal symmetry of the 
clinochore elastic constants. The P-wave anisotropy is 
signifi cantly lower than antigorite at 35.5%, but the 
shear wave splitting is as strong at 76.2%. The Vp/Vs 
distribution is similar that the lizardite and antigorite 
in Fig. 5. The anisotropy of Vp/Vs is high at 66.9% 
and 76.7% for Vp/Vs1 and Vp/Vs2, respectively, and 
similar in magnitude to antigorite. The highest values 
of Vp/Vs2 are over 3.50. For comparison the Voigt-
Reuss-Hill average isotropic values of Vp/Vs are 2.02, 
which is the highest of the all the hydrous phases in 
this study (Table 1).

In the upper mantle the amphiboles most likely to 
occur in hydrated peridotites are tremolite-actinolite or 
pargasite (e.g., Fumagalli and Poli, 2005). Hacker 
et al. (2003a) have estimated volume fractions of trem-
olite to be between 19–34% for hydrated lherzolite. 
The destabilization of tremolite produces clinochlore 
in water saturated peridotites (Fumagalli and Poli, 
2005), hence it is restricted to about 2.5 GPa (80 km) in 

the shallow forearc, but it can be stable to much higher 
temperatures than most other hydrous phases. As the 
elastic constants of tremolite have never been mea-
sured we use the ‘generic’ amphibole hornblende to 
illustrate the probable anisotropy of this phase. The 
elastic properties of hornblende have been measured 
by Alexandrov and Ryzhova (1961b). The monoclinic 
symmetry of hornblende with a mirror plane normal to 
[010] is clearly displayed by its seismic properties in 
Fig. 9. Hornblende is very anisotropic for non-layer 
structure with a P-wave and S-wave anisotropy of 
27.1% and 30.7%, respectively. The Vp/Vs anisotropy 
is also very strong with 24.3% and 39.2% for Vp/Vs1 
and Vp/Vs2, respectively.

3.1.3  From 180 to 400 km Depth: Minerals 
Stable at Higher Pressure

During subduction, dehydration of antigorite from 
about 120 km, depending on the temperature, produces 
forsterite + enstatite ± chlorite + fl uid. Between 120 
and 180 km, hydration of forsterite produces the 
hydrous mineral clinohumite (Stalder and Ulmer, 
2001). At greater depths it is usually assumed that 
clinohumite transforms to the phase A. However, 
clinohumite is stable in the presence of hydrogen con-
taining forsterite (hydrous olivine) + clinoenstatite ± 
melt + H

2
0 at 12 GPa (<360 km) (Smyth et al., 2006). 

Fig. 8 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy (dVs 
as a percentage) and the 
polarization direction (white 
lines) of the fastest S-wave (Vs1) 
for single crystal clinochlorite, 
calculated using the constants 
C

11
, C

33
, C

44
, C

66
 and C

12
 reported 

by Alexandrov and Ryzhova 
(1961a) and C

13
 estimated by the 

authors, as described in the text. 
The elastic tensor constructed 
here has the hexagonal 
symmetry rather than the 
monoclinic (C2/m) symmetry of 
clinochlore (see text). The c-axis 
is in the centre of the pole 
fi gures, other crystallographic 
reference directions in the basal 
plane are marked
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Table 1 Isotropic and anisotropic parameters of selected hydrous phases

Mineral Density 
(kg/m3)

Shear Mmodulus 
(GPa)

Bulk Mmodulus 
(GPa)

Poisson’s 
ratio

Vp (km/s) Vs (km/s) Vp/Vs AVp (%) AVs (%) AVp/Vs1 (%) AVp/Vs2 (%)

Olivine reference 
Mineral

3355 78.01 129.45 0.25 8.34 4.82 1.73 24.3 17.9 25.5 16.4

Lizardite 2580 33.63 60.90 0.27 6.30 3.56 1.77 76.7 81.7 41.2 100.4
Antigorite 2720 37.15 62.43 0.25 6.36 3.67 1.73 71.2 67.6 36.1 92.8
Talc P = 0.9 GPa 2858 49.21 58.57 0.17 6.56 4.13 1.59 64.9 65.1 45.7 95.2
Clinochlore 2800 29.27 79.25 0.34 6.48 3.20 2.02 35.5 76.2 66.9 76.7
Hornblende 3124 42.84 88.47 0.29 6.83 3.70 1.84 27.1 30.7 24.3 39.2
Clinohumite 3261 73.09 124.72 0.26 8.25 4.73 1.74 21.8 15.9 24.7 16.7
Brucite P = 4 GPa 2605 50.05 74.34 0.22 7.36 4.38 1.68 26.5 30.9 19.3 43.1
Phase A P = 9 GPa 3191 77.43 157.41 0.29 9.04 4.93 1.83 9.3 17.6 10.2 9.1
Superhydrous B 3327 96.99 153.83 0.24 9.23 5.40 1.71 6.9 11.6 18.2 10.5
Phase D P = 24 GPa 3934 169.86 279.28 0.25 11.33 6.57 1.72 10.8 18.0 20.3 25.1
HydroWadsleyite 3395 98.57 149.23 0.23 9.09 5.39 1.69 16.3 16.5 20.9 20.2
HydroRingwoodite 

P = 20 GPa
3781 137.43 250.87 0.27 10.71 6.03 1.78 1.9 4.4 4.5 5.8

Pressure is room pressure (10−4 GPa) except where indicated. Shear modulus, bulk modulus, Poisson’s ratio, Vp, Vs and Vp/Vs are Hill averages of the Voigt and Reuss isotropic 
elastic bounds. AVp, AVs, AVp/Vs1, AVp/Vs2 are anisotropic parameters discussed in the text. Marked in bold the mineral names and their anisotropy parameters that are higher 
than olivine at ambient constants using the elastic constants of Abramson et al. (1997).
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Ti-rich Clinohumite is observed in ultramafi c rocks 
exhumed from ultrahigh-pressure conditions in Dabie 
Shan, China (Hermann et al., 2007). This body con-
sists of layered mafi c and ultramafi c rocks ranging 
from harzburgites to orthopyroxenites, associated with 
coesite-eclogites with a peak metamorphic conditions 
of 4 GPa and 700°C, compatible with 120-km depth on 
a warm subduction geotherm. Clinohumite is mono-
clinic, and its elastic constants have been measured in 

the unusual setting (a = 100.8°, instead of the conven-
tional angle b = 100.8° with a = 90°) by Fritzel and 
Bass (1997) to show the similarity to olivine. In Fig. 10 
one can see many features that resemble olivine, with 
high Vp parallel to the a*-axis and high shear wave 
splitting at approximately 45° to a*- and c-axes. 
Clinohumite has Vp and dVs anisotropies of 21.8% 
and 15.9%, whereas olivine has values of 24.3% 
and 17.9%, respectively, hence very similar to olivine. 

Fig. 9 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 
for single crystal hornblende 
(monoclinic C2/m symmetry), 
calculated using the elastic 
tensor by Alexandrov and 
Ryzhova (1961b). The c-axis is 
in the centre of the pole fi gures, 
other crystallographic reference 
directions in the basal plane are 
marked
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ClinohumiteFig. 10 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 
for single crystal clinohumite 
monoclinic (C2/m symmetry), 
calculated using the elastic 
tensor by Fritzel and Bass 
(1997) at ambient pressure. 
The c-axis is in the centre of 
the pole fi gures, other crystal-
lographic reference directions in 
the basal plane are marked are 
the pseudo-orthorhombic axes 
used by Fritzel and Bass (1997)
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The velocities of Clinohumite are about 1.5% slower 
than olivine. The anisotropy of Vp/Vs are much lower 
than the layer silicates with 24.7 and 16.7% for Vp/
Vs1 and Vp/Vs2, respectively.

The phase A is the dense hydrogen magnesium 
silicate that is stable at the lowest pressures, hence in 
the lower part of upper mantle (Fig. 2). The phase A can 
represent up to 47% and 22% by volume in hydrated 
harzburgite and depleted lherzolite, respectively 
(Hacker et al., 2003a). The elastic constants have been 
measured by Sanchez-Valle et al. (2006) at ambient 
conditions and recently at high pressure (Sanchez-Valle 
et al., 2008). The anisotropic seismic properties of 
phase A are shown in Fig. 11 at in-situ upper mantle 
pressure of 9 GPa. The phase A is hexagonal (P63) and 
the velocity distribution is surprisingly different to hex-
agonal and trigonal symmetry elastic constants illus-
trated for lizardite, clinochlore and brucite. As illustrated 
in Mainprice (2007) the phase A has a velocity distribu-
tion similar to lizardite, clinochlore and brucite at ambi-
ent pressure, hence the role of pressure is very important 
in DHMS minerals, as also described for the phase D 
by Mainprice et al. (2007). Notice the pseudo-tetrago-
nal symmetry, which is most obvious in dVs and Vp/
Vs2 in Fig. 11. The anisotropy of the phase A at in-situ 
upper mantle pressure is relatively modest compared to 
other layered structures at 9.3%, 17.6%, 10.2%, and 
9.1% for P, S, Vp/Vs1 and Vp/Vs2, respectively.

3.2  Transition Zone and Lower 
Mantle Phases

In the transition zone (410–670-km depth) the high-
pressure polymorphs of olivine, wadsleyite and ring-
woodite, in their hydrous forms have the potential to 
store more water as hydroxyl than the oceans on the 
Earth’s surface (e.g., Jacobsen, 2006). Wadsleyite and 
ringwoodite can be synthesized with up to 3.1 wt% and 
2.8 wt% H

2
O, respectively. The maximum water solu-

bility in wadsleyite at transition zone conditions (15 GPa, 
1400°C) is about 0.9 wt% (Demouchy et al., 2005). In 
ringwoodite, water solubility decreases with increasing 
temperature. In subducting slabs, hydrous wadsleyite 
and ringwoodite can represent volume fractions of 
about 50–60%, resulting in the shallower region of the 
mantle transition zone having a larger water storage 
potential than the deeper region (Ohtani et al., 2004).

In the upper part of the transition zone (410–520-km 
depth), anhydrous wadsleyite is replaced by hydrous 
wadsleyite in the hydrated mantle. The elastic constants 
of hydrous wadsleyite have been determined at ambient 
conditions as a function of water content by Mao 
et al. (2008). Hydrous wadsleyite with 1.66 wt% H

2
O 

has a P-wave and S-wave anisotropy of 16.3% and 
16.5%, respectively (Fig. 12). This compares with 
anhydrous wadsleyite using the elastic constants of 

Vp/Vs1 Vp/Vs2
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Fig. 11 Upper hemisphere 
pole fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 for 
single crystal phase A (hexago-
nal symmetry P63), calculated 
using the elastic tensor Sanchez-
Valle et al. (2008) at 9.0 GPa. 
The c- axis is in the centre of 
the pole fi gures, other crystal-
lographic reference directions 
in the basal plane are marked



Seismic Anisotropy of Subduction Zone Minerals–Contribution of Hydrous Phases 77

Zha et al. (1997), with values of 15.4% and 16.8%, 
respectively. Hydrous wadsleyite has a Vp/Vs1 and 
Vp/Vs2 of 20.9% and 20.2%, respectively, whereas 
anhydrous wadsleyite has values of 22.0% and 19.1%. 
Clearly it is not possible to distinguish between anhy-
drous and hydrous wadsleyite on the basis of anisot-
ropy, although there is a linear decrease of velocity with 
water content at room pressure (Mao et al., 2008).

In the lower part of the transition zone (520–670-km 
depth), anhydrous ringwoodite is replaced by its 
hydrated counterpart hydrous ringwoodite in the 

hydrated mantle. The elastic constants of hydrous ring-
woodite have been measured as a function of pressure 
to 9 GPa by Jacobsen and Smyth (2006) and to 24 GPa 
by Wang et al. (2006). Hydrous ringwoodite at the 
in-situ transition zone pressure of 20 GPa has a very 
low anisotropy, 1.9% for P-waves and 4.4% S-waves 
(Fig. 13). Anisotropy for Vp/Vs1 and Vp/Vs2 is 
slightly stronger at 4.5% and 5.8%, respectively.

The superhydrous phase B (also called C by some 
authors) is another DHMS mineral with orthorhombic 
(P21 mn) symmetry is stable over the PT conditions of 
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Hydrous WadsleyiteFig. 12 Upper hemisphere 
pole fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 
for single crystal hydrous 
wadsleyite (orthorhombic 
symmetry Imma), calculated 
using the elastic tensor Mao 
et al. (2008) at ambient 
pressure. The c-axis is in the 
centre of the pole fi gures, 
other crystallographic reference 
directions in the basal plane are 
marked
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Hydrous Ringwoodite P=20 GPaFig. 13 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 for 
single crystal hydroRingwoodite 
(cubic symmetry Fd3m), 
calculated using the elastic 
tensor Wang et al. (2006) at 
20 GPa. The c-axis is in the 
centre of the pole fi gures, other 
crystallographic reference 
directions in the basal plane 
are marked
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the transition zone (Fig. 2) constitutes up to 66.5% 
and 53.3% of hydrated harzburgite and lherzolite 
according to Iwamori (2004), whereas Ohtani et al. 
(2004) estimated between 10% in the upper part and 
30% in the lower part of the transition zone. Pacalo 
and Weidner (1996) measured the single crystal elastic 
constants of the superhydrous phase B at ambient 
conditions. The anisotropic seismic properties shown 
in Fig. 14 reveal that the superhydrous phase B is only 
moderately anisotropic with P-wave anisotropy of 
6.9% and S-wave anisotropy of 11.6%. The Vp/Vs1 
and Vp/Vs2 anisotropies are also moderate at 18.2% 
and 10.5%, respectively.

The phase D is yet another DHMS mineral and the 
only known hydrogen bearing mineral stable to lower 
mantle pressures. Recently, the elastic constants of the 
phase D have been calculated using fi rst principle meth-
ods by Mainprice et al. (2007) to pressures of 84 GPa. 
At great depth, high temperatures are expected to limit 
the stability fi eld of the phase D. The percentages of the 
phase D present in the transition zone and possibly the 
lower mantle are between 63.5% and 56.3% for harz-
burgite and lherzolite according to Iwamori (2004) and 
15% for a 2 wt% H

2
O peridotite according to Ohtani 

et al. (2004). As with talc, brucite and phase A the 
velocity distribution of the phase D changes with pres-
sure. In Fig. 15 the anisotropic seismic properties are 
illustrated for a pressure corresponding to the top of the 

lower mantle (P = 24 GPa). The velocity distributions 
clearly illustrate the trigonal nature of the phase D. The 
anisotropy is higher than the super hydrous B phase, 
with P-wave anisotropy of 9.2% and S-wave of 18.0%.

4  Elastic and Seismic Properties as 
a Function of Pressure

As already mentioned above, the elastic constants of 
only a few hydrous minerals has been measured, and 
most of these at ambient conditions. A small number 
of minerals have been measured as a function of 
pressure, and these are illustrated in Fig. 16. To our 
knowledge, no measurements of elastic constants of 
hydrous minerals as a function of temperature have 
been published. Pressure has a very important effect 
on the seismic anisotropy of brucite Mg(OH)

2
, which 

is considered as an important structural component of 
many hydrous minerals, and hence one may suspect 
that most hydrous minerals will be pressure sensitive. 
At ambient conditions, brucite is one of the most aniso-
tropic minerals with P wave and S wave anisotropies 
of 58% and 46%, respectively. Anisotropy reduces 
with pressure, to become about half those values at 
upper mantle pressures (Jiang et al., 2006). However, 
even at upper mantle pressures, brucite remains very 
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Superhydrous BFig. 14 Upper hemisphere 
pole fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
lines) of the fastest S-wave 
(Vs1), Vp/Vs1 and Vp/Vs2 for 
single crystal Superhydrous 
B phase orthorhombic (Pbnm 
symmetry), calculated using 
the elastic tensor by Pacalo and 
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anisotropic compared with most silicates. Talc 
(Mg

3
Si

4
O

10
(OH)

2
) is probably the most elastically 

anisotropic mineral reported to-date at room pressure 
(Mainprice et al., 2008). Like brucite it is a structural 
element of many hydrous phases, and also like brucite 
its anisotropy is reduced by 50% at 5 GPa pressure, but 
even so it is highly anisotropic with Vp and Vs anisot-
ropy around 40%. In the same pressure range, the 
DHMS phase A has a radically different pressure sen-
sitivity for anisotropy. In fact phase A is rather insensi-
tive to pressure, with the S-wave anisotropy actually 
increasing with pressure. However, these anisotropy 
parameters do not reveal all the changes in velocity 
distribution, which are very important with pressure 
for brucite and phase A. In the case of hydrous 
ringwoodite we can also compare with anhydrous 
ringwoodite. From the data of Wang et al. (2006), the 
anisotropy of both minerals decreases with pressure, 

with hydrous ringwoodite being systematically 1% or 
2% more anisotropic than ringwoodite. The pressure 
sensitivity of phase D is very different to phase A, the 
anisotropy decreasing signifi cantly for P-wave anisot-
ropy, but remaining nearly constant with pressure 
S-wave. Clearly it is not easy to predict the exact nature 
of the pressure sensitivity of hydrous minerals, as the 
examples presented in Fig. 16 are all different, with 
exception of brucite and talc that have very similar 
chemistries.

5 Discussion

The elastic constants of many hydrous phases have yet 
to be measured at ambient conditions, very few have 
been measured at high pressures and none, with the 
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Fig. 15 Upper hemisphere pole 
fi gures of P-wave velocity, 
S-wave splitting anisotropy 
(dVs as a percentage), the 
polarization direction (white 
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(Vs1), Vp/Vs1 and Vp/Vs2 
for single crystal phase D 
(trigonal symmetry P-31 m), 
calculated using the elastic 
tensor Mainprice et al. (2007) 
at 24 GPa. The c-axis is in the 
centre of the pole fi gures, other 
crystallographic reference 
directions in the basal plane 
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possible exception of lawsonite (CaAl
2
Si

2
O

7
(OH)

2
 

H
2
O, common component of metamorphosed glauco-

phane schists) as a function of temperature (Schilling 
et al., 2003). Hence, in many ways this paper has 
surveyed the present knowledge of the anisotropic 
seismic properties of hydrous minerals thought to be 
present in hydrated mantle. Some of these minerals 
have never been observed at the Earth’s surface 
(e.g., DHMS) and can only be inferred to be present 
from high pressure and high temperature laboratory 
experiments. The lack of pressure and temperature 
derivatives of the elastic constants for hydrous miner-
als further hinders direction comparisons between 
seismic observables and experimentally based petro-
logical models of the hydrated mantle, which renders 
inferences about the hydrogen budget of the deep Earth 
to be quite speculative.

The other aspect, which is almost entirely missing 
in this paper, is the crystal-preferred orientation of 
hydrated minerals. There is virtually no CPO data 
apart from the information cited on antigorite form 
natural samples and the general observation that lay-
ered structured minerals almost always form strong 
preferred orientations due to their anisotropic shape 
and anisotropic mechanical properties. Therefore, the 
single crystal seismic anisotropies should be taken as 
an upper bound for rock samples due to two majors 
causes; a) the statistical nature of CPO in polycrystal-
line samples implies that crystals are never perfectly 
aligned, b) the presence of other minerals will, in gen-
eral, have differently aligned elastic anisotropy will 
further reduce the resulting seismic anisotropy of 
multi-phase mantle rocks at depth.

It is one of the major objectives of this paper to 
address a fi rst overview of the contribution of hydrated 
phases to seismic anisotropy of the hydrated mantle 
associated with subduction, within the limitations cited 
above. In making this overview we hope to emphasis 
their importance and stimulate further work on the elas-
tic and mechanical properties of these minerals. Perhaps 
the fi rst group of minerals to consider are the ones we 
know the most about in terms of elasticity and CPO, the 
nominally anhydrous minerals that dominate the com-
position of the pyrolite mantle, i.e., olivine, wadsleyite, 
and ringwoodite, leaving aside Mg-perovskite of the 
lower mantle as it is known to have a very low hydro-
gen concentation (Bolfan-Casanova, 2005). These min-
erals are considered to be able to sequestrate signifi cant 
volumes of water due to their high volume fractions in 

the mantle. The change of anisotropy in hydrogen 
containing anhydrous major phases (hydrous forms of 
olivine, wadsleyite, ringwoodite) compared to their dry 
counterparts is partly answered by data in Mao et al. 
(2008) and Wang et al. (2006) on hydrous wadsleyite 
and ringwoodite (Figs. 12 and 13), with a 1–2% increase 
from the dry phase and the same velocity distribution. 
Some constraint on hydrous olivine can be obtained 
by considering clinohumite to be a ‘super saturated’ 
analogue for olivine, as its velocity distribution is 
almost identical to olivine when using the crystal set-
ting chosen by Fritzel and Bass (1997). Jacobsen et al. 
(2006) work on hydrous olivine only gives the isotropic 
elastic parameters. The comparison between dry 
olivine and clinohumite show 2.5% and 2.0% reduction 
in anisotropy in the hydrous phase. The changes in 
anisotropy of these major mantle phases are quite minor 
with the incorporation of hydrogen and it seems unlikely 
that seismic anisotropy could be used as a diagnostic 
tool to study the degree of hydration of the mantle. 
For these minerals the P- and S-wave seismic velocities 
are reduced in the hydrogen rich conditions (1 wt% H

2
0, 

Smyth and Jacobsen, 2006) by about −0.25 km/s for 
Vp for ringwoodite and −0.20 km/s for wadsleyite at 
ambient conditions. However, when the P-waves veloc-
ities are extrapolated to in-situ mantle pressure condi-
tions, the velocity difference between wet and dry 
phases disappears. For S-waves the effect is slightly 
stronger, with a velocity reduction in ringwoodite of 
−0.3 km/s for hydrous phase, whereas in wadsleyite 
there is a velocity increase of about +0.2 km/s at ambi-
ent conditions. When extrapolated to mantle pressure, 
the differences in S-wave velocities between dry and 
wet ringwoodite and wadsleyite are reduced from 
−0.3 to −0.2 km/s, and +0.2 to +0.1 km/s, respectively. 
An alternative seismic approach to studying the 
hydrated mantle, suggested by Van der Meijde et al. 
(2003), is to measure the displacement of the ‘410’ km 
seismic discontinuity that is caused by the olivine to 
wadsleyite phase transformation due to water content. 
The phase transformation depth is affected by the usual 
considerations of pressure and temperature, plus the 
effect of different equilibrium concentrations of hydro-
gen in the phases, where wadsleyite has been consid-
ered to have considerably higher concentrations than 
olivine. The temperature has a very strong effect on the 
equilibrium hydrogen concentration in wadsleyite. 
Increasing the temperature from 900°C to 1400°C 
reduces the concentration from 2.2 wt% to 0.9 wt% with 
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no signifi cant effect of pressure in the range 13–18 GPa 
(Demouchy et al., 2005). Wadsleyite with 0.9 wt% 
water has almost the same concentration as olivine at 
the similar conditions given by recent experiments 
(Mosenfelder et al., 2006; Litasov et al., 2007) at around 
1200°C, raising the temperature of olivine also dramat-
ically decreases hydrogen concentration to 0.01wt% at 
1400°C, well below that of wadsleyite. Hence, recent 
experimental progress supports the idea of water 
having a signifi cant effect on the depth of the ‘410 km’ 
discontinuity. However, the depth of the transition will 
also depend on temperature near 410 km. At tempera-
tures of a subducted slab, i.e., 900–1200°C, there is 
almost no effect, but at 1400–1500°C of a typical man-
tle geotherm (Fig. 2), the effect should be present with 
a ratio of wadsleyite to olivine hydrogen concentration 
of nearly 100.

We can see that hydrous minerals have a wide varia-
tion in anisotropy (see Table 1, Fig. 16), with layered 
structures at ambient conditions having exceptionally 
high anisotropy for P- and S-waves (e.g., lizardite, 
antigorite, talc, brucite, clinochlore). However the lack 
of good quality single crystal elastic tensors at pres-
sure is a severe handicap when discussing the seismic 
properties of antigorite, clinochlore, and to some extent 
clinohumite, even though excellent quality elastic con-
stants are available at ambient conditions. Even for 
amphiboles, no measurements have been made apart 
from the 1961 ultrasonic measurements of hornblende 
at ambient conditions (Alexandrov and Ryzhova, 
1961b). To give some indication of the magnitude of 
anisotropy in hydrous phases we can use anhydrous 
olivine as a reference anisotropic mineral of geody-
namic importance, where its anisotropy has had a 
major impact on interpretation of mantle seismic 
anisotropy. Olivine has values for the anisotropy 
parameters given in Table 1 as follows; Vp of 24.3%, 
dVs of 17.9%, Vp/Vs1 of 25.5% and Vp/Vs2 of 16.4% 
using the olivine elastic constants at ambient condi-
tions of Abramson et al. (1997). The anisotropy of 
olivine is not very sensitive to pressure, whereas the 
hydrous minerals seem to be, with exception of the 
phase A. The minerals that have at least one anisotro-
pic parameter greater than olivine are lizardite, antigo-
rite, talc, brucite, clinochore, hornblende, clinohumite, 
hydrous wadselyite, and phase D. Phase A is very 
close to olivine with its S-wave parameter. Only the 
transition zone minerals superhydrous B and hydro-
ringwoodite are signifi cantly less anisotropic than 

olivine. Hydrous minerals are therefore in general very 
anisotropic; hence the interpretation of subduction 
zone seismology has to take this fact into account.

6 Conclusions

We have undertaken a survey of the available data on 
the single crystal elastic tensors for hydrous minerals 
likely to occur in hydrated mantle of subduction zones. 
Many hydrous minerals have not had their elastic con-
stants measured even at ambient conditions (e.g., 10Å 
phase, phase E), some have not been measured in their 
true symmetry (e.g., clinochlore, phlogopite) and most 
have not been measured at high pressure and none 
related to hydrated mantle have measured at high 
temperature. For serpentine minerals most of the 
comparison with seismic observables have been made 
using wave speed, Vp/Vs or Poisson’s ratio. Available 
elastic tensors from atomic modelling shows that 
lizardite and antigorite are very anisotropic minerals, 
these minerals are often associated in serpentinites 
with talc and brucite, which are also very anisotropic. 
There are several reports of strong CPO in antigorite 
rocks or equivalently strong anisotropy of ultrasonic 
velocities. However, the universally used isotropic Vp/
Vs ratio and Poisson’s ratio are clearly not applicable 
to anisotropic rocks composed of oriented anisotropic 
hydrous minerals. We have presented an analysis of 
Poisson’s ratio that is clearly not a good parameter to 
describe seismic anisotropy, as the axial and transverse 
strains that defi ne Poisson’s ratio are compressional or 
extensional, whereas the wave propagation involves 
compressional and shear strains associated with Vp, 
Vs1 and Vs2. For an anisotropic medium Vp/Vs has to 
be replaced by two ratios Vp/Vs1 and Vp/Vs1, but 
until now seismologists have not reported these ratios. 
We have shown in the few cases where hydrous miner-
als have been measured as function of a pressure, that 
this variable has an important effect on the velocity 
distribution and in most cases reduces the degree of 
anisotropy, hence we would expect seismic anisotropy 
to play a key role in the determination of the shallow 
structure of subduction zones in the upper mantle.
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Abstract We obtained a high-resolution seismic tomography of the Ionian litho-
sphere subduction using a new approach based on: (a) the Double-Difference tech-
nique for inversions and (b) the statistical post-processing of a great number of 
preliminary models (Weighted Average Model, WAM method); the latter was used 
to increase reliability and resolution. In the tomographic model, the high-velocity 
portion of the steeply dipping Ionian slab is well imaged, as is an underlying low-Vp 
(≈7.0 km/s) aseismic region. We propose that the low-velocity region can be assigned 
to a partially hydrated (serpentinized) mantle of the subducting Ionian slab, which 
progressively dehydrates with depth in dense high-pressure phases. In the mantle 
wedge overlying the slab, large areas, characterized by low-Vp (≤7.0 km/s) and high 
Vp/Vs (≥1.85), have been imaged beneath the Stromboli and Marsili volcanoes down 
to a maximum depth of 180 km. We have interpreted these areas as being regions 
where mantle partial melts form and accumulate and which then feed the present-day 
Aeolian Archipelago magmatism .

Keywords Local earthquake tomography · Subduction · Ionian slab · Southern 
Tyrrhenian sea · Hydrous peridotite
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1 Introduction

The subduction of the Ionian microplate, which dips 
steeply with NW polarity beneath the Tyrrhenian 
Basin, is controlled by the collision between Africa 
and Eurasia. The subduction started during the Oligo-
Miocene, and the front was very wide (Jolivet and 
Faccenna, 2000); however it is still active, along a front 
less than 300 km long, beneath the Aeolian Archipelago. 
The Tyrrhenian back-arc basin (Fig. 1) opened during 
early Pliocene as a result of an extensive roll-back 

of the subduction front (Faccenna et al., 2005 and 
references therein).

The Ionian lithosphere is estimated to be 125 km 
thick (Gvirtzman and Nur, 2001; Pontevivo and Panza, 
2006), and it is composed of a 6–8 km thick Meso-
Cenozoic sedimentary cover overlying an 8–9 km thick 
Mesozoic oceanic crust; the latter is a remnant of the 
former Tethyan realm (Catalano et al., 2001). Instead, 
the Tyrrhenian Basin is fl oored by a much younger 
(6–2 Ma) oceanic crust as thin as 7–10 km in the 
Vavilov and Marsili sub-basins (Panza et al., 2007).

A number of recent tomographic studies have 
focused on subduction in Southern Italy. In their 
research the authors used various methods based 
almost exclusively on teleseismic data (Piromallo and 
Morelli, 2003; Montuori et al., 2007 and references 
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therein). A general agreement exists regarding the 
presence of the Ionian slab imaged as a steep high 
velocity body which is surrounded by slightly lower 
velocity volumes, generally interpreted as being hot 
mantle domains (African and Tyrrhenian). Nevertheless, 
the resolution of the existing tomographies have not 
allowed to investigate on heterogeneities within the 
subducting lithosphere.

The principal aim of this paper is to interpret the 
peculiar velocity distribution within the Ionian slab, 
obtained by high-resolution seismic tomography based 
on local earthquake data, in the light of mineral phase 
equilibria governing the progressive dehydration of 
H

2
O-Mg-bearing silicates in the ultramafi c portion of 

the subducted lithosphere. A secondary aim concerns 

the possible presence of deep regions of accumulation of 
partial melts in the mantle domains above the slab.

2 Data and Method

The data set used in this study contains the P and S 
arrival-times taken from the INGV’s Italian seismicity 
catalogue (CSI and others) regarding earthquakes 
located in the window 14°30′E–17°E and 37°N–41°N 
and recorded during the period 1981–2005 (Fig. 2a). 
The data set was updated with arrival times, not included 
in the INGV catalogues, picked out on wave-forms 
recorded from some temporary arrays. The selected 

Fig. 1 Structural map of the Tyrrhenian-
Apennine domain (modifi ed from 
Faccenna et al., 1996)
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Fig. 2 (a) Area of study with epicentres and 
stations used; S-S′ is the trace of the WAM 
tomographic sections shown in Figs. 7–9; 
the small crosses mark the grid used for the 
synthetic tests. (b) Three-dimensional view 
of the hypocenters
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events are: recorded by at least 10 stations and marked 
by weighted Root Mean Square of the residual times 
(RMS) less than 0.50 s after the relocation. The result-
ing data set includes 1800 earthquakes recorded by on 
average 16 stations, for a total of 28873 P- and 9990 
S- arrival times and mean RMS = 0.30 s. The subcrustal 
events given in this database, located between a depth 
of 40 and 360 km, are 419. Their hypocentres are con-
centred around a dipping plane 69°–72° NW (Fig. 2b).

The preliminary hypocentral location and the optimi-
sation of the initial 1D Vp and Vs models were performed 
by a procedure that optimizes the hypocentral coordi-
nates, the velocity models and the mean station residuals 
by minimizing besides the L

2
 norm of the residuals times 

their coherence in the offset domain (Giunta et al., 2004). 
This technique descends from the observation that the 
relocation of a set of events using an unsuitable model 
produces residual times of the rays which show large 
coherence intervals in the offset domain.

To produce an initial 1D model with constant verti-
cal gradients within the layers, as required by the tomo-
graphic inversion code, this procedure, initially 
implemented for HYPOPC71 code (Lee and Lahr, 
1985), was adapted to HYPOINVERSE-2000 code 
(Klein, 2002). The model obtained (MC) represents the 
initial vertical velocity distribution for the tomographic 
inversions and for some synthetic and experimental 
tests (Table 1). The mean probable error on the epicen-
tral coordinates of the re-located events is ∼2.5 km, 
whereas on the hypocentral depths it is ∼4.5 km.

To carry out the 3D inversions we adopted the 
tomoDD code (Zhang and Thurber, 2003) in this work. 
This code removes some fuzziness in the fi nal velocity 
model by using differential arrival times together with 
the absolute one (Zhang and Thurber, 2003). The dif-

ferential times are calculated from pairs of earthquakes 
recorded at a common station with inter-event distance 
less than a selected threshold, therefore, the size of the 
dataset depends essentially on the threshold value.

We performed several inversions using different 
selections of absolute and differential data obtained by 
varying the maximum accepted RMS and inter-event 
distance, respectively.

In particular, we used several thresholds to extract 
many differential datasets. The least numerous one, 
obtained fi xing the maximum inter-event distance to 
6 km, contains 23992 P- and 7492 S- differential times, 
while the largest, obtained with a threshold of 20 km, 
encloses 78352 P- and 26086 S- differential times.

The velocity model was parameterized as a regular 
3D inversion grid and the values assigned to the nodes 
were interpolated in a generic point inside a cell using 
a tri-linear interpolation algorithm (Thurber, 1993). 
Numerous grids with different node positions were 
used in the inversions of experimental data. The aver-
age lengths of the horizontal grid edges, excluding the 
boundary nodes, were 310 and 190 km (Fig. 2a) 
whereas the vertical one was 340 km. The average 
spacing along each direction was 17, 38 and 13 km, 
respectively.

3 Reliability Tests

We performed tests with synthetic and experimental 
data to evaluate the resolution, the stability and the sys-
tematic dependence of the results on each parameter 
picked a priori.

3.1 Synthetic Tests

We performed synthetic tests using the real distribu-
tion of the stations and the hypocenters located with 
the MC model. Travel-times were calculated in the 
3D model (MCS) resulting from an experimental data 
inversion (Fig. 3a). Starting from the MC model and 
using these synthetic data without adding any noise, 
the result of the test showed that the information 
contained in the calculated travel times was able to 
reconstruct velocity distributions closely matching the 
MCS model in the volumes where DWS (Derivative 
Weight Sum, Toomey and Foulger, 1989) is greater 
than 50 (Fig. 3b). The restoration-resolution test (Zhao 

Table 1 Velocities and depth of the MC model

 MC model

Km Vp (km/s) Vs (km/s)

0 2.10 1.20
5 5.60 3.20
10 5.80 3.31
13 6.30 3.60
20 7.00 4.00
26 7.70 4.40
40 7.95 4.54
50 8.05 4.60
100 8.10 4.63
245 8.19 4.68
340 8.22 4.70
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et al., 1992), consisting in the inversion of the synthetic 
data perturbed with a random noise having standard 
deviation equal to the L

2
 norm of the residuals of the 

experimental data inversion (0.62 s), highlighted the 
stability of the inverse problem (Fig. 3c).

3.2 Experimental Tests

Experimental tests were carried out to evaluate the 
dependence of the fi nal velocity model on the spatial 
parameterization, by rotating, translating and deform-
ing a reference grid.

We used horizontally anisotropic inversion grids 
with inter-distance ratio between the nodes ∼0.5 along 
the x and y grid axes. Other authors have used similar 
grids to investigate quasi-2D structures having strike a 
priori known (Zhang and Thurber, 2003; Shelly et al., 
2006), while we introduced this anisotropy of the inver-
sion grid to increase the volume of the model space 
sampled varying the azimuth of the grid axes.

To compare all the velocity models obtained using the 
various inversion grids tested we (re)sampled them at the 
nodes of a fi xed grid by the same trilinear interpolation 
algorithm of tomoDD. The relative  standard deviation of 
the velocity values were ∼1% in the volumes around the 
earthquake hypocentres, but increase up to ∼7% in the 
border volumes. This variability does not change the fea-
tures of the velocity model for anomalies having linear 
dimensions greater than 15–25 km (Fig. 4).

The infl uence of the initial model on the fi nal 
velocity distribution was tested by effecting numerous 
inversions with different starting 3D and 1D models. We 
performed inversions using models characterized by slow 
and/or fast bodies that simulated the investigable portion 
of the down-going slab. In all these tests the experimental 
data produced 3D models comparable to the MCS model 
(Fig. 5). A 1D model with velocities 1 km/s higher than 
the MC below a depth of 40 km, led to a velocity distribu-
tion similar to that of the MCS model (Fig. 5).

Finally, we tested the dependence of the results on 
the data selection procedure by inverting two data sets: 

Fig. 3 (a) Vertical section through the MCS model obtained using the inversion grid A (Fig. 4a). (b) Synthetic test. (c) Restoration 
Resolution test. A plan of the grid used to perform these tests is displayed in Fig. 2a. The red lines limit the portion of the poorly 
resolved model (DWS < 50)

Fig. 4 Models regarding grids A and B used for the experimental tests. The two horizontal sections (centre and right) show 
the plane at a depth of 100 km. Compare the similarity of the velocity patterns within the circled areas The red lines limit the portion 
of the poorly resolved model (DWS < 50)
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the fi rst included the events that occurred between 
1988 and 2002, while the second encompassed the 
1981–2005 period. We obtained numerous differential 
data for both data sets by varying the inter-event 
distance. All the inversions gave coherent results, 
however in the 1981–2005 data set the DWS increased 
consistently in many nodes that were poorly con-
strained by the smaller data set.

The spatial distribution of the differences between 
arbitrary pairs of models obtained in the experimental 
tests always shows, beside a low spatially incoherent 
component, low systematic misfi ts which have never 
skewed the interpreted velocity anomalies.

4 Tomographic Model

4.1 Construction

All the tests performed showed that the location of the 
anomalies is well constrained by the experimental data, 
yet in some inversions their extension and mean veloc-
ity value, in few but important portions of the investi-
gated volume, are not suffi ciently constrained. To 

overcome the limits of each tomographic inversion we 
adopted an average model for the fi nal tomography, that 
is practically independent of the subjective choice of 
the parameters that affect the inversion process and is 
therefore more reliable (Calò et al., 2007, 2008). The 
fi nal average distribution of all the parameters investi-
gated will be named WAM (Weighted Average 
Model).

To construct this model among all velocity distribu-
tions obtained in the experimental tests, we selected n = 
27 models, achieved with the perturbations of the input 
parameters that produced signifi cantly different models.

In particular, beside some tomographies performed 
using various selection rules of absolute and differen-
tial data, others carried out with 1D and 3D starting 
models and with deformed and translated grids, 
we picked out several inversions relative to different 
rotations of the anisotropic grid to recover the spatial 
isotropy of the tomographic investigation.

These models, excluding the external cells, were re-
sampled, using the same interpolation algorithm of 
tomoDD, on the nodes of a fi xed grid (WAM grid) and 
the corresponding DWS distributions in a identical grid 
were interpolated by a trilinear interpolation algorithm. 
The WAM grid is centred at 38°40′N–15°.30′E (Fig. 2) 

Fig. 5 Dependence of the tomographic results on the initial 
models. In the fi rst row 1D and 3D initial models are displayed 
below which you can see the vertical sections obtained along the 

profi les A-A′ and B-B′. The red lines limit the portion of the 
poorly resolved model (DWS < 50)
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and have horizontal spacing of 7 km and vertical spac-
ing of 6 km.

In the WAM, the velocities of each node were 
calculated as weighted average by taking into account 
the DWS value of each inversion.

The equations used to determine the weights for 
the velocity values were:
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 and iDWS
 
 are the maximum and aver-

aged DWS values in the i-th inversion respectively, 
LIM a threshold of DWS defi ned to pick out the nodes 
where the velocity estimates were reliable and the 
constant 50 was empirically optimized. The DWS was 
set to zero in the nodes where it was not possible to 
assign a velocity estimate. The LIM value was fi xed 
at a DWS threshold equal to 100, as often adopted in 
literature to delimit well resolved areas (Zhang et al., 
2004). The isosurface DWS = LIM will enclose the 
investigated volume of the fi nal tomographic model. 
To determine the Vp and Vs weighted standard devia-
tions in each node the same weights adopted to calcu-
late the mean velocity were used.

The DWS(i,j,k) in the (i,j,k)-node of the WAM grid 
was determined with the following relationship:
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where w
i
 are the weights previously defi ned.

The average hypocentral model was determined; 
the mean standard deviations of each hypocentral 
coordinate are s

x
 = 2.83 km, s

y
 = 2.69 km and s

z
 = 

3.26 km respectively, the mean RMS is 0.11 s with 
standard deviation 0.05 s.

4.2 Reliability of the WAM Tomography

The effectiveness of the weighting technique that 
we propose in this study was verifi ed and optimized by 
synthetic tests (Calò et al., 2007, 2008). The results of 
the tests together with the comparison between the 
restoration of a classic tomography and a WAM tomog-
raphy are synthetically described.

To assess the reliability of the WAM method 
we implemented an extended version of checkerboard 
test that should be always performed before an experi-
mental WAM tomography.

At fi rst, we calculated the synthetic arrival times 
for a checkerboard model (Fig. 6a). Each patch is 28 × 
28 × 24 km3 large (4 nodes of the WAM grid along 

Fig. 6 (a) Checkerboard model used to 
calculate the synthetic travel-times, 
(b) example of an inversion grid 
(light-blue area) used to realize a single 
inversion, (c) recovered model of a 
single inversion relative to the inversion 
grid displayed in Fig. 6c, (d) recon-
structed Vp WAM model. The red lines 
in the Fig. 6c, d delimit the investigated 
volumes (DWS > 100)
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each direction), with velocities +6% and −6% alterna-
tively with respect to the MC model.

Afterwards, we perturbed the synthetic data with 
increments normally distributed with null mean and 
standard deviation 0.6 s.

Subsequently, we performed about 60 inversions 
changing the input parameters and, for each one, 
we calculated a restoration index (Calò et al., 2007, 
2008) to quantify the mean recovery of the synthetic 
model. Each inversion reconstructed approximately 
the true model within its investigated volume (DWS > 
100) as shown in the example of Fig. 6c and d.

Finally, we constructed the velocity models 
(Fig. 6d), determined the standard deviation and calcu-
lated the restoration index for the WAM. The mean 
restoration for the single inversions was about 49% 
while for the WAM, constructed averaging n (n = 
1…19) synthetic models relative to inversions charac-
terized by very different input parameters vectors, 
increases up to 58% with an approximately quadratic 
dependence by the number n of the inversions.

We verifi ed that there is in a good anti-correlation 
between the restoration index and the velocity stan-
dard deviation distributions of WAM (Calò et al., 2007, 
2008).

The reconstructed WAM shows how the features of 
the true model are well restored without evident smearing 
effects and the investigated volume has been enlarged.

4.3 Results

We selected three horizontal and one vertical section 
through WAM (Figs. 7–10) to enhance some geomet-
ric features of the main anomalous bodies of the sub-
ducting Ionian slab and Southern Tyrrhenian mantle.

The reliability of these features was assessed by the 
weighted standard deviation distribution of WAM, 
 determined as the standard deviation of the selected mod-
els divided by the square root of the number of models. 
These standard deviations were smaller than 0.06 km/s 
for most of the model and did not exceed 0.12 km/s in the 
border areas (Figs. 7a1, b1, c1, 8b and 9b).

The horizontal slice of the Vp model at a depth 
of 100 km (Fig. 7a), shows a low velocity area (6.6 < 
Vp < 7.7 km/s) NW of the Aeolian islands almost 
beneath the Marsili seamount. The hypocentres, 
within ±25 km from this section, are located within 

an SW-NE elongated high velocity body (Vp > 
8.2 km/s) that images a portion of the Ionian slab. 
There is a remarkably low-Vp area (6.6 < Vp < 
7.7 km/s) beside this body, located below the 
Calabrian Arc. The low velocity body seems to be 
sandwiched between two high-Vp bodies.

The section at a depth of 170 km (Fig. 7b) clearly 
shows the concave shape of the Ionian slab, here char-
acterized by a 50–60 km large high velocity area. 
In this slice the low-Vp area, just beneath the Calabrian 
arc, is somewhat discontinuous. The low velocity 
regions NW of the Aeolian arc are still present.

At a depth of 190 km (Fig. 7c) the sandwich struc-
ture is even clearer, and is characterized by high Vp 
with a thin (20–25 km) low velocity layer. It is worth 
noting that at this depth the low velocity anomalies 
beneath the Marsili area are no longer imaged.

The vertical sections of the Vp, Vs and Vp/Vs 
models (Figs. 8–10) depict a portion (50–60 km thick) 
of the steeply dipping (69°–72° towards NW) descend-
ing Ionian slab, which is characterized by high veloci-
ties, both in Vp and Vs. Recent seismic studies using 
the Near-Vertical Refl ection technique (CROP proj-
ect; Finetti, 2005) have detected a thin, steep refl ective 
layer down to a depth of about 140 km, which has been 
interpreted as being the top portion of the Ionian slab. 
It is portrayed in Fig. 7a within the high Vp region. 
Just below, that is, most likely in the Ionian  lithospheric 
mantle, there is a 20–25 km thick area characterized 
by low-Vp (6.6–7.7 km/s) and -Vs (4.2–4.5 km/s). 
These low velocity bodies dip coherently with the 
overlying high velocity ones and fade out at a depth of 
230–250 km. On the top of the Ionian slab verti-
cally elongated low-velocity areas (Vp ≤ 7.0 km/s and 
Vs ≤ 4.5 km/s; Vp/Vs ratios > 1.85) beneath Stromboli 
and Marsili volcanoes reach a maximum depth of 
180 km.

5 Petrological Constraints

The resolution of the tomographic results has allowed 
us to discuss the petrological implications of phase 
equilibria in the subducted lithospheric (harzburgitic) 
mantle with reasonable reliability. Hydration and 
dehydration reactions in the subducted ultramafi cs, by 
far the most abundant rock type, have relevant effects 
on mechanical properties, whole rock-H

2
O budget and 
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Fig. 7 Velocity planes at depths of 100, 170 and 190 km (a, b, c, respectively) and corresponding standard deviation distribution 
(a1, b1, c1, respectively). The red lines limit the portion of the poorly resolved model (DWS < 100). The black points are the projec-
tions onto the given plane of the hypocenters within ±25 km. The dashed black line in the slice at a depth of 170 km highlights the 
concave shape of the Ionian slab. The dashed double arrow in the slice at a depth of 190 km indicates the sandwich slab structure

consequently on P- and S-waves velocities (Hacker 
et al., 2003).

The P-T stability of H
2
O-Mg-bearing phases in 

(hydrous) ultramafi c systems is well constrained by 
experimental phase equilibria (Schmidt and Poli, 
1998; Fumagalli and Poli, 2005; Ulmer and 
Trommsdorff, 1995 and references therein): antigorite 
(i.e., the high P polymorph of serpentine and also the 
major H

2
O-carrier in the mantle; Ulmer and 

Trommsdorff, 2005) persist to a maximum pressure of 
8 GPa (at 500°C), while its upper thermal stability is 

constrained at 600–650°C (at 5 GPa); chlorite instead 
breaks down for T > 800°C. Both phases transform 
through various reactions to “10 Å-phase” fi rst and, at 
P > 6 GPa, to “phase-A” (Ulmer and Trommsdorf, 
1999 a/b; Fumagalli and Poli, 2005), both belonging 
to the Dense Hydrous Magnesian Silicates (DHMS) 
group.

The placing of the maximum T–P bound of serpen-
tine-chlorite stability at a specifi ed depth into the sub-
ducted lithospheric mantle, depends on many variables 
that affect the thermal regime of the slab (e.g., slab 
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Fig. 8 (a) Vp section; (b) corresponding distribution of the standard deviation. Earthquakes within 15 km of the sections are also 
plotted. The best resolved area (DWS > 100) lies above the red line. The white dashed line in Fig. 7a is the trace of the NVR 
 interpretative section (Finetti, 2005)
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Fig. 9 (a) Vs section; (b) corresponding distribution of the standard deviation. Earthquakes within 15 km of the sections are also 
plotted. The best resolved area (DWS > 100) lies above the red line. The white dashed line in Fig. 9a is the trace of the NVR 
 interpretative section (Finetti, 2005)
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age, dip angle, rock’s thermal conductivity, thermal 
distribution in the mantle and subduction rate; Iwamori, 
2004). As a general rule, the steeper and/or the faster is 
the slab, the lower is the longitudinal component of the 
thermal gradient within the slab itself.

As regards the thermal structure of the subducting 
Ionian slab (whose estimated age is around 120 Ma, 
Carminati et al., 2005), thermal and rheological mod-
els (Carminati et al., 2005; Pasquale et al., 2005) are 
in agreement with a rather cold slab. Accordingly, 
the maximum depth that can be reached by the 600°C 
isotherm, which is crucial in the above mentioned 
phase equilibria, is around 300–350 km, if a conserva-
tive value of 3 cm/year for the subduction velocity of 
the Ionian slab is assumed (Rupke et al., 2004; 
Carminati et al., 2005). Must be mentioned here that 
the fl uids released by dehydration reactions in the 
ultramafi c portion of the slab are not univocally des-
tined to migrate into the overlying mantle wedge (via 
fault-controlled pathways), but, at least for steeply 
subducting slabs, as the Ionian one, a partial up-dip 
fl ow (within the lower portion of the subducted slab) 
can be expected (Abers, 2005).

6 Discussion and Conclusions

The low-velocity bodies imaged in Figs. 8 and 9, just 
aside and parallel to the high-velocity volume, are 
the most striking feature produced by our inversions. 
The high resolution of the tomography has allowed us 
to estimate the dimensions of the main velocity struc-
ture observed in the Southern Tyrrhenian Sea and to 
propose the following assignations, assuming a total 
thickness of the Ionian lithosphere in 125 km 
(Gvirtzman and Nur, 2001; Pontevivo and Panza, 
2006): the 50–60 km thick high-velocity body (8.2 < 
Vp < 8.8 km/s and 4.75 < Vs < 5 km/s) is interpreted as 
being the upper portion of the descending slab, most 
likely composed of: (1) ∼10 km of eclogite, former 
oceanic crust (Vp = 8.4–8.7 km/s), and (2) ∼50 km of 
anhydrous harzburgite (8.4 < Vp < 8.8 km/s), virtually 
undistinguishable one from the other.

The immediately underlying 20–25 km thick low-
velocity bodies (7.0 < Vp < 7.7 km/s and 3.8 < Vs < 
4.2 km/s) are instead attributed to a partially hydrated 
(serpentinized) harzburgite. These bodies are coinci-

Fig. 10 Vp/Vs section. Earthquakes within 15 km of the sections are also plotted. The best resolved area (DWS > 100) lies above 
the red line. The black dashed line encloses the region of probable production/accumulation of the Tyrrhenian mantle partial 
melts
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dent with the inner (i.e., colder) portion of the slab and 
are separated by faster protrusions, probably corre-
sponding to less hydrous mantle regions. The portion 
of the slab underlying the low velocity bodies should 
have a remaining thickness around 40–55 km.

Serpentinite is, in fact, characterized by low elastic 
wave velocities and high Poisson’s ratio (Christensen, 
2004). The relation between the decrease of Vp with 
increasing serpentinization in peridotites (Christensen, 
2004) suggests that the decrease of Vp down to 7.0 km/s 
can be achieved with a 30–40 vol% of serpentinization. 
It is worth noting that this low-velocity region is aseis-
mic, in agreement with the ductile rheology of serpen-
tine-bearing rocks (Peacock and Hyndmann, 1999).

Interestingly, the low-velocity body disappears at 
a depth of 230–250 km, that is, close to the experimen-
tally determined maximum pressure stability of antigo-
rite-chlorite assemblages in hydrous peridotites: ca. 
6.0 GPa at 600°C according to Fumagalli and Poli 
(2005) or even slightly higher P according to Hacker 
et al. (2003). The vanishing of the low-velocity region at 

a depth of > 230 km could thus be ascribed to the dehy-
dration of the serpentine group minerals to H

2
O-poor 

high pressure phases (e.g., the “phase A”). These latter 
are closely similar to anhydrous lherzolite minerals in 
their seismic properties (Hacker et al., 2003).

By comparing the tomographic results of this study 
with recent studies in the same region (Piromallo and 
Morelli, 2003; Montuori et al., 2007), there is a broad 
agreement regarding the position, the shape and the 
dimension of the main structures beneath the Southern 
Tyrrhenian basin, namely, the high velocity portion of 
the slab. The low velocity regions located SE of the 
high velocity body in the tomographies of Piromallo 
and Morelli (2003) and Montuori et al. (2007), being 
positioned outside the inferred slab volume are inter-
preted as lateral fl ows of hot astenospheric mantle 
(Montuori et al., 2007). In our model the low velocity 
regions occur well within the Ionian lithosphere and 
consequently must be viewed as being the result of 
hydration processes affecting the ultramafi c portion of 
the slab.

Fig. 11 Schematic sketch of the Ionian 
subduction scenario. The yellow and 
green bodies are relative to the low Vp 
and low Vs zones, respectively. The 
possible pathways (black arrows) for 
fl uids released by dehydration of the 
ultramafi c portion of the slab, include an 
up-dip migration within the subducted 
ultramafi c lithosphere and, through bend 
faults (white lines), to the top of the 
subducted and the overlying mantle 
wedge
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As regards the structure of the mantle wedge, our 
data suggest that partial melting, triggered by slab-
released fl uids, is likely to occur at a depth ≤180 km, 
in the large area characterized by low Vp and Vs in 
Figs. 8 and 9. This depth is in good agreement with 
 experimental petrology constraints (e.g., Schmidt and 
Poli, 1998) and geochemical/petrological models 
(Tommasini et al., 2007).

The low-Vp and Vs and high Vp/Vs bodies imaged 
within the Tyrrhenian lithosphere beneath Stromboli, 
and less clearly Marsili volcanoes (Figs. 8–10), argue 
for the accumulation of signifi cant amounts of mantle 
partial melts (i.e., some thousands of km3) feeding 
the present-day volcanic activity.

The sketch in Fig. 11 summarizes the main features 
of the velocity models discussed above and illustrates 
two possible pathways for fl uids released by dehydra-
tion of the ultramafi c portion of the slab: (1) an up-dip 
migration (within the subducted ultramafi c lithosphere) 
enhancing hydration of more superfi cial ultramafi cs 
and (2) through transverse channels, (e.g., bend faults) 
which deliver fl uids to the top of the subducted crust 
and hence to the overlying mantle wedge.

Acknowledgments This research received fi nancial support 
from PRIN 2004 funds from the Italian Ministry, project 
“Hypotheses on the crustal structures along the Termini Imerese-
Gela band (Sicily) based on the integrated analysis of geophysi-
cal and petrological data”. We wish to acknowledge F. Funiciello 
for her careful editorial handling and the two anonymous 
reviewers for their constructive criticism.

References

Abers G A (2005) Seismic low-velocity layer at the top of sub-
ducting slabs: observations, predictions, and systematics. 
Phys. Earth Planet. Inter., 149, 7–29.

Calò M, Luzio D, Vitale M (2007) Tomografi a sismica WAM. 
Alcuni confronti con tecniche di inversione tradizionali. 
http://www2.ogs.trieste.it/gngts/. Extended abstract of the 
26° GNGTS.

Calò M, Dorbath C, Luzio D, Rotolo S G, D’Anna G (2008) 
WAM tomography in the southern Tyrrhenian region. 
Petrological inferences and hypotheses on the fl uid circula-
tion in the subducting Ionian slab and adjoining mantle 
domain. Boll. di Geof. Teor. ed Appl., 42 N2, 136–141.

Carminati S, Negredo A M, Valera J L, Doglioni C (2005) 
Subduction-related intermediate-depth and deep seismicity 
in Italy: insights from thermal and rheological modelling. 
Phys. Earth Planet. Inter., 149, 65–79.

Catalano R, Doglioni C, Merlini S (2001) On the Mesozoic 
Ionian basin. Geophys. J. Int., 144, 49–64.

Christensen N I (2004) Serpentinites, peridotites and seismol-
ogy. Intern. Geol. Rev., 46, 795–816.

Faccenna, C, Davy P, Brun J P, Funiciello R, Giardini D, Mattei 
M, Nalpas T (1996) The dynamic of backarc basins: an 
experimental approach to the opening of the Tyrrhenian Sea. 
Geophys. J. Int., 126, 781–795.

Faccenna C, Civetta L, D’ Antonio M, Funiciello F, Margheriti 
L, Piromallo C (2005) Contraints on mantle circulation 
around the deforming Calabrian slab. Geophys. Res. Lett., 
34, L05302, doi:10.1029/2006GL028899.

Finetti I R (2005) The Calabrian arc and subducting Ionian slab 
from new CROP seismic data. CROP PROJECT: Deep 
Seismic exploration of the Central Mediterranean and Italy, 
393–412, ISBN: 0444506934. Elsevier.

Fumagalli P, Poli S (2005) Experimentally determined phase 
relations in hydrous peridotites to 6.5 GPa and their conse-
quences on the dynamics of subduction zones. J. Petrol., 
46, 555–578.

Giunta G, Luzio D, Tondi E, De Luca L, Giorgianni A, D’Anna 
G, Renda P, Cello G, Nigro F, Vitale M (2004) The Palermo 
(Sicily) seismic cluster of September 2002, in the seismotec-
tonic framework of the Tyrrhenian Sea-Sicily border area. 
Ann. Geophys., 47, 1775–1770.

Gvirtzman Z, Nur A (2001) Residual topography, lithospheric 
structure and sunken slab in the central Mediterranean. Earth 
Plan. Sci. Lett., 187, 117–130.

Hacker B R, Abers G A, Peacock S M (2003) Subduction fac-
tory 1) Theoretical mineralogy, densities, seismic wave 
speeds, and H

2
O contents. J. Geophys. Res., 108 (B1) 2029, 

03311, doi:10.129/2001JB001127.
Iwamori H (2004) Phase relations of peridotites under 

H
2
O-saturated conditions and ability of subducting plates 

for traportation of H
2
O. Earth Plan. Sci. Lett., 227, 57–71.

Klein W F (2002) HYPOINVERSE-2000, a Fortran program to 
solve for earthquake locations and magnitudes. U.S.G.S. 
Open- fi le rep., 02–171.

Lee W H K, Lahr J C (1985) HYPO71: a computer program 
for determining hypocenter, magnitude and fi rst motion 
pattern of local earthquake. U.S.G.S. Open-fi le rep., 
75–311.

Jolivet L, Faccenna C (2000) Mediterranean extension and the 
Africa-Europe collision. Tectonics, 19, 1095–1106.

Montuori C, Cimini G B, Favali P (2007) Teleseismic tomogra-
phy of the southern Tyrrhenian subduction zone: new results 
from seafl oor and land recordings. J. Geoph. Res., 112 (B0) 
3311, doi:10.129/2005JB004114

Panza G F, Peccerillo A, Aoudia A, Farina B (2007) Geophysical 
and petrological modeling of the structure and composition of 
the crust and upper mantle in complex geodynamic setting. The 
Tyrrhenian sea and surroundings. Earth Sci. Rev., 80, 1–46.

Pasquale V, Verdoya M, Chiozzi P (2005) Thermal structure of 
the Ionian slab. Pure Appl. Geophys., 162, 967–986.

Peacock S M, Hyndmann R D (1999) Hydrous minerals in the 
mantle wedge and the maximum depth of subduction thrust 
earthquakes. Geophys. Res. Lett., 26, 2517–2520.

Piromallo C, Morelli A (2003) P wave tomography of the mantle 
under the Alpine-Mediterranean area. J. Geophys. Res., 108, 
NO. B2, 2065.

Pontevivo A, Panza G F (2006) The Lithosphere-Astenosphere 
system in the Calabrian arc. Pure Appl. Geophys., 163, 
1617–1659.



Local Earthquake Tomography in the Southern Tyrrhenian Region of Italy 99

Rupke L H, Morgan J P, Hort M, Connolly J A D (2004) 
Serpentine and the subduction zone water cycle. Earth 
Planet. Sci. Lett., 223, 17–34.

Schmidt M W, Poli S (1998) Experimentally based water bud-
gets for dehydrating slabs and consequences for arc magma 
generation. Earth Planet. Sci. Lett., 163, 361–379.

Shelly D R, Beroza G C, Zhang H, Thurber C H, Ide S (2006) 
High-resolution subduction zone seismicity and velocity 
structure beneath Ibaraki Prefecture, Japan. J. Geophys. 
Res., 111, B06311, doi:10.1029/2005JB004081.

Thurber C H (1993) Local earthquake tomography: velocities 
V

P
/V

S
 – theory. Seismic tomography. Theory and practice. 

Chapman & Hall, 563–580.
Tommasini S, Heumann A, Avanzinelli R, Francalanci L (2007) 

The fate of high-angle dipping slabs in the subduction 
factory: an integrated trace element and radiogenic isotope 
(U, Th, Sr, Nd, Pb) study of Stromboli Volcano, Aeolian 
Arc, Italy. J. Petrol., 48, 2407–2430.

Toomey D R, Foulger G R (1989) Tomography inversion of local 
earthquake data from the Hengill- Grensdalur central volcano 
complex, Iceland. J. Geophys. Res., 94 B12, 17497–17510.

Ulmer P, Trommsdorf V (1995) Serpentine stability to mantle 
depths and subduction-related magmatism. Science, 268, 
858–861.

Ulmer P, Trommsdorf V (1999a) Phase relations of hydrous 
mantle subducting to 300 km. In: Fei Y. W., Bertka C., & 
Mysen B. (eds) Mantle petrology: fi eld observations and high 
pressure experimentation: a tribute to Francis R. (Joe) Boyd. 
Geochemical Society Special Publications 6, 259–281.

Ulmer P, Trommsdorf V (1999b) Serpentine stability to mantle 
depths and subduction-related magmatism. Science, 268, 
858–861.

Zhang H, Thurber C H (2003) Double-difference tomography: 
the method and its application to the Hayward fault, 
California. Bull. Seismol. Soc. Am., 93, 1175–1189.

Zhang H, Thurber C H, Shelly D, Ide S, Beroza G C, Hasegawa 
A (2004) High-resolution subducting-slab structure beneath 
northern Honshu, Japan, revealed by double-difference 
tomography. Geology, 32, 4, 361–364.

Zhao D, Hasegawa A, Horiuchi S (1992) Tomographic imagin-
ing of P and S wave velocity structure beneath northeaster 
Japan. J. Geophys. Res., 97, 19909–19928.



Part

Great Subduction Zone Earthquakes
III



S. Lallemand and F. Funiciello (eds.), Subduction Zone Geodynamics,  103
DOI 10.1007/978-3-540-87974-9, © Springer-Verlag Berlin Heidelberg 2009

1 Introduction

It has long been recognised that subducting bathymet-
ric features may infl uence the behaviour of subduction 
zone earthquakes. As far back as the mid-1970s, 
Kelleher and McCann (1976) considered the circum-
Pacifi c belt and suggested that bathymetric highs such 
as aseismic ridges may control the location and fre-
quency of great subduction zone earthquakes. Spence 

(1977) studied the Aleutian arc and suggested that the 
plate boundary was segmented by “distinctive bathy-
metry” such as submarine canyons perpendicular to the 
trench. For the 1965 M

w
 8.7 Aleutians, Alaska earth-

quake, he suggested that the greatest earthquake slip 
occurred at zones under transverse canyons which were 
locked prior to the occurrence of the earthquake. This 
conclusion was based on the clustering of aftershocks 
in these regions. In today’s jargon, we could say that 

S. Das
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Abstract Improvements in the quality and quantity of seismological data, together 
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examine in detail the infl uence of sea fl oor topography on the rupture process of great 
subduction earthquakes. Subducting seamounts were fi rst suspected to affect the rup-
ture process of a great earthquake in the 1986 M

w
 8.0 Andreanof Islands earthquake, 

where large slip was seen in isolated round patches in the direction of the plate 
subduction. Since then, we have been able to show that a ridge and trough feature on 
the subducting oceanic plate stalled the rupture process of the 2001 M

w
 8.4 Peru for 

∼30 s, and then broke, thereby resulting in the third largest earthquake worldwide 
since the 1960s. An important question is how much of a subducting oceanic plate 
bathymetric feature remains intact after subduction and how it affects earthquake 
rupture on the subduction plane. Recent high quality bathymetric and seismic surveys 
from the Middle America trench, for example, shows both the scars on the hanging 
wall associated with the subduction of a seamount, as well as large, clear, subducted 
seamounts after subduction. This paper discusses the rupture histories of four great 
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ships between these histories and bathymetric features on the subducting oceanic 
plate.
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he identifi ed the major “asperities” of this earthquake. 
The well known segmented plate boundary off the 
Nankai trough, with its long documented earthquake 
history (Ando 1975) is remarkable, and shows how 
more than one such segment can break at a time, that is, 
how an earthquake at times propagates across the 
segment barrier, but not on other occasions.

Though the idea that submarine topography may 
affect the earthquake rupture process was implied in 
these very early studies, the basis on which they were 
made was sometimes tenuous, mainly due to the pau-
city of both earthquake and bathymetric data. For exam-
ple, it is only in the late 1980s that the very fi rst analysis 
of digital seismograms were carried out to fi nd the his-
tory and distribution of the earthquake fault slip over the 
entire rupture area. Since then, the quality and reliabil-
ity of such solutions has improved signifi cantly. This 
improvement in seismological data has been accompa-
nied by technological advance in swath bathymetry and 
satellite altimetry such that a much more complex, but 
reliable, picture has now started to emerge.

Many types of seafl oor topography, irrespective of 
their origin, could affect the earthquake rupture 
process. This is particularly true of constructional 
features, such as oceanic islands and seamounts, for 
example, the Louisville Ridge (Scholz and Small 
1997), off the Nankai region (Bangs et al. 2006; 
Kodaira et al. 2000) and off Costa Rica (von Huene 
et al. 1995, 2000; Bilek et al. 2003), which have been 
built up on the seafl oor by volcanism.

Intuitively, all bathymetric highs, if they are still 
intact after subduction must locally increase the 
coupling across the subduction interface. In particular, 
subducting seamounts have now been suggested as a 
primary source of dense fracture networks in the forearc 
(Dominguez et al. 1999) and as being the region of high 
slip in subduction zone earthquakes (Cloos 1992; 
Scholz and Small 1997; Bangs et al. 2006). Scholz and 
Small (1997) have discussed how such seamounts could 
increase the recurrence time interval between earth-
quakes. Other features that have been proposed to infl u-
ence earthquakes include fracture zone ridges and 
troughs, for example, off southern Peru (Robinson et al. 
2006) and aseismic ridges, for example, the Nazca 
Ridge (Spence et al. 1999). Bilek (2007) provides a 
broad overall review of some aspects of the problem, 
and discusses some great earthquakes that occurred in 
the 1950s and the 1960s. Some details of the rupture 
process, such as rupture speed are not discussed there, 

due to the fact that using the earlier data many such 
important parameters could not be determined. The slip 
distributions for very old earthquakes could not be 
tested for ‘robustness’, again due to poor data quality. 
We emphasize the use of reliable robust features for the 
tectonic interpretation of the earthquake slip distribu-
tions for the recent earthquakes discussed in this paper.

Ruff (1989) considered the role played by trench 
sediments in controlling the size of subduction zone 
earthquakes. He showed that 13 of 19 large subduction 
earthquakes, including the three largest, occurred in 
zones with excess trench sediments, and speculated 
that “excess trench sediments are associated with the 
subduction of a coherent sedimentary layer, which at 
elevated temperature and pressure, forms a homoge-
neous and strong contact zone between plates”. We 
shall return to this point later in the paper to see whether 
some of the recent great earthquakes fi t this picture.

A fundamental question which relates to the degree 
of coupling across the subduction interface is, when a 
seamount subducts, does it get sheared off or is it 
 preserved intact after subduction? The best example of 
an obducted seamount was found in the Snow Mountain 
volcanic complex in northern California (Macpherson 
1981). A less clear example is known in Japan (Maruyama 
and Yamasaki 1978), where the whole structure had to 
be reconstructed by retro-deforming the thrust faults in 
order to separate out the seamount. However, whether all 
seamounts are obducted or if some are subducted is a 
question that had remained unanswered. Also, if a sea-
mount is subducted intact, how well is the morphology 
of its crest preserved? For example, does a guyot retain 
its fl at top or an atoll its fringing barrier reef? High-
quality swath bathymetry data together with seismic and 
magnetic anomaly surveys of the forearc have started to 
address this question. Off the coast of New Zealand 
(Collot et al. 2001), along the Costa Rica subduction 
zone (von Huene et al. 1995, 2000), and along the Nankai 
trough (Kodaira et al. 2000; Bangs et al. 2006), scars can 
be observed in the forearc, formed by the penetration of 
seamounts. In the case of Costa Rica, a seismic section 
adjacent to a scar, clearly shows the 1.5 km high pre-
served seamount under the forearc which has been raised 
up due to it. This seamount is also seen in the bathymet-
ric, gravity and magnetic data (Barckhausen et al. 1998). 
Along the Nankai trough, a 13 km thick by 50 km wide 
velocity anomaly was imaged in a tomographic model 
using wide-angle seismic refraction data (Kodaira 
et al. 2000). The velocity anomaly aligns with the Kinan 
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seamount chain to its southeast, which is parallel to the 
plate motion vector there. The existence of this anoma-
lous region was supported by a magnetic anomaly study, 
as well as by a bathymetric high above it. It was inter-
preted as a subducting seamount, which sits directly on 
the rupture plane, and within the rupture area, of the 
1946 Nankaido earthquake, and is presumed to have 
stopped the rupture from propagating rapidly further. 
Even in cases where the seamount is damaged or broken 
up during subduction, the seismic coupling across the 
interface there would still be expected to be large.

In all the above discussion, we have assumed that it 
is the lower plate that controls the earthquake process. 
However, Collot et al. (2004) have suggested that 
earthquake ruptures in Ecuador and Colombia, on the 
subducting Nazca plate interface, were mainly con-
trolled by transverse crustal faults in the overriding 
South America plate. Their study was based on seis-
mic refl ection rather than refraction (i.e. wide-angle) 
data and it is diffi cult on some of their profi les (e.g. 
SIS-32, SIS-24) to image crustal faults beneath the 
thick (up to 6 km) sedimentary sequences of the 
forearc. However, as far as earthquake ruptures are 
concerned, both the underthrusting and the overriding 
plates probably play a role.

In this paper, we provide three examples of earth-
quakes in which the rupture process appears to have 
been infl uenced by the topography of the subducting 
oceanic plate. These three examples have been chosen 
for detailed discussions, as the distribution of slip on 
these faults are considered by us to be reliable, that is, 
the slip distributions have been tested for ‘robustness’. 
The spatial grid size used in the inversion of the broad-
band body wave seismograms for these earthquakes 
was 20 km. In addition, the 2004 and 2005 Sumatra 
earthquakes are mentioned, though not discussed in 
detail, fi rstly, due to their importance, and secondly, 
since much work is underway in the area, and rigorous 
discussion on them will only be possible in the 
future.

2 Seamounts, Asperities, and Barriers

Seamounts are, as Fig. 1 clearly shows, ubiquitous 
features of the ocean fl oor. They range in size from up 
to widths of 100 km and heights of 5 km above the 
surrounding seafl oor depths and are found in a range of 

tectonic settings including mid-ocean ridges, transform 
faults and fracture zones, and deep-sea trench outer 
rises (Hillier and Watts 2007). They are also found in 
the plate interiors, especially at hotspots and on the 
crests of mid-plate topographic swells. It is perhaps not 
surprising therefore that when seamounts arrive on 
a subducting oceanic plate at a deep-sea trench, they 
might play some role in the earthquake cycle. The orig-
inal papers of McCann and co-workers at Lamont–
Doherty pointed to the role of relatively large-scale 
bathymetric features such as aseismic ridges, banks 
and rises. However, the advent of high-resolution 
 satellite altimetry and swath mapping techniques to 
measure relatively short-wavelength bathymetry sug-
gest that these features play an equally, if not more, 
important role.

Bilek et al. (2003) and Bilek and Engdahl (2007) 
have discussed how subducting seamounts can act as 
either asperities or barriers to rupturing, based on the 
work of Kodaira et al. (2000) and Abercrombie et al. 
(2001). Scholz and Small (1997) suggested that a 
hotspot generated ridge of seamounts can act as an 
asperity for earthquakes in Tonga–Kermedec while 
Robinson et al. (2007) were able to track bathymetric 
features-including seamounts-into a region of a fault 
plane that had acted as a barrier for the southern Peru 
earthquake.

In seismology, we generally refer to regions of high 
slip (and therefore high stress drop) as “asperities” (the 
word ‘asperity’ in tribology means a protuberance on 
one side of a surface). We generally call “barriers” 
regions with little or no slip. The barrier of one 
earthquake can therefore be the asperity of a future 
earthquake along the same plate boundary. Earthquakes 
often terminate at barriers. The asperity is like a rivet 
across the fault interface, which when ruptured, causes 
a great earthquake.

In the defi nition of barriers and asperities given 
above, we made reference to the amount of slip, but 
not to other rupture properties such as aftershock 
concentration and rupture speed. As discussed by 
Das and Henry (2003), with specifi c examples, no 
universal relation exists between the regions of high 
or low slip in an earthquake and aftershock concen-
tration. The general pattern is that few, usually the 
smaller, aftershocks occur in the regions of high slip 
but exceptions exist. Along the Alaska subduction 
zone, they showed that along the same portion of the 
fault, different behaviour was seen in two earthquakes 
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about 30 years apart, and have outlined a scenario in 
which this could happen. We show in this paper that 
while subducting plate morphology and the earth-
quake cycle maybe linked, there is also no universal 

relation between the regions of high and low slip and 
specifi c bathymetric highs and lows on the seafl oor. 
A similar conclusion was also reached by Bilek 
(2007).

Fig. 1 The global distribution 
of seamounts, ridges and 
banks based on shipboard 
bathymetry data (Hillier and 
Watts 2007). The bathymetric 
features have been colour 
coded according to their 
height above the surrounding 
regional seafl oor. The thick 
lines outline the focus sites 
in this paper: 1-Andreanof 
Islands, Alaska; 2-Biak, 
Indonesia; 3-southern Peru; 
4-Sumatra
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3  Specific Examples of Earthquake 
Ruptures Which Appear to be 
Affected by Subducting Seafloor 
Roughness

3.1  The 1986 Mw 8.0 Andreanof Islands, 
Alaska Earthquake

This was the fi rst earthquake which seemed to suggest 
a correlation between the high slip areas in an earth-
quake and topography of the subducting oceanic plate. 
The earthquake occurred on the subduction interface 
where the Pacifi c plate is descending under the Aleutian 
arc. The earthquake rupture was 280 km long along 
strike and the fault plane had a dip of about 20°. The 
fi nal slip distribution on the fault, obtained by Das and 
Kostrov (1990) by inversion of broadband body wave 
seismograms, is plotted in Fig. 2a. It is seen that most 
of the slip on the fault was confi ned to the elongated 
region of higher slip in the west. The complete distri-
bution of slip time history, obtained by Das and Kostrov 
(1990), but not shown here, illustrates how this region 
continued to slip from about 25 s after rupture nucle-
ation until the almost complete cessation of all motion 
on the fault, with the part of the fault to the east having 
little activity from 35 s on after rupture initiation. 
The shape and trend of the high slip region to the west 
was clearly developed 40 s after the time of rupture ini-
tiation and about 50% of the moment release occurred 
in this region, which covers only about 25% of the 
total fault area. A region of low slip parallel to the high 
slip region and to its east is also clear. The result that 
the major slip in this earthquake was to the west of the 
hypocenter agrees with other studies of this earthquake 
(Hwang and Kanamori 1986; Boyd and Nabelek 1988; 
Houston and Engdahl 1989). The average speed in the 
90 km section of the fault to the east of the hypocenter 
(the star in Fig. 2a) was found to be ≈3.2 km s−1 (0.85v

s
) 

and ≈2 km s−1 (0.5v
s
) in the 190 km section lying to the 

west, where v
s
 is the shear wave speed of the medium. 

The average rupture speed through the central region 
of low slip was about the shear wave speed and that 
through the region of high slip was less than 0.5v

s
. 

It must be kept in mind that the quality of seismic data 
and the station distribution in 1986 was not as good as 
it is today. Nevertheless, the results, which were tested 
for robustness by Das and Kostrov (1990), suggest that 
the region of higher rupture speed (but lower slip) and 

the region of lower rupture speeds (but higher slip) 
represent mechanically weaker and stronger regions 
of the fault interface, respectively, relative to the state 
of stress on the fault when the earthquake occurred. 
The high slip region overlapped in large part the region 
where quiescence was observed prior to the 1986 event 
(Kisslinger 1988), but we see that the earthquake did 
not nucleate in this region (Fig. 2a). Instead, it nucle-
ated 90 km to the east at a region which was not the 
region of highest slip on the fault but was a local maxi-
mum in slip in the eastern part of the fault. Thus the 
observed quiescence seems to have correctly identifi ed 
the high slip region of the future earthquake but not the 
zone of rupture initiation. Based on the relocated hypo-
centers obtained by Ekstrom and Engdahl (1989), Das 
and Henry (2003) showed that the region of high slip 
has fewer aftershocks than the rest of the fault, both for 
the 3-week and the 1-year aftershock distributions.

Figure 2a, b shows the plate convergence vector 
(DeMets et al. 1994), and that there are a number of 
bathymetric features on the subducting oceanic plate vis-
ible in the GEBCO bathymetry and satellite-derived 
gravity data. The most prominent is the Amlia Fracture 
Zone, a N–S trending ridge and trough feature that formed 
as a result of early Tertiary transform motion between 
the Kula and Pacifi c plates (e.g. Mortera–Gutierrez et al. 
(2003) ). Other features include small seamounts and 
a number of ridges. Some of the ridges have an E–W 
trend (Fig. 2a, b), which is orthogonal to the Amlia 
Fracture Zone and, hence, parallel to the spreading 
direction. Others, however, appear to be isolated features 
with no clear trend. Irrespective of this, individual features 
on the subducting Aleutian oceanic plate are large, reach-
ing heights of up to 500 m above the surrounding regional 
seafl oor depth and widths of up to 25 km (Fig. 2a).

From the earthquake slip, it is seen that the trends of 
the regions of high and low slip in the earthquake 
generally align with the plate convergence direction. 
The region of high slip of the Andreanof Islands earth-
quake, consisting of three isolated round patches, gener-
ally align along the direction of plate subduction as well 
as with clusters of bathymetric features on the subduct-
ing oceanic plate. The GEBCO grid and individual ship 
tracks (e.g. cruises p6829 and pi4s2) show (Fig. 2a) a 
number of visible seamounts on the subducting oceanic 
plate to the south of the central region of low slip (and 
high rupture speed), but with a trend aligning with the 
western high slip (low rupture speed) region. Since no 
swath bathymetry surveys of the kind that have been 
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Fig. 2 (a) The fi nal slip distribution for the 1986 M
w
 8.0 

Andreanof Islands, Alaska earthquake (Das and Kostrov 1990), 
superimposed on the GEBCO (2003) bathymetry data. The star 
shows the region where rupture initiated. The scale used to plot 
the slip distribution (in metres) is shown. The plate convergence 
direction is shown as brown arrows, with the plate velocity (mm 
per year) marked next to them (from DeMets et al. (1994) ). 
Black lines show the bathymetry along ship tracks (indicated by 
the dark red lines) acquired during cruises p6829 and pi4cs. The 
bathymetry scale (m) is shown. Dark grey dashed lines show 

fracture zones based on Cande et al. (1989). (b) The rectangular 
slip area for this earthquake superimposed on the GEBCO 
bathymetry data, to reveal the indentation of the forearc in the 
region of the slip zone. (c) The rectangular slip area for the 
Andreanof Islands earthquake, superimposed on the satellite-
derived gravity fi eld of Sandwell and Smith (1997)-Version 
15.2. Red lines show magnetic lineations based on Cande et al. 
(1989). The numbers next to the red lines are magnetic polarity 
chrons (chrons 25–31 correspond (approximately) to 57–70 Ma). 
The scale key for the gravity fi eld (mGal) is shown
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 carried out in Costa Rica or the Nankai trough exist in 
this region yet, we cannot tell if some seamounts have 
been subducted here. However, the indentation of the 
forearc slope between longitudes 174° W and 177° W 
(Fig. 2b), together with the slip distribution, is very 
suggestive.

Figure 2b, c also show that the bathymetric indenta-
tion in the Aleutian fore-arc correlates with a strongly 
negative free-air gravity anomaly. Song and Simons 
(2003) and Llenos and McGuire (2007) constructed an 
average trench-island arc gravity anomaly and sub-
tracted it from the observed anomaly. They noted that 
the resulting residual anomaly correlated with varia-
tions in the seismogenic behaviour of the subduction 
zone and suggested that both observations might be 
linked to the structure of the fore-arc. We believe, 
however, that the indentation of the fore-arc in 
the region of the Andreanof island earthquake and its 
associated negative free-air anomaly is the conse-
quence, at least in part, of seamount subduction which 
in turn is the main control on the seismicity.

The Amlia Fracture Zone and a second fracture zone 
to its west appear to be related to the ends of the fracture. 
Extrapolating these, we see that the earthquake has ter-
minated close to the western fracture zone. The earth-
quake slip is small (remember that very small slip may 
not be resolvable (Das and Kostrov 1990) ) beyond the 
extrapolation of the Amlia Fracture Zone, in the eastern 
direction. Thus, both ends of the earthquake rupture 
appear to have been terminated by bathymetric features 
on the subducting oceanic plate.

3.2  The 1996 Mw 8.2 Biak, Indonesia 
Earthquake

At the time of its occurrence, the February 17, 1996 
Biak earthquake was the largest thrust earthquake 
worldwide since 1977. It occurred where the Pacifi c 
plate is subducting under New Guinea. Henry and Das 
(2002) inverted body wave seismograms to determine 
its rupture history. They found that the earthquake 
occurred on a shallow dipping thrust fault (9° dip). The 
rupture propagated bilaterally at an average speed of 
∼90% of the shear wave speed, on a fault extending 
180 km west and 50 km east of the hypocenter, with an 
extremely variable width ranging from 30 to 100 km at 
different locations along strike (Fig. 3a). The mean slip 

over the 230 × 100 km2 fault area was 4 m and the mean 
stress drop 1.9 MPa. The slip distribution is highly 
non-uniform over the fault, with the largest slip of 
∼12 m being near the hypocentral depth (∼10 km). 
The rupture process is very complex, propagating fi rst 
to the west and then, after a about 15-s delay, to the 
east. This delay was interpreted by Henry and Das 
(2002) as being due to the existence of a inhomoge-
neous barrier just east of the hypocenter, which ini-
tially acted as a barrier to rupture propagation towards 
the east, but subsequently failed due to stress increase 
on it generated by the rupture to its west, and with the 
rupture then continuing to propagate eastwards. This 
barrier also acted as a stress concentrator before the 
earthquake, giving rise to foreshocks and was also the 
initiator of rupture for this earthquake. The aftershock 
zone corresponds closely to the region in which rup-
ture occurred, the area with greatest aftershock density 
lying entirely within the area of highest moment 
release, an exception to the usual behaviour of regions 
of high slip having fewer afrershocks (Das and Henry 
2003).

Figure 3a shows that the main region of high slip, 
and the postulated barrier to its east, are both generally 
aligned in the direction of the plate motion vector. 
Moreover, there is an arcuate gravity high in the region 
of high slip which might represent one or more sub-
ducted seamounts. The GEBCO bathymetry data sug-
gest that compared to the Aleutians there are relatively 
few bathymetric features on the subducting oceanic 
plate. However, the satellite-derived gravity data shows 
some structure (Fig. 3b), and magnetic anomaly stud-
ies (Weissel and Anderson 1978; Hegarty et al. 1988) 
suggest one or more fracture zones may intersect the 
New Guinea trench at a high angle. This suggests that 
the “inhomogeneous barrier” (that is a barrier due to 
higher strength rocks) identifi ed by Henry and Das 
(2002) could have actually been a “geometrical barrier”  
caused by the non-planar ascept of the fault plane. 
A second concentrated gravity high to the west of this 
is close to the second patch of high slip to the west.

3.3 The 2001 Mw 8.4 Peru Earthquake

This earthquake is a remarkably good example where 
bathymetric features on the subducting oceanic plate 
initially acted a “barrier”, stalling the rupture, and then 
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was overcome, thereby acting as an “asperity”, and pro-
ducing the world’s third largest earthquake since 1965.

The 2001 southern Peru earthquake occurred on 
a 400 km long fault dipping 15°, within a ∼1,000 km 
long seismic gap on the plate boundary where the 
Nazca plate subducts under the South American plate. 
Figure 4 illustrates the tectonic setting of the earth-
quake. The history of known earthquakes in the region 
(Fig. 5) shows that earthquakes in the southern Peru 
region has been followed within about a decade by one 
in northern Chile, more than once in known history.

By analyzing broad band seismograms, Robinson 
et al. (2006) found that the earthquake had a very 
complex rupture history, which is shown in Fig. 6. 
A schematic of the fi nal slip, together with the 
bathymetry,  is shown in Fig. 7a. The earthquake uni-
laterally ruptured southeastwards, initially propagating 
∼70 km, then propagated around a ∼6,000 km2 region 
(the barrier), after which it continued propagating fur-
ther southeastwards. At ∼48 s after initiation, though 

the earthquake rupture was 180 km long along strike, 
it had accumulated less than 15% of its fi nal moment. 
About 54 s after initiation, the initially unbroken 
barrier (shown by the dotted line in Fig. 7a) started 
breaking, and caused large slip in its vicinity, particu-
larly, in the shallow regions updip of it. This asperity 
(once the barrier is completed surrounded by slipping 
regions, it becomes an asperity) ruptures completely in 
∼36 s, at an average speed of ∼2.8 km s−1, which is 
lower than the average rupture speed of ∼3.5 km s−1 
(this is the same as the local shear wave speed in the 
medium) over the rest of the fault. The term asperity is 
generally associated with regions of high slip, but in 
this case, the feature we call an asperity is a region of 
relatively lower slip. However, we still refer to it as an 
asperity, as it was the rupture of this “rivet” that trans-
formed the earthquake from a M

w
 7.8 at 48 s after ini-

tiation, into an M
w
 8.4 earthquake eventually. This 

barrier is a very robust feature of Robinson et al.’s 
(2006) solution which fi ts the data very well.

Earthquake Slip (m)

0

0

m mGal

−6000 −4000

2 N

a) b)
134 E

A
yu R

idge

E
ur

ap
ik

 R
is

e

136 E

Pacific
(Caroline ?)

plate

GEBCO - Bathymety Satellite altimeter - derived gravity
138 E 140 E 134 E

New Guinea Trench

136 E

Biak Is.

138 E 140 E

0

2 S

2 N

0

2 S

−2000 2000 0−200 −150 −100 −50 50 100 150 200

2 4 6 8 10 12

12
12

13

116

115

Fig. 3 (a) The slip distribution for the 1996 M
w
 8.2 Biak, 

Indonesia earthquake (Henry and Das 2002) superimposed on 
the GEBCO (2003) bathymetry data. (b) Satellite-derived grav-
ity fi eld of Sandwell and Smith (1997) - Version 15.2, with the 

 rectangular zone of (a) marked. Grey dashed lines and red lines 
show fracture zones and magnetic lineations (Hegarty and 
Weissel 1988). Symbols, scales, etc. are as in Fig. 2
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Shipboard bathymetry data (Fig. 7a, b) show a 
25–50 km wide ridge that rises up to 700 m above the 
expected depth of the oceanic crust for its age (thin 
red line in Fig. 7a, b) and fl anking 20–25 km wide 
trough that is up to 300 m deeper than the expected 
depth, which can be traced for a distance of 275 km 
from the trench seaward wall to the Nazca Fracture 
Zone in the southwest. The ridge, scarp, and trough 

feature resemble the morphology of an oceanic frac-
ture zone and may be an eastern continuation of the 
Nazca Fracture Zone. However, the ridge, scarp and 
trough have a different azimuthal trend than the frac-
ture zone, and magnetic lineation compilations 
(e.g. Cande et al. 1989) suggest there is little or no age 
offset across it. Irrespective of its origin, the feature 
aligns remarkably well with the fi rst barrier and, we 

Fig. 4 (a) Tectonic setting of the M
w
 8.4 2001 southern Peru 

earthquake. (b) The 1-day aftershocks of the earthquake, together 
with the rupture areas of the previous earthquake in the region 
outlined in grey. Arrows show the direction of plate convergence 
(from DeMets et al. (1994) ), its length showing the plate velocity. 

(c) Contoured satellite-derived gravity fi eld of Sandwell and 
Smith (1997)-Version 15.2-off-shore of the Peru earthquake, 
and the slip distribution about 42 s after rupture initiation shown. 
(d) Same as (c) but with the fi nal co-seismic slip in the earth-
quake plotted. Symbols, etc. are as in Fig. 2
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Fig. 5 Space-time history of large earthquakes in the 
southern Peru-northern Chile region, constructed 
using data from Comte and Pardo (1991). The scale 
between latitudes is different, corresponding to the 
projection of the South American coastline in the 
north–south direction. According to the time-history, 
the region to the south of the 2001 Peru earthquake 
is a candidate for earthquake around 2010
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suggest, increases the coupling between the two sides 
of the fault, resulting in a highly heterogeneous earth-
quake rupture history. The aftershock  distribution 
(Fig. 4) was found to be very non-uniform over the 
fault, and the trapezoidal shape of the fi rst asperity 
coincides with a trape zoidal region of lower after-
shock density, visible both in the 24-h and the 6-month 
aftershock distributions (Robinson et al. 2006). This is 
in contrast to the usual observation that regions of 
higher slip have fewer aftershocks (Das and Henry 
2003).

That such complexity can arise in reality is reinforced 
from sandbox experiments in the laboratory, where it is 
found that nucleation of rupture can occur in front of a 

subducting seamount on a ramp, and then propagate in 
its wake subhorizontally (Dominguez et al. 2000).

3.4  The 2004 and 2005 Great Sumatra 
Earthquakes

The M
w
 9.3 December 26, 2004 Sumatra earthquake is 

the second largest earthquake of the last 100 years 
worldwide. It was followed 3 months later, on March 
28, 2005 by a M

w
 8.7 immediately to its south, on the 

continuation of the same plate boundary (Fig. 8). 
Larger aftershocks of the two earthquakes are shown 
in this fi gure. In the fi rst earthquake, the rupture 
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 initiated at its southern end and unilaterally propagated 
northwards. Three months later, the second earthquake 
commenced some distance south of the termination of 
the fi rst one and propagated primarily southwards.

Based on our previous studies, we would expect that 
the two Sumatra earthquakes, the largest and second 
largest earthquakes worldwide since 1965, to have been 
infl uenced by bathymetric features on the subducting 
oceanic plate. However, Fig. 8 shows that the NW part 
of the subducting Indo–Australian plate is remarkably 
smooth due to the infl uence of the Bengal deep-sea fan 
which developed following uplift of the Himalaya dur-
ing the Eocene (Curray et al. 2003). Even the northern 
segment of the 90° East aseismic ridge is subducted 
and obscured by sediment at its intersection with the 

trench west of the Andaman Islands. The southwestern 
part, however, is underlain by thinner sediments and is 
associated with a number of linear ridges, troughs and 
small isolated seamounts. The most prominent feature 
on the GEBCO bathymetry map (Fig. 8a) is the N–S 
trending Investigator Fracture Zone which, interest-
ingly, intersects the trench at a point where there is an 
abrupt change in the distribution of aftershocks associ-
ated with the 2005 Sumatra earthquakes, namely, there 
are no aftershocks here. The fracture zone, which 
formed following a major rotation of the spreading 
direction as Greater India cleared the Wallaby Plateau 
∼100 Ma, is marked by a sharp bathymetric offset that 
is small in the south and reaches 700 m in the north 
(Larson et al. 1978). The satellite-derived gravity map 
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(Fig. 8b) suggest, however, a number of additional 
fractures zones between Investigator and the 90° East 
Ridge that are now obscured by sediments of the Bengal 
fan. Moreover, Deplus et al. (1998) have shown that the 

extinct Wharton basin spreading centre intersects the 
forearc near the southern extremity of the aftershocks 
of the 2005 earthquake. Irrespective, it is likely that 
bathymetric features have had a major infl uence on the 
distribution of slip and aftershocks.

If the 2004 and 2005 Sumatra earthquakes had 
occurred as one earthquake, resulting in an even larger 
one, its effects would obviously have been even more 
catastrophic. The physical origin of what caused these 
two earthquakes to occur 3 months apart remains 
unknown. There is, however, an infl ection of the trench 
axis just to the west of the Investigator Fracture Zone 
that aligns with the region between the two great earth-
quakes (Fig. 8a). Seismic studies (e.g. Moore and Curray 
1980) show that the forearc in this region is underlain by 
∼3 km of sediment. Unfortunately, this obscures the 
deep structure and so we do not currently know whether 
or not any fracture zone related feature has actually have 
been subducted at the Sumatra trench.

Fortunately, several marine geophysical surveys 
(e.g. seismic, heat fl ow, swath bathymetry) are being, 
or have very recently been, conducted (e.g. Henstock 
et al. 2006; Ladage et al. 2006; Delisle and Zeibig 
2007, etc.), which will signifi cantly increase our under-
standing of the deep structure of the forearc region 
between these two great earthquakes.

4 Conclusions

With the improvement in both seismic and bathymetric 
and satellite-derived gravity data, we are now starting 
to see the infl uence of sea fl oor topography on the 
rupture process of great subduction earthquakes. It is 
interesting to note that its effect on the earthquakes 
discussed in detail here are somewhat different. For the 
1986 Andreanof Islands earthquake, the region which 
appears as a line of subducting seamounts had high 
slip. But for the 2001 Peru earthquake, the barrier 
region we identifi ed as being due to subducting seafl oor 
topography, had low slip. In both cases, these regions 
were identifi ed as being due to subducting bathymetric 
highs, and had slower rupture speed and fewer after-
shocks than the areas surrounding it. We suggest that 
the difference in behaviour may be due to the part of 
the seismic cycle the earthquake occurs in. Since even-
tually the entire plate boundary has to “catch-up”, the 
region of low slip in one earthquake, must have higher 

Fig. 7 (a) Schematic rupture process for the 2001 Peru earth-
quake superimposed on the GEBCO (2003) bathymetry data. 
Arrows show the earthquake rupture directivity, labeled with start 
and selected end times of segments. Red indicates the primary 
rupture and green the rupture of asperities. The two asperities are 
shown by green dashed lines. Approximate rupture speeds are 
indicated in black. Red lines on the ocean show selected ship 
tracks mw853, kk029, gg135, which have been labeled according 
to their cruise identifi cation in the GEODAS data base. Thick 
black lines show the residual bathymetry (i.e. the observed 
bathymetry minus the bathymetry expected for the age of the oce-
anic crust) projected orthogonally onto the ship track. Thick grey 
dashed lines show the ridge and trough feature that can be corre-
lated on each ship track. The ‘moment-rate function’ for the 
earthquake is shown in the inset, the ordinate being in 1019N m s−1. 
(from Robinson et al. 2006). (b) Same as (a) but showing the fi nal 
slip distribution. (based on Robinson et al. 2006)
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slip in some future earthquake. Das and Henry (2003) 
suggested that the high slip region for the 1986 
Andreanof Islands earthquake was a low slip region in 
the preceding 1957 M

w
 8.8 Rat Islands, Alaska earth-

quake. By this reasoning, we can speculate that the 
next large earthquake which occurs within the rupture 
zone of the 2001 Peru earthquake will either have large 
slip in the region of the barrier that delayed rupture, or, 
that the barrier region will slip aseismically.

We have not considered in our discussion so far the 
role played by the trench sediment fi ll in controlling 
the rupture history of great subduction earthquakes. 
Ruff (1989) pointed out that the truly great earthquakes 
such as the M

w
 9.5 May 22, 1960 Chile earthquake, the 

M
w
 9.2 March 28, 1964 Alaska earthquake and the M

w
 

9.0 November 4, 1952 Kamchatka earthquake all 
occurred in subduction zones with excess trench sedi-
ments. An updated fi gure to include recent great earth-
quakes and their relationship to the nature of the trench 
fi ll is given in Fig. 9. The table shows that both the 

2004 and the 2005 Sumatra earthquakes are also asso-
ciated with excess trench fi ll. The 2001 Peru earth-
quake, on the other hand, occurred in region which 
Ruff (1989) identifi ed as having a “horst and graben 
structure” rather than “excess sediments”. If we look 
only at the truly great earthquakes (M

w
 > 9), we can say 

that the December 26, 2004 Sumatra earthquake sup-
ports Ruff’s hypothesis, so that all known M

w
 ≥ 9 

earthquakes occur in subduction zones with excess 
trench sediments.

It is interesting to note in Fig. 9 that with the excep-
tion of the 1957 Aleutian and the 1965 Kuril events, all 
the other subduction earthquakes have dips of less than 
15°, the dip for the 1960 earthquake not being reliably 
known. Thus, most of the megathrust earthquakes 
seem to occur on nearly horizontal faults. The dips of 
the 1957 and 1965 earthquakes may be less reliable, 
and perhaps the dips were actually shallower than 
believed now. Future earthquakes in this region should 
resolve this issue.
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One question that still remains is how much of the 
seamount exists after it is subducted to depths of 20 or 
30 km, to be able to affect the earthquake rupture on 
the lower parts of the subduction plane? Recent swath 
bathymetry data from the Middle America trench 
shows subducted seamounts ∼15–20 km from the 
trench (von Huene et al. 2000). If the shape of the sub-
ducting seamount is preserved as it subducts deeper 
and deeper, it is clear that the fault would not be planar 
and the rupture would either have to shear the base of 
the seamount or, it would have to rupture over the 
uplifted surface of the seamount. Such a scenario has 
been suggested for a recent earthquake near Java 
(Abercrombie et al. 2001).

A related question is, what determines whether a 
 seamount is obducted on to the forearc or subducted at 
a trench? One factor that may play a crucial role is the 
strength of the coupling of a volcanic seamount with 
the underlying oceanic crust at the boundary that sepa-
rates them (Macpherson 1981). Therefore, when a sea-
mount does subduct, it suggests that this coupling is 
very strong and the integrity of the seamount is more 
likely to be  better preserved as further subduction pro-
ceeds. Another factor might be the mode of isostatic 
compensation of the seamount on the subducting plate. 
Oceanic fl exure  studies show that, in general, sea-
mounts that form  off-ridge are regionally supported 
while on-ridge have a more local compensating ‘root’ 
(Watts et al. 1980). A consequence of this is that as an 

off-ridge seamount approaches a trench, the leading 
edge of its broad  compensating ‘root’ will be removed, 
so that when it arrives at the trench it is only partially 
supported and will be carried down with the subduct-
ing plate. An  on-ridge seamount, in contrast, will have 
little or none of its support removed before it arrives at 
a trench, and so will tend to remain buoyant and be 
obducted rather than subducted.

We suggest that that the subduction of bathymetric 
features that scallop the forearc, leaving scars and long 
run-out debris fl ows may be more common than 
we know now and will be identifi ed with increasing 
frequency with improving bathymetric, gravity, mag-
netic and seismic surveys. We hope that our work will 
encourage such studies for major subduction zones 
around the world.
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Abstract The seismic hazard presented by slow subduction zones is not well known. 
While there is a widely accepted apparent relation between “fast-young plate” 
subduction and great earthquake generation (e.g., Chile, 1960), the seismic record 
indicates that slow subduction zones are also capable of generating mega-thrust 
earthquakes (M > 8.2). Available data on the recurrence interval for slow subduction 
margins, suggests that repeat times are longer than for more rapid convergence mar-
gins (on the order of several hundred to a few thousand years). For several of these 
margins, however, no shallow dipping thrust earthquake focal mechanisms are 
observed and no mega-thrust earthquakes known either.

Slow subduction zones (v ≤ 4 cm/year) are typically characterized by thick sedi-
mentary sections on the incoming plate (2–6 km) and by a broad accretionary wedge 
(100–250 km). The “taper” of these accretionary wedges is mechanically related to 
the basal and internal friction and ranges from about 2° to 12°. Some wedges have 
extremely shallow mean surface and basal slopes (about 1–2° each, taper <4°) indicat-
ing a very weak decollement layer. These include: Barbados Ridge, Makran, 
Hikurangi, Mediterranean Ridge, Calabria, Gibraltar/Cadiz, and Cascadia/Washington. 
Nankai, Sumatra and E. Alaska have slightly higher tapers of about 5–7°. Most of 
these low-taper wedges have very slow to slow convergence rates (0.5–4 cm/year).

The presence of these wide accretionary wedges strongly affects the type and 
amount of deformation above the “up-dip limit” of the seismogenic zone. The ther-
mally insulating effect of a wide and thick wedge of sediment produces a wide, shal-
low transition zone (between the 100°C and 150°C isotherms) as well as a substantial 
(up to 80 km wide) region between this and the front of the wedge, where the amount 
and timing of deformation is poorly understood. Indeed, recent seismological data 
from Nankai indicate “very-low-frequency” shallow-thrust earthquakes beneath the 
accretionary wedge, long considered to be “aseismic,” underscoring the unusual 
mechanical behavior in the transition zone. As the rigidity of the high-porosity 
wedge sediments is low, for an earthquake of a given seismic moment, more co-
seismic slip will occur and for a longer duration, than for a deeper earthquake in 
more consolidated units. Thus shallow earthquakes in the wedge are more effi cient 
at generating a strong tsunami. Many of the margins with very broad accretionary 
wedges have produced extremely strong earthquakes (M9) in the past, as well as 
giant tsunamis.
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1 Introduction

The vast majority of seismicity occurs in subduction 
zones (Byrne et al., 1988), as well as nearly all very 
great (M ≥ 8.5) earthquakes (Fig. 1). During the past 
several decades much effort has been devoted to under-
standing the factors controlling the frequency, location, 
and magnitude of these earthquakes (Kanamori, 1972; 
Ando, 1975; Ruff and Kanamori, 1980; Byrne 
et al., 1988; Tichelaar and Ruff, 1993; Hyndman and 
Wang, 1995; Goes, 1996; McCaffrey, 1997). Among 
the numerous factors investigated were: lateral segment 
boundaries (Kanamori, 1972; Ruff and Tichelaar, 1996; 
McCaffrey, 1997), thermal control of updip and down-
dip limits of the fault plane (Hyndman and Wang, 1995; 
Hyndman et al., 1995, Peacock and Wang, 1999, 
Oleskevich et al., 1999), asperity distribution (Ruff and 
Kanamori, 1983; Cloos, 1992; Bilek et al., 2003), 
 sediment thickness on the down-going plate (Ruff and 
Kanamori, 1980; Ruff and Tichelaar, 1996; Cloos and 
Shreve, 1996; McCaffrey, 1997), dip-angle of the sub-
ducting plate (Uyeda and Kanamori, 1979; Ruff and 
Kanamori, 1980), unusual (fl at slab) geometry of the 
subducting plate (Gutscher and Peacock, 2003), and 
segmentation related to upper plate structures (Collot 
et al., 2004).

A widely accepted hypothesis proposes that the 
strongest earthquakes occur in subduction zones where 
plate convergence velocity is high and the age of the 
subducting oceanic lithosphere is young, as these fac-
tors were thought to increase interplate coupling and 
thus increase the stress drop and maximum magnitude 

of a potential earthquake (Ruff and Kanamori, 1980, 
1983). This model was partly inspired by and seemed 
to offer a plausible explanation for the strongest known 
earthquake, the 1960, M9.5 Chile-Valdivia earthquake. 
This tendency also appeared to be supported by the 
known great subduction earthquakes of the twentieth 
century, as recorded by global seismological networks 
(Fig. 2a). However, in recent years, the recognition and 
detailed study of great earthquakes from historical and 
paleoseismic records (Satake et al., 1996; Clague, 1997), 
as well as the great 2004 Sumatra-Andaman earth-
quake (Lay et al., 2005) have begun to cast doubt on 
this simple age-velocity relation.

While rapid subduction zones (with v ≥ 6 cm/year, 
e.g., Kamchatka/Kuriles, Aleutians, Solomon Isl., 
Andes) in general produce most of the great earth-
quakes (Table 1), the period covering instrumental 
recording of earthquakes (beginning around 1900), is 
likely too short to adequately represent the long-term 
activity of all subduction zones worldwide. Numerous 
subduction zone segments exhibit recurrence of great 
earthquakes at periods exceeding 100 years (Goes, 
1996) and thus may not have had any great thrust 
events in the early-mid twentieth century. For several 
subduction zones worldwide, (e.g., Antilles, Hellenic/
Mediterranean, Hikurangi subduction zones) no great 
(M8) thrust type earthquakes are known and it is thus 
very diffi cult to properly assess the long-term seismic 
hazard presented by these margins. For these (and 
 several other subduction margins), plate convergence 
velocities are low (v ≤ 4 cm/year) and data on recur-
rence intervals are sparse. The purpose of this study is 

Fig. 1 Global seismicity (M ≥ 4, 
depth <70 km, 1964–1998) 
shown as red circles (Engdahl 
et al., 1998) and very great 
M8.5 subduction earthquakes, 
shown as green diamonds 
(Engdahl and Villasenor, 2002; 
Lay et al., 2005)
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Fig. 2 (a) Age–velocity plot for great 
subduction zone earthquakes (Ruff and 
Kanamori, 1980), (b) Age–velocity plot, 
revised using all available modern data 
on M8 subduction earthquakes of past 
100 years, as well as some historical events 
(see Table 1). Triangles are data from 
margins where information on recurrence 
interval are available. Circles show data 
from margins where no such information 
is known. The fi eld of slow subduction 
margins is shown (by the gray shading)

Table 1 Great Subduction Earthquakes (M ≥ 8) twentieth century and historical earthquakes

Date year/
month/day

Lat Long Region Magn. Recurr. time 
(years)

v
orthog

 (cm/year) ocean lith. 
(age Ma)

1693/01/11 36.5 15 Sicily 8.0? 500 0.5? 130?
1700/01/26 47 −125 Cascadia 9.0? 300–1,000 4.0 10
1755/11/01 36 −8 SW Iberia 8.7? 1,500–2,000 0.5? 130?
1904/06/25 52.0 159.0 Kamchatka 8.0 (Ms) 48 (?) 7.5 115
1906/01/31 1.0 −81.3 Ecuador 8.8 (Mw) 40–70 6 20
1906/08/17 −7.0 149.0 New Britain 8.0 (Mw) 6? 100?
1906/08/17 −33.0 −72.0 Chile 8.5 (Mw) 79 (?) 8 40
1907/04/15 16.7 −99.2 Mexico 8.0 (Ms) 6 13
1914/05/26 −2.0 137.0 NW N.Guinea 8.0 (Ms) 82 (?) 6 20
1915/05/01 47.0 155.0 Kuriles 8.0 (Ms) 7.5 125
1917/06/26 −15.5 −173.0 Tonga 8.5 (Ms) 15* 100
1918/09/07 45.5 151.5 Kuriles 8.2 (Ms) 7.5 125
1919/04/30 −19.8 −172.2 Tonga 8.2 (Ms) 15* 100
1922/11/11 −28.5 −70.0 Chile 8.5 (Mw) 8 45
1923/02/03 54.0 161.0 Kamchatka 8.5 (Mw) 36 (?) 7.5 115
1924/04/14 6.5 126.5 Mindanao 8.3 (Ms) 4 40
1932/06/03 19.5 −104.3 Mexico 8.1 (Ms) 63 (?) 5.5 8
1934/07/18 −11.8 166.5 St. Cruz Isl. 8.1 (Ms) 7 100

(continued)
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Table 1 (continued)

Date year/
month/day

Lat Long Region Magn. Recurr. time 
(years)

v
orthog

 (cm/year) ocean lith. 
(age Ma)

1938/11/10 55.5 −158.0 Alaska 8.2 (Mw) 6 50
1939/01/30 −6.5 155.5 Solomon Isl. 8.0 (Ms) 7 110
1939/04/30 −10.5 158.5 Solomon Isl. 8.2 (Ms) 7 110
1940/05/24 −11.2 −77.8 Peru 8.2 (Mw) 7 35
1942/08/24 −14.5 −74.8 Peru 8.2 (Mw) 7.5 43
1943/04/06 −31.0 −71.3 Chile 8.2 (Mw) 8 43
1944/07/12 33.8 136.0 Nankai 8.1 (Mw) 90–150 3 25
1945/11/27 25.2 63.5 Makran 8.1 (Mw) 4 70
1946/12/20 32.5 134.5 Nankai 8.1 (Mw) 90–150 4 18
1950/10/05 11.0 −85.0 Costa Rica 7.8 (Mw) 50 (?) 8 16
1952/03/04 42.5 143.0 Hokkaido 8.1 (Mw) 51 (?) 8 130
1952/11/04 52.8 160.0 Kamchatka 9.0 (Mw) 48 (?) 7.5 115
1957/03/09 51.6 −175.0 Aleutians 8.6 (Mw) 5 55
1958/11/06 44.4 148.6 Kuriles 8.3 (Mw) 7.5 125
1959/05/04 53.2 159.8 Kamchatka 8.2 (Mw) 36 (?) 7.5 115
1960/05/22 −38.2 −73.5 Chile 9.5 (Mw) 100–300 8 25
1963/10/13 44.9 149.6 Kuriles 8.5 (Mw) 7.5 125
1964/03/28 61.1 −148.0 Alaska 9.2 (Mw) 50–150 (?) 6 45
1965/02/04 51.3 −178.6 Aleutians 8.8 (Mw) 5 55
1966/10/17 −10.7 −78.6 Peru 8.1 (Mw) 7 30
1968/05/16 40.9 143.4 Honshu 8.2 (Mw) 8 130
1969/08/11 43.6 147.2 Kuriles 8.2 (Mw) 7.5 125
1971/07/14 −5.5 153.9 Solomon Isl. 8.0 (Mw) 7 110
1971/07/26 −4.9 152.2 Solomon Isl. 8.1 (Mw) 7 110
1974/10/03 −12.2 −77.6 Peru 8.1 (Mw) 7.5 35
1976/01/14 −29.5 −178.0 Kermadec 8.1 (Ms) 12 100
1979/12/12 1.6 −79.4 Colombia 8.2 (Mw) 40–70 6 20
1985/03/03 −33.1 −71.9 Chile 8.0 (Mw) 79 (?) 8 48
1985/09/19 18.1 −103.0 Mexico 8.1 (Ms) 5 6
1986/05/07 51.3 −175.0 Aleutians 8.0 (Mw) 5 55
1995/07/30 −23.3 −70.2 Chile 8.0 (Mw) 8 48
1995/10/09 19.1 −104.2 Mexico 8.0 (Mw) 63 (?) 5.5 8
1996/02/17 −0.9 137.0 NW N. Guinea 8.2 (Mw) 82 (?) 6 20
2000/11/16 −4.0 152.1 N. Ireland 8.1 (Mw) 7.5 35
2001/06/23 −16.3 −73.6 Peru 8.4 (Mw) 7.5 35
2003/09/25 41.8 143.9 Hokkaido 8.3 (Mw) 51 (?) 9.5 90
2004/12/26 6.0 94.0 Sumatr/Andam 9.3 (Mw) >300 ?? 2–3 60
2005/03/28 2.0 97.0 Sumatra 8.7 (Mw) 140 (?) 3.4 60
2007/09/12 −4.0 102.0 Sumatra 8.4 (Mw) 180 (?) 3.7 60

M8 subduction earthquakes of the past 100 years (Engdahl and Villasenor, 2000) and historical earthquakes (Satake et al., 1996; 
Gutscher, 2004; Gutscher et al., 2006). Data on plate age and orthogonal velocity are taken mostly from (McCaffrey, 1997) and the 
Antilles subduction velocity is from (DeMets et al., 2000). Data on recurrence intervals are primarily from (Goes, 1996).

to examine these slow subduction zones and reas-
sess their potential for generating great subduction 
earthquakes. As slow-convergence margins are com-
monly characterized by very large accretionary wedges, 
the seismogenic potential of these wedges and pos-
sible contribution to tsunami generation will also be 
investigated.

2  Age-Velocity, Magnitude 
Relationship

Since the advent of plate tectonics and the discovery 
of subduction zones, numerous authors have attempted 
to classify subduction zones and their seismogenic 



Great Earthquakes in Slow-Subduction, Low-Taper Margins 123

behavior on the basis of a few objective parameters. 
One of the earliest such attempts was the Marianas ver-
sus Andean type classifi cation, where the differences 
were thought to be governed primarily by the age of the 
subducting lithosphere (Uyeda and Kanamori, 1979). 
For the Marianas, the age is great (>100 Ma), the slab-
dip is steep, there is an associated active back-arc basin 
and there are no observed great thrust-type earthquakes. 
For the Andean margin, the age of the oceanic plate is 
young (<50 Ma), the slab dip is generally shallow and 
great thrust earthquakes have been observed along most 
of the margin. Later work, expanded upon this and pro-
posed a combination of two parameters, plate age and 
subduction velocity, resulting in the well-known young-
fast model for great earthquake generation (Ruff and 
Kanamori, 1980, 1983). The corollary is that slow sub-
duction zones (with old slabs) do not produce great 
earthquakes. On the basis of available data in 1980 this 
hypothesis seemed to explain the occurrence and mag-
nitudes of most great earthquakes (Fig. 2a). Given, our 
twenty-fi rst century database of past great earthquakes, 
however, this model probably needs to be revised.

Indeed, inclusion of slow-convergence margins like 
Sumatra or Cascadia, where great M9 earthquakes 
occur, as well as more precise data on the age and 
velocities of subducting slabs worldwide paints a dif-
ferent picture of great earthquake occurrence (Fig. 2b). 
The Sumatra and Cascadia subduction zones plot in 
the lower central and lower right portion, respectively, 
of the age-velocity fi eld, where the Ruff and Kanamori 
regression lines would predict earthquakes with maxi-
mum magnitudes between 8 and 8.5. However, the 
2004 earthquake with an estimated magnitude of 9.1–
9.3 (Lay et al., 2005; Stein and Okal, 2005), and the 
1700 Cascadia earthquake with an estimated magni-
tude of 9.0 (Satake et al., 1996; Clague, 1997), do not 
obey the proposed relation. As a matter of fact, none of 
the four M9 events known (Kamchatka, 1952; Chile, 
1960; Alaska, 1964; Sumatra, 2004), respects the ini-
tially proposed linear regression (Fig. 2b).

3  Velocity, Earthquake Magnitude 
and Recurrence

If we examine the maximum earthquake magnitude as 
a function of convergence velocity (Fig. 3a), no rela-
tionship can be discerned. Indeed both fast and slow 

subduction zones are capable of generating great 
 earthquakes. However, when considering the recur-
rence interval between great earthquakes and the 
 subduction velocity, a clear trend can be discerned 
(Fig. 3b). Where reliable data are available regarding 
recurrence interval, one notices that subduction zones 
with the slowest convergence (≤4 cm/year) are those 
exhibiting the longest recurrence interval (typically 
≥100 years). This empirical relation is consistent with 
theoretical calculations of fault slip rates (Molnar, 
1979; McCaffrey, 1997). For example, radiometric 
dating of earthquake triggered turbidites off Cascadia 
indicate a repeat time from several hundred to one 
thousand years (Goldfi nger et al., 2003). For Northern 
Sumatra the interval between great earthquakes is not 
well known, but is estimated to be at least several hun-
dred years (Lay et al., 2005). For other subduction 
zones, with even slower convergence (e.g., Calabria/
Sicily or Cadiz/Gibraltar) the repeat times appear 
to range from several hundred to up to 2000 years, 
respectively (Lebreiro et al., 1997; Gutscher, 2004; 
Gutscher et al., 2006). There are numerous slow 
 subduction zones worldwide (Mediterranean Ridge, 
Antilles, Hikurangi, Cascadia, etc.) where great thrust 
earthquakes (M8) have never been observed (Fig. 4). 
In some cases, historical and paleoseismic records 
indicate that great events have occurred in the past 
(e.g., Nankai, Cascadia).

4  Slow Subduction and the 
Seismogenic Zone

The characteristic morphology of slow subduction 
margins can differ greatly from rapid subduction zones, 
and may play a crucial role in determining the extent 
and behavior of the seismogenic fault zone. Several 
factors may contribute to controlling the geometry 
and overall morphology of subduction zones world-
wide, the foremost being their plate-tectonic setting 
(intra-oceanic, or ocean-continent), available sediment 
supply, subducting plate-age and convergence velocity. 
Accordingly, numerous classifi cation schemes have 
been proposed (Jarrard, 1986; von Huene and Scholl, 
1991; Lallemand et al., 1994, 2005). Indeed, the nature 
of the upper plate seems to play an important role 
in controlling plate dip (for instance), but the age of 
the subducting slab plays a surprisingly minor role 
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Fig. 3 (a) Velocity–magnitude 
plot for subduction zones and 
earthquakes in Table 1. Note 
that no distinct trend can be 
observed. (b) Velocity-
recurrence interval plot for 
subduction zones where 
data is available on recurrence 
(see Table 1 and recurrence 
interval for Vanuatu is taken 
from Taylor et al., 1990). 
Generally, slow convergence 
corresponds to longer 
recurrence intervals

(Lallemand et al., 2005). The impact of plate-velocity 
in an absolute (hot-spot) reference frame was found to 
be signifi cant in controlling the deep subduction geom-
etry (slab dip) (Lallemand et al., 2005).

Typically, slow subduction margins are marked 
by very large accretionary wedges (100–250 km) 
and trench-arc distances of 350–500+ km (Fig. 5). 

In general, rapid subduction zones have a smaller 
trench-arc distance and smaller frontal wedges, which 
often exhibit erosional behavior (von Huene and 
Scholl, 1991; Lallemand et al., 1994) (Fig. 5). Of the 
thirteen slow subduction margins identifi ed worldwide 
(Fig. 4), ten are characterized by very large accretion-
ary wedges. The Southern Chile (Patagonia) margin 
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has a smaller accretionary wedge (20–70 km wide), 
probably due to the recent subduction of the East Chile 
Rise and associated erosion of the margin (Polonia 
et al., 2007). South Sandwich and Puysegur (S. of 
New Zealand) are highly oblique and due to insuffi -
cient sediment supply have not developed signifi cant 
accretionary wedges.

Furthermore, the location of the seismogenic zone 
can be expected to differ for slow and fast subduction 
(Fig. 5). For two given oceanic slabs of the same age, 
rapid subduction transfers more cold material into the 
upper mantle over a given time span, than slow sub-
duction and is thus the thermal equivalent of “cold” 
subduction. Existing thermal modeling studies have 

Fig. 4 Location map of slow subduction margins worldwide 
(v ≤ 4 cm/a) indicated on the world strain map (Kreemer et al., 
2003). Dashed circle shows slow subduction margins without a 
broad accretionary wedge; S. Chile (Polonia et al., 2007), South 
Sandwich and Puysegur. All others have broad (100–200 km 
wide) accretionary wedges. Accretionary wedge widths and 
references are: Hikurangi wedge – 150 km (Davey et al., 1986); 
Makran – 150 km (marine) to 300+ km (marine + land) (Kopp 

et al., 2000a; Ellouz-Zimmermann et al., 2007); S. Sumatra – 
150 km (Kopp et al., 2000b), N. Sumatra – 200 km (Klingelhoefer 
et al., 2007); N. Colombia 150 km (Flinch et al., 2003); Cascadia 
120 km (Flueh et al., 1998); Nankai 150 km (Moore et al., 1990; 
Park et al., 2002). References for the Gulf of Cadiz, Mediterranean 
Ridge, Calabria and Barbados Ridge are provided in caption to 
Fig. 8 and in the text)

Fig. 5 Schematic representation 
showing the thermal impact 
of slow and fast subduction 
on the seismogenic zone. 
Schematic isotherms are 
shown. The principal differences 
are the presence and width 
of the accretionary wedge, 
the trench-arc distance, and 
the position and width of the 
seismogenic zone (roughly 
10–30 km depth for slow 
subduction and 10–45 km depth 
for fast subduction). Note the 
broader transition zone (dashed) 
above the up-dip limit for 
typical slow subduction 
margins, defi ned by the 100°C 
and 150°C isotherms (see text)



126 M.-A. Gutscher, G.K. Westbrook

shown that for rapid subduction of an old, cold 
slab, (the case of NE Japan) the thermally predicted 
downdip limit of the seismogenic zone (represented 
by the 350°C isotherm) can extend down to 60 km 
depth (Peacock and Wang, 1999). This prediction is 
confi rmed by aftershock studies of the Sanriku-Oki 
M7.7 earthquake in 1994, showing that fault rupture 
extended to roughly 55 km depth (Hino et al., 2000).

The updip limit of the seismogenic zone is com-
monly considered to correspond to the 150°C isotherm 
(Hyndman et al., 1995; Oleskevich et al., 1999). 
As the onset of stick-slip behavior is thought to be 
controlled by several mineralogical/dehydration reac-
tions (e.g., opal to quartz and smectite to illite) which 
occur over a temperature range of roughly 100–150°C 
(Moore and Saffer, 2001), these isotherms are com-
monly used to defi ne a transition zone, where seis-
mogenic behavior begins (Oleskevich et al., 1999) 
(Fig. 5). The position of the updip limit is more strongly 
dependent on the geothermal gradient in the subduct-
ing plate and less dependent on subduction rate, than 
the position of the downdip limit.

Several thermal models have been published for 
slow subduction zones with a wide accretionary wedge; 
the Barbados Ridge (Ferguson et al., 1993), the Gulf of 
Cadiz wedge (Thiebot and Gutscher, 2006) and the 
Calabrian arc (Gutscher et al., 2006). The results 
obtained were similar and indicate that the transition 
zone and the updip limit of the seismogenic zone 
(as defi ned by the 100°C and 150°C isotherms, respec-
tively) are located at distances of about 80 and 140 km, 
from the deformation front. For these cases, the depth 
to the updip limit is about 10 km (below sea-level) and 
6–7 km below the sea-fl oor. The updip limit for the 
Nankai trough has been calculated to be 8 and 6 km 
below sea-level for seismogenic slip and tsunamigenic 
slip, respectively (Satake, 1993; Moore and Saffer, 
2001; Park et al., 2002). This is due to the young age 
and high temperatures of the subducting slab, causing 
the 100°C and 150°C isotherms to be situated at a shal-
lower depth and within 30 km of the trench (Hyndman 
et al., 1995; Gutscher and Peacock, 2003). In general, 
we can conclude that the seismogenic zone usually 
starts at or near the contact between the forearc base-
ment and the subducting plate (fairly close to the 
trench) and extends more deeply for fast subduction. 
For slow subduction margins, due to the thermal insu-
lation effect of the very large accretionary wedge, 
combined with the shallow plate dip beneath this 

region, the seismogenic zone is shallower, but much 
wider and includes a much larger transition zone as 
well (Fig. 5). A large portion of the seismogenic zone 
passes along the base of the accretionary wedge, well 
updip of the forearc basement (backstop).

The main points implied by this simple model are 
illustrated by seismicity cross-sections from a repre-
sentative sample of fast and slow-subduction margins 
(Fig. 6). Indeed both intra-oceanic and ocean-continent 
subduction margins are considered. The plate age of 
the subducting slab in all cases is nearly identical 
(≥100 Ma). The primary difference is the subduction 
velocity as well as the abundance of sediments at 
the trench. The seismic behavior of the Hellenic and 
Antilles subduction zones is very similar, both show-
ing moderate to abundant intra-slab seismicity and 
a lack of thrust-type earthquakes along the plate inter-
face (Fig. 6a and b). The nearly total absence of thrust 
earthquakes is confi rmed by available focal mecha-
nisms (CMT catalog). On the other hand, both the 
Japan trench and Tonga show highly abundant intra-
slab seismicity, and a pronounced concentration of 
strong, shallow earthquakes along the plate interface, 
extending very close to the trench (Fig. 6c and d). 
In other words, the seismogenic zone is highly active 
over the past 35 years in Tonga and Japan, and essen-
tially inactive beneath the Mediterranean Ridge and 
Barbados Ridge during this period of time.

5  Slow Subduction and Broad 
Accretionary Wedges

The presence (or absence) of an accretionary wedge is 
one of the defi ning characteristics of subduction zones. 
Worldwide, accretionary wedges are observed along 
56% of convergent margins (Lallemand et al., 1994). 
The “taper” of these deforming wedges is mechani-
cally related to the effective basal and internal friction 
(Davis et al., 1983) (where effective friction is defi ned 
as the product of effective normal stress and the coef-
fi cient of friction) and typically ranges from about 
4° to 12° (Fig. 7). A class of accretionary wedges exists, 
with extremely shallow mean surface and basal slopes 
(about 1–2° each, taper <4°) indicating a very weak 
decollement layer. These include: Barbados Ridge, 
Makran, Hikurangi, Mediterranean Ridge, Calabria, 
Gibraltar/Cadiz, and Cascadia. Nankai, Sumatra and 
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Fig. 6 Location maps and seismicity cross-sections from two slow 
and two fast subduction margins (USGS/NEIC PDE Catalog, 
January 1973–March 2008, M ≥ 4) using a 1° (110 km) sampling 
width in all cases. All available shallow (≤50 km depth) thrust fault-
ing focal mechanisms (M ≥ 5 earthquakes, 1976–2008) are shown 
on maps (Global Centroid Moment Tensor Project – http://www.
globalcmt.org). Relief is from the global 1 min Gebco grid (IOC et al., 
2003). Magenta lines indicate the locations of three crustal scale 

cross sections shown in Fig. 8. Note the abundant shallow dipping 
thrust (subduction fault plane) earthquakes for Tonga and Japan, and 
the relative quiescence in the Antilles and Western Hellenic subduc-
tion zones. The recent Mw6.9 14 Feb. 2008 event is the stongest 
thrust earthquake in the CMT Catalog for the latter region. Upper 
left: Barbados Ridge/Antilles subduction; Lower left: Western 
Mediterranean Ridge/Hellenic subduction, w. Calabrian subduction 
also shown; Upper right: Tonga trench; Lower right Japan trench
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SE Alaska have slightly higher tapers of about 5–7°. 
These subduction zones are typically characterized 
by thick sedimentary sections at the trench (2–6 km) 
and slow convergence (0.5–4 cm/year). South-eastern 
Alaska has a moderate to rapid convergence of 
6 cm/year.

Available structural cross-sections from four of 
these margins confi rm the shallow dip angle of the 
downgoing plate and the very wide, thick pile of sedi-
ments accumulated against the backstop (Fig. 8). The 
width of the Barbados Ridge accretionary wedge at 
14°20′N (Ferguson et al., 1993) is 200 km and increases 
farther south where it reaches 270 km east of Grenada 
and Tobago. The accretionary wedge narrows to the 
north and is 100 km wide at 16°20′N, off Guadeloupe 
(Westbrook et al., 1988). The width of the wedge is 
so great, that its outer edge lies beyond the fl exural 
bulge of the subducting lithosphere, as indicated by the 
free-air gravity high, with the consequence that there is 
no trench in front of it. All four margins show very 
broad accretionary wedges (roughly 200 km wide), 
constructed by accumulation of the thick sedimentary 
section of the incoming plate, ranging from 3 to 6 km 
total thickness.

The frontally accreted section ranges from about 2 
to 3 km (above the decollement) and therefore, signifi -
cant thickening must occur by basal accretion (“sub-
cretion”) as well (Westbrook et al., 1988; Westbrook 
and Reston, 2002; Reston et al., 2002). The surface 
slope and dip of the decollement and top basement 

surfaces are very low in all cases (close to 1°). This is 
mechanical evidence for a very low basal shear stress 
(Davis et al., 1983; Westbrook and Smith, 1983; 
Lallemand et al., 1994).

Interestingly, fl uid fl ow modeling predicts that for 
sediments of equal permeability, rapid subduction 
should result in a poorly drained accretionary wedge, 
with high basal fl uid pressure, low basal friction and 
thus a long, thin wedge (low taper) (Saffer and Bekins, 
2002). Conversely, slow subduction is considered to 
produce well drained wedges, with high basal friction 
and shorter, steeper wedges (high taper). Empirically, 
however, for the majority of margins worldwide and 
in particular for the very wide accretionary margins 
examined here, a completely opposite trend is observed. 
In fact, the slow subduction margins have the lowest 
taper wedges (Figs. 7 and 8). And as a result of the 
low-taper, a substantial portion of the accretionary 
wedge (up to 100 km) is situated above the presumed 
up-dip limit of the seismogenic zone.

6 Discussion

The presence of a broad region of poorly consolidated 
sediments along the plate interface has important con-
sequences for the generation of earthquakes and for 
potential tsunami generation as well. A direct impact 
of the shallow plate dip and slow subduction velocities 

Fig. 7 Taper of accretionary 
and non-accretionary wedges 
worldwide and the stability fi eld 
of typical accretionary wedges, 
(after Lallemand et al., 1994). 
Alpha is surface slope, Beta is 
plate dip and Taper is defi ned 
as Alpha + Beta. A low basal 
friction accretionary wedge 
undergoing regular accretion, 
should plot at the lower limit 
of the fi eld (at the minimum 
taper)
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for the margins examined here, is that the mineralogi-
cal diagenetic and metamorphic processes believed to 
control the transition from aseismic to stick-slip behav-
ior (Oleskevich et al., 1999; Moore and Saffer, 2001) 
will be spread out over a larger surface area and occur 

over a greater period of time (as the material is trans-
ported to appropriate temperature and pressure condi-
tions for these reactions to take place). Thus, a much 
wider transition zone can be expected, for slow sub-
duction (Fig. 5). If we take the 100°C and 150°C as 

Fig. 8 Structural cross-sections 
of four slow subduction margins. 
Positions of the cross-sections are 
shown in Fig. 6, except Cadiz/
Gibraltar (a) Gulf of Cadiz/Gibraltar 
(Gutscher et al., 2002, 2008); 
(b) Mediterranean Ridge/Hellenic 
subduction (after Westbrook and 
Reston, 2002); (c) Calabria (redrawn 
after Cernobori et al., 1996, using 
data from De Voogd et al., 1992); 
(d) Barbados Ridge/S. Antilles 
subduction 14°20’N (after Ferguson 
et al., 1993)
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marking the beginning and end of the transition zone 
(Oleskevich et al., 1999), for the slow-convergence 
margins discussed above, then we obtain a roughly 
60 km down-dip width for the transition zone.

Furthermore, it is unclear whether the interplate 
fault zone above the up-dip limit of the seismogenic 
zone (including the transition zone) can accumulate 
and release elastic stress (Fig. 9). The commonly held 
view, until recently, was that this region could not store 
stress and thus did not contribute to seismic moment 
release (Byrne et al., 1988; Tichelaar and Ruff, 1993; 
Oleskevich et al., 1999; Moore and Saffer, 2001). 
But recent observations of very-slow deformation 
processes previously undetected by seismological 
stations have called this view into question. Offshore 
SW Japan, Very-Low Frequency (VLF) earthquakes 
with moment magnitudes M4 were detected in the 
Nankai Trough, located within the frontal 10–40 km of 
the deformation front (Ito and Obara, 2006a, b). These 
VLF earthquakes are located within or near the base of 
the accretionary wedge, near the plate boundary fault 
plane. Several of these earthquakes have very shallow 
dipping focal planes (in particular the 3 frontal-most 
earthquakes, within 20 km of the deformation front), 
with dips ranging from 5° to 20° and likely represent 
thrust motion along the plate boundary fault (Ito and 
Obara, 2006a). This atypical seismic activity under-
scores the unusual mechanical behavior of the “transi-
tion zone” as expressed by aseismic to seismologically 
detectable slow-slip events.

A thick sedimentary layer on the downgoing plate 
has long been proposed to infl uence plate coupling, 
although it has alternatively been argued to reduce 
coupling (Ruff and Kanamori, 1980) or increase it by 
allowing earthquake inducing asperities to subduct to 

greater depths and pressures (Cloos and Shreve, 1996). 
High sediment infl ux at the trench typically leads to 
construction of a large accretionary wedge (Lallemand 
et al., 1994). Thick sedimentary sections at the trench 
result from the interplay of subduction rate with the 
rate of sediment accumulation. The SE Alaska margin 
(site of the 1964 M9.2 Prince William Sound earth-
quake) is an example of moderately rapid subduction 
(6 cm/a) with a very high sedimentation rate at the 
trench (due to glaciation induced erosion of high topo-
graphic relief). Thus, while a range of subduction and 
sedimentation rates can lead to the accumulation of 
thick accretionary wedges, they are most common 
for slow subduction. A study of accretionary wedges 
worldwide found that large wedges (>40 km) are 
located along margins with an average convergence 
velocity of 3 cm/a (Lallemand et al., 1994).

Underconsolidated sediments along the interplate 
fault can also be expected to strongly infl uence tsu-
nami generation in this zone. Source time studies per-
formed on numerous earthquakes from six different 
trenches worldwide demonstrate that the shallowest 
sediments have the lowest rigidity (Bilek and Lay, 
1999). While this result may seem unsurprising, the 
same study demonstrated that the source duration was 
longest for earthquakes occurring in this shallow 
region. Thus, earthquakes occurring in the region 
dominated by low-rigidity sediments have a longer 
duration and larger slip for an equivalent seismic 
moment (Bilek and Lay, 1999). They are particularly 
effi cient at generating tsunamis as was shown by the 
slow-slip component in the northern portion of the 
fault plane of the Sumatra 2004 earthquake (Lay et al., 
2005; Stein and Okal, 2005). In other words a magni-
tude 8 earthquake off the Southern Antilles or along 

Fig. 9 Schematic cross-section 
of the seismogenic zone and 
the potential distribution of slip 
during the inter-seismic and 
co-seismic phases of the seismic 
cycle
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the Mediterranean Ridge would be likely to generate a 
much more devastating tsunami than a magnitude 8 
earthquake off Tonga, though the latter will occur much 
more often.

Finally, the fact that the Sumatra-Andman earth-
quake violated the proposed young-fast model (Ruff 
and Kanamori, 1980) was pointed out very recently, 
with the author drawing the completely opposite 
conclusion, that all subduction zones are potentially 
capable of generating M9 earthquakes (McCaffrey, 
2008). On the basis of the subduction zones examined 
here, and the thermal structure characteristic of each 
type (fast-slow), we disagree. Tonga or NE Japan 
should never be capable of generating M9 earthquakes, 
for two main reasons. The fi rst, is that frequent thrust 
earthquakes (M5-M7) occur here, releasing accumu-
lated stress (Fig. 6). The maximum observed magni-
tudes here are M8–M8.5 (Table 1; McCaffrey, 2008). 
Given the fast subduction rates in both cases, our 
100 year instrumental record covers 2–3 earthquake 
cycles. Taking into account the long historical records 
in Japan dating back 1,000 years, we can conclude that 
no M9 events have occurred during nearly 20 earth-
quake cycles off NE Japan. The second important rea-
son is that thermally, rapid subduction (and an absence 
of an accretionary wedge) results in a narrower seis-
mogenic zone, ~100 km for NE Japan, on the basis of 
a published thermal model (Peacock and Wang, 1999). 
For slow subduction zones and large accretionary 
wedges, the thermally predicted downdip width com-
monly exceeds 150 km (Gutscher et al., 2003, 2006; 
Thiebot and Gutscher, 2006). Increased downdip width 
implies a larger potential for the generation of great 
earthquakes.

7 Conclusions

The instrumental earthquake record of the past 100 
years indicates that rapid subduction zones produce 
the vast majority of great earthquakes. However, the 
paucity of earthquakes observed in slow subduction 
zones is likely to be due to the longer recurrence inter-
vals between great events, rather than a systematically 
different type of behavior (aseismic creep). The major-
ity of slow subduction zones are marked by broad, 
thick accretionary wedges (100–250 km wide), sliding 
mechanically above a low friction decollement and 

consisting of low rigidity sediments. The transition 
zone from aseismic slip to stick-slip (seismogenic) 
behavior can be expected to be wider for these mar-
gins. During the inter-seismic phase of the seismic 
cycle, slow earthquakes and very-low frequency earth-
quakes can occur here. During great earthquakes, slip 
in the region of low rigidity sediments can be expected 
to contribute signifi cantly to tsunami generation. It is 
thus crucial to improve our understanding of long-term 
kinematic motion and the typical recurrence times in 
such slow subduction zones in order to properly assess 
the natural hazard which they pose.
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1 Introduction

Many concepts regarding subduction zones were 
derived from interpretations of seismic data with 
1970–1980s spatial resolution and depth of imaging. 
Examining such interpretations with scientifi c drilling 
found that 70% of the tested geophysical interpreta-

tions were fundamentally wrong. These interpretations 
lacked adequate constraints and various model depen-
dant interpretations were permissible. The high verti-
cal exaggeration and travel-time rather than depth 
images in older seismic data distort structure and limit 
imaging of dipping refl ectors. A lack of coherent struc-
tural images was commonly attributed to an inability 
of seismic techniques to image mélanges. Even with 
simple modern 3D images only 20% of a large test 
group of geoscientists arrived at correct tectonic inter-
pretations in a community benchmarking exercise 
(Bond et al., 2007). Improved seismic imaging inte-
grated with multibeam bathymetry reveals much more 
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structure allowing many earlier simplifying assumptions 
to be replaced with data and interpretations to be 
reconsidered. Yet tectonic models abound and no sin-
gle one contains a unifying concept or model.

The original “plate tectonic” assumption that entire 
convergent margins form by steady state accretion 
producing a broad imbricate stack is replaced by 
observations showing segmentation of structure 
requiring areas with different materials and processes. 
Discrete margin segmentation was proposed 20 years 
ago (Cloos and Shreve, 1988; Taira, 1994). Recent 
data resolve an unstable frontal prism and a more sta-
ble middle slope, as for instance in the classical 
Sumatran accretionary wedge (Kopp and Kukowski, 
2003) where earlier interpretations became a type 
example of a steadily accreting body (Hamilton, 
1988). Segmentation is observed in improved seismic 
images at margins along the Americas and Japan (i.e., 
Ranero and von Huene, 2000; Christenson et al., 2003; 
von Huene and Ranero, 2003; Bangs et al., 2006; 
Ranero et al., 2006; Moore, 2007; Kimura et al., 2007). 
A two segment upper plate and subduction channel 
model introduced by Shreve and Cloos (1986) and 
Cloos and Shreve (1988) was based on fl uid mechan-
ics as proposed by Sorokhtin and Lobkovskiy (1976). 
In the subduction channel model a compressionally 
strained prism adjacent to the deformation front builds 
at the inlet where trench sediment subducts forming a 
subduction channel beneath the prism. Active contrac-
tion occurs mostly in this zone of compression rather 
than progressively across the entire margin. In the 
Cloos and Shreve model, the inlet controlled subduc-
tion channel thickness, and when inlet capacity was 
exceeded, the excess would accrete. The structural 
features of the model were not imaged in the seismic 
data of the 1970–1980 period but are now clearly 
observed.

The segments observed in seismic images are con-
sistent with the Dynamic Coulomb wedge model 
(Wang and Hu, 2006). Conventional models are com-
monly without a reference to the geologic time associ-
ated with a margin’s structural development. The 
dynamic wedge model shows the signifi cance of a 
seismic cycle in understanding subduction zone 
mechanics. It explains how stress can affect segments 
differently during a cycle. During interseismic periods 
when the plate interface fault locks, the margin wedge 
landward of the frontal prism stores the elastic strain 
from plate convergence. The weak material and relatively 

small mass of the frontal prism cannot store much 
elastic strain so it is characterized by permanent defor-
mation. During an earthquake the elastic strain released 
in the middle prism shoves against the frontal prism 
creating a coseismic pulse of deformation and elevated 
pore fl uid pressure. This can explain features observed 
in multibeam seafl oor morphology and depth pro-
cessed seismic images. These two behaviors affect 
both accreting and eroding margins in similar 
manners.

In the literature, convergent margins are commonly 
divided into two pure end-members with accreting or 
eroding modes of mass transfer. Recent observations 
indicate a mix of accretion and erosion in space and 
time. An example is the Nankai margin where subduct-
ing seamounts erode the upper plate in an otherwise 
accretionary environment (Bangs et al., 2006). Despite 
a clear difference in mass transport, certain mechanical 
processes may share similarities.

1.1 Aims of this Chapter

In this review we expose to a broader readership the 
ideas advanced within a community of specialists. We 
develop a unifying fundamental framework in which 
to consider diverse observations. The major concepts 
we consider are the availability of trench sediment at 
the deformation front, the capacity of the subduction 
channel inlets to accept materials, the change in rela-
tive strength of the upper and lower plates, and an 
essential change of dynamics during coseismic and 
interseismic periods. We summarize kinematics in ero-
sional and accretionary segments of the Chilean mar-
gin and relate these to convergent margin framework 
processes. Dynamics can be explained in accord with 
the dynamic Coulomb wedge concept (Wang and Hu, 
2006). Differences in subduction zone behavior during 
interseismic locking and coseismic slip provide an 
explanation for puzzling observations of extensional 
faulting in a compressional convergent plate environ-
ment and helps to understand the paradox of a prism 
with contractile accretionary structure fronting erod-
ing margins. Convergent margin structural complexity 
precludes a simple model that explains them all but 
some core concepts provide a framework that can be 
augmented and modifi ed to fi t the diversity of observa-
tions along various margins.
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2 Upper Plate Rock Units

We apply non-generic terms to four upper plate rock 
units inferred from geology and structure in seismic 
images following Scholl and von Huene (2008). The 
generic terms “accrete” and “erode” imply material 
transfer between converging plates. We use them only 
if upper plate material provenance is known, whether 
sourced from the lower plate or repositioned upper 
plate material. Viewed from the trench axis landward 
(Fig. 1) the units are, (1) an actively deforming sedi-
ment body at the foot of the margin slope, the frontal 
prism which transitions into a (2) body of older and 
more consolidated material, the middle prism, and (3)  
the inner prism consisting of the margin’s rock frame-
work. These units are covered by, (4) an overlying 
sedimentary slope apron. On the subducting lower 
plate, the top layer of clastic material on basement 
comprises the subduction channel. Kimura et al. 
(2007) recognized a similar segmentation but termed it 
the outer wedge, transition zone, and inner wedge.

The term frontal prism came into wider use after 
drilling of the Costa Rica “accretionary prism” sam-
pled only slope sediment and no lower plate sediment 
(Kimura et al., 1997). Lower plate sediment was not 
transferred to the upper plate and the pre-drilling inter-
pretations that all landward dipping refl ections repre-
sent accreted trench sediment was incorrect. In 
samples, accreted sediment lithology can be non-
unique because trench axis sediment is composition-
ally the same as its slope sediment parent. Slope 
sediment trapped and kneaded into the imbricating 
frontal prism is repositioned and not accreted. Slope 
sediment crossing the frontal prism to reside briefl y in 
the trench axis can be returned to the prism as the 
decollement propagates seaward of the deformation 
front. This accreted sediment has essentially the same 
lithology as slope sediment making a distinction from 
samples alone problematical. Where material transfer 
between plates is uncertain the non-generic terms 
“frontal and middle prisms” are convenient.

2.1 Frontal Prism

Convergent margin upper plates are bordered at the 
trench axis by a frontal prism, 5 to ∼30 km wide 

(Fig. 1). In many seismic images, frontal prisms 
contain clear landward dipping refl ections that indicate 
tectonic thickening by imbrication. Where the com-
plexity of internal structure exceeds resolution of the 
applied seismic technique an imbricate structure is 
commonly assumed. Scientifi c drilling of accretionary 
frontal prisms along the Barbados and Nankai drill 
transects has sampled oceanic sediment transferred 
from the subducting plate, a transfer also seen in seis-
mic images. Off Central America, Peru, and northern 
Chile, the term accretionary frontal prism is inappro-
priate because evidence that the sampled prism sedi-
ment was transferred from the lower to the upper plate 
is inconclusive. The frontal prism of accretionary mar-
gins either merges up slope into a older more consoli-
dated middle prism through a 1–5 km wide contact 
zone or is separated from the middle prism by a fault 
zone. This boundary has been called a backstop but it 
differs from the one introduced by Byrne et al. (1988) 
which is stationary and separates igneous from sedi-
mentary rocks.

2.2 Middle Prism

In accretionary margins middle prisms may be 
40–100 km wide bodies presumed to contain trench 
sediment transferred from the frontal prism. Their 
internal structure is seldom imaged well by refl ection 
seismic surveys. The overlying slope apron displays 
little active permanent contractile deformation in 
addition to what this unit inherited during residence 
in the frontal prism. These prisms are commonly 
bounded landward by a backstop of framework rock. 
At erosional margins the middle prism consists of 
decomposed and fractured framework rock with 
reduced seismic velocity (e.g., Chile, Central 
America). The fractured framework rock structure in 
seismic records is diffi cult to distinguish from accreted 
sediment as shown when they were drilled (i.e., 
Central America and Peru). Beneath middle slopes, 
material has greater rigidity and greater seismic 
velocity than frontal prisms. Large middle prisms 
commonly occur where margins have had thickly 
(>1 km) sedimented trenches for several Myr periods 
and where orthogonal convergence is less than ∼40–
50 km/Myr (e.g., Makran, and Nankai Trough) (Clift 
and Vannucchi, 2004).
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2.3 Inner Prism: Rock Framework

The margin’s core, its rock framework, consists of igne-
ous or metamorphic basement and lithifi ed sedimentary 
rock. These rocks are seen in coastal exposures and they 
extend seaward beneath the submerged margin as estab-
lished with drill and surface samples. The framework 
rock is as diverse as Paleozoic and older igneous and 
metamorphic cratonic rock (i.e., Peru and Chile) and the 
magmatic massifs of Cenozoic arcs (i.e., Aleutian, Izu-
Bonin, and Tonga). The rock framework locally con-
tains metamorphosed fossil accretionary middle prisms. 
Structurally, the inner prism is strong and only broadly 
deformed, commonly at the edge of the shelf.

2.4 Slope Sediment Apron

The upper plate is covered by an apron of sediment 
that extends from the shelf to the lower trench slope. 
Scientifi c drilling at the erosional margins of north-
east Japan, Tonga, Peru, Costa Rica, and Guatemala, 
revealed several km of long-term subsidence evi-
denced by shallow water indicators in the basal beds 
of the slope apron not far from the trench axis. The 
underlying basement surface is commonly an eroded 
wave-based unconformity and the overlying strata 
record a vertical displacement history. The thickness 
of aprons ranges from a few meters to 5 km (Clift and 
Vannucchi, 2004).
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Fig. 1 Rock and sediment units of convergent 
margins. At accreting margins the rock 
framework (structurally the inner prism) 
backs a middle prism of accreted material. 
At eroding margins coherent framework rock 
becomes increasingly fractured down slope to 
form the middle prism. Frontal prisms can 
contain upper and/or lower plate materials
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3.  Geophysical Observations of Upper 
Plate Segmentation

A long standing assumption that margin wide wedges 
accreted linearly, consolidate, and increase in thick-
ness up slope, fails to explain a variety of tectonic 
structures. In the past decade, upper plate deforma-
tional segments were resolved in multibeam seafl oor 
morphology and in well processed seismic images 
(Fig. 2). In multibeam bathymetric surveys, an upper 
slope morphology suffi ciently stable to develop many 
canyons changes to a moderately stable middle slope 
morphology and fi nally to the unstable frontal prism 
(Fig. 2a). Some associated seismic images illustrate 
a corresponding deterioration in refl ector coherence 
down slope (Fig. 2c). In eroding margins, lowered 
seismic velocity and middle slope failure is explained 
as fracturing and progressive break-up of the frame-
work rock. The presumed fractured material in an 
eroding margin has a seismic velocity distribution sim-
ilar to the landward increased velocity resulting from 
sediment consolidation in an accreting one (Sallares 
and Ranero, 2005). Importantly, the seismic refl ections 
in middle slope sediment aprons show little perva-
sive or strong permanent compressional deformation. 
In some drill cores the ages of little deformed strata are 
middle Miocene invalidating the argument that slope 
sedimentation is so rapid that it masks deformation 
(i.e., Ranero et al., 2007) Interplate shear as hundreds 
of km of lower plate subduct for <5 Ma should perma-
nently deform the slope apron if the underlying middle 
prism were deforming signifi cantly. The common loss 
of coherent slope apron refl ections at the middle 
to frontal prism contact indicates deformation there 
(Fig. 2c).

Although the clearest change from frontal prism to 
middle slope has been seen in erosional margins it is 
also observed in improved seismic images and high 
resolution bathymetry of accreting margins. Across 
the Alaska accretionary margin the contact between 
the frontal and middle prisms is defi ned by a change in 
structural vergence from landward to seaward (von 
Huene and Klaeschen, 1999). Strain and fl uid venting 
were quantifi ed across this margin along a transect just 
north of the Kodiak group of islands. The rate of per-
manent deformation peaks in the frontal prism and 
drops four-fold to the middle prism along with expul-
sion of all but 20% of original pore fl uid (von Huene 

and Klaeschen, 1999). Therefore middle prism strain 
must be largely elastic because it is associated with 
increased friction and microearthquake activity. The 
division between aseismic and seismogenic segments 
of convergent margin plate interfaces is consistent 
with segmentation. As mentioned previously, improved 
data across the “classical Sunda accretionary prism” 
(Hamilton, 1988) is separated into two prisms that 
back against a margin framework (Kopp and Kukowski, 
2003). Wide-angle and refl ection seismic images along 
with multibeam bathymetry show a little deformed 
slope apron covering a middle prism core containing 
Eocene rock. A splay fault system separates the mid-
dle slope from seafl oor ridges of the frontal prism 
composed of material with low seismic velocity. This 
splay fault system produces a low continuous ridge 
along the 600 km lateral extent of the multibeam 
bathymetry acquired. Recent multibeam bathymetry 
and 3D seismic images across the Nankai margin show 
a splay fault system separating the active accreting 
frontal prism and a middle prism (Bangs et al., 2006; 
Moore, 2007). Forearc basin sediment on the middle 
prism is cut by numerous normal faults. The middle 
prism taper is shallower than the frontal prisms. 
Similar tectonic structure is observed along the accre-
tionary Makran margin (Fruehn et al., 1997; Kopp 
et al.; 2000; Kukowski et al., 2001), the Cascadia 
off central Oregon (Gerdom et al., 2000), and south- 
central Chile (Ranero et al., 2006). A transition from 
the middle prism to the margin framework is observed 
in the canyon morphology that commonly diminishes 
sharply from the framework to the middle prism 
seafl oor. Along the Chilean margin this corresponds to 
a change from landward dipping to seaward dipping 
faults (Ranero et al., 2006). Despite many second-
order variations, a basic margin segmentation can be 
recognized in many recently acquired seismic images 
and multibeam bathymetry.

3.1 Width of Frontal Prisms

Most seismic images of frontal prisms show compres-
sional structure and imbrication. Single seismic lines 
can be very misleading because damage to frontal 
prism structure from high relief plowing into the sub-
duction zone can add more complexity than is resolved 
even with modern seismic acquisition. A multibeam 
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morphology map view is helpful in understanding such 
complexity and how damaged zones heal. Frontal 
prisms are restored only to their original width and 
appear to be self limiting. Global observations indicate 
a restricted range in frontal prism width. Their taper 

and volumes measured in undistorted seismic depth 
images are not readily available so we approximated 
frontal prism size using prism width (Table 1, Fig. 3). 
A prism’s landward contact was located using several 
of the following criteria.
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Fig. 2 The frontal prism, the 
middle (transition) prism, and 
the continental framework. (a) 
perspective view of multibeam 
bathymetry off northern Costa 
Rica from the trench to the shelf 
edge. The rough frontal prism 
seafl oor without gullies is 
separated from a smoother 
middle prism with gullies and 
many small normal fault scarps. 
This morphology transitions to 
an upper slope with older and 
more sharply incised canyons. 
(b) Diagram of major features in 
the 2-prism model. (c) Pre-stack 
depth migrated seismic 
refl ection image showing 
subsurface structure at a vertical 
exaggeration of 1.5×. Note 
abrupt change in prism taper. 
(After Ranero et al., 2007.)
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Fig. 3 Global compilation of 
frontal prism widths. Bars are 
widths from images that clearly 
constrain the frontal prism. The 
compilation includes seismic 
images across about 48% of 
margins globally excepting areas 
of collision and where conver-
gence is more oblique than 30°. 
Unshaded areas show data with 
less certain widths because of 
inadequate seismic image quality

Table 1 Compilation of geologic information on convergent margins used in Fig. 5

Global compilation of frontal prism width

Margin sector Length, (km) Sed. Input (km) Frontal prism Middle prism Subduct. Sed Numb. lines 
       multibeam

S. Chile 1,110 2.9 27 19  2 & mb
Chile 3-J to JFR 1,665 2 18 12 1.3 7 & mb
Chile JFR to Anto 1,445 0.4 10  1 6 mig + 5, mb
Peru N of Nazca 1,220 0.7 15  0.9 7 & mb
Middle America 1350 0.6 9  1 9 & mb
Mexico 1350 0.9 18  0.4 3 &mb
S Oregon 200 2 7 24 1.5 1 & mb
Oregon 770 4 14 9 2 2 & mb
NE Alaska 450 2 23 30 1.3 2 & mb
Kodiak-Shumigan 900 2 24 8 0.8 2 & mb
Aleutian to 180° 1,300 2 20 10  4
Kuril 1,320 0.7 14  0.8 4
N Japan 720 0.6 15  0.9 6 & mb
Nankai 700 1.3 24 52 1.1 6 & mb
Makran 900 7 30 250–350 3 1 & mb
Sunda Arc 2,500 1.5 22 75  4 & mb
IBM 3,500 0.5 10   2
Tonga 1,350 0.4 7   1 & mb
Column 2 – length km – is the extent of each margin. Column 3 – sed input km – is the trench sediment thickness at the deformation 
front. Column 4 – frontal prism – is the width of the frontal prism. Column 5 gives the width of the middle prism where present. 
Column 6 – subduct. sed – is the subducted sediment layer thickness in km where clearly defi ned. Column 7 – numb. line multibeam 
– is the number of transects available to establish thicknesses and extent of features – mb indicates where multibeam bathymetric 
information is available. The sum does not include IBM (Izu-Bonin-Mariana) which are italicized to indicate that information is not 
suffi cient to meet standards used for margins listed above.
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A change from relatively smooth to rough seafl oor 
morphology commonly at a scarp.

A sharp change from little deformed to deformed 
and obscure slope apron strata.

A transition from semi-coherent to non-coherent 
basement refl ectors of eroding margins.

Change of taper, physical properties, or an increased 
horizontal velocity gradient

An abrupt break in age or rock type indicating a 
tectonic boundary

Prism widths along convergent margins (Fig. 3) 
were estimated from more than 70 selected seismic 
records and from multibeam bathymetry. Their trench 
axis parallel extent was estimated from satellite derived 
bathymetry. Subducting ridges and areas with more 
than 30° oblique convergence were avoided. The com-
pilation of clearly bounded prisms includes 48% of 
convergent margins globally. Insuffi cient information 
is available to assess the Tonga and Izu-Bonin-Mariana 
frontal prisms with the certainty desired. Nonetheless, 
because of their great lateral extent, the average of their 
sparse available data is shown (Fig. 3) to indicate how 
including them might affect the compiled data. The 
frontal prisms of margins currently eroding are on aver-
age about ∼15 km wide whereas the currently accreting 
margins are about ∼22 km wide. As noted by Clift and 
Vannucchi (2004) accreting margins commonly occur 
where convergence is less than 60 km/Myr and erosion 
occurs where convergence is more rapid. The Chile 
margin south of Valparaiso is an exception. Accretion 
south of Juan Fernandez Ridge became rapid as trench 
sediment fi ll thickness jumped from 1 km to more than 
1.5 km (Onken et al., 2006). Accretion is a Pleistocene-
Quaternary mode of tectonism following a Miocene 
period of dominantly erosional tectonism. Despite 
70 km/Myr convergence, thick Pleistocene sediment is 
associated with current accretion showing that trench 
sediment thickness can overwhelm subduction channel 
capacity even where convergence is rapid.

Frontal prisms adapt readily to changes in the sub-
ducting seafl oor morphology. Large embayments in 
the deformation front form as high relief on the lower 
plate subducts. These embayments return to their pre-
vious margin confi guration as relief passes and are 
rapidly fi lled. Along the Costa Rican margin, the fron-
tal prism embayments from subducting seamounts 
roughly 20 km in diameter and perhaps 2 km high heal 
in less than 0.2 Ma (von Huene et al., 2000). After 

accelerated erosion over the Nazca Ridge off Peru, the 
margin re-establishes its frontal prism in ∼4 Myr (von 
Huene et al., 1996). The fi lling of embayments stops 
when pre-collisional conditions are re-established.

The restricted width of frontal prisms globally indi-
cates that they are at an optimum size for the current 
convergence rate, mode of sedimentation, and taper. 
The self limiting indicators in nature were observed in 
sandbox modeling where different modes of material 
transfer became constant after adjusting to the given 
conditions (Kukowski and Onken, 2006).

Frontal prisms at erosional and sparsely sedimented 
margins probably contain abundant slope sediment as 
contrast to trench sediment building a dominantly accre-
tionary prism. Thus the greater median width of accreted 
margin frontal prisms may refl ect the infl uence of differ-
ing prism materials and manner of accumulation. If the 
frontal prism accretes sediment, its increased width is 
adjusted by shifting the frontal and middle prism contact 
seaward. In narrowing margins the frontal prism contact 
shifts landward. From our analysis we derive three prin-
cipal observations: (1) Frontal prisms occur at both ero-
sional and accretionary margins; (2) Frontal prism width 
is commonly between 5 to 30 km and rarely wider. (3) 
Frontal prisms appear to be self-limiting in accord with 
prevailing structure, material, and dynamics.

4  Observed Relation of Trench 
Sediment Thickness and Tectonic 
Processes

We now explore convergent margin kinematics, in par-
ticular the different environments associated with pro-
cesses of accretion and erosion. Both accretion and 
erosion result from plate convergence so what differ-
ences in mass fl ux are associated with either tectonic 
type? Along the Chile subduction zone the effects of 
trench sediment supply and rate of plate convergence 
are well displayed. This subduction zone includes 
extremes from a sediment starved trench along its 
northern desert (<0.5 km thick trench sediment) to 
a sediment fl ooded (>1.5–3 km) trench settings along 
its glaciated southern coastal mountains. The effects of 
over- and under-abundance of sediment can be com-
pared on either side of two ocean ridges that obstruct 
sediment transport down the northward deepening 
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trench axis. Across the Juan Fernandez Ridge the 
change in trench sediment thickness of adjacent seg-
ments is 2 km. Across the South Chile Rise triple junc-
tion a four-times reduction in plate convergence allows 
a longer time for trench sediment deposition. South of 
the triple junction trench sediment 3.5 km thick has 
been imaged whereas just north the sediment is about 
1 km thick. These areas were surveyed with extensive 
multibeam bathymetry and depth processed refl ection 
and wide angle seismic data as summarized in Ranero 
et al. (2006). The empty trench off northern Chile 
illustrates a type example of an erosional margin.

4.1  The North Chile Example 
of a Erosional Margin

The northern Chile geophysical data includes precise 
aftershock locations of the 1995 Antofagasta earth-
quake (M

w
 = 8.0) recorded with a land-sea seismome-

ter network (Fig. 4) (Husen et al., 2000; von Huene 
and Ranero, 2003; Sallares and Ranero, 2005). 
Multibeam bathymetry images canyons beginning on 
the shelf that deepen across the upper slope and are 
displaced by landward dipping normal faults (Fig. 3). 

Down slope this morphology merges into a middle 
slope smoothed by mass wasting debris cut by seaward 
dipping normal faults. The lower slope is characterized 
by broad ridges that are continuous with sharp well 
developed lower plate horsts extending into the sub-
duction zone (Fig. 4).

The seaward dipping normal faults of the middle 
prism extend 4 km into basement where they merge 
along a detachment. Analysis of the detachment fault 
geometry with methods applied to slide bodies (Watts 
and Grilli, 2004) shows low frictional strength (von 
Huene and Ranero, 2003). Fractures permeate the 
entire upper plate basement. Mass-wasting debris 
migrates down slope and accumulates in a well devel-
oped frontal prism. The prism’s 3.5 km/s P wave veloc-
ity indicates >15% fl uid (Sallares and Ranero, 2005) 
and the geometry of conjugate faults (Davis and von 
Huene, 1987) indicates a strength similar to frontal 
prisms of accretionary margins composed of water 
rich trench sediment. The upper plate’s crystalline 
inner prism has seismic velocities of 5 km/s along the 
coast and continental shelf, ∼4.5 km/s in the mid-slope, 
and 3.5 km/s velocities beneath the lower slope with-
out an apparent change in rock type.

Along northern Chile and other erosional margins, 
the contact between framework rock and the frontal 
prism is commonly a transition from coherent  basement 
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Fig. 4 Diagram of subduction erosion along the north Chile 
margin. In the upper plate, a decreasing rock strength is associ-
ated with 3 tectonic styles across the slope. Landward-dipping 
normal faults develop perhaps as material loss down slope 
progressively removes a constraining mass. In the middle slope 
seaward dipping normal faults develop from gravity tectonics 
in weakened framework rock. Mass wasting debris collects in 

a frontal prism and elevates pore fl uid pressure allowing subduc-
tion of unconsolidated clastic debris. Clastic debris and base-
ment fragments are inferred to fi ll a subduction channel. Normal 
faulting continues in the subducted ocean crust to accommodate 
continued plate bending in the subduction zone. (After von 
Huene and Ranero, 2003, Sallares and Ranero, 2005.)
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refl ections across the middle prism to a structureless 
seismic image (cf. Ranero and von Huene, 2000). The 
continuity of refl ections weaken and fades away across 
the transition from a middle slope to the lower slope 
morphology. The middle slope morphology of fault 
scarps, rills, and ridges ends at the frontal prism where 
underlying slope refl ectors decompose or break into 
short segments. Multibeam bathymetry commonly 
resolves frontal prism limits with better resolution than 
seismic images (cf. von Huene and Ranero, 2003).

Observations along the north Chile margin (von 
Huene and Ranero, 2003; Sallares and Ranero, 2005) 
reveal that: (1) erosional margins have frontal prisms 
that presumably elevate pore fl uid pressure immedi-
ately above the underthrust lower plate and facilitate 
subduction of the slope materials spilling into the trench 
axis. (2) the upper plate framework rock decreasing P 
velocity seaward indicates material weakness to values 
found in middle prisms of accretionary margins; and 
(3) up-dip of the seismogenic zone, where slip is domi-
nantly stable, the interplate fault is weakly coupled like 
those of accretionary margins. Slope material domi-
nates the frontal prism and the subduction channel.

The crystaline basement ends at a transitional con-
tact with a frontal prism, a contact that has been termed 

a “backstop.” That term was formulated from concepts 
of accretionary wedges where the backstop is station-
ary (Byrne et al., 1988; Byrne et al., 1993). Along 
eroding margins this gradational contact migrates 
landward as material is removed. Despite its elegant 
simplicity and popular usage, the stable backstop con-
cept does not apply here since over the long term ero-
sional margins are extensionally faulted and material 
is removed rather than pushed or backed up against a 
rigid “bulldozer blade.”

4.2  Trench Turbidite Thickness and 
Tectonics at the Juan Fernandez 
Ridge

The aseismic Juan Fernández Ridge (JFR), a seamount 
chain on the Nazca plate, subducts beneath the Central 
Chilean continental margin. The continental sediment 
source and plate convergence are the same on either 
side of the subducting ridge and only trench sediment 
volume changes. The crest of the subducting JFR uplifts 
the entire continental slope (Fig. 5) (Ranero et al., 2006; 
Laursen et al., 2002; von Huene et al., 1997). In the 
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Fig. 5 Multibeam bathymetry of the central Chile margin where 
Juan Fernandez Ridge subducts. The ridge crest blocks axial 
sediment transport thereby separating a thickly sedimented from 
a modestly sedimented trench axis. After the ridge subducts its 
subducted continuation is marked by a low ridge diagonally 
crossing the slope. Frontal prism ridge and trough morphology 

south of Juan Fernandez ridge is replaced by a disorganized 
morphology north. The middle slope breaks-up over the trailing 
fl ank of the southward migrating ridge. Some sediment input to 
the subduction zone to the south accretes but north all sediment 
subducts despite the same rate of plate convergence. (After 
Ranero et al., 2006.)
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trench the ridge relief impedes axial transport of sedi-
ment resulting in rapid sediment deposition upstream 
(south) and only modest sediment accumulation on the 
downstream (north) side. This results in accretion of 
trench sediment upstream, and essentially complete 
sediment subduction downstream (Ranero et al., 2006). 
The subducting ridge separates an erosional slope mor-
phology to the north from an accretionary one to the 
south. The eroding continental slope frontal prism is 
5–10 km wide and is presumed to reduce interplate fric-
tion so that all trench sediment subducts. Fluids from 
the subducted sediment escapes at the back of the fron-
tal prism forming 100-m-high mud diapirs (Ranero 
et al., 2006). Once it has formed the frontal prism does 
not widen signifi cantly as shown by more than 200 km 
of multibeam bathymetry north of the subducting ridge. 
A middle slope erosional margin morphology extends 
1000 km north through the area off Antofagasta and 
beyond (von Huene and Ranero, 2003).

South of the JFR the trench axis contains >2 km of 
sediment, and a 10–25 km wide frontal prism. The 
∼20 km wide middle prism is covered by a little 
deformed seafl oor. Sediment accretion is the dominant 
process along the lower slope and a 1.0–1.5 km thick 
layer of the lower trench sediment section subducts 
beneath the frontal prism (von Huene et al., 1997; 
Diaz-Naveas, 1999). Variants of this pattern extend 
southward for ∼1500 km to where tectonics are modi-
fi ed by the subduction of the South Chile Rise (Bangs 
and Cande, 1997; Diaz-Naveas, 1999).

The thickness of sediment at the deformation front 
correlates with accretion and erosion. The upper sedi-
ment accretes and the bottom 1 km subducts as also 
noted by other investigators (Le Pichon et al., 1993; Clift 
and Vannucchi, 2004; Kukowski and Onken, 2006).

4.3  Effect of Convergence Rates 
Observed Across the South Chile Rise

Accretion and erosion on either side of the South Chile 
Rise illustrates the effects of convergence rate on tec-
tonics (Fig. 6). South of the triple junction where the 
spreading South Chile Rise subducts, the Antarctic 
plate converges with South American at ∼18 mm/year 
whereas north of the Rise convergence is 84 mm/year or 
roughly fi ve times more rapid. The northward migrat-
ing Chile Rise collision left a truncated continental 

margin in the south. After the Chile Rise relief sub-
ducted, the continental slope subsided and sediment in 
the trench thickened and widened (Ranero et al., 2006). 
About 100 km south of the triple junction where the 
South Chile Rise subducted ∼3–6 Myr ago, the frontal 
and middle prisms are ∼60 km wide (Fig. 6). Slow con-
vergence rates reduce sediment subduction and trench 
sediment has more time to accumulate. Where the Chile 
Rise currently collides with the continental margin, the 
frontal prism is only ∼5 km wide (Bourgois et al., 2000; 
Behrmann et al., 1994). North of the Chile Rise where 
convergence is rapid, the trench deepens and has a rela-
tively thin sediment fi ll (∼1.5 km). The frontal prism 
here is ∼10–15 km wide and sediment subduction is 
effi cient (Bangs and Cande, 1997) (Fig. 6). Thick and 
thin trench sediment are associated with wide and nar-
row frontal prisms. The shallow dip of the subducting 
crust may also infl uence prism width. But a fi rst order 
association is trench sediment thickness and prism 
width which here is a function of convergence rate.

5 Subduction Channel Character

The subduction channel, a layer directly below the 
plate interface, was originally conceived as fi lled with 
a slurry of sheared material (Shreve and Cloos, 1986). 
However, drilling through the frontal prism encoun-
tered narrow fault zone above little deformed sedi-
ment (cf. Kimura et al., 1997), consistent with recent 
seismic images (cf. Kinoshita et al., 2006). This 
called for modifi cation of the original fl uid mechan-
ics analogy. At the Ecuadorian margin, good continu-
ity and strong refl ections allows exceptional velocity 
determinations from which physical properties esti-
mates are derived (Calahorrano et al., 2008). Indicated 
is a division of the channel into 3 zones similar to 
upper plate segments. Such a segmentation is also 
proposed by Vannucchi et al. (2008) from study of a 
fossil subduction channel on land. The 3 zones of 
Calahorrano et al. (2008) indicate conditions in cur-
rently active subduction channel and the “Shallow, 
Intermediate and Deep” segments of Vannucchi et al. 
(2008) show a corresponding structure at outcrop 
scale. The channel character varies if sediment 
smoothes the subducting seafl oor topography or if 
rough irregular seafl oor has subducted (Sage et al., 
2006).
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In many seismic images, a minimally deformed 
stratifi ed trench fi ll subducts beneath the frontal prism 
decollement. The decollement is locally a sharp refl ec-
tion (cf. Bangs et al., 2006; Moore, 2007). Drill cores 
and logs off Costa Rica show a narrow interplate fault 
zone (20–30 m) at the top of a little deformed and 
under-consolidated sediment section (Kimura et al., 
1997; Saffer, 2003). Compared with drainage paths 
from the frontal prism, fl uid of the subduction channel 
must drain through a longer path and therefore dewa-
tering is inferred to be slower.

Zone I of Calahorrano et al. (2008) and the shallow 
segment of Vannucchi et al. (2008) occur beneath the 
frontal prism. Seismic velocities increase rapidly in a 
landward direction from 1.8 to 2.6 km/s indicating rel-
atively rapid fl uid drainage but slower than from the 
overlying frontal prism. A weak interplate fault run-
ning through weak materials is consistent with little 

recorded microseismicity along the decollement. In 
rock outcrops, deformation is mainly extensional and 
the many small fractures probably served as conduits 
for fl uid drainage. Quartz and calcite veins are absent. 
Vannucchi et al. (2008) propose accommodation of 
strain by pervasive failure along many small fractures 
during compaction.

Beneath the middle prism the channel image is 
commonly 3 or 4 thick (150–500 m) high-amplitude-
low frequency refl ections. The loss of resolution results 
from an increased sonic footprint with depth (Fresnell 
zone), increased attenuation and scatter of refl ected 
high frequency energy. The change from the fi rst to 
second zone or segment is transitional or abrupt. Off 
Ecuador the seismic velocity within this segment of 
the subduction channel stays relatively constant at 
2.8 km/s and it is commonly a low velocity zone (Sage 
et al. 2006; Calahorrano et al., 2008). Sometimes 
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middle-right is the Taitao Peninsula opposite which 
the Chile Rise subducts. South of the Chile Rise 
convergence is slow allowing more time for trench 
sediment deposition. The resulting thick sediment 
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Northward, where the margin is dominantly 
erosional, the trench axis is bordered by a narrow 
frontal prism backed against the margin 
 framework. (From Ranero et al., 2006.)
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refraction data modeling yields thinner low velocity 
zones than the high amplitude-low frequency refl ec-
tion images appear to indicate (Christeson et al., 1999; 
Takahashi et al., 2000). Perhaps the fault zone at the 
top of the channel is associated with concentrated fl u-
ids. In the absence of lower plate relief the refl ective 
zone thickness is uniform indicating little internal slip. 
Differential subduction rates along thrust faulted seg-
ments within the channel would result in variable 
channel thicknesses. Seismic velocities in the second 
zone (Calahorrano et al., 2008) indicate a 28% poros-
ity, more grain-to-grain contact, an increased rigidity, 
and a reduced rate of fl uid drainage. Fluids that vent at 
the middle slope seafl oor have the chemistry of chemi-
cally bound water released by clay dehydration reac-
tions in underthrust sediment (Hensen et al., 2004). 
Inferred coseismic high fl uid pressure pulses along the 
plate interface (Ranero et al., 2008) are interpreted to 
cause the hydrofracturing that facilitates basal erosion 
beneath the subsiding middle slope.

Beneath middle prisms the upper boundary images 
are commonly clear but not the lower boundary. Local 
sharp lower boundaries may indicate a fl oor thrust in 
addition to the roof thrust (cf. Sage et al., 2006; Lohrmann 
et al., 2006). A fl oor thrust was observed in outcrops of 
the subduction channel (Vannucchi et al. 2008).

Outcrops of the intermediate segment show a dense 
arrays of extensional calcite veins. The fault displace-
ment occurs by many repeated small events and vein 
structure indicates cyclic fl uid pressures (Vannucchi 
et al., 2008). The fl oor thrust begins to lock locally and 
produce contractile structure.

Zone II transitions into zone III where high ampli-
tude plate interface refl ectivity weakens and disappears 
(Ranero et al., 2008). It is also a region in which tele-
seismically recorded earthquakes nucleate. The loss of 
refl ectivity and impedance contrasts is interpreted as 
decreased porosity and greater interplate friction. 
Calahorrano et al. (2008) point out that overburden 
loads are great enough to cause elastic deformation of 
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prism and the prism contact 
migrates seaward
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clastic grains (70 to 110 MPa). The change from aseis-
mic to seismogenic behavior appears to correspond 
with reduced fl uid, increased compaction, and 
increased rigidity.

In outcrop, the extensional structure is overprinted 
by contractile deformation (Vannucchi et al., 2008). 
Temperature indicators approach 150°C which is the 
temperature inferred to mark the seismogenic zone. 
Locking of the fl oor thrust becomes evident and the 
roof thrust locks intermittently. Cyclic behavior is 
observed in the structure of veins and is inferred to 
show changes within earthquake cycles. Similar faults 
have been observed in rock outcrops of the Kodiak 
Island group of Alaska (Rowe, 2007).

Where abundant seafl oor relief or ridges subduct, the 
thickness and physical properties of the subduction 
channel vary spatially. Over highs covered with little 
subducting sediment the porosity decreases more rap-
idly than across adjacent lows with thicker than normal 
sediment (Sage et al. 2006). Summit areas of subducting 
highs show erosion whereas surrounding lows have 
thick sediment. A probable differential friction in 
response to topography produces the implied patchy-
ness off Ecuador (Sage et al., 2006) and the isolated cen-
ters of seismic activity of southeastern Costa Rica (Protti 
et al., 1995; Bilek and Lay, 2002; Bilek et al., 2003).

The original subduction channel concept analogues 
to fl uid mechanics of a slurry now appears to include 
a multifaceted mechanical system. The zone of high 
amplitude refl ections represents coherent stratifi cation 
imaged with current techniques beneath the frontal 
prism and locally into the middle prism. This indicates 
a coherent mass at a stratal resolution of about a hun-
dred meters. A small body of modern and fossil data 
show the expected increase in rigidity and friction 
with depth along the plate interface fault and refl ectiv-
ity indicates that fl uids drain until channel material 
has the seismic velocity of hard rock. This occurs 
roughly where aseismic behavior changes to seis-
mogenic behavior (Ranero et al., 2008).

6  Updating the Subduction Channel 
Concept

The two prisms and a subduction channel of the origi-
nal model are consistent with current observations. 
Since the concept was introduced, multiple inputs to 

the channel in addition to trench sediment, the struc-
ture of the major tectonic components, a lower mate-
rial strength, and low interplate fault friction in the 
aseismic segment have been observed. Multiple inputs 
to the subduction channel up-dip of the seismogenic 
zone are: (1) the slope materials captured at the frontal 
prism seafl oor and cycled through it, (2) chemically 
bound water released from subducting materials as 
temperatures and pressure increase, and (3) the clastic 
debris from basal and frontal erosion.

Observations of interplate and internal friction were 
measured along landslide slip planes that extend to the 
plate interface (von Huene et al., 2004) and derived 
from conjugate faults (Davis and von Huene, 1987). 
Critical taper, when constrained properly, indicates that 
interplate friction beneath the frontal prism is less than 
the static internal friction measured in samples (Wang 
and Hu, 2006; von Huene and Ranero, 2003; Lallemand 
et al., 1994). Strength of the material in a margin 
derived from taper have often been averaged beyond 
the area at critical taper. Disorganized and unstable 
seafl oor of the frontal prism indicates an area at critical 
taper whereas the more stable middle slope commonly 
does not meet the critical taper criterion of a slope at or 
near failure. Interplate friction beneath the frontal prism 
derived from taper and fault geometry are as much as 
an order of magnitude less than assumed in the original 
model. Interplate friction suffi ciently low for all trench 
sediment to subduct is observed in seismic images and 
was drilled at the Costa Rican margin (Kimura et al., 
1997). Subduction of unconsolidated trench sediment 
beneath a poorly consolidated frontal prism requires 
the low basal friction consistent with “aseismicity” 
along the decollement of the frontal prism.

Channel thickness is a major uncertainty in quanti-
fying the mass-fl ux of the subduction system. The low 
velocity plate interface refl ective sequences associated 
with the subduction channel are considered indicators 
of hydration (Park et al., 2002). Hydration could extend 
above the channel into the fractured upper plate or 
below the channel into a porous upper ocean crust 
making a determination of thickness ambiguous. If 
interplate faults impede fl uid migration at the top of 
the subduction channel, a zone of more concentrated 
fl uid would occupy the thinner zone interpreted in 
wide angle seismic data (Christeson et al., 1999; 
Takahashi et al., 2000).

An indication of channel thickness is also derived 
from the mass required to balance material removed by 
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basal subduction erosion to cause slope subsidence. A 
rate of material removal estimated from subsidence 
and convergence rates yields a subduction channel 
thickness (cf. Vannucchi et al., 2003, 2004; Scholl and 
von Huene, 2008). A nominal channel thickness esti-
mate is roughly the 1 km lateral average of the high 
amplitude refl ective layer.

7 Discussion

A unifying “framework” concept of convergent margin 
tectonics can be developed around the thickness of 
trench sediment, segmentation, a modifi ed subduction 
channel concept, low interplate friction of the aseismic 
zone, and dynamic changes during an earthquake 
cycle.

7.1  Tectonics and Trench Sediment 
Abundance

Trench sediment abundance commonly correlates with 
accreting or eroding tectonics. In the subduction chan-
nel model a balance between channel capacity and the 
abundance of trench sediment is a fi rst order control. 
Where trench sediment volume and plate convergence 
rate have been steady for million year periods, all 
trench sediment less than ∼1 km thick subducts whereas 
a 2-km-thick trench sediment nearby looses the upper 
0.5–1 km by accretion. This approximation appears to 
hold globally (Clift and Vannucchi, 2004). Short peri-
ods of disrupted axial sediment transport leave a less 
obvious record.

The mechanisms that control subduction zone chan-
nel thickness in nature are not fully understood. In 
studies of convergent margin tectonics with sandbox 
experiments, varying the height of a gate at the back of 
the box varies the subduction channel layer thickness 
(Lallemand et al., 1994; Kukowski and Onken, 2006; 
Lohrmann et al., 2006). When the gate opening equals 
the thickness of the sand layer representing trench sed-
iment, all sand at the deformation front subducts 
whereas a greater or lesser gate opening allows erosion 
or accretion. Such a relationship between trench sedi-
ment and subduction channel thickness is seen in 
nature but an analogous controlling feature is not yet 

obvious. Mass fl ux control points along the subduction 
zone that have been identifi ed in seismic images are 
few and imaging in this region requires the most pow-
erful available techniques and a relatively simple geol-
ogy. Some associations indicate possible controls. The 
middle prism where relatively rapid rates of subsid-
ence are observed is probably a channel capacity con-
trol area. Another may result from character of the 
subducting plate. The subduction channel varies in 
thickness locally from basement relief and subducted 
horsts the height of the channel are overlain by a thin 
channel. Material strength above and below the plate 
interface fault zone and lithostatic load are probable 
controls. However until active subduction channels are 
sampled and physical properties are measured, under-
standing will probably advance with laboratory experi-
ments and numerical modeling. Not withstanding 
uncertainties regarding controlling mechanisms, the 
balance between subduction channel thickness and 
trench axis sediment thickness is a fi rst order control 
of erosion and accretion.

7.2  Upper Plate Strain and Interplate 
Friction

During earthquakes the dynamic friction of the seis-
mogenic zone is presumably less than its friction dur-
ing interseismic periods. Friction on faults during an 
earthquake are diffi cult to quantify and synthetic mod-
eling or wave-form analysis commonly do not include 
fl uid pressure pulses, opening and closing of fractures, 
and frictional heating including local fl ash-melting. 
The low fault and material strength in the frontal prism 
revealed by conjugate faults probably shows its 
dynamic strength during earthquakes. It is plausible 
that unstable morphology of the frontal prism forms 
principally during coseismic deformation. During 
interseismic periods deformation might occur from 
aseismic fault displacement and gravity tectonics. In 
the dynamic wedge theory, critical state is achieved 
during coseismic deformation in frontal prisms (Wang 
and Hu, 2006).

The paradox of a converging plate compressional 
environment and yet many small normal faults across 
the middle prism is most easily explained by transitory 
relaxation of the elastic strain during of shortly after an 
earthquake. When periodically relaxed suffi cient for 



152 R. von Huene et al.

small extensional displacements to occur, normal faults 
will grow incrementally. The oscillation of compression 
and brief extension can occur during earthquake cycles.

7.3  The Limited Width of the Frontal 
Prism

A mechanism that limits frontal prism width is indi-
cated by our compilation (Fig. 3). Self limiting is 
clearly observed where subducting seamounts form 
embayments. These breached areas fi ll very rapidly but 
only to their previous width. The narrow frontal prism 
above the 2 Km high subducting Nazca Ridge returns 
to its previous width in ∼4 Myr. Rapid accretion that 
stops at a limit requires a change in controlling pro-
cesses. A possible explanation involves the progressive 
change in physical properties up slope. In the trench 
axis, sediment has a normal vertical seismic velocity 
gradient that increases with depth. It parallels a vertical 
gradient of strength from weak at the top to relatively 
stronger at the bottom. This velocity/strength relation 
was measured in drill cores at DSDP site 499 in the 
Middle America Trench axis where the shear strength 
increased from near zero just below the seafl oor to 
∼50 kPa at 200 m. In the same interval the seismic 
velocity increased ∼300 m/s (Shipboard Party, 1982). 
At the deformation front of accreting margins the deep 
material that subducts is stronger than the shallower 
material that detaches and forms the overlying frontal 
prism. Even where all sediment subducts, the velocity 
gradient across the decollement steps from a lower one 
above it to a higher one below it (Saffer, 2003). After a 
clear decollement forms, the subducted section still 
retains its stratifi ed structure and relatively greater 
strength whereas the weaker sediment of the frontal 
prism above it deforms. During some period of the 
earthquake cycle the decollement must be the weakest 
element in the system and yet one that at times is stron-
ger than the prism in order to drive imbricate faulting.

Detailed velocity information from pre-stack depth 
migration processing (i.e., von Huene et al., 1999) 
shows that pore fl uid in the frontal prism drains rapidly 
as the frontal prism thickens tectonically. On the other 
hand, below the plate interface the subducted sediment 
must drain through a longer path that retards fl uid 
drainage and presumably development of greater sedi-
ment strength. As a margin wedge develops, the upper 

plate strength may increase faster than the subduction 
channel’s and as this continues the step to a higher 
velocity across the decollement could disappear. 
Where the subduction channel is a clear low velocity 
the step has inverted. The interplate fault beneath the 
middle prism probably collects water released by clay 
dehydration from the subduction channel as described 
earlier. The relative plate velocity shift occurs at or 
near the contact between the frontal and middle 
prisms.

If velocity is a proxy for material strength then the 
middle prism may be as strong or stronger than the 
subduction channel when averaged over multiple 
earthquake cycles. If the subduction channel and the 
interplate fault become relatively weak, the shear 
strength from subduction becomes insuffi cient to pro-
duce much permanent compressional deformation in 
the upper plate. Fully understanding the interplay 
between upper and lower plate strength and that of the 
interplate shear during an earthquake cycle will require 
better resolution in spatial and temporal observations. 
Relative strength and dynamics in the frontal and mid-
dle prism transition is an interesting candidate 
explanation.

7.4 Dynamics

An interplay between state of stress and strength of the 
interplate fault zone are explained in the Dynamic 
Coulomb wedge theory (Wang and Hu, 2006). The 
Dynamic Coulomb wedge contains a frontal and middle 
prism with dissimilar bulk rheology. Therefore stress 
during a seismic cycle affects each segment differently. 
During interseismic periods the middle slope segment 
and the continental framework store elastic strain 
(Fig. 8b). Low relative rates of permanent deformation 
occur in the middle prism and framework because they 
can store more elastic strain than frontal prisms. During 
an earthquake the released elastic strain extends the mid 
slope segment and it shoves against the frontal prism 
creating a transient coseismic pulse of rapid deforma-
tion and elevated pore fl uid pressure (Fig. 8a).

In many studies a time averaged steady state defor-
mation is assumed. However, the variation in stress 
between interseismic and coseismic periods is signifi -
cant as seen in the stress drop during an earthquake. 
Peak stress is the most likely time that major  permanent 
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deformation occurs. Physical parameters such as those 
from fl uid migration will vary locally during an earth-
quake as waves of fl uid pressure migrate along a rup-
ture plane and change its strength profi le. In fact it has 
been suggested that the plate interface becomes an 
aquatard during interseismic periods and with the 
release of strain it becomes an aquifer during and 
shortly after an event. Multibeam bathymetry with 
resolution greater than seismic refl ection images shows 
structure from the most recent tectonics which best 
link it to current seismicity.

The mechanics of eroding and accreting margins are 
probably more similar than commonly envisioned (i.e., 
Stern, 2002) considering the following. (1) Both accret-
ing and eroding margins have frontal prisms of similar 
width. (2) The taper angles alpha versus beta (Lallemand 
et al., 1994) if restricted to depth processed seismic 
records, scatter 4° or 5° along single margins whereas 
the maximum difference between accretionary and ero-
sional margins is only 8° (von Huene and Ranero, 2003; 
Wang and Hu, 2006). Thus taper variability in a single 
margin can be half of the extreme difference between 

accretionary and erosional end-member tapers. (3) 
Frontal prism strength of each type is similar. Strength 
derived from angular relations of conjugate faults for 
the erosional northern Chile frontal prism lies between 
the values for the accretionary Aleutian and Oregon 
prisms and is the same as that of Nankai. (4) Locations 
of modeled 100–150°C isotherms are locally similar 
with respect to seismicity (Oleskevich et al., 1999).

Different seafl oor morphologies apparent in multi-
beam bathymetric perspective diagrams probably 
refl ect dominance of one middle prism tectonic pro-
cess for longer periods or subduction of major seafl oor 
relief as at Juan Fernandez Ridge. Although the rocks 
comprising each margin are petrologically different, a 
more dominant factor in end-member tectonics is the 
degree of framework rock fracturing in eroding mar-
gins and sediment consolidation in accreting ones. 
Locally, accretion and erosion interchange readily.

Material difference in a frontal prism appear to 
infl uence tectonics minimally. The few estimates from 
analysis of conjugate faults and landslide geometry 
show that a frontal prism of mass wasting rubble and a 
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prism of trench sediment have similar dynamic 
strengths (von Huene and Ranero, 2003; Wang and 
Hu, 2006).

8 Summary

Improved geophysical imaging has revealed structure 
that was obscure during early development of conver-
gent margin models. With new information we draw 
ideas about accretion and erosion closer together in a 
more unifi ed framework concept. The conventional 
“accretionary wedge” is resolved into three structural 
segments. A rapidly deforming frontal prism is sepa-
rated by a splay fault or transitional contact from a 
moderately stable middle prism that in turn grades into 
a relatively stable inner prism of coherent margin 
framework structure. Eroding margins are also resolved 
into three segments beginning with a frontal prism 
structured like that of accreting margins and a similar 
inner prism. The moderately stable middle prism is 
commonly cut by normal faults, it has a reduced seis-
mic velocity, and its morphology clearly differs from 
the parent margin framework of the inner prism. This 
tripartite framework characterizes most seismic images 
acquired with large modern systems and processed in 
depth, especially when integrated with multibeam 
bathymetry. Segmentation corresponds with an aseis-
mic frontal region where few if any plate interface 
earthquakes are recorded that becomes seismogenic 
beneath the middle prism or inner prism.

The upper plate’s basal boundary is the plate inter-
face fault separating it from the underlying subduction 
channel. The channel is a layer of trench sediment and 
erosional debris on top of oceanic basement. The sub-
duction channel is segmented as shown in a recent stud-
ies of seismic data and in studies of a fossil subduction 
channel in outcrops on land. These results indicate a 
division that roughly matches segments of the upper 
plate. The subducted material begins as a stratifi ed 
sequence and its seismic velocity down dip is consistent 
with a progressive consolidation as would be expected. 
Much of the channel clastic material is stratifi ed and 
not a slurry as originally conceived. A multifaceted 
mechanics can be anticipated once more detailed struc-
tural evidence and physical properties are resolved.

The mass fl ux (material movement and its source) 
and inferred mechanics are specifi c to each segment. 

Frontal prisms add relatively small volumes of mate-
rial to a margin especially when composed of mostly 
repositioned slope materials. They widen or narrow 
readily in response to changes in character of the 
subducting plate: in other words they can accret or 
erode in response to a rough or smooth subducting 
seafl oor. Their widths are commonly within a 
5–30 km range globally and their constrained width, 
whether a trench axis is sediment fl ooded or starved, 
indicates a self limiting mechanism. Processes in the 
frontal prism reduce friction suffi cient to allow sub-
duction of soft trench sediment beneath poorly con-
solidated prism sediment. A fault within weak 
materials is weak, consistent with absence of plate 
interface seismicity.

Eroding and accreting middle prism are differenti-
ated based on structure and mass fl ux. At accreting 
margins the frontal prism’s highly deformed sediment 
is tectonically added to the middle prism which may in 
turn become part of the upper plate’s older margin 
framework. At eroding margins, framework rock struc-
ture is commonly imaged down slope to the actively 
deforming frontal prism. However, seismic velocity 
much lower than its framework rock parent indicates 
pervasive fracturing across eroding margin middle 
prisms. Thus the greatest difference between eroding 
and accreting margins are observed in middle prisms 
whereas the frontal prism and inner prism seismic 
images are similar.

The subduction channel concept offers a simple and 
practical framework to visualize convergent margin 
mass fl ux. When trench axis sediment is thicker than 
subduction zones can accommodate the surplus mate-
rial accretes, and when thinner the margin erodes. 
Observations indicted that trench sediment greater 
than ∼1 ± 0.5 km thick is associated with accretion and 
less than ∼1 ± 0.5 km thick with erosion, thereby gen-
erally bracketing channel thickness. This is consistent 
with thickness of high amplitude refl ective sequence 
along plate boundary that is presumed to be the sub-
duction channel (e.g., Nankai, Bangs et al., 2006; 
Ecuador, Sage et al., 2006). The relation between 
trench sediment thickness and subduction channel 
thickness is a fi rst-order control on whether the mar-
gin’s dominant mass fl ux is erosional or accretionary.

Eroding and accreting margins may be composed 
of different materials but their frontal prism width and 
critical tapers, plate interface friction, subduction 
channel thickness, porosity, and modeled temperature 
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profi les are similar at current scales of investigation. 
Stress drops during earthquake rupture are similar so 
the plate interface dynamic strength and fl uid pressures 
could reach similar peak values in both margin types. 
Physical properties derived from structure appear sim-
ilar and it is peak dynamic forces that are most likely 
to shape major tectonic features.

The kinematic subduction channel concept is con-
sistent with the Dynamic Coulomb Wedge theory 
(Wang and Hu, 2006) which specifi es the time frame 
within which processes occur. The two prism time 
varying dynamic model can remove the paradox of an 
eroding margin with an “accretionary structured” 
imbricated frontal prism. It provides a better under-
standing of how plate convergence can be coeval with 
active normal faulting of the middle slope given the 
oscillatory relaxation of contractile strain during seis-
mic cycles. Erosional and accretionary margins have 
more similar features than often inferred and it is the 
middle prism that displays basic rock and mechanical 
differences.

The tectonic effects of different inter-plate mass 
transfer schemes with regard to seismicity and tsunamis 
have been argued without an emerging consensus. Lack 
of consensus emphasizes the need for fi ner resolution in 
controlled source seismic data and a need for scientifi c 
drilling into plate interfaces to signifi cantly advance 
understanding of convergent margin dynamics.
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1 Introduction

Subduction zones are quite variable ranging from 
extensional to compressional (Uyeda and Kanamori 
1979). They also vary in seismic activity; compressional 

arcs such as the Chilean arc have a higher seismic cou-
pling ratio than extensional arcs such as the Mariana arc, 
resulting in more great earthquakes in compressional 
arcs (e.g., Pacheco et al. 1993). Scholz and Campos 
(1995) found that seismic coupling in a subduction zone 
is correlated with the normal force acting on the plate 
interface, that is, higher seismic coupling is expected 
when the normal stress acting on the plate interface is 
higher, and lower seismic coupling is expected when 
lower normal stress is acting on the plate interface.

Abstract Recent geodetic and seismological observations have revealed that brittle-
plastic transition zones at subduction zone interfaces are loci of slow slip episodes and 
nonvolcanic harmonic tremors. It is therefore important to estimate the depth range of 
brittle-plastic transition zones and how interplate locking changes with space and time 
within the brittle-plastic transition zone, not only for understanding the interseismic 
stress accumulation process in subduction zones but also to explore the causes of slow 
earthquakes and nonvolcanic harmonic tremors. With this point of view, the depth 
variations of interplate locking status in the Nankai trough, southwest Japan, were 
investigated by inverting vertical Global Positioning System (GPS) velocities. Although 
vertical component of GPS velocities have rarely been used as important information 
because of its higher noise level, we employed vertical, rather than, horizontal, veloci-
ties because the vertical deformation fi eld will enable us to separate rigid plate motions 
from deformation due to interplate locking; horizontal displacements contain both 
rigid plate motion and deformation from interplate locking, whereas vertical displace-
ments contain only the interplate locking effect. Interplate locking was estimated for 
three profi les: the source region of the 1946 Nankaido earthquake, that of the 1944 
Tonankai earthquake, and the Tokai seismic gap. The results show a gradual decrease 
of interplate coupling between about 20–25 and 35–45 km depth with a plateau region 
between 25–35 km for all three profi les. These plateaus may be interpreted as stable–
unstable boundary in rate- and state-dependent friction or represent the change in 
mechanism (say, frictionally to plastically) or material. The depth of the brittle-plastic 
transition zone in the Tokai profi le seems to be shallower than other two probably 
because of the younger and hotter Philippine Sea plate in the Tokai area.
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Compressive subduction zones, where seismic 
coupling is high, are loci of great earthquakes. Over 
90% of the total seismic moment in the world is 
released from subduction zones (Pacheco and Sykes 
1992). Because a great interplate earthquake ruptures 
where plate interface is at least partially coupled, delin-
eating the depth distribution of interplate locking of 
subduction zones is important in assessing seismic 
hazard.

A subduction zone is characterized by updip and 
downdip limits of the seismogenic zone (e.g., Byrne 
et al. 1988; Stern 2002). The updip limit of the seis-
mogenic zone occurs because the shallower part is not 
capable of nucleating earthquakes due to unconsoli-
dated sediments with high pore pressure in the accre-
tionary prism (e.g., Byrne et al. 1988; Stern 2002). 
Vrolijk (1990) speculated that the updip limit of the 
seismogenic zone is controlled by a transformation 
from smectite, which deforms stably, to illite, which 
may exhibit stick–slip behavior. This transformation 
occurs at ∼150°C, which is considered to mark the 
updip limit of the seismogenic zone.

The downdip limit of the seismogenic zone marks 
the transition from stick–slip to aseismic behavior. 
In continental faults, such as the San Andreas fault, the 
onset of quartz and feldspar plasticity are at 300°C and 
450°C, respectively (e.g., Sibson 1984; Scholz 2002). 
These isotherms are thought to bound a brittle-plastic 
transition zone. Temperatures in the brittle-plastic 
transition zone of subduction zones are different in 
different subduction zones because the depth range of 
the brittle-plastic transition zone may be controlled by 
factors other than temperature, such as, the mineral-
ogical composition of the plate interface. Comparison 
between geodetic data and heat fl ow modeling sug-
gests that the brittle-plastic transition zone lies between 
25 and 35 km depth for the Nankai trough (e.g., 
Hyndman et al. 1995).

Recent geodetic measurements have revealed that 
slow slip episodes occur in the deeper extension of the 
seismogenic zone, that is, brittle-plastic transition zone, 
of subduction zones all over the world such as in south-
west Japan (e.g., Hirose et al. 1999; Ozawa et al. 2002; 
Miyazaki et al. 2003, 2006), northeast Japan (e.g., Heki 
et al. 1997; Kawasaki et al. 2001), Cascade (e.g., Dragert 
et al. 2001; Miller et al. 2002), Guerrero, Mexico 
(Kostoglodov et al. 2003; Larson et al. 2004; Yoshioka 
et al. 2004), Alaska (Ohta et al. 2006), and Hikurangi, 
New Zealand (Douglas et al. 2005). More detailed 

analyses revealed that these slow slips repeat more or 
less periodically in many subduction zones such as 
southwest Japan (e.g., Hirose and Obara 2005, 2006; 
Ozawa et al. 2007), Cascadia (Dragert et al. 2001; Miller 
et al. 2002), and New Zealand (Douglas et al. 2005).

Recent development in seismic network allowed 
us to discover deep low-frequency tremors in nonvol-
canic regions. It was Obara (2002) that fi rst discovered 
nonvolcanic tremors and subsequently these tremors 
are found in the Cascadia subduction zone (e.g., Rogers 
and Dragert 2003), as well as in the continental lower 
crust or upper mantle (e.g., Ohmi and Obara 2002; 
Nadeau and Dolenc 2005). Further studies unraveled 
some characteristics of the deep low-frequency trem-
ors such as simultaneous occurrence of slow slips and 
tremors (e.g., Rogers and Dragert 2003; Obara et al. 
2004; Hirose and Obara 2006), migration of epicenters 
(e.g., Obara et al. 2004; Kao et al. 2007), and the 
 existence of similar tremors with lower frequency con-
tents (Ito et al. 2007). A seismic refl ection survey of 
Nedimović et al. (2003) speculated that the depth of the 
source of slow deformation inferred by Dragert et al. 
(2001) are in the brittle-plastic transition zone. More 
recently, Shelly et al. (2006) found a zone high V

p
/V

s
 

ratio in the brittle-plastic transition zone of the Nankai 
trough, suggesting that high pore pressure there may 
control the occurrence of the slow slips and tremors in 
brittle-plastic transition zones.

The mechanics of slow slips and deep low-
frequency tremors seems still enigmatic except that 
dehydration from the subducting slab may be respon-
sible for the generation of deep low-frequency tremors 
(e.g., Katsumata and Kamaya 2003); Ohmi and Obara 
(2002) suggested that focal mechanisms of deep low-
frequency tremors have signifi cant volume changes, 
while more recent studies of Ide et al. (2007a) and 
Shelly et al. (2007) demonstrated that these are purely 
shear slips. In addition, Ide et al. (2007b) constructed 
a scaling law for both slow slips and low-frequency 
tremors in which the seismic moment M

0
 and the char-

acteristic duration T are scaled as M
0
 μ T, in contrast to 

M
0
 μ T3 for small “fast” earthquakes (e.g., Scholz 

1994). They interpreted slow slips and deep low-
frequency tremors as diffusion processes where the 
source length L and T are scaled as L μ T1/2, in contrast 
to L μ T for small “fast” earthquakes (e.g., Scholz 
1994), but Watanabe et al. (2007) gave a different 
scaling law for deep low-frequency tremors where L is 
size-independent.
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With this point of view, It is important to estimate 
the depth range of brittle-plastic transition zones and 
how interplate coupling changes within the brittle-
plastic transition zones, not only for understanding the 
interseismic stress accumulation process in subduction 
zones but also for exploring the causes of slow slip and 
deep low-frequency tremors. Here we image depth 
variations of interplate locking status by inverting geo-
detic data to gain more insight into the rheology of the 
brittle-plastic transition zones in subduction zones.

We employ vertical, rather than horizontal, defor-
mation fi eld from Global Positioning System (GPS) 
data, although previous studies used horizontal defor-
mation fi eld to estimate interplate locking status 
(e.g., Miyazaki and Heki 2001; Wang et al. 2003). 
Employing only the horizontal velocities as data does 
not permit the separation of rigid plate motions and 
interplate coupling effect because horizontal displace-
ments include both contributions. Thus rigid plate 
motions could thus be mapped into interplate locking, 
leading to a misunderstanding of its spatial distribu-
tion. To avoid this problem, Mazzotti et al. (2000) 
employed volumetric strain data obtained by spatial 
differentiation of horizontal velocities to invert for 
interplate locking. with a defi nition that rigid plate 
motion does not produce volumetric strains. However, 
the spatial resolution of interplate locking is then 
poor because the spatial differentiation of displace-
ment data results in the introduction of additional noise 
to the data. These problems can be avoided by using 
vertical velocities to discriminate between the rigid 
plate motions and interplate locking effect. Here we 
neglected vertical deformation produced by inter-arc 
deformation but this assumption is justifi ed because 
focal mechanisms of crustal earthquakes in southwest 
Japan arc suggest that the region is under a strike–slip 
regime which likely produces little vertical inter-arc 
deformation (Wang 2000; Townend and Zoback 2006).

The vertical component of GPS displacements has 
rarely been used for quantitative analyses because of 
its higher noise level mainly due to atmospheric distur-
bance of the GPS signal, but we apply Principal 
Component Analysis to (e.g., Menke 1989), which is 
commonly used in tide gage data analysis (e.g. Savage 
and Thatcher 1992; Savage 1995), to improve the 
signal-to-noise ratio of the time series. The velocities 
thus obtained from the “cleaned” time series are then 
combined with 25 year tide gage records to obtain 
absolute vertical velocities.

Aoki and Scholz (2003b) obtained depth variations 
of interplate locking at the source region of the 1946 
Nankaido earthquake. They found a gradual decrease 
of interplate locking between 25 and 40 km depth with 
a plateau around a depth of 30 km. Here we also 
estimate interplate lockign for other two profi les, the 
source region of the 1944 Tonankai earthquake and 
the Tokai seismic gap, to check whether the character-
istics of interplate locking shown by Aoki and Scholz 
(2003b) are a general property or not.

2  Kinematics, Dynamics, and 
Mechanics of Subduction Zones

We are going to discuss the mechanics of a subduction 
zone during an interseismic period in subsequent 
sections. Because how the kinematics of the plate 
interface inferred from geodetic data is translated into 
the dynamics, such frictional properties, and mechan-
ics is not necessarily well explained in previous litera-
tures (e.g., Wang et al. 2003; Wang and Dixon 2004), 
here we describe how we gain insights into the mechan-
ics of the plate interface from geodetic data during an 
interseismic period.

Geodetic data gives us a snapshot of the kinematics 
of the plate interface during a seismic cycle. Geodetic 
data during an interseismic period thus provides us with 
a strain accumulation process during a seismic cycle. 
In subduction zones capable of generate great earth-
quakes, such as the Nankai trough, southwest Japan, the 
plate interface is locked at shallow depths (Fig. 1), 
although shallowest depths are not capable of nucleat-
ing earthquakes due to elevated pore pressure (e.g., 
Byrne et al. 1998; Stern 2002) but mechanically locked 
(McCaffrey 2002; Wang and Dixon 2004). At depth, 
the plate interface is unlocked because the elevated 
temperature promotes plastic deformation there.

The kinematic properties on the plate interface 
inferred from geodetic data is related to dynamic 
and mechanical properties via numerical simulations 
of seismic cycles. Tse and Rice (1986) simulated seis-
mic cycles on a two-dimensional fault with depth-
dependent fault properties, where rocks at shallower 
depths have velocity weakening properties and rocks 
at depth have velocity strengthening properties. Their 
simulation shows that during an interseismic period 
the plate interface is fully locked at shallower depths 
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but not to a depth of the transition between velocity 
weakening to strengthening (Fig. 1). Also they show a 
broad transition from locked to unlocked at depths 
around the transition between velocity weakening to 
strengthening (Fig. 1). We defi ne this transition zone 
appeared in the numerical simulation a brittle-plastic 
transition zone. Fig. 1 summarizes the relation among 
kinematic, dynamic, and mechanical representation of 
subduction zones.

Because a numerical simulation of Tse and Rice 
(1986) does not take slow slip transients into account, 
geodetic data in our analysis was picked to represent 

purely the strain accumulation process and not to 
include slow slip transients observed in a part of the 
Nankai trough in 2000 and later.

3 The Nankai Trough

The Nankai trough (Fig. 2) is one of the most studied 
subduction zones. The Philippine Sea plate subducts 
beneath the Eurasian plate at the Nankai trough 
obliquely at ∼50 mm per year (Seno et al. 1993; Zang 
et al. 2002). Stresses due to the interaction between the 
subducting Philippine Sea plate and overriding Eurasian 
plate are released by periodic great earthquakes with 
magnitude 8 or larger, most recent ones being the 1946 
Nankaido and 1944 Tonankai earthquakes.

The Nankaido earthquake ruptured the western 
neighborhood of an area the Tonankai earthquake rup-
tured. Geodetic (e.g., Sagiya and Thatcher 1999) and 
tsunami data (e.g., Tanioka and Satake 2001; Baba and 
Cummins 2005) suggest that the rupture zone of the 
Nankaido earthquake extends more to the west of the 
rupture zone inferred from seismic waves (Kanamori 
1972), implying the slow rupture, large afterslip, or 
both occurred to the west of the mainshock rupture. 

Depth

Stable
Unstable
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Brittle

Transition
Plastic

Locked

Transition
Unlocked

Fig. 1 A schematic representation of kinematics dynamics, and 
mechanics of a subduction zone during an interseismic period
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Fig. 2 Tectonic setting aroud the Nankai trough. 
EUR and PHS indicates the Eurasian and Philippine 
Sea plate, respectively. Profi les (A), (B), and (C) 
correspond to the Nankaido, Tonankai, and Tokai 
profi les in Figs. 7 and 8. Depth contours of subducting 
Philippine Sea plate and approximate source regions 
for the 1946 Nankaido, 1944 Tonankai, and Tokai 
seismic gap are also shown
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Kodaira et al. (2000) found a subducting seamount 
near the western end of the rupture zone inferred from 
seismic waves (Kanamori 1972), suggesting that it 
may have controlled the seismic rupture during the 
Nankaido earthquake.

Ando (1975) compiled an earthquake history of this 
plate boundary going back to seventh century using 
felt reports and tsunamis and concluded that great 
earthquakes repeat there every 150 years or so. The 
eastern end of the Nankai trough, the Tokai seismic 
gap, has not ruptured for more than 150 years since 
1854. a the next great earthquake is considered to be 
impending (Ishibashi 1981).

The Nankai trough is the ideal place to study the 
depth variation of interplate locking because there 
exists a dense continuous GPS network capable of 
imaging spatial variation of interplate locking. Aoki 
and Scholz (2003b) obtained the depth variation of 
interplate coupling at the source area of the 1946 
Nankaido earthquake (line A; Fig. 2). They showed 
that a brittle-plastic transition zone extends between 
25 to 40 km depth, consistent with heat fl ow modeling 
(e.g., Hyndman et al. 1995). The Nankaido earthquake 
ruptured down to 35 km depth (Sagiya and Thatcher 
1999), to the middle of the brittle-plastic transition 
zone, consistent with a numerical simulations using 
fault friction laws (Tse and Rice 1986; Scholz 1998).

Aoki and Scholz (2003b) also showed that inter-
plate locking does not decrease monotonically from 
1 to 0 in the brittle-plastic transition zone but there is a 
small plateau region at 32–38 km depth range. Because 
a numerical simulation assuming frictional behavior 
from top to bottom predicts a monotonic reduction 
of interplate locking in brittle-plastic transition zone 

(Tse and Rice 1986), Aoki and Scholz (2003b) specu-
lated that there is either a change in mechanism (say, 
from frictional to plastic) or phase, or both, at that 
depth range. Here we examine the depth variation of 
interplate locking in other profi les in the Nankai trough 
to check whether or not this is a general property.

4 Interseismic Vertical Velocities

We obtained an interseismic velocity fi eld following 
a method of Aoki and Scholz (2003a) which is briefl y 
described in this section; see Aoki and Scholz (2003a) 
for details. We used continuous GPS data operated by 
Geographical Survey Institute of Japan to obtain inter-
seismic velocities. We selected GPS data between 
March 21, 1996, and December 31, 1999. Although 
the data in 2000 or later is available, we ignored these 
data to avoid the perturbation of the velocity fi eld dur-
ing an interseismic strain accumulation period from a 
volcanic activity in nothern Izu islands (e.g., Nishimura 
et al. 2001) and slow slip episodes in the Tokai seismic 
gap (Ozawa et al. 2002; Miyazaki et al. 2006).

The raw GPS data were fi rst denoised by Principal 
Component Analysis, an effective method for extract-
ing spatially correlated modes. It is also known as 
Empirical Orthogonal Function analysis, and has been 
commonly used to detect common modes signals in 
tidal data (e.g., Savage and Thatcher 1992; Savage 
1995). It resolves simultaneously observed data into a 
superposition of several common modes, each of 
which are orthogonal. Figures 3 and 4 depict the eight 
lowest principal component modes and the ten highest 
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eigenvalues normalized by the highest one, respec-
tively. Fig. 3 shows that Mode 1 and 2 correspond to 
linear interseismic deformation and deformation with 
an annual cycle. Here we extracted mode 1 only and 
neglected higher modes because eigenvalues of the 
higher modes are low (Fig. 4).

Although the procedure described above allows us 
to obtain a velocity fi eld, it may not refl ect the abso-
lute vertical velocity fi eld because the GPS data 
we used are processed to give an a priori velocity to 

a reference GPS site. The GPS vertical velocity fi eld 
obtained here therefore needs to be combined with 
tide gage data to obtain absolute vertical velocities 
in this case because they represent absolute vertical 
velocities if corrected for global sea level change, 
here we took a value 1.8 ± 0.1 mm per year from 
Douglas (1991).

Figure 5 shows the distribution of vertical velocities 
in southwest Japan overlayed by detph contours of 
subducting Philippine Sea plate compiled from the 
distribution of microearthquakes (Hashimoto et al. 
2004). The result shows a clear uplift pattern up to 
8 mm per year parallel to the Nankai trough and sub-
sidence pattern near the Suruga trough, indicating the 
overriding Eurasian plate is down-dragged by the 
subducting Philippine Sea plate. On the other hand, 
no clear deformation pattern is seen along the Pacifi c 
coast of Kyushu, probably indicating weak or no inter-
action between the subducting Philippine Sea plate 
and overriding Euraisn plate, as expected from lack of 
M > 8 earthquakes in the area (e.g., Shiono et al. 1980). 
The alternative interpretation of this is that the steep 
subduction the Philippne Sea plate there prohibits large 
deformation on land even if the plate interface is fully 
locked.
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5 Method

We inverted GPS vertical velocities thus obtained for 
the depth variation of interplate locking for three pro-
fi les in the Nankai subduction zone, the source region 
of the Nankaido (line A; Fig. 2) and Tonankai (line B) 
earthquakes, and the Tokai seismic gap (line C). 
As noted above, vertical velocities are capable of sepa-
rating rigid plate motion from interplate coupling 
because rigid plate motion produces no vertical motion 
(Aoki and Scholz 2003a, b) and vertical velocities are 
more sensitive than horizontal velocities to interplate 
locking on a shallow-dipping fault like the Nankai 
trough.

As in Aoki and Scholz (2003b), we employed 
a two-dimensional model for interplate coupling in 
each profi le, in which the interplate locking coeffi cient 
is a function of depth only, to obtain better resolution 
of the depth variation by simplifying the problem. 
Vertical velocities of GPS sites within a 50 km band on 
each side around each profi le, shown in Fig. 2, are used 
for the inversion. We employed the slip defi cit model 
of Savage (1983) in which the overriding plate is 
down-dragged at the same velocity as the subducting 
plate when the interplate locking is full, while the 
overriding plate does not deform at all when the inter-
plate locking is zero. The shape of the plate interface is 
taken from Hashimoto et al. (2004) who complied it 
from the distribution of microearthquakes. Figure 6 
shows the geometries of the plate interface for the three 
profi les.

The observation equation is given by

 d = Gm + e, (1)

where the data d and the model m are related by the 
data kernel G (Mansinha and Smylie 1971; Rani and 
Singh 1992), and e is the error in the data which is 

assumed to have a Gaussian distribution with zero 
mean and covariance Σ. Our goal is to fi nd m to 
minimize

 E = (d − Gm)T Σ−1
d  (d − Gm) + λ2 (Dm)T (Dm), (2)

where Σ
d
 and D are the covariance matrix associated 

with d and the fi nite approximation of the second-order 
differentiation for the spatial smoothness of the solu-
tion, respectively. λ is a damping parameter, the larger 
value of which gives a smoother solution but less spa-
tial resolution.

We determined the appropriate value of λ2 by 
a mathematical method, not by a visual inspection, 
by applying the cross-validation method (Wahba 1990) 
to determine the value of λ2. The cross-validation 
method is based on the idea that a good model well 
predicts unused from used data. The cross-validation 
sum of squares (CVSS) is given by

 =

l = -å2 2

1

1
CVSS( ) ( )

N
p

k k
k

d d
N  

(3)

where N is the number of data, d
k
 and d

k
p are the unused 

data and predicted data from the rest of N − 1 data. The 
optimal damping parameter is the one that minimizes 
CVSS.

We obtained two different depth variations of inter-
plate locking. One is with a constraint that interplate 
locking must be between 0 (fully unlocked) and 1 (full 
locked, the upper plate is down-dragged by a velocity 
of relative plate convergence) with 1 at the surface and 
0 at the bottom (60 km for the Tonankai profi le and 
50 km for the other two profi les). The other is with the 
same constraint as the fi rst one plus the constraint that 
interplate locking must not increase with depth. Our 
boundary condition that interplate locking is 1 at the 
surface does not imply that we assume the shallowest 
part is capable of nucleating a great earthquake; a force 
balance calculation of McCaffrey (2002) demonstrated 
the breakdown of the slip defi cit theory of Savage 
(1983) at the shallowest depth and the shallowest part 
of a subduction zone is down-dragged by the subduct-
ing plate if interplate locking is high at depth, even if 
the shallowest part is not capable of initiating a large 
earthquake. This indicates that geodetic data alone has 
not inherently a resolving power to explore interplate 
locking near the surface at a subduction zone.
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Fig. 6 Geometry of the plate interface for the Nankaido (solid), 
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the distribution of microearthquakes (Hashimoto et al. 2004)
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6 Results and Discussion

Figures 7 and 8 show the inversion results. Figure 7 
depicts the result with the boundary condition that 
interplate locking from 1 at the surface and 0 at the 

bottom (60 km for the Tonankai profi les and 50 km for 
the other profi les). Figure 8 depicts the result with the 
tighter constraints by adding a constraint that interplate 
coupling must decrease with depth from the Fig. 7 
case. Again, note that our boundary condition does not 
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imply that we assume the shallowest part is capable 
of nucleating a great earthquake, as described in the 
previous section.

Both inversion results (Figs. 7 and 8) show graduate 
reductions of interplate locking from 1 to 0 between 
about 20–25 and 35–45 km depth for all three profi les. 
As noted by Aoki and Scholz (2003b), this depth range 
for the brittle-plastic transition zone for the Nankaido 
profi le (Figs. 7a, 8a) is comparable with a result from 
heat fl ow modeling (e.g., Hyndman et al. 1995) which 
suggests that the temperature of the plate interface is 
350°C at 25 km and 450°C at 35 km.

What does our result imply for an interseismic 
strain accumulation model? There have been debates 
as to how the schizosphere and plastosphere behave 
to accumulate strain during the interseismic period. 
There are three basic models; the viscoelastic coupling 
model (e.g., Nur and Mavko 1974) in which a viscous 
plastosphere is overlain by a brittle schizosphere, the 
strong plastosphere model (e.g., Bourne et al.1998) in 
which deformation is governed by a strong plasto-
sphere overlain by a weak schizosphere, and the deep 
slip model (Savage and Prescott 1978) in which the 
fault extends from a seismogenic schizosphere through 
a plastic plastosphere. Among the three, the deep slip 
model is supported by the geological interpretation 
that mylonite belts represent ductile shear zones in the 
plastosphere (Scholz 1988, 2002), results from seismic 
refl ection studies that a fault extends into the lower 
crust (Henstock et al. 1997; Parsons 1998), and geo-
detic data (Gilbert et al. 1994). Our inversion result 
clearly endorse the likeliness of the deep slip model, 
as Savage (1995) pointed out that the viscoelastic 
coupling model is inconsistent with the tide gage data 
for the Nankai trough region. In the case of subduc-
tion, the strong plastosphere model can be ruled out 

because the loading is driven by the downgoing plate 
rather than the lower crust. Geodetic data cannot 
resolve the depth distribution of the seismic locking 
for a vertical strike–slip fault like the San Andreas 
fault (Mavko 1981) nor distinguish the three models 
shown above (Savage et al. 1999), but vertical defor-
mation with GPS stations directly above a shallow 
dipping fault, as in the present case, are capable of 
resolving slip at depth suffi cient to distinguish between 
the models.

If interplate locking is seen in terms of the relative 
velocity of the plate motion, we fi nd that the brittle-
plastic transition zone is acting like a deep-buried 
crack in which a crack tip is at the top of the brittle-
plastic transition zone. The linear reduction of seismic 
coupling near the top of the brittle-plastic transition 
zone (Fig. 7) suggests that the brittle-plastic transition 
zone acts as a plastic rather than elastic crack. This is 
similar to the linear reduction of slip as a fault tip 
is approached (Dawers et al. 1993).

In all three profi les, interplate locking does not 
decrease monotonically with depth, but it decreases to 
a plateau region, after which it decreases rapidly to 
zero (Figs. 7, 8). Resolution tests for the Fig. 7 case 
(Fig. 9) show that these plateaus are likely to exist. 
The inversion results with tighter constraints also 
exhibits the plateau region (Fig. 8), confi rming the 
existence of such plateau region. Although this feature 
has already seen by Aoki and Scholz (2003b), the fact 
that the plateaus are seen in each profi le reinforces the 
the credibility of this feature. The plateaus are not 
expected from a seismic cycle simulation assuming 
frictional behavior from top to bottom, where inter-
plate coupling is expected to decrease smoothly with 
depth (Tse and Rice 1986; Scholz 1998). If the brittle-
plastic transition zone is fl owing plastically, we would 
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expect interplate locking to decrease exponentially 
with depth (e.g., Brace and Kohlstedt 1980). The 
existence of the plateaus suggests that there is either 
a change in mechanism or material, or both, at that 
depth. The depth range of the plateau for the Tokai 
profi le (Fig. 7c) coincide well with that of the observed 
slow slip episodes in this region (e.g., Ozawa et al. 
2002, Hirose and Obara 2005, 2006; Miyazaki et al. 
2006). A recent seismic survey also suggests high pore 
pressure there, which may help to promote aseismic 
slip (Kodaira et al. 2004; Shelley et al. 2006). These 
may imply that ongoing slow slip in the Tokai seismic 
gap has something to do with high pore pressure and 
the plateau of interplate coupling detected in this study. 
One possibility for slow slip episodes is that they 
represent the slow oscillations that occur near the 
stable–unstable boundary in rate- and state-dependent 
friction (Scholz 2002, pp. 88–89). Provided that the 
slow slip episode is ongoing at a depth range where 
the plateau is seen, the plateau may mark the stable–
unstable boundary in rate- and state-dependent friction. 
Recent receiver function analyses revelaed that the 
Moho depth of the overriding plate (Eurasian plate) 
along the Nankai trough is approximately 30–35 km 
(e.g., Shiomi et al. 2004), implying that a change in 
material properties of the upper plate may control the 
existence of the plateau and the occurrence of slow slip 
episodes.

Although the shapes of brittle-plastic transition 
zones are similar for all profi les, the depth ranges of 
them are slightly different; the brittle-plastic transition 
zone starts about 25 km depth for the Nankaido and 
Tonankai profi les (Figs. 7a, b, 8a, b), while it starts 
shallower, about 20 km depth, for the Tokai profi le 
(Figs. 7c, 8c). Also, the brittle-plastic transition zone 
ends at about 36 km depth for the Tokai profi le 
(Fig. 7c), while it extends below 40 km depth for both 
the Nankaido and Tonankai profi les (Figs. 7a, b, 8a, b). 
This difference is readily be explained by the differ-
ence in slab temperatures for each profi le. Because the 
depth range of the brittle-plastic transition zone is 
controlled by temperature, cooler plates should have 
deeper brittle-plastic transition zones. We thus expect 
higher slab temperature for the Tokai profi le than other 
two. In general, slab temperature is controlled by 
several factors including age, dip angle, and velocity 
of subducting slab (Molnar and England 1995); 
younger, steeper, and slower slab give higher tempera-
ture at a given depth. The age distribution of Philippine 

Sea plate is controversial; Taylor et al. (1991) and 
Okino et al. (1999) suggested that the Philippine Sea 
plate is younger to the east and older to the west, that 
is, it is younger than 10 Ma at the Tokai seismic gap 
and about 20 Ma at the source region of the Nankaido 
earthquake. On the other hand, recent heat fl ow 
measurements of Yamano et al. (2003) show the pres-
ence of an old ridge near the source region of the 
Nankaido earthquake, suggesting that the Philippine 
Sea plate is older to the east. Even if the age of the 
Philippine Sea plate is older for the Tokai profi le than 
the Nankaido profi le, it is probably reasonable to con-
sider that the slab is hotter for the Tokai profi le because 
the Tokai slab subducts more slowly and steeply.

Estimating the updip limit of the seismogenic zone 
is important for assessing seismic hazards caused by 
a great interplate earthquake. The ∼ 10 km of the plate 
interface in the Nankai trough may not be locked 
because (1) pore pressure is generally high within the 
accretionary prism (Byrne et al. 1988) which seems 
indicated from a recent seismic refl ection survey that 
shows a strong refl ector in the Nankai accretionary 
prism above 9 km (Park et. al. 2002), and (2) geodetic 
data indicates that the rupture in the 1946 Nankaido 
earthquake did not likely reach to the surface (Sagiya 
and Thatcher 1999). Unfortunately, however, geodetic 
data cannot estimate the locking status at shallower 
depths because observed deformation is insensitive 
to the locking status at shallower depths. In addition, 
McCaffrey (2002) demonstrated from the force bal-
ance that the shallowest part of the plate interface is 
down-dragged regardless of the locking status at the 
shallow depths if interplate locking is strong at depth.

7 Conclusion

We derived the depth variation of interplate locking in 
three profi les along the Nankai trough, southwest 
Japan, from vertical GPS velocities. The coupling pro-
fi les for the Tonankai and Tokai regions have the same 
characteristics as found at the Nankaido profi le (Aoki 
and Scholz 2003b). Thus these features, a broad grad-
ual brittle-plastic transition zone with a plateau in the 
middle, appear to be general properties of the Nankai 
subduction zone. The depth range of the brittle-plastic 
transition zone are deeper for the eastern profi le and 
shallower for the western profi le, which implies hotter 
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slab in the Tokai seismic gap than the source region of 
the Nankaido earthquake, which is consistent with 
slower and steeper subduction for the Tokai area.

Interplate locking does not decrease linearly with 
depth in the brittle-plastic transition zone, but there is 
a plateau in the middle of brittle-plastic transition zone, 
which is not expected from simple friction or plastic 
models of the transition. Thissuggests that there is 
a change in mechanism (from friction to plastic fl ow) 
or material, or both, in the middle of the brittle-plastic 
transition zone.

Although exploring updip limit of the seismogenic 
zone is important for assessing seismic hazard, geodetic 
data cannot estimate the coupling status at the shallow-
est depths because the slip defi cit model employed in 
this study (Savage 1983) breaks down at the shallowest 
depths if interplate locking is strong at depth.
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1 Introduction

Eclogites, HP-LT metamorphic rocks, have been 
reported since the fi rst petrological description by 
Haüy (1822) and recognized from many locations in 
the world with ages ranging from Proterozoic to 
Phanerozic times (e.g., Godard, 2001 for review). The 

occurrences of pelitic rocks metamorphosed under 
eclogite facies conditions suggest that these rocks were 
subducted to great depths before exhumed (Compagnoni 
and Maeffo, 1973; Carswell, 1990). The discovery of 
coesite in Alpine metasediments (Chopin, 1984) intro-
duced the term of UHP metamorphism and  demonstrated 
that continental crust can be subducted to a depth 
greater than 100–120 km. Most Alpine-type HP to 
UHP-LT metamorphic rocks occur in peri-Pacifi c and 
peri-Mediterranean fold belts of Paleozoic to Tertiary 
ages (Fig. 1) and are characterized by geothermal gra-
dients ranging between 4 and 10°/km (e.g., Maruyama 
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UHP rocks requires the weakening of a subduction channel and the decoupling of 
the exhumed slice from the rest of the slab. Considering more than 60 occurrences of 
HP to UHP units of Phanerozic ages, we propose three major types of subduction 
zones:

Accretionary-type subduction zones exhume HP metasedimentary rocks by under-
plating. The exhumation is slow and can be long-lasting.
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et al., 1996). The oldest UHP unit was described in the 
Gourma area (eastern Mali) in the Pan-African belt and 
dated at 620 Ma (Caby, 1994; Jahn et al., 2001). The 
oldest blueschist is also Late Proterozoic in age (Liou, 
1990; Caby et al., 2008). The absence of older blue-
schists may be ascribed to overprinting by subsequent 
metamorphism or probably to hotter Earth during 
Archean and early Proterozoic time. The oldest law-
sonite eclogite (e.g., Tsujimori et al., 2006) and oldest 
carpholite-bearing blueschist (Agard et al., 2005) are 
both early to middle Paleozoic in age, which is indeed 
compatible with decreased geothermal gradients to 
6–7°/km in Phanerozoic subduction zones (Maruyama 
et al., 1996). Valli et al. (2004) estimated a geothermal 
gradient of 30°C/km for a Late Archean subduction 
zone and Moyen et al. (2006) reported a 3.2 Ga garnet-
bearing amphibolite (1.2–1.5 GPa) from an arguably 
15°/km subduction zone, similar to those observed 
during the Late Proterozoic (Maruyama et al., 1996). 
The oldest reported HP metamorphism (750°C, 
1.8 GPa) was found in a 2.0 Ga eclogite terrane of 
Tanzania (Môller et al., 1995) likely formed as a result 
of continental subduction (Collins et al., 2004). The 
peak metamorphic condition indicates a moderate geo-
thermal gradient of about 12°C/km, comparable to 
geotherms of modern subduction zones. In contrast, 
the youngest UHP rock on Earth was found in Papua 
New Guinea and is dated at 4 Ma (Baldwin et al., 2004). 
These data show that a study of HP to UHP rocks of 
various ages contributes to a better understanding of 

the evolution of thermal regimes of subduction zones 
since Precambrian time.

HP to UHP metamorphic rocks of continental or 
oceanic origins occur in convergent zones (Ernst, 
2001).The pressure-temperature-time (P-T-t) paths 
suggest their subduction and subsequent return to the 
Earth’s surface (e.g., Duchêne et al., 1997). Despite 
the growing amount of data on surface horizontal dis-
placement, the vertical movements of the lithosphere 
and exhumation processes are still in debate. Proposed 
mechanisms for exhumation include channel fl ow 
(Cloos, 1982), corner fl ow (Platt, 1986), extensional 
collapse (Dewey et al., 1993), thrusting towards the 
foreland (Steck et al., 1998), buoyancy assisted by 
 erosion and tectonic processes (Chemenda et al., 
1995), compression of a soft zone between two rigid 
blocks (Thompson et al., 1997), serpentinite channel 
(Guillot et al., 2001), and coaxial extension associated 
with a decoupling fault (Jolivet et al., 2003).

Although these mechanisms may locally account for 
the exhumation of HP to UHP rocks in specifi c subduc-
tion zones, a general understanding of the major processes 
and associated settings that can explain the worldwide 
exhumation of HP to UHP rocks is still missing.

Detailed studies of HP and UHP rocks including 
kinematic analyses and dating of metamorphism provide 
invaluable information of thermomechanical processes 
in subduction zones (Coleman, 1971; Ernst, 1973). Such 
information can also constrain possible mechanisms 
of exhumation because different  processes result in 

Fig. 1 Worldwide occurrences of HP and UHP massifs (modifi ed after Liou et al., 2004; Tsujimori et al., 2006)
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 different styles of deformation and P-T-t paths of 
exhumed rocks. Furthermore, the data from HP and UHP 
rocks in conjunction with P-T-t paths predicted from 
numerical modelling provide key information related to 
the thermomechanical properties of subduction zones.

This paper reviews more than 60 occurrences of 
HP to UHP units of Phanerozic ages (Fig. 1), their 
protoliths, their P-T-t paths and their exhumation 
rates, and discusses the important factors controlling 
their exhumation and the possible signifi cance of the 
so-called “subduction channel” in subduction zones.

1.1 Subduction Types

Bally (1981) defi ned two contrasting types of con-
vergent zones: the Pacifi c- and Alpine-types. The 
Pacifi c-type subduction is characterized by long-lasting 
subduction of oceanic lithosphere. The Alpine-type 
fi rst involves the consumption of an oceanic domain, 
similar to the Pacifi c-type subduction, followed by the 
subduction of continental margins. The continents 
involve in the Alpine-type could be large, such as those 
in the Alps, Variscides, Himalaya, Dabieshan or the 
Caledonides (Chopin, 1984; Lardeaux et al., 2001; 
Guillot et al., 2003, Yang et al., 2003; Hacker, 2007). 
Some continents are small, as those in Aegean (Jolivet 
et al., 2003) and Kazakstan (Hacker et al., 2003). Based 

on the the lithology, the peak P-T conditions, and the 
exhumation patterns of metamorphic rocks, we propose 
three types of dominant subduction regime to explain 
the different styles of exhumation observed: the accre-
tionary-type, the serpentinite-type and the continental-
type. The continental-type is similar to the Alpine-type 
defi ned by Bally (1981). A subduction zone may evolve 
from one type to others during its life and two different 
types may co-exist along one subduction zone.

1.2 Accretionary-Type Subduction

Forearc accretionary wedges (or prisms) develop in 
front of intra-oceanic arcs or continental arcs (Fig. 2). 
They are observed all along the Pacifi c subduction 
systems including the west coast of the North America 
(Alaskan–Cascades), the west coast of the South 
American (Ecuador-Chile), Japan, and Suwalesi. They 
also occur in the Barbados in the western Atlantic 
Ocean and Makran in the northern Indian Ocean 
(e.g., Lallemand, 1999). A major feature of accretion-
ary wedges is the stacking of oceanic sediments by 
offscraping of the upper part of subducting plate or arc 
rocks eroded from the upper plate depending on the 
geometry of the buttress and the subduction angle 
(Cloos, 1982; Platt, 1986; Moore and Silver, 1987; 
Cloos and Shreve, 1988; Von Huene and Scholl, 1991) 

Fig. 2 (a) Schematic cross section through the Cascadia sub-
duction zone beneath the Vancouver Island (modifi ed after 
Hyndman, 1995). Note that the deep part of the accretionary 
wedge is comprised of imbricate slices of ophiolites and sedi-
ments. (b) Schematic cross section through the South-Central 
Chilean forearc based on refl ection seismic data and offshore 

geology (modifi ed after Glodny et al., 2005). Note that the 
paleoaccretionary wedge of Upper Paleozoic age show internal 
structures compatible with underthrusting at the base and exten-
sion at shallow level. Upper Paleozoic blueschists (∼0.8 GPa) 
are being exhumed near the toe of the paleoaccretionary 
wedge



178 S. Guillot et al.

(Fig. 3). The deepest part of an accretionary wedge is 
close to the buttress and about 20 km (ca. 0.6 GPa) in 
present-day subduction zones, but in exceptional cases 
about 40–60 km (1.1–1.6 GPa) in Chile (Glodny et al., 
2005) and Cascadia beneath Vancouver Island 
(Hyndman, 1995) (Fig. 2).

Numerical simulation of an accretionary wedge 
(Beaumont et al., 1999; Allemand and Lardeaux, 1997; 
Yamato et al., 2007) shows that the initial geometry of 
a buttress or backstop (continental crust for active mar-
gin and arc crust for intra-oceanic subduction) affects 
the shape of an accretionary wedge and consequently 
the metamorphic pressures reached by the exhumed 
rocks. When a slab is parallel to a buttress, deeply sub-
ducted rocks are prevented from exhumation (Fig. 3a). 
On the other hand, a wide open wedge allows the exhu-
mation of deeply subducted rocks that originated from 
the upper and lower plates (Fig. 3d). In intermediate 
geometries, deeply subducted rocks are exhumed close 
to the trench (pro-wedge exhumation), vertically (plug 
uplift) and also near the buttress (retro-wedge exhuma-
tion) (Ernst, 2005).

The geometries shown in Fig. 3b, c are condu-
cive for the exhumation of HP rocks during active oce-
anic subduction. As already discussed, accretionary 
wedges are dominated by sediments derived from the 
upper and lower plates and contain exhumed HP-LT 
rocks. Two recent reviews by Tsujimori et al. (2006) 
and Agard et al. (submitted) list more than 20 HP and 
UHP massifs in the world belonging to this category 

(Table 1). All these units share many features, suggest-
ing that similar processes were in operation during 
their metamorphism and exhumation of the HP rocks. 
These features are summarized below.

The HP-LT rocks in accretionary-type subduction 
zones are dominated by clastic sedimentary rocks with 
no mantle-derived material, suggesting that the proto-
liths of HP-LT rocks are sediments deposited on the 
sea fl oor and that the detritus of the sediments were 
supplied from the upper and lower plates (Plate 1a, 
Fig. 4a). For instance, upper crustal rocks of seamounts 
underwent HP-LT metamorphism in the Himalaya 
(e.g., Mahéo et al., 2006). The HP-LT unit in the 
Himalaya also contains arc-derived material, suggest-
ing that the erosion of arc rocks was contemporaneous 
during the seamount subduction (e.g., Lallemand and 
Le Pichon, 1987; Von Huene and Cullota, 1989; Mahéo 
et al., 2006). The exhumation of only upper crustal 
rocks implies that lower crustal rocks of slabs are 
deeply subducted.

The relative abundance of oceanic sediments and 
upper oceanic crust in exhumed rocks varies from one 
subduction zone to another. Centimetric to hectometric 
blocks of mafi c or ultramafi c oceanic rocks is usually 
observed in a calcsilicate matrix. In the case of the 
Franciscan complex, this “melange” was previously 
interpreted as a tectonic melange developed along the 
subduction zone, leading to the concept of subduction 
channel where a soft matrix allows rigid blocks to be 
exhumed parallel to the subduction plane (Cloos, 1982; 

Fig. 3 Schematic geometry of accretionary prism (modifi ed 
after Ernst, 2005). Note that the geometry controls the depth and 
origin of HP rocks either from upper or lower plates, and the 
exhumation trajectory. (a) In a narrow accretionary prism, a slab 
is parallel to the buttress, which prevents the exhumation of HP 
rocks. (b) In a wide accretionary wedge at shallow depth, the 

rocks are exhumed only from shallow depth. (c) In an interme-
date model where an accretionary prism is wider than that in 
Fig. 3b, but narrower than that in Fig. 3d. (d) An accretionary 
wedge is wide at shallow and deep levels, which allow the exhu-
mation of HP rocks from great depths at front, middle and rear 
of the wedge
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Table 1 Compilation of available data on exhumed high pressure rocks in accretionary wedge

Unit Samana 
Peninsula 
Dominican 
Republic

Escambray 
Cuba

Schistes Lustrés 
Corsica

Schistes 
Lustrés 
Western 
Alps

Franciscan C. 
California

Santa Catalina 
California

Coastal 
Cordillera 
Chile

Pam 
Peninsula 
New 
Caledonia

Motalafjella 
Spitsbergen

Shangla 
Pakistan

Groix 
France

Abbreviation SA ES SLC SLA FC SC CC PP MS SP GX
Subduction 

context
Intra-oceanic Intra-

oceanic
Intra-oceanic Intra-

oceanic
Intra-

oceanic
Intra-

oceanic
Active 

margin
Intra-oceanic Unknow Intra-oceanic Intra-oceanic

Tectonics of 
exhumed 
rocks

3 nappes 3 nappes 3 nappes 4 nappes Several 
nappes

3 nappes Sevreal
nappes

>2 nappes 2 nappes 3 nappes 2 nappes

Lithology of 
exhumed 
rocks

Sedimentary 
rocks with 
serp and 
basic 
lenses

Sedimentary 
rocks 
with serp 
and basic 
lenses

Ophiolitic 
rocks with 
sedimentary 
cover

Sedimentary 
rocks with 
serpen-
tinites 
and basic 
lenses

Ophiolitic 
rocks with 
sedimen-
tary cover

Ophiolitic 
rocks 
with 
sedimen-
tary cover

Sedimentary 
rocks 
with basic 
lenses

Ophiolitic 
rocks with 
sedimentary 
cover

Sedimentary 
rocks with 
basic lenses

Sedimentary 
and volcanic 
melange

Sedimentary 
rocks with 
basic 
lenses

Max P-T 
conditions

2.2–2.4 GPa 1.6–2.3 GPa 2.0 GPa 1.8–2.0 GPa 1.8–2.2 GPa 1.2 Gpa 1.1–1.6 GPa 2.0 GPa 1.8–2.4 GPa 0.7 Gpa 1.6–2.0 GPa

610–625°C 530–620°C 390°C 500°C 360–445°C 600°C 600–760°C 460°C 580–640°C 400°C 500°C
Metamorphic 

age
Cretaceous-

Eocene
Cretaceous-

Eocene
Cretaceous-

Eocene
Cretaceous-

Eocene
Middle 

Jurassic
Cretaceous Carboniferous Eocene Ordovician Cretaceous Devonian

Exhumation 
velocities

∼1 mm/year Unknown <2 mm/year <2 mm/year 5 mm/year <2 mm/year 0.6 mm/yr 2–3 mm/year Unknown Unknown 2 mm/year

Exhumation 
timing

When the 
accretionary 
wedge 
collided

When the 
accretionary 
wedge 
collided

Intra-oceanic Intra-oceanic Intra-
oceanic

Intra-oceanic Active 
subduction

When the 
accretionary 
wedge 
collided

Unknown Intra-oceanic When the 
accretion-
ary wedge 
collided
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Table 1 (continued)

Unit Sapi-Shergol 
India

Sanbagawa 
Japan

Raspas Ecuador Gourma 
Mali

Villa de 
Cura Venezuela

Pompangeo 
Suwalesi

Betic-Rif-Tell 
Spain-Morocco-

Yukon 
Canada

Great Caucasus 
Russia

Cyclades 
Greece

Crete

Abbreviation SS SJ RE GM VC PS BRT YC GC CG C
Subduction 

context
Intra-oceanic Intra-oceanic Active 

margin
Active margin Intra-oceanic Intra-

oceanic
Intra-

oceanic
Active 

margin
Active margin Intra-oceanic Intra-oceanic

Tectonics of 
exhumed 
rocks

2 nappes 3 nappes 3 nappes 3 nappes 4 nappes 2 nappes 3 nappes several 
nappes

3 nappes 4–6 nappes

Unit Samana 
Peninsula 
Dominican 
Republic

Escambray 
Cuba

Schistes Lustrés 
Corsica

Schistes 
Lustrés 
Western 
Alps

Franciscan C. 
California

Santa Catalina 
California

Coastal 
Cordillera 
Chile

Pam 
Peninsula 
New 
Caledonia

Motalafjella 
Spitsbergen

Shangla 
Pakistan

Groix 
France

Lithology of 
exhumed 
rocks

Sedimentary and 
volcanic 
melange

Sedimentary 
rocks with 
magmatic 
rocks

Ophiolitic rocks 
with 
sedimentary 
cover

Sedimentary 
rocks with 
volcanic 
rocks

Ophiolitic 
rocks

Sedimentary 
rocks 
with 
volcanic 
rocks

Sedimentary 
rocks

Ophiolitic rocks 
with 
sedimentary 
cover

Continental 
units

Sedimentary 
rocks

Sedimentary 
rocks

Max P-T 
conditions

0.9–1.0 GPa 2.0–2.1 GPa 1.9–2.0 GPa 1.6 GPa 0.8 GPa 1.2 GPa 1.8–2.0 GPa 1.5 GPa 1.6 GPa 2.0 GPa 1.6 GPa

350–420°C 600°C 530–630°C 550–650°C 375°C 450°C 550–650°C 420–650°C 620–700°C 500°C 400°C
Metamorphic 

age
Cretaceous Early 

Cretaceous
Cretaceous Pan-African Cretaceous Cretaceous Cretaceous-

Paleocene
Carboniferous-

Triassic
Devonian Eocene Miocene

Exhumation 
velocities

Unknow <1 mm/year 2.5–5 mm/year Unknown Unknown Unknown 2.8 mm/year Unknown ∼4 mm/year 2.6 mm/year ∼5 mm/year

Exhumation 
timing

Intra-oceanic Early stage of 
subduction

Active 
subduction

Unknown Intra-
oceanic

When the 
accre-
tionary 
wedge 
collided

Intra-oceanic 
with slab 
retreat

When the 
accretionary 
wedge 
collided

When the 
accre tionary 
wedge 
collided

Intra-oceanic 
with slab 
retreat

Intra-oceanic 
with slab 
retreat

References Honegger 
et al., 1989

Wallis et al., 
2004

Arculus et al., 
1999

Caby et al., 
2008

Avé Lallemant 
et al., 2005

Parkinson 
et al., 1998

Platt and 
Vissers, 
1989

Erdmer et al., 
1998

Perchuk and 
Philippot, 
1997

Jolivet et al.,
 2003

Jolivet et al., 
2003

Mahéo et al., 
2006

Ko et al., 
2005

Gabriele et al., 
2003

Augier et al., 
2005

Philippot 
et al., 2001

Forster and 
Lister, 
2005

Ota et al., 2004
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Plate 1 Field photographs of HP rocks in three subduction types. 
(a) Accretionary type subduction. Block of an hectometric blue-
schist (bs) corresponding to an oceanic olistolith embedded in a 
metasediemnatry matrix (sed) of Schistes Lustrés at Bric Bouchet, 
Queyras in western Alps. The contact between the blueschist and 
the metasediment is concordant and both recorded similar P-T con-
ditions. (b) Serpentinite type. Metric blocks of blueschists (bs) of 
oceanic origin are embedded in a serpentinite matrix (ser). At the 

local and regional scale, each blueschist block recorded different 
peak metamorphic conditions in Northern Serpentinite mélange in 
Cuba. (c) Continental subduction context. Coesite-bearing eclog-
itic block (ecl) corresponding initially to a basaltic dyke emplaced 
in Permian sediment (sed) on the Indian continental margin. The 
intrusive contact between the dyke and sediments is preserved at 
the regional scale, and the Indian continental margin forms a coher-
ent UHP unit of 100 *50 km at Tso Morari in western Himalaya
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Shreve and Cloos, 1986). Ocean Drilling Project in 
the 80’s documented that gabbros and dolerites are 
brecciated near ridges (Lagabrielle et al. 1981; 
Lagabrielle and Polino, 1985) (Plate 1a) and that brec-
cias and olistoliths form by mixing of igneous rocks 
and sediments on the sea fl oor. Earlier, mineralogical 
studies suggested that lower metamorphic grade of the 
matrix than mafi c lenses, but this interpretation has 
been questioned by recent studies showing that the 
matrix metasediments and lenses record similar P-T 
conditions (e.g., Kimura et al., 1996 for the Franciscan 
complex; Agard et al., 2002 for the Western Alps; 
Parra et al., 2002 for the Cyclades in Greece).

In term of geometry, several units are recognized in 
exhumed rocks with a thickness varying from the hec-
tometre up to 5 km (e.g., two to four units in Kimura 
et al., 1996; Stanek et al., 2006). These units form 
nappes thrust towards the paleo-trench with lower met-
amorphic units overlain by higher metamorphic units 
(Fig. 4a). These nappes started to develop under 
HP-LT conditions, generally under blueschist condi-
tions and ended under greenschist facies conditions, 
suggesting that the early exhumation is accommodated 
by thrusting (Fig. 4). Late extension that starts at the 
ductile-brittle transition commonly affects the nappes 
as documented in the Franciscan complex (Platt, 1986), 
the Samana complex in Dominican Republic 
(Goncalvez et al., 2000), the Cyclades in Greece 
(Jolivet et al., 2003) and the Piedmont complex in the 
western Alps (Tricart et al., 2004).

The maximum pressures recorded in exhumed rocks 
vary from 0.7 to 2.0 GPa and plot along geotherms 
ranging between 5 and 14°/km, which are similar to 
those of modern subduction zones (Fig. 5). Several 
eclogites show pressures equivalent to a depth of about 
75 km. This is much deeper than the maximum depth, 
20–40 km, observed in most active accretionary 

wedges. Another common feature of HP-LT rocks is 
slow exhumation rates ranging between 1 and 5 mm/
year (Table 1), which are independent of subduction 
velocities (e.g., Agard et al., submitted).

Fig. 4 (a) Nappes observed in the HP Franciscan complex. Note that the primary sedimentary contact between basalts and chert is 
preserved (modifi ed after Kimura et al., 1996). (b) Schematic succession of HP nappes in the Cycladic blueschist belt in Greece 
(modifi ed after Forster and Lister, 2005)

Fig. 5 Compilation of P-T data for accretionary wedge context 
(see Table 1 for abbreviations and references). Cold (4°/km, NE 
Japan) and hot (8.5°/km, SW Japan) geotherms from Peacock 
and Wang (1999). Lx-Ec: lawsonite eclogite; Ep-Ec: epidote 
eclogite; Am-Ec amphibole eclogite, BS blueschist, Cpx-Gr 
clinopyroxene granulite, Opx-Gr orthopyroxene granulite, EA 
epidote amphibolite, AM amphibolite, GS greenschist
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1.3  The Serpentinite-Subduction 
Channel

Recent petrological and geophysical evidence docu-
mented the presence of serpentinites in oceanic fl oor 
(e.g., Mével, 2003) and along active subduction zones 
(e.g., Furukawa, 1993; Maekawa et al., 1993; Bostock 
et al., 2002; Seno and Yamasaki, 2003). Serpentine 
minerals sensus lato display several distinctive charac-
ters: they contain up to 13 wt% of water and can be a 
major host of fl uid-mobile elements in deep subduc-
tion zones (e.g., Schmidt and Poli, 1998; Hattori and 
Guillot, 2007) as they are stable under wide tempera-
tures and pressures down to a depth of 150–170 km 
(Ulmer and Trommsdorff, 1995). They have a low den-
sity, about 2600 kg/m3, a low viscosity of about 4.1019 
Pas, a high poisson ratio (0.29) and low shear modulus 
(e.g., Moore and Lockner, 2007; Reynard et al., 2007; 
Hilairet et al., 2007). These physical properties allow 
serpentinites to be highly ductile to lubricate subduc-
tion planes (Guillot et al., 2001).

In paleo-subduction zones, serpentinites are com-
monly associated with HP-LT rocks and have been 
considered as fragments of oceanic lithosphere, and the 
contacts between eclogitic lenses and the matrix ser-
pentinites are interpreted to be primary (e.g., Coleman, 
1971). For instance, the high-pressure Monviso massif 
in the Western Alps has been considered as a continu-
ous sequence of the Tethyan oceanic lithosphere (ophi-
olite). However, recent studies show that this massif 
represents a deep tectonic melange as individual eclog-
itic blocks record different P-T conditions (Fig. 6a) 
(Blake et al., 1995; Schwartz et al., 2000, 2001). Sixteen 
Phanerozic massifs are defi ned as serpentinite-type 
subduction complexes (Table 2). The Zermatt-Saas unit 
is included in this type because mafi c bodies are inti-
mately associated with serpentinites, although it is not 
a tectonic melange and has been interpreted as a com-
plete ophiolite sequence (e.g., Li et al., 2004).

HP-LT units exhumed in serpentinite-type subduc-
tion zones are dominated by highly sheared serpen-
tinites that contain blocks of metabasites (Plate 1b). 
The blocks are weakly deformed and range in size 
from metric to decametric. Some blocks are kilomet-
ric, as those in the Monviso massif, or centimetric, as 
those in the Voltri massif. The metasediments (metach-
erts, metagreywackes, metapelites, marbles) are highly 
deformed and minor in volume, less than 10% of the 
massifs (Fig. 6b).

The initial geometry is diffi cult to reconstruct 
because original contacts are no longer recognized in 
exhumed rocks. Nevertheless, it has been evaluated in 
two well studied locations; the Monviso and Voltri 
massifs in the Alps (Fig. 6). The Monviso massif is 
composed of six west-dipping tectono-metamorphic 
units of metabasalts and metagabbroic rocks, each of 
which is separated by west dipping normal shear zones 
containing serpentinites (Lombardo et al., 1978; 
Schwartz et al., 2000; Guillot et al., 2004; Fig. 6a). The 
basal unit is serpentinites with 400 m in thickness. The 
serpentinites that originated from lherzolite and minor 
harzburgite and dunite, are cut by sheared dykes of 
rodingitized gabbro and basalt. The serpentinite layer 
commonly contains metric to hectometric lenses of 
foliated eclogitic gabbro, ferrogabbro and metamor-
phosed plagiogranite. Considering the geometry, this 
basal serpentinite unit likely had an initial size of about 
50 km × 10 km (Schwartz et al., 2001; Guillot et al., 
2004). Five other units are composed of discontinuous 
layers of intensely deformed and recrystallized 
metagabbros. These metagabbros contain minor ultra-
mafi c cumulates and hydrated mantle peridotites 
(Messiga et al., 1999). Locally, greenschists and 
banded glaucophane-epidote metabasalts retain the 
pillow lava texture. The upper part of the massif 
exposes thin layers of carbonate-bearing micaschists 
(Schistes Lustrés) interbedded with the metabasites. 
The thickest section (∼1.2 km) is composed of basalt 
breccia, pillow lavas, metagabbro and slices of serpen-
tinites in upward direction. The serpentinites were 
metamorphosed under blueschist facies conditions. 
The Monviso massif is thus similar to a dismembered 
ophiolitic massif, yet each unit records different P-T 
conditions.

The Voltri massif in the western Alps is more akin 
to a mélange zone observed in British Columbia 
(Tsujimori et al., 2006) Cuba (Garcia-Casco et al., 
2002), Dominican Republic (Krebs et al., 2008), and 
Turkey (Altherr et al., 2004). It is surrounded by highly 
sheared serpentinites and consists of chaotic mixture 
of meter-sized blocks of metagabbros, metabasites, 
métasediments and also serpentinites in the matrix of 
schistose chlorite-actinolite (Fig. 6b) (Vignaroli et al., 
2005; Frederico et al., 2007). The serpentinte matrix 
both in the Monviso and Voltri massifs record HP con-
ditions (Auzende et al., 2006).

Geochemical and petrological data suggest that 
mafi c blocks in 18 serpentinite-type subduction com-
plexes were derived from the subducted oceanic plate 
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Fig. 6 (a) Lithological map of the central part of the Monviso in 
Western Alps (after Schwartz et al., 2001). At the regional scale, 
a network of normal shear zone underline by sheared serpen-
tinites or sheared metasediments separated several metabasite 
blocks recording contrasted P-T conditions. The basal serpen-
tinites unit (on the right side) forms a thick (400 m) serpentinite 
melange containing metric blocks of metabasalts, metagabbros 

of metasediments. CT: Costa Ticino; PG: Passo Galarino; LS: 
Lago Superiore; TU: Tour Real; VM: Viso Mozzo; SP: Basal 
Serpentinite; TU: (b) Geological and structural map of the Erro 
Tobio serpentine mélange (Southwestern Alps). Note the diver-
sity of lithologies included in the serpentinite matrix (modifi ed 
after Frederico et al., 2007)
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Table 2 Compilation of available data on exhumed high pressure rocks in serpentinite subduction channel

Unit South Motagua 
Guatemala

Central 
Pontides 
Turkey

Port Macquarie 
Australia

Pinchi Lake 
Canada

Barru Complex 
Suwalesi

Bantimala 
Complex 
Suwalesi

Luk Ulo Java Zagros Iran Sistan Iran

Abbreviation SM CP PM PL BC BAC LU ZA SI
Subduction 

context
Intra-oceanic Intra-oceanic Intra-oceanic Unknown Active margin Active margin Active margin Active margin Active margin

Tectonics Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Lithology of 
exhumed 
rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Serpentinite Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks

Metsediments Metasediments Metsediments Metsediments Volcanoclastics Volcanoclastics
Protoliths of 

mafi c rocks
MORB MORB MORB MORB MORB MORB MORB MORB MORB

Protoliths of 
serpentinites

Unknown Probably mantle 
wedge

Mantle wedge Unknown Unknown Unknown Oceanic Oceanic Oceanic

Max P-T 
conditions

2.5 GPa P > 1.4 GPa 2.0–2.4 GPa 2.2 GPa 2.1 GPa 2.4–2.7 GPa 2.2 GPa 1.8 GPa 1.9–2.2 GPa

470°C 400–430°C 420–570°C 450°C 520°C 580–620°C 365°C 500°C 600°C
Metamorphic 

age
Cretaceous Cretaceous Cretaceous Triassic Cretaceous Cretaceous Cretaceous Cretaceous Cretaceous

Exhumation 
velocities

∼4 mm/yr Unknown Unknown Unknown Unknown Unknown Unknown 2–3 mm/year Unknown

Exhumation 
timing

When the 
subduction 
melange 
collided with 
continent

Unknown Intra-oceanic 
associated 
with change 
in stress 
fi eld

Unknown When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

Intra-oceanic 
change in 
subduction 
with rate

Intra-oceanic

References Harlow et al., 
2004

Altherr et al., 
2004

Aitchinson 
et al., 1994

Ghent et al., 
1993

Parkinson et al., 
1998

Parkinson et al., 
1998

Kadarusman 
et al., 2007

Agard et al., 
2006

Fotoohi Rad et 
al., 2005

Tsujimori 
et al., 2006

Och et al., 2003 Tsujimori et al., 
2006

(continued )
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Table 2 (continued)

Rio San Juan 
Dominican 
Republic

Zaza Cuba Monviso Italy Zermatt 
Switzerland

Voltri Italy Mariana Omachi Izu Bonin Borus-
Chagan-
Uzun Gorny 
Altai

Chara and 
Maksyutov 
Kazkhstan-
Urals

Higashi-Akaishi 
Sanbagawa 
Japan

RSJ ZZ MV ZS VO MA OM BCU CM SAJ
Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Intra-oceanic Continental 

margin
Tectonic block 

within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Coherent ophiolitic 
unit

Tectonic block 
within 
serpentinite 
melange

tectonic block 
within mud 
volcanoes

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Tectonic block 
within 
serpentinite 
melange

Peridotites 
serpentinites 
amphibolitic 
rocks

Serpentinites, 
mafi c rocks

Serpentinites, 
mafi c rocks 
metsediments

Serpentinites, 
mafi c rocks 
metsediments

Serpentinites, 
mafi c rocks 
metsediments

Serpentinites, 
mafi c rocks

Serpentinites, mafi c 
rocks

Serpentinites, 
mafi c rocks 
metsediments

Serpentinites,
mafi c rocks 
metsediments

Peridotites 
serpentinites 
amphibolitic 
rocks

MORB MORB MORB MORB MORB MORB Andesite MORB OIB MORB OIB MORB
Mantle wdege Mantle wedge 

and oceanic
Oceanic Oceanic Oceanic Mantle wedge Mantle wedge Oceanic & 

mantle wedge
Oceanic & 

mantle 
wedge

Mantle wedge

4.0 GPa 2.0 GPa 2.6 GPa 2.8 GPa 2.2 GPa 0.7 GPa 2.0 GPa 2.0 GPa eclogites 3.8 GPa
1550°C 600°C 630°C 600°C 550°C 150–250°C ∼650°C 660°C 810°C
Cretaceous Cretaceous Eocene Eocene Eocene Present-day Oligocene Cambrian Silurian Early 

Cretaceous
∼6 mm/year Unknown ∼10 mm/year ∼10 mm/year 3–4 mm/year Unknown Unknown Unknown Unknown Unknown
When the 

subduction 
melange 
collided 
with 
continent

When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

Intra-oceanic Intra-oceanic 
with back-arc 
extension

When the 
subduction 
melange 
collided with 
continent

When the 
subduction 
melange 
collided with 
continent

Syn-subduction

Abbott et al., 
2006

Garcia-Casco 
et al., 2002

Blake et al., 
1995

Reinecke, 1991 Hermann 
et al., 2000

Maekawa et al., 
1993

Ueda et al., 
2004

Dobretsov and 
Buslov, 2004

Dobretsov and 
Buslov, 
2004

Enami et al., 
2004

Hattori and 
Guillot, 2007

Schwartz et al., 
2000

Li et al., 2004 Frederico et al., 
2007

Fryer et al., 
1999
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(Table 2). The possible exception is the eclogitic blocks 
of andesite origin dredged near the Omachi forearc 
serpentinite diapir (Izu-Bonin arc) (Ueda et al., 2004).

Serpentinites in oceanic subduction zones mostly 
originated from abyssal peridotites and their hydration 
likely took place during the ridge hydrothermal activ-
ity, such as those in Java, Iran, and the Alps. Some 
serpentinites were derived from hydrated mantle 
wedges (Turkey, Australia, Mariana, Izu-Bonin) or 
both (Northern serpentinite mélange in Cuba and 
Dominican Republic) (Table 2).

Regarding the metamorphic conditions, most eclog-
itic blocks reached HP between 1.8 and 2.5 GPa and 
relatively low temperatures, which defi nes paleogeo-
thermal gradients lower than 10°C/km (Fig. 7). Two 
localities provide evidence for deeper P-T conditions, 
at 3.2 and 4 GPa, respectively (SAJ, RSJ; Table 2; 
Fig. 7), as deduced from garnet peridotite blocks 
embedded in the serpentinite melange.

In the Western Alps and in the northern serpen-
tinite mélange in the Dominican Republic, the maxi-
mum pressure of each block varies from 1.0 to 2.3 GPa 
(Schwartz et al., 2000; Frederico et al., 2007; Krebs 
et al., 2008), suggesting that their juxtaposition 
unlikely took place during exhumation. The meta-
morphic ages of different blocks show ranges in age; 
±4 Ma in the Voltri massif in the western Alps 
(Frederico et al., 2007), ±15 Ma in the Monviso mas-
sif (e.g., Guillot et al., 2004) and 40 Ma in the Rio 
San Juan complex in Dominican Republic (Krebs et 
al., 2008). These variations likely refl ect different 
depths and different times of metamorphism for 
 blueschists or eclogitic blocks within the subduction 
channel. Finally exhumation velocities vary between 
3 and 10 mm/year, which are faster than those recorded 
in accretionary wedge environment (Table 2). Again 
the exhumation velocity remains independent of the 
subduction velocity (e.g., Agard et al., submitted for 
publication).

1.4 Continental-type Subduction

The discovery of coesite and microdiamond in sub-
ducted crustal rocks (Chopin, 1984; Smith, 1984; 
Sobolev and Shatsky, 1990) demonstrated that conti-
nental rocks can be subducted to depths of at least 
100 km. Such UHP rocks have now been documented 

in most Phanerozoic mountain belts around the world 
(Fig. 1) but the mechanism by which these rocks were 
exhumed are still debated. This problem is not trivial 
because of the large sizes of some HP-UHP terranes 
(>50,000 km2 in China and Norway), the large vertical 
displacement during their exhumation and the preser-
vation of index minerals or assemblage (Grasemann 
et al., 1998; Hacker, 2007).

The protoliths of UHP rocks are predominantly 
upper continental crust (Table 3), such as granite 
gneisses, and metasedimentary rocks (quartzites, 
metapelites, and marbles). Mafi c plutonic rocks are 
present in subduction zones, but they correspond to 

Fig. 7 Compilation of P-T data for serpentinite subduction 
channel context (see Table 2 and Fig. 5 for abbreviations and 
references). Grey area: stability fi eld of antigorite after Ulmer 
and Trommsdorff (1995)
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Table 3 Compilation of available data on exhumed UHP rocks in continental and oceanic subduction complexes

Massif Rhodope Greece Ulten zone 
peridotites Italie, 
Alps

Dora Maira 
Italie

Alpes Arami 
Switzerland

d’Entrecasteaux 
Papua New 
Guinea

Lanterman 
Range 
Antarctica

North Quinlin-
Dabie-Sulu China

South Quilin-
Dabie China

Tianshan China Kokchetav

Abbreviation Rh UZ DM AA EN LR NQDS SQD TIA KO
Subduction 

context
Microcontinent 

subduction
Continental 

subduction
Continental 

margin 
subduction

Continental 
subdcution

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
subdcution

Microcontinent 
subduction

Tectonics 4 nappes 3 nappes 3 nappes Several nappes Metam. core 
complex

3 nappes >3 nappes <3 nappes 4 nappes Several nappes

Lithology Continental rocks 
with oceanic 
rocks

Garnet 
peridotites 
within 
gneiss and 
migmatites

Peridotites, felsic 
amphibolitic 
rocks

Peridotites, felsic 
amphibolitic 
rocks

Mafi c lenses 
within 
gneisses

Peridotites, 
felsic 
amphibolitic 
rocks

Peridotites, felsic 
amphibolitic 
rocks

Continental 
rocks

Continental 
rocks

Protoliths of 
peridotites

Mantle wedge Continental 
lithosphere

Mantle wedge Mantle wedge & 
abyssal

Mantle wedge & 
abyssal

P-T conditions 7 GPa 2.7 GPa 3.4 GPa 3.2 GPa 2.0–2.6 GPa 3.2–3.3 GPa 4 GPa >5.5 GPa 5.0 Gpa 6 Gpa
1100°C 850°C 675–775°C 840°C 870–930°C 764–820°C 700–800°C 740–870°C 560–600°C 825–975°C

Metamorphic 
age

Cretaceous to 
Eocene

Early 
Paleozoic

Oligocene Eocene Miocene-
Pliocene

Cambrian Cambro-
Ordovician

Triassic Permian Cambrian

Exhumation 
velocities

>8 mm/year Unknown >20 mm/year Unknown 25 mm/year >4 mm/year 6–8 mm/year 6 mm/year Unknown >18 mm/year

Exhumation 
timing

Microcontinent 
subduction

Collision Syn-collision Syn-collision Back-arc 
spreading

Syn-subduction Syn-collision Syn-collision Syn-collision Syn-collision

Références Liati, 2005 Nimis and 
Morten, 
2000

Rubatto and 
Hermann, 
2001
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Massif Kaghan Pakistan Tso Morari 
India

Sao Francisco 
Brazil

Gourma Mali North Western 
gneiss region 
Norway

East Greenland Bohemian 
massif 
Poland, 
Czech 
Republic

French Massif 
Central 
France

W. Gneiss Region 
Norway

Central 
Suwalesi

Abbreviation KA TSO SAO GOU NWGR EG BO FMC WGR CSU
Subduction 

context
Continental 

margin 
subduction

Continental 
margin 
subduction

Continental 
subdcution

Continental 
subdcution

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
margin 
subduction

Continental 
margin 
subduction

Oceanic 
subduction

Tectonics 3 nappes 3 nappes 2 nappes 3 nappes 2 nappes 1 nappe 5 nappes 3 nappes 2 nappes >2 nappes
Lithology Continental 

rocks
Upper 

continental 
rocks

Peridotites, felsic 
amphibolitic 
rocks

Continental 
rocks

Peridotites 
within 
gneisses

Continental 
rocks

Peridotites, felsic 
amphibolitic 
rocks

Peridotites, 
felsic 
amphibolitic 
rocks

Lower and upper 
continental 
rocks 
peridotites

Peridotites, 
serpentinites 
amphibolitic 
rocks

Protoliths of 
peridotites

Unknown Mantle wedge Mantle wedge 
& oceanic

Continental 
lithosphere

Oceanic

P-T conditions 3.0 GPa 3.9 Gpa >2.8 GPA >2.8 GPA 6.4–8 GPa 3.6–4.2 GPa up to 7.5 GPa 3.0 GPa 3.5 GPa >2.8 GPa
720–820°C 750–850°C 750°C 750°C 1200°C 928–972°C up to 1335°C >750°C 700–800°C 1100°C

Metamorphic 
age

Eocene Paleocene Pan-African Pan-African Silurian Ordovician Devonian Devonian Silurian Cretaceous

Exhumation 
velocities

30–80 mm/year 17 mm/year unknown > > 4 mm/year Unknown Unknown >6 mm/year 15 mm/year 8–12 mm/year Unknow

Exhumation 
timing

Syn-collision Syn-collision Syn-collision Syn-collision Asthenospheric 
upwelling 
then syn-
collision

Unknown Syn-collision Syn-collision Syn-collision Syn-subduction
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intrusions in shallow continental crust prior to the sub-
duction as shown in Plate 3. The Caledonian UHP 
eclogites of Norway are considered to have originated 
from the lower crustal granulites of Precambrian age. 
However, the eclogitized granulites are associated with 
Precambrian gabbros, anorthosites and peridotites 
(Tucker et al., 1991). The occurrence of gabbro and 
peridotite with contemporanous gneiss suggests that 
these rocks were probably present in the continent-
ocean transition where the lower crust is thin or totally 
absent. If this hypothesis is confi rmed, it reinforces the 
idea that only the upper crust is exhumed.

Garnet peridotites have been described in UHP ter-
ranes in Phanerozoic continent-continent collision 
zones, including Dabie-Sulu terrane in China, 
Kokchetav massif in Kazakhstan, Western Gneiss 
Region in Norway, Alpe Arami in Switzerland and in 
the Palaeozoic belt of Europe (e.g., Medaris, 1999). 
They are classifi ed into two types (e.g., Brueckner and 
Medaris, 2000; Zhang et al., 2000): (a) garnet peridot-
ites originated from mantle wedges and tectonically 
incorporated within the subducting slab at great depth 
before its exhumation; (b) plagioclase-bearing cumu-
late ultramafi c rocks emplaced at the base of the conti-
nental crust prior to the subduction and metamorphosed 
to garnet peridotites. In both cases, garnet peridotites 
are associated with continental rocks and their exhu-
mation is explained by decoupling of the continental 
slice from the descending oceanic lithosphere due to 
the positive buoyancy of sialic continental rocks within 
the subduction channel (Van der Beuckel, 1992; Ernst, 
1999, 2005).

The thickness of UHP domains varies widely. In the 
Western Alps, the Dora Maira UHP unit is 200 m in 
thickness and covers a surface area of about 25 km2. In 
contrast, the Lower Paleozoic metamorphic domain in 
China forms an essentially continuous HP-UHP belt 
extending more than 4000 km from Quinlin to Dabie 
(Yang et al., 2003) with a thickness of 5 to 10 km 
(Hacker et al., 2000). Similarly, recent geochronologi-
cal data confi rm that the Western Gneiss Region in 
Norway forms a continuous HP-UHP unit of 200 × 
400 × 5–10 km (Hacker, 2007; Young et al., 2007).

Primary magmatic texture in metamorphosed gran-
ite and volcanic rocks indicate locally low strain 
(Michard et al., 1993; de Sigoyer et al., 2004). High 
strain zones are found in most UHP units, such as the 
Dora Maira massif in the Alps (e.g., Michard et al., 
1993), the Sulu and Dabie Shan massifs in China (e.g., 

Hacker et al., 2000; Zhao et al., 2005) and the Tso 
Morari and Kaghan units in Himalaya (e.g., Guillot 
et al., 2007). The evidence also indicates local high 
strain zone between these exhumed units from the 
dowgoing slabs. Based on the observation of the 
Himalayan UHP Tso Morari massif, Guillot et al. 
(2000) suggested, that the decoupling is controlled by 
the normal faults inherited from earlier rifts, making 
an upper crustal block easily dislodged from the rest of 
the subducting slab. This interpretation is analogous to 
that suggested by Jolivet et al. (2005) that the brittle to 
ductile transition of deformation plays an important 
role in decoupling the upper crust from the rest of the 
subducting lithosphere.

The progressive metamorphism of the Precambrian 
granulites in the Caledonian nappes of the Bergen Arc 
in Norway demonstrates the role of fl uid circulation 
for eclogitization (Austrheim, 1994; Jolivet et al., 
2005). Perhaps because of the presence of fl uids, index 
minerals are poorly preserved in many UHP rocks of 
continental origin. This makes it diffi cult to defi ne the 
boundary of an UHP domain. In fact, UHP rocks com-
monly record pressures ranging from about 2.5 GPa up 
to P > 7 GPa and temperatures varying between 500°C 
and 1335°C (Fig. 8). However, most UHP rocks of 
continental origin record pressures between 2.5 and 
4.0 GPa (e.g., Hacker, 2006), and the UHP conditions 
are mostly recorded in garnet-bearing peridotites. The 
evidence suggests that mantle peridotites record an 
earlier event before their incorporation into the sub-
duction channel due to an asthenospheric return fl ow 
(Fig. 8) (e.g., Spengler et al., 2006; Gorczyk et al., 
2007).

UHP minerals are rarely preserved and mostly 
occur as relict in other minerals, such as coesite in gar-
net or omphacite or diamond in zircon. Nevertheless, 
their occurrence requires specifi c conditions, such as 
rapid cooling during decompression, rapid exhuma-
tion, fl uid-absent condition during the exhumation and 
little deformation. These conditions are only locally 
attained so that the evidence for UHP conditions is 
only retained in lenses. UHP metamorphism records 
low geotherms ranging from 5 to 10°/km in most ter-
ranes, and down to 3.5°/km in the Forbidden Zone in 
China (Liou et al., 2000).

The P-T-t paths of UHP rocks are characterized by 
isothermal decompression until crustal depths (1.0 to 
0.5 GPa). The absence of signifi cant heat loss during the 
exhumation indicates their rapid exhumation, greater 
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Fig. 8 Compiled P-T data for UHP rocks in continental 
and oceanic subduction complexes (see Table 3 for 
abbreviations of locations and references, and Fig. 5 
for mineral abbreviations). The arrows show the 
asthenospheric upwelling of garnet peridotites before 
their integration in the subducting channels
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than 3 mm/year (Duchêne et al., 1997; Grasemann et al., 
1998). Estimated exhumation velocities in other UHP 
rocks of continental origin are also high, faster than 
6 mm/year, reaching possibly up to 80 mm/year in the 
Alps and the Himalaya (Parrish et al., 2006) (Table 3). 
As for other types of subduction zones, the exhumation 
velocity is independent of the subduction velocity.

2 Discussion

2.1  Subduction Environments and 
the Timing of Exhumation

The common feature of the exhumation in the  accretionary 
wedge environment and in the serpentinite-subduction 
channel environment is that both involve the subduction 
of oceanic lithosphere. The development of an accretion-
ary wedge additionnally requires the offscraping of sedi-
ments derived from the lower plate or erosion of the 
upper plate. In the Western Alps, large proportions of 
these sediments (up to 50%) are exhumed, whereas only 
small fractions (<1%) of oceanic rocks are (Guillot et al., 
2004; Agard et al., submitted). The metamorphosed 
 oceanic rocks, blueschists-eclogites, are slowly exhumed 
(∼ few mm/year) during active oceanic subduction. The 
peak pressures of those exhumed rocks are generally 
lower than 2.2 GPa, whereas peak pressures in serpen-
tinite-subduction channel may reach the coesite stability 
fi eld (2.8 Gpa, ZS; Fig. 7). The latter may contain garnet 
peridotites that were equilibrated at even higher  pressures 
(∼4 Gpa, RSJ; Fig. 7). Exhumation of sedimentary rocks 
lasts for a long time ranging from 25 Myr (Alpine 
Schistes Lustrés) to 100 Myr (Chile), whereas the exhu-
mation of oceanic crust is commonly brief, less than 
15–20 Myr (Agard et al., submitted). These authors have 
shown that the exhumation of oceanic lithosphere may 
occur shortly after the inception of subduction (Chile, 
Franciscan, Makran), in the midst of convergence (SE 
Zagros, NW Himalaya), or during the late stages of 
 subduction (Western Alps, New Caledonia). Exhumed 
oceanic rocks are commonly associated with serpen-
tinites. Exhumation velocities are also low, ranging 
between 1 and 5 mm/year. Exceptionally fast exhuma-
tion (∼10 mm/year) in the western Alps is associated 
with later continental subduction (Agard et al., 2002; 
Guillot et al., 2004). The exhumation rates are inde-

pendent of the subduction rates, confi rming a decou-
pling between the subducting plate and the zone of 
exhumation.

Accretionary wedge and serpentinite subduction 
channel environments show two other major differ-
ences: the lithology and types of HP rocks. In accre-
tionary wedge environment, HP rocks mostly originate 
from metasediments and form kilometric slices with 
continuous P-T conditions, frequently with higher 
pressure slices thrust over the lower pressure ones. On 
the other hand, serpentinite subduction channel is 
dominated by metabasites embedded in a sheared ser-
pentinite matrix. These metabasite blocks record dif-
ferent P-T conditions, common in a tectonic mélange.

Note that an accretionary wedge and a serpentinite 
subduction channel may coexist in a single subduction 
zone at a given time, and exhumed rocks in these two 
settings may occur in close proximity in a subduction 
complex as shown in the Western Alps and the 
Franciscan (Fig. 9).

The continental-type subduction is accompanied by 
the exhumation of UHP rocks that were buried down to a 
depth between 100 and 200 km along cold geotherms. 
UHP rocks are exhumed rapidly (>6 mm/year) under 
 isothermal conditions at the transition from oceanic sub-
duction to continental collision. HP-UHP domains from 
1 km to maximum 10 km thick nappe stacks over large 
surface areas (>50,000 km2). Continuous UHP rocks of 
greater than 50 km in length are exposed in the Tso 
Morari area in the Himalaya, the Western Gneiss Region 
in Norway and Quinlin-Dabie in China. Due to its thick-
ness and is positive buoyancy, the entire continental lith-
osphere cannot enter the subduction zone and stops 
within a couple of millions years after the initial contact 
of the continent with the trench. In the Himalaya, the 
thick buoyant upper Indian crust was blocked after 10 
million years of continental subduction. It separated from 
the rest of the lithosphere and started to be stacked as 
nappes, which resulted in the high topographic relief in 
the area (Guillot et al., 2003). Similarly in the Caledonides, 
Hacker (2007) estimates that the UHP slab exhumed 
from mantle to crustal depth between 400 and 390 Ma.

As already discussed, accretionary wedge and ser-
pentinite subduction channel can coexist in one sub-
duction zone as observed in the Franciscan complex, 
the northern subduction complex in Dominican 
Republic, and the Western Alps. In other cases, serpen-
tinite subduction channel may coexist with continental 
subduction, such as in Indonesia. The Alpine massif is 
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probably the best exemple to depict the relationships 
between the three subduction types. Along a west-east 
traverse an accretionary wedge (the Schistes Lustés 
unit), a serpentinite channel (the Monviso unit) and a 
continental subduction unit (the Dora Maira unit) coex-
ist. Several studies suggested that they correspond to 
the continuous evolution of a paleo-subduction zone 
from the Mid-Cretaceous to the Eocene (Agard et al., 
2002; Schwartz et al., 2007; Yamato et al., 2007).

2.2 Essential Role of a Decoupling Zone

The opposite trajectories of exhumation and subduction 
require a decoupling zone within the subducting slabs. 
In fact, most of the subducted lithosphere is going down 
while only slices of their upper decoupled part make 
their way back to the surface, at certain time periods at 
the most (Agard et al., submitted). In oceanic subduction 

Fig. 9 (a) Schematic relationship between accretionary wedge 
and serpentinite subduction channel. The boundary between the 
serpentinite subduction channel is defi ned by the 650°C iso-
therm. (b) Detail of the serpentinite subduction channel. It forms 
a ∼60 km long (from 40 to 100 km depth) soft channel between 
the dry (rigid) subducted oceanic lithosphere and the dry (rigid) 
mantle wedge. It is made of a melange of serpentinites deriving 
the hydrated oceanic lithosphere and from the hydration of the 

mantle wedge and contains exotic blocks of metabasalts, 
metasediments and metaggabros, mainly derived from the sub-
ducting oceanic lithosphere but also from the above arc system 
(e.g., Hattori and Guillot, 2007). Due to the low viscosity and 
low density of serpentinite mineral and the triangle shape of the 
serpentinite channel, the dowgoing material is progressively 
entrained upward (Guillot et al., 2001; Schwartz et al., 2001; 
Gerya et al., 2002)
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zones, the existence of a décollement layer is suggested 
at the ductile-britle transition. In accretionary wedge 
environment, the HP units form a nappe stack system 
thrusting in the direction of the paleo-trench with the 
lower grade metamorphic units at structurally lower lev-
els (Fig. 4b). This observation is consistent with the off-
scraping of the upper sedimentary layer in analogue 
models (Von Huene and Scholl, 1991; Glodny et al., 
2005). In the case of serpentinite type subduction zones, 
several possible mechanisms contribute to the formation 
of the decoupling zone. Fluid migration in deep frac-
tures is suggested to contribute to the formation of 
decoupling zones based on the occurrences of veins 
fi lled with eclogitic minerals (Philippot and Kienast, 
1989). This fi eld observation is compatible with geo-
physical data, suggesting dehydration-induced embrit-
tlement of the subducting slab (Yamasaki and Seno, 
2003). A serpentinized layer prior to subduction may 
become a decoupling zone between the oceanic crust 
and underlying lithospheric. This is compatible with the 
occurrence of boudinaged eclogitized metabasalts in 
serpentinites (e.g., Coleman, 1971; Philippot and Van 
Roermund, 1992; Blake et al., 1995; Schwartz et al., 
2001; Vignaroli et al., 2005; Tsujimori et al., 2006).

In continental subduction zones, fl at eclogitic ductile 
shear zones are documented, particularly in Norway 
(Jolivet et al., 2005). The shearing may exceeds the 
strength of the binding force of rocks and results in 
separating the buoyant upper crust from the denser lith-
osphere along a decollement. It is probable that quartzo-
feldspathic upper crustal rocks at depths greater than 
100 km are hot enough to be separated from the rest of 
sialic lithosphere (Stöckert and Renner, 1998). The pro-
posed interpretation is signifi cantly different from the 
model suggesting that the whole crust is decoupled 
from the subducting slab and exhumed by buoyancy 
forces (e.g., Chemenda et al., 1995). In contrast, our 
proposed model follows the concepts of Cloos (1982) 
and Platt (1986) suggesting the presence of a decou-
pling zone within the upper part of the subducting slab.

2.3  A Weak Subduction Channel 
Required for the Exhumation of HP 
to UHP Rocks

Fluids released from subducting slabs during progres-
sive metamorphism facilitate the lubrication of the 
 subduction plane but also assist the formation of low 

strength metamorphic minerals, such as lawsonite and 
phengite (Stöckert and Renner, 1998). In the case of 
accretionary-type subduction zones, these weak miner-
als can form high-strain shear zones, which localize the 
deformation and separates an exhumed block from the 
rest of the subducting slab. Moreover, lenses and blocks 
surrounded by shear zones remain relatively free from 
deformation and preserve HP mineral assemblages dur-
ing exhumation. This concept is particularly pertinent to 
rigid metabasite blocks in a soft matrix of serpentinites 
in a serpentinite subduction channel (Fig. 10) (Blake 
et al., 1995; Schwartz et al., 2001; Gerya et al., 2002; 
Frederico et al., 2007). In the exhumation of continental 
rocks, the role of a weak zone has not been adequately 
addressed because buoyant continental rocks is consid-
ered to be suffi cient for their exhumation of UHP rocks 
(e.g., Chemenda et al., 1995; Ernst, 2006), but the occur-
rence of serpentinites along the interface between the 
Tso Morari UHP unit and the overlying rigid mantle 
wedge (e.g., Guillot et al., 2001) suggest that a lubricat-
ing weak zone may be important in the exhumation of 
continental rocks.

The occurrence of garnet-bearing peridotites further 
supports the presence of a weak subduction channel. 
They are exhumed in an oceanic subduction zones in 
two locations: Higashi-Akaishi peridotite body in the 
Sanbagawa metamorphic belt in Japan and the Cuaba 
peridotites in the Rio San Juan complex in Dominican 
Republic. They are probably extreme cases where 
buoyant partly hydrated mantle facilitated the exhuma-
tion of deep rocks. Numerical models of Gorczyk et al. 
(2007) show that the steady state subduction does not 
result in the exhumation of garnet-bearing peridotites, 
but that hydration of deep mantle wedge modifi es its 
rheology to allow the upwelling of the asthenospheric 
mantle wedge and subsequent retreat of the subducting 
slab. Slab retreat would induce exhumation of a deep-
seated melange from a depth of 100–150 km that con-
sists of UHP mafi c rocks (subducted oceanic 
lithosphere), anhydrous peridotites, hydrated and par-
tially molten peridotites of the mantle wedge.

2.4  Major Driving Forces 
for the Exhumation

It is easy to understand the cause of burial metamor-
phism, but the causes of exhumation are less easily 
understood. Exhumation of HP to UHP metamorphic 
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Fig. 10 Schematic model for the exhumation of HP-UHP rocks 
inferred from the tectonic evolution of the Piedmont zone 
(Western Alps) during Late-Cretaceous-Paleogene. During the 
oceanic subduction period: developped an accretionary wedge 
and a serpentinite channel. During short-lived period, HP rocks 
and locally UHP rocks (garnet bearing peridotites) exhumed. 

The implication of the continental lithosphere within the sub-
duction increase the buoyancy, allowing the fi nal exhumation 
of the accretionary wedge and the serpentinite channel. Slices of 
upper continental rocks incorporate mantle peridotites and 
exhumed rapidly within the suture zone

rocks requires a combination of several factors; buoy-
ancy of rocks, a mechanism to reduce the boundary 
forces between these rocks, the descending lithosphere 
(Jolivet et al., 2005), erosion of overlying rocks, thrust-
ing associated with normal faulting, and return fl ow 
inside the subduction channel. Metamorphism and fl u-
ids play an important role in changing the density of 
rocks, the balance of forces (Hacker, 1996; Le Pichon 
et al., 1997) and softening of eclogitized rocks (Hacker, 
1996; Jolivet et al., 2005).

In the following paragraphs we will discuss these 
physical parameters for the exhumation of HP to UHP 
rocks in oceanic or continental context.

In a subduction zone, two types of forces contribute 
to the exhumation of HP to UHP rocks: the boundary 
forces related to the subduction zone itself and the 
internal forces induced by the density difference 
between the subducting slab and the surrounding rocks. 
The eclogitization of oceanic crust makes it denser 
than the surrounding mantle peridotites, and further 

promotes the subduction process. This implies that the 
exhumation of metamorphosed oceanic crust requires 
other factors than buoyancy. In accretionary wedges, 
metasediments with low densities (ca. 3,000 kg/m3) are 
not easily subducted with dense metabasic rocks 
(>3,200 kg/m3), which leads to their decoupling from 
the subducting salb and underplating at the base of the 
accretionary wedge. Platt (1986, 1987) proposed that 
this underplating process coupled with shallow exten-
sion would allow HP rocks to be exhumed to upper 
crustal levels. We argue against this proposal. First, 
most modern sedimentary accretionary wedges are not 
deep enough to produce HP rocks. The formation of 
these HP rocks requires unusually deep accretionary 
prisms. Secondly, exhumation frequently occurs 
during a short period in a given subduction zone 
(∼15 Myr; Agard et al., 2006; Agard et al., submitted), 
suggesting that such a steady-state regime suggested by 
Platt would not lead to the exhumation of HP rocks. 
Fig. 3d shows the schematic section of the present-day 
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Cascadia accretionary wedge beneath the Vancouver 
Island (Fig. 2a), but it must be noted that no exhuma-
tion is happening at present within the active Cascadia 
accretionary wedge. This confi rms that the exhuma-
tion of HP rocks likely takes place during the perturba-
tion of subduction zones as suggested by Agard et al. 
(2006) and others. The perturbations include a change 
in subduction velocity or subduction angle, and dock-
ing of a seamount, an arc or a continental block.

Within a serpentinite subduction channel, the exhu-
mation of dense mafi c rocks is facilitated by low density 
(2,600 kg/m3) and low viscosity of serpentine minerals. 
Low density of serpentinites results in diapiric ascent of 
serpentinites in the Mariana forearc (Fryer et al., 1999). 
Buoyancy of serpentinites likely contributed to the 
exhumation of Monviso massif in the Alps. The average 
density of the entire Monviso massif including eclogites 
is about 2,850 kg/m3, which is lower than anhydrous 
mantle peridotites. Moreover, the low viscosity of ser-
pentinite induces a dynamic fl ow inside the subduction 
channel (Schwartz et al., 2001; Gerya et al., 2002; 
Hilairet et al., 2007). A return fl ow within the serpen-
tinite subduction channel can exhume dense eclogitic 
blocks (Cloos, 1982). This return fl ow is enhanced by 
the progressive dehydration of serpentinites at the depth 
where the subducting slab reaches the temperature of 
650–700°C (Fig. 11). The temperature of 650–700°C is 
reached at a depth of about 100 km, ∼2.8 GPa, which 
coincides with the maximum pressures recorded in 
eclogites in serpentinite melanges (Fig. 7).

In the continental-type subduction environment, the 
upper crust is fi rmly attached to the sinking litho-
sphere. Furthermore, sialic crustal rocks remain 
 buoyant during subduction because their density is not 
signifi cantly modifi ed during subduction. Main 
hydrous phases, phengite and mica, are stable even 
during UHP metamorphism. Decoupling of a crustal 
slice from the descending slab requires the buoyancy 
forces exceeding the strength of the upper crust, which 
may occur at a depth of 90 to 140 km (Fig. 12b). 
Buoyancy difference between the continental rocks 
and oceanic lithosphere likely results in the separation 
of the two by thrusting along the subduction plane and 
normal faulting at shallower depth (Figs. 12a, b). 
Finally, the detachment of oceanic lithosphere further 
enhances the buoyant exhumation of the continental 
crust and sinking of the oceanic lithosphere (Fig. 12d) 
(Van der Beuckel, 1992; Davies and von Blanckenburg, 
1995). However, this last model implies large uplift 

during exhumation incompatible with exhumation 
occurring beneath sea level as observed for exemple in 
Himalaya (e.g., Guillot et al., 2003) or in the Alps 
(e.g., Tricart et al., 2004).

2.5  Other Factors Contributing 
to Exhumation

Several other factors contribute to the exhumation of 
HP to UHP rocks. Slab retreat has been invoked as 
an important cause for the exhumation of HP rocks 
in the Mediterranean domain as it creates an exten-
sional regime for the exhumation (e.g., Gautier et al., 
1999; Jolivet et al., 2003). As previously discussed, 
slab retreat and associated back-arc extension are 
suggested to explain the exhumation of deep seated 
garnet-peridotites in the Dominican Republic (Gorczyk 
et al., 2007) and also the world youngest eclogite in 
Papua New Guinea (Monteleone et al., 2007). In the 
numerical model developed by Gorczyk et al. (2007), 
the role of asthenospheric upwelling is essential in 
rapid exhumation of deep-seated garnet-bearing peri-
dotites. Similarly, the occurrence of majoritic garnet in 
the Western Gneiss Region of Norway (Van Roermund 
et al., 2001) and the recent discovery of coesite possi-
bly replacing stishovite in non-metamorphic chromi-
tite in southern Tibet (Yang et al., 2007) suggest that 
rocks originated from the deep upper mantle (>300 Km) 
are exhumed within suture zones. Exhumation of such 
deep rocks near the the mantle transition zone suggest 
a large-scale convection in the upper mantle.

Subduction angle is also important in controlling the 
production and exhumation of HP and UHP rocks. 
Guillot et al. (2007) estimated that the initial angle of 
continental subduction was greater than 40° in the west-
ern Himalayan syntaxis. Such a steep subduction is dis-
played in tomographic images to a depth of 200–300 km 
beneath the Hindu Kush and supported by seismic stud-
ies (Negredo et al., 2007). The evidence suggests that 
the UHP metamorphic rocks are being formed in the 
slab beneath the Hindu Kush at present (Searle et al., 
2001). In contrast, tomographic images and seismic data 
show that the Indian continent subducted at a gentle 
angle of 9° beneath southern Tibet, reaching a depth of 
less than 80 km (<2.0–2.5 GPa), which precludes the for-
mation of UHP rocks in the area (Guillot et al., 2008).
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Fig. 11 Evolution of a subduction of oceanic lithosphere that 
formed at slow spreading ridge (after Gorczyk et al., 2007). 
The numerical model shows that the subduction produces a 
wide subduction channel composed of serpentinites because 
oceanic lithosphere formed at a slow-spreading ridge contain 
abundant serpentinites. The numerical model predicts two 
kinds of serpentinites within the subduction channel: (a) incom-
ing hydrated abyssal peridotites and (b) hydrated, forearc man-
tle peridotites. The maximum depth of circulating material in 
the serpentinite subduction channel reaches a depth of 60 km 
(∼2 GPa) and a temperature of 740°C, which corresponds to 

the upper stability limit of serpentine minerals (Ulmer and 
Trommsdorff, 1995). Progressive hydration of the mantle 
wedge modifi es its rheology allowing the upwelling of the 
asthenospheric mantle wedge and subsequent retreat of the 
subducting slab. Slab retreat would induce exhumation of deep-
seated melange from a depth of 100–150 km that consists of 
UHP mafi c rocks (subducted oceanic lithosphere), anhydrous 
peridotites, hydrated and partially molten peridotites of the 
mantle wedge. This deep-seated melange would not reach the 
surface and stops at about 20 km depth beneath the already 
exhumed serpentinite melange
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Fig. 12 Summary of UHP models (modifi ed after Young et al., 
2007). (a) Exhumation of subducted oceanic rocks by local 
extension. This model cannot exhume rocks from a depth greater 
than 100 km because a horizontal extension of greater than 
200 km at crustal level is requires. Extrusion of delaminated 
dowgoing slab due to buoyancy forces with thrusting at the base 
and normal faulting at the top (Ernst, 2001, 2005). This model 

explains incorporation of deep mantle garnet peridotites. 
(b) Diapiric ascent of delaminated UHP rocks combined with 
horizontal compression in overlying plate (e.g., de Sigoyer et al., 
2004). (c) Separation of continental rocks from descending 
oceanic lithosphere followed by fl exural rebound of the UHP 
unit (Young et al., 2007)

The important role of steep subduction in the for-
mation and subsequent exhumation of UHP rocks is 
further illustrated in the Alpine and Himalayan sys-
tems. The subducted European continental margin 
shows up to 1.2 GPa and 450°C in the central part and 
up to 3.5 GPa and 750°C in the southern part, suggest-
ing that the dip steepened from 40° to 70° southward 
(e.g., Carry, 2007). As for the Himalayan system, the 
dips of subducting plate change along a transform fault 
and the exhumation of UHP rocks occur near the trans-
form fault.

3 Conclusions

The P-T-t paths and protoliths of HP and UHP meta-
morphic rocks provide information relevant to a better 
understanding of subduction zones. The combination 
of data from metamorphic rocks with numerical mod-
els draws the following salient results:

–  The exhumation of HP to UHP rocks including those 
originated from continental rocks is an integral part 
of subduction processes.

–  Exhumation of rocks requires mechanically weak 
subduction channels that are comprised of sediments, 
hydrated peridotites or partial melt.

–  The driving forces for exhumation are a combination 
of buoyancy and channel fl ow coupled with under-
plating of slabs. The former is the dominant force for 
the exhumation of continental rocks, whereas the lat-
ter prevails for the exhumation in oceanic subduction 
zones.

–  Exhumation velocities are independent of plate 
velocities: (1) slow (<5 mm/year) exhumation of 
HP-LT metasediments (P < 2.5 GPa, T < 600°C) is 
a long-lasting process, in an accretionary prism; 
(2) slow to intermediate velocity (1 < v < 10 mm/
year) exhumation of HP to UHP (< 3 GPa < 650°C) 
oceanic rocks is a discontinuous, transient process 
within a serpentinite subduction channel; (3) fast 
exhumation (up to 40 mm/year) of UHP (up to 6 GPa, 
900°C) continental units is extremely short-lived 
(<10 My) and occurs in the mantle wedge combined 
with both asthenospheric return fl ow and buoyancy 
forces.

–  Other parameters that affect the exhumation of HP to 
UHP rocks include slab retreat, and subduction dip 
angle. UHP rocks are not produced in subduction 
zones with gentle subduction angles.
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1 Introduction

From the geodynamic point of view, the Taiwan 
orogen is produced by the arc-continent collision, 
which leads by the Manila subduction system and 

occurred since about 5 Ma (Chi et al., 1981; Chang and 
Chi, 1983; Dorsey, 1985, 1988; Ho, 1986). As a newly 
emerged orogen, the Taiwan Island exhibits a young 
and complete accretionary prism sequence. This island 
is therefore an ideal area to understand the evolution 
of a subduction system from its active subduction stage 
to its collision stage (Suppe, 1984).

Mélange zones are generally found in mountains 
paralleling convergent plate margins. Investigating the 
processes responsible for fragmentation and mixing in 
mélanges is crucial. Onshore Taiwan, two mélange 

Abstract Two mélange zones occur in Taiwan: the Lichi Mélange in the Coastal 
Range of eastern Taiwan and the Kenting Mélange in the Hengchun Peninsula of 
southern Taiwan. Because of the southward propagation of the Taiwan orogen, these 
two mélanges now crop out at the western front of the Coastal Range (Lichi Mélange) 
and the west side of the southern Central Range (Kenting Mélange). These two 
mélanges are similar in appearance and controversial in origin, being interpreted 
either as subduction complexes, or as olistostromes. Remnants of neighbouring strati-
graphic units, present as slices or clasts in the mélange zones, shed light on the nature 
and origin of these two mélanges and help deciphering the tectonic evolution of 
Taiwan orogen and its leading subductions.

Based on multiple lines of evidence, including fossil age, clay mineral composi-
tion and nature of exotic ophiolitic blocks, we conclude that the Kenting Mélange 
zone, which was probably active over a long period of Late Cenozoic time, was a 
direct result of subduction process, as a relict of subduction fault zone at the front of 
the Taiwan accretionary prism. The Lichi Mélange, for which the fossil age indicates 
a shorter Pliocene time span, was part of the Northern Luzon Trough forearc; it is 
regarded as a collision mélange formed during forearc closure in probable relation 
with arcward backthrusting, when the Luzon arc started to collide with the Eurasian 
continent margin following subduction of the oceanic crust of the forearc area. After 
comparing the geological situation of these two mélanges, we obtain a new perspec-
tive for the evolution of a trench-prism system, from subduction to arc-continent 
collision.
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zones are present: the Lichi Mélange in the Coastal 
Range and the Kenting Mélange in the Hengchun 
Peninsula (Hsu, 1976; Tsan, 1974a, b). Because of 
their contrasting positions, respectively east and west 
of the main Central Range of Taiwan, these two 
mélange zones may provide important geological 
information about the history of convergence.

The aim of this paper is to discuss the evolution 
from the Luzon-Manila subduction systems to the 
Taiwan collision, taking advantage of the geological 
information about these two mélange zones. We thus 
study the evolution of the NNE-SSW convergent 
boundary of southern Taiwan, along the Luzon Arc 
system. The major convergent boundary of northeast 
Taiwan, related to the E-W trending Ryukyu subduc-
tion system, does not deserves consideration in this 
paper.

2 Geological Setting of Taiwan

The Taiwan island is surrounded by two subduction 
systems. To the northeast, the Philippine Sea plate is 
being consumed beneath the Eurasian continent along 
the Ryukyu arc and trench system. To the south, the 
South China Sea is subducting beneath the Philippine 
Sea plate along the Manila Trench and Luzon Arc sys-
tem. Thus, in northeastern Taiwan the Eurasian plate 
overrides the Philippine Sea plate whereas in south-
eastern Taiwan the Philippine Sea plate overrides the 
Eurasian plate that includes the South China Sea with 
its 32–15 Ma old oceanic lithosphere (Fig. 1). Because 
of the opposite-vergent subductions and rapid plate 
convergence, the southeastern margin of the Chinese 
continent is now strongly deformed and highly uplifted 
in the Central Range of Taiwan.

Fig. 1 Tectonic framework of the 
Taiwan orogenic belt between the 
Eurasian continent and the Philippine 
Sea plate. Large black arrow shows 
convergent direction between the 
volcanic arc (Northern Luzon Arc, 
NLA) and the Chinese continent 
margin. Numbers indicate main 
tectonostratigraphic units of Taiwan. 
1: Western Coastal Plain; 2: Western 
Foothills; 3: Hsüeshan Range; 
4: Central Range; 5: Coastal Range. 
EU Eurasian plate, HTR Huatung 
Ridge, LV Longitudinal Valley, NLT 
Northern Luzon Trough, OT Okinawa 
Through, PH Philippine Sea plate, 
RKA Ryukyu Arc, SLT Southern 
Longitudinal Trough. J Juishui 
Ophiolite; Y Yuli ophiolite. Locations 
of two mélanges in Taiwan are shown 
by areas in black (Figs. 2a, b)
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The Taiwan island consists of fi ve morphotec-
tonic units, which are from west to east: the Coastal 
Plain, the Western Foothills, the Hsüehshan Range, 
the Central Range and the Coastal Range. The age 
and lithology of the fi rst four units suggest that their 
geological formations belong to the upper crust and 
sedimentary basins of the Eurasian continent undergo-
ing underthrusting along the Manila Trench system 
(Ho, 1988). In contrast, the Coastal Range in eastern 
Taiwan represents a northern segment of the northern 
Luzon arc that has been accreted onto the uplifted 
Eurasian continent (Chai, 1972; Biq, 1972), as shown 
in Fig. 1.

Between the Coastal Range and the Central Range, 
the Longitudinal Valley marks the “suture” between 
the Eurasian plate and the Philippine Sea plate. A large 
thrust fault, the Longitudinal Valley fault, is located on 
the eastern border of this valley. The Longitudinal 
Valley fault, as a reverse fault with a minor component 
of left-lateral motion, is one of the most active faults in 
Taiwan. Across this fault a steady creep of about 3 cm 
year−1 has been detected by geodetic and fi eld means 
(Yu and Liu, 1989; Lee and Angelier, 1993; Angelier 
et al., 1997; Yu et al., 1997). Most authors consider 
the Longitudinal Valley as the major plate suture zone 
and a relic of the plate boundary between the Eurasian 
plate and Philippine Sea plate, which represented 
the main active structure before and during the arc-
continent collision (Biq, 1971, 1973; Karig, 1973; 
Teng, 1981; Hsu, 1988; Chen, 1997). There is also 
 evidence indicating that the Longitudinal Valley is the 
remnant, western part of the forearc basin which was 
a relatively quiet region before arc-continent collision 
and has been severely shortened (Hsu, 1956; Wang, 
1976; Ernst, 1977; Ho, 1977; Liou et al., 1977; Page 
and Suppe, 1981; Barrier and Muller, 1984; Chang 
et al., 2000, 2001).

A major mélange zone, the Lichi Mélange, lying 
between the Coastal Range and the Longitudinal 
Valley, has long been considered as the key to the 
 interpretation of the Longitudinal Valley origin (Hsu, 
1956; Biq, 1971, 1973; Wang, 1976; Page and Suppe, 
1981). On the opposite, western side of the Central 
Range at the southern tip of the Taiwan orogen, another 
mélange zone crops out: the Kenting Mélange. These 
two mélange zones, which show large deformation 
and major thrusting at their boundaries, have very 
 similar features at fi rst sight (Fig. 1). Some interest-
ing geological issues are thus raised: did these two 

mélanges originate from separate basins? Did they 
result from the same process at the same time? If not, 
what was the specifi c origin and evolution of each 
of these mélanges? Which one formed fi rst? The inter-
pretation of these two major mélanges has strong 
 inferences for any reconstruction of the geological 
 history of Taiwan, especially for the evolution of the 
Longitudinal Valley, the so-called “suture” between 
the Eurasian continental margin and the Luzon arc, but 
also for the subduction history of Manila system and 
the structural development of the Hengchun Peninsula, 
which marks in space and time the transition from 
 subduction to Taiwan collision.

To help deciphering this complex convergence 
 history, we take advantage, in this paper, of previous 
geological fi ndings and of our own observations to pres-
ent a comprehensive comparison between these two 
mélanges and draw inferences in terms of convergence 
history and subduction-collision processes. We conse-
quently focus on the age, composition and structure of 
the Lichi and Kenting mélange zones to clarify the role 
and formation process of typical mélanges in the grow-
ing Taiwan orogen.

3  Major Characteristics of Mélanges 
in Taiwan

3.1 The Lichi Mélange

The Lichi Mélange is mainly distributed along the 
southwestern fl ank of the Coastal Range with a length 
of about 65 km (Fig. 2a). It is composed of chaotic 
mudstones intermixed with “exotic” blocks of various 
size and lithology (Figs. 3a and 3a’). The exposures 
of the Lichi Mélange show a typical badland aspect 
and topography (Fig. 3a’). The most characteristic 
lithological feature of the Lichi Mélange lies in the 
presence of intensely sheared mudstones without 
distinctive stratifi cation, and the most common meso-
scopic structure is the scaly foliation (Figs. 4a, b). The 
curviplanar surfaces of this penetrative scaly foliation 
are generally polished and bear aligned pyrite and clay 
minerals and slickenside lineations (Hsu, 1976; Teng, 
1981; Chen, 1991, 1997; Chang et al., 2000, 2001). 
Densely distributed shear surfaces are oblique to, and 
mechanically consistent with, the scaly foliation, thus 
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producing typical lozengic structures in cross-section. 
Analysing the geometrical relationships between shear 
surfaces and scaly foliation enabled us to determine 
the direction and sense of shear deformation (Chang 
et al., 2000, 2001; Figs. 4a, b).

Although the Lichi Mélange is generally strongly 
sheared, many layers of pebbly mudstones and 
numerous coherent stratifi cation evidences have been 
described (Figs. 4c, d; Chang, 1969; Liou et al., 1977; 
Page, 1978; Page and Suppe, 1981; Barrier and Muller, 

Fig. 2 (a) Geological map of the Lichi 
Mélange area. (b) Geological map of the 
Kenting Mélange area
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Fig. 3 (a) Typical outcrops of 
the Lichi (a and a′) and Kenting 
Mélanges (b) Location in Fig. 2

Fig. 4 (a) Scaly foliation 
associated with shear deforma-
tion in the argillaceous matrix of 
mélange. Note the presence of 
two main structural orientations 
that correspond to shear surfaces 
and foliation. (b) The sigmoid 
shape of scaly foliation indicates 
the sense of motion on the shear 
surfaces. (c) and (d) Pebbly 
layer in the Lichi Mélange. 
Location is indicated in 
geological profi le a2 of Fig. 5

1984). In the Lichi Melange, the fragmentation and 
dismembering processes were widespread but could 
not erase some evidences of the initial stratigraphic 
relationships between the Lichi Mélange and the 
forearc basin strata, namely the lower Takangkou 
Formation. Particular attention was paid by many 
authors to the nature of the blocks inside the Lichi 

Mélange. These blocks, especially the large ones, are 
generally angular in shape. Most of them are metric or 
smaller in size, but some blocks reach hectometric and 
even kilometric size. Most small blocks (decametric or 
smaller) are heavily sheared and polished, but many 
large blocks appear almost internally undeformed 
(Teng et al., 1988).
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In terms of lithology, the blocks considered as 
“exotic” include three major components (Biq, 1971; 
Wang, 1976; Hsu, 1976; Liou et al., 1977; Page 
and Suppe, 1981): andesite suite (andesite, volcanic 
breccias, tuffs, and volcaniclastic turbidites), ophiolitic 
suite (Figs. 3a and 3a’; serpentine, gabbro and pillow 
basalt) and sedimentary suite (sandstone, sandstone/
shale interbeds, shale, and limestone). The andesite 
suite is derived from the Luzon volcanic arc, Miocene 
in age, as can be observed in the Tuluanshan Formation 
of the Coastal Range (Hsu, 1956). The origin of the 
dismembered ophiolite blocks in the Lichi Mélange 
may represent either the oceanic crust of normal South 
China Sea (Chung and Sun, 1992) or that of the 
Philippine Sea beneath the Luzon forearc/arc (Juan 
et al., 1980; Malavieille et al., 2002). Based on the 
analysis of the associated sediments, Suppe et al. 
(1977, 1981) pointed out that this ophiolite could not 
originate from a normal oceanic crust, but more likely 
represented an “irregular” oceanic crust.

The sedimentary blocks inside the Lichi Mélange 
include the weak-lithifi ed Pliocene turbidites (blocks 
of decametric to kilometric size) with similar lithol-
ogy, age and sedimentary turbidite structures as the 
remnant coherent forearc basin strata of the Coastal 
Range (named Takangkou Formation; Hsu, 1956). 
They also include the well lithifi ed, whitish quartz-
rich, feldspathic sandstones of late Miocene age (angu-
lar blocks of metric to kilometric size), very similar to 
the deep-sea fan sandstones (named Mutan Formation; 
Sung, 1991) that belong to the upper part of the accre-
tionary prism in the Hengchun Peninsula (a southern 
extension of Central Range; Cheng et al., 1984; Huang 
et al., 1997). Remarkably, these sandstones are not 
observed in the coherent forearc basin turbidites of 
the Coastal Range, which are younger in age (Plio-
Pleistocene).

The muddy matrix of the Lichi Mélange has also 
been analysed. Clay mineral compositions of the 
sheared mudstone are characterised by bearing illite 
(48.8%), chlorite (8.4%), kaolinite (13.9%), smectite 
(1.9%) and mixed-layer clay minerals (MLC, 27.0%) 
(Lin and Chen, 1986). Biostratigraphic studies 
revealed that the protolith of the Lichi Mélange was 
deposited in a narrow age range within Zone N19/20 
of planktic foraminifers or Zone NN15 (3.5–3.7 Ma) 
of calcareous nannoplanktons (Chi et al., 1981; 
Chi, 1982; Barrier and Muller, 1984). This age is 
coeval to the lower remnant forearc basin sequence 

but is older than that of the upper forearc sequence of 
the Coastal Range (Zones N21–22 of planktic fora-
minifers, Chang, 1967; Zones NN16∼19 of calcareous 
nannoplanktons, <3.5∼1.15 Ma, Horng and Shea, 
1996). This indicates that (1) the  turbidites in the 
proto-Lichi Mélange were deposited in a short time 
span (∼0.2 m.y); (2) the deformation (at ∼3.5 Ma) of 
the proto-Lichi Mélange occurred very quickly after 
these turbidites were deposited (3.5∼3.7 Ma); and 
(3) after deformation of the proto-Lichi Mélange, the 
young turbidites (3∼1 Ma) were continuously depos-
ited in the upper part of the remnant forearc basin 
(Huang et al., 2007).

The estimation of the thickness of the Lichi Mélange 
is known from a Chinese Petroleum Corporation well 
near Houtzeshan in the southernmost Coastal Range 
(Meng and Chiang, 1965). The well penetrated 1,056 m 
without reaching the base, which shows that the thick-
ness of the Lichi Mélange is larger than 1 km. Note 
that because of the high deformation inside the Lichi 
Mélange this thickness should not be regarded as 
depositional. Besides, the well penetrated a number of 
slabs of basalt and other basic rocks embedded in the 
muddy matrix, demonstrating that the composition of 
the Lichi Mélange is chaotic at depth as well as at the 
surface (Hsu, 1976). The contact between the Lichi 
Mélange and other rock units of the Coastal Range is 
in most cases a fault, commonly a thrust (Fig. 2a; Hsu, 
1976). It is very signifi cant, however, that in some 
cases local interfi ngering occurs with the strata of the 
Takangkou Formation (Page and Suppe, 1981; Barrier 
and Muller, 1984).

The outcrops of the Lichi Mélange show large vari-
ation in intensity of scaly foliation, with in some cases 
a transition towards moderately deformed sediments 
that suggests a common origin with the adjacent fl ysch-
type sediments of the lower Takangkou formation, 
Pliocene in age (Figs. 5a1, 2). Chang et al. (2000, 
2001) thus distinguished four different domains within 
the Lichi Mélange and the adjacent formations. They 
include: the coherent unit (unit α), in which the inter-
nal stratal continuity is fully preserved; the broken unit 
(unit β), in which the rock is locally disrupted with 
most of the stratal continuity preserved; the dismem-
bered unit (unit γ), in which disruption is complete so 
that no internal stratal continuity remains, but exotic 
blocks are still absent; the actual mélange (unit δ), in 
which the material is extensively sheared and exotic 
blocks are present. Based on this classifi cation, Chang 
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et al. (2000, 2001) carried out a detailed structural 
study in the southern Coastal Range and pointed out 
that the Lichi Mélange deserves interpretation as a 
sheared lower forearc basin sediment sequence. 
Because of the later development of the structure 
(thrusting, backthrusting and even diapiric extrusion), 
it is presently exposed along the western thrust bound-
ary and some main fault zones (for example, that of the 
Loho basin, see location in Fig. 2a) in the Coastal 
Range (Figs. 5a1, 2).

Some surprising structural relationships have been 
observed in the geological profi les of Fig. 5a1, 2. 
Whereas many contacts between the Lichi Mélange 
and the Takangkou Formation are parallel to the 
adjacent strata, which suggests normal stratigraphic 
relationships, the younger Takangkou Formation is 
thrusted over the older Lichi Mélange in some places. 
This is the case of the Tuluanshan Fault in Fig. 5a2: the 
upthrust block, which includes the upper Takangkou 
Formation on top of the Tuluanshan andesitic Formation, 

overrides both the whole Takangkou Formation and the 
Lichi Mélange. This fi eld reality could be explained 
through the occurrence of pre-existing backthrust 
followed by newly developing thrust (Chang et al., 
2000, 2001), knowing that further west typical back-
thrust structures occur in the Lichi Mélange and 
Takangkou Formation (Fig. 5a). This process is dis-
cussed in the later Section “Forearc subduction stage”.

3.2 The Kenting Mélange

The Kenting Mélange was defi ned by Tsan (1974a, b). 
It generally crops out in a narrow area of low hills that 
bound to the west the mountainous Miocene turbidites 
of the Hengchun Peninsula (Figs. 2b and 3b). In the 
Kenting Mélange, sheared polygenic clasts of millime-
ter to hundred-meter size were embedded in a scaly 
argillaceous matrix. In the fi eld exposures, the Kenting 

Fig. 5 Geological profi les of the 
Lichi (a1 and a2) and Kenting 
(b1 and b2) areas (modifi ed 
after Chang et al., 2000, 2001, 
2003). Locations of profi les 
are indicated in Fig. 2. The 
strike-slip component of 
strike-slip motion is indicated 
in the cross-sections by small 
circles with cross and dot
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Mélange looks very similar to the Lichi Mélange: both 
exhibit typical badland topography (Fig. 3b) and char-
acteristic presence of intensely sheared mudstones 
without distinctive stratifi cation and pervasive scaly 
foliation (Fig. 4a).

The rock blocks and fragments of the Kenting 
Mélange include two main types, sedimentary and 
magmatic in origin (Pelletier, 1985). The sedimentary 
type includes siltstones, sandstones, conglomerates, 
limestones (rare) and red mudstones (very rare: only 
observed west of Paolishan, see location in Fig. 2b). 
Conglomerate blocks are frequently exposed in the 
mélange; the largest one is located near the village of 
Kenting as a several hundreds metres high isolated 
piton dominating the surrounding landscape. The mag-
matic type component includes pillow lavas, volcanic 
breccias and ultrabasic rocks (such as peridotite), listed 
by decreasing abundance (Huang et al., 1985). These 
sedimentary blocks and magmatic blocks were also 
found in the Mutan Formation west of Kenting 
Mélange. Pelletier and Stephan (1986) considered this 
as an evidence for subaerial exposure of a complex 
source terrain in the Miocene and further proposed that 
the material of the Hengchun Peninsula originated 
from a slice of South China Sea crust obducted upon 
the Chinese continental margin in the Middle Miocene 
time. No other clear evidence could be found in the 
Taiwan orogen. This obduction might have occurred 
7–8 M.y. before the beginning of the last Taiwan colli-
sion collision. It is not considered in our reconstruction 
because it predated the Late Miocene to Present time 
span that we consider.

The clay mineral compositions of the sheared 
mudstone in the Kenting Mélange are characterised 
by bearing illite (57.8%), chlorite (10.3%), dickite 
(11.5%), montmorillonite (2.0%) and MLC (18.6%) 
(Lin and Wang, 2001). Contrary to the Lichi Mélange, 
the Kenting Mélange contains no kaolinite whereas 
dickite and montmorillonite are abundant.

In contrast with the Lichi Mélange, the age of the 
Kenting Mélange is controversial, because various 
ages were obtained by several researchers. First, Chang 
(1965, 1966) revealed, based on determinations of 
foraminifera, a Middle to Late Miocene age. Later, 
Chi (1982) produced the fi rst detailed biostratigraphic 
study in the Kenting Mélange, with a variety of ages 
ranging from the Eocene (rare) to Miocene (very abun-
dant); its most recent age determination was Late 

Miocene (NN 11). Page and Lan (1983), based on 
Chi’s dating results (1982), proposed an age of Late 
Miocene (NN11) to middle Pliocene (NN15), which is 
the age of the base of the Maanshan Formation. 
However, Huang et al. (1983) found nannofossils of 
late Pliocene age in the Kenting Mélange, and pro-
posed, for the formation of this mélange, a late Pliocene 
(NNH16) or even more recent age. Huang (1984) 
found planktonic foraminifera of different ages: Early 
Miocene (N5), Middle Miocene (N7 with N9), Late 
Miocene (N14 with N17), Pliocene (N19), and even 
early Pleistocene (N22). The Kenting Mélange has 
thus been considered by this author as an olistostrome 
of age from Middle Miocene to early Pleistocene 
(N22 being equivalent to NN19). Pelletier et al. (1985) 
and Pelletier and Stephan (1986) proposed, after exam-
ining approximately 200 samples from the Kenting 
Mélange, an age of Late Miocene (NN11) to middle 
Pliocene (NN15). In summary, the most frequently 
obtained ages range from Middle to Late Miocene, but 
many Pliocene ages (most of them indicating lower-
middle Pliocene) have also been obtained and the early 
Pleistocene is present as pointed out by Huang (1984).

From the structural geology point of view, the 
Kenting Mélange can be considered as a mega-sheared 
fault zone about 1 km wide and 20 km long (Chang 
et al., 2003) that cuts across the Miocene Mutan 
Formation (Figs. 2b, 5b1 and 5b2). The geometrical 
distribution of the shear features in the Kenting Mélange 
suggests that this zone dips to the east with an angle of 
about 30° or less (Figs. 5b1, 2). Chang et al. (2003) 
named this shear zone as the “Kenting Fault”. To the 
east, in the hanging wall of the mega-sheared fault 
zone, the Mutan Formation, which forms the main 
mountain range of the Hengchun peninsula, has been 
thrusted westward along the Kenting Mélange. To the 
west, in contrast with the sinuous upper boundary of 
the mélange zone, the western boundary of the Kenting 
Mélange appears as a linear structure (Fig. 2b), because 
it has been cut by the steeply east-dipping Hengchun 
Fault (Pelletier, 1985; Sung, 1991) (Figs. 2b, 5b1, 2). 
As the outcrops of the Hengchun Fault are generally 
covered by the quaternary sediments, the dip of this 
fault is mainly documented by a recent seismic refl ec-
tion profi le (Li et al., 2001). Moreover, because of the 
presence of both the Hengchun Fault and the Quaternary 
formations, the base of the mélange zone has never 
been directly observed.
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Table 1 Comparison table of the Lichi Mélange and the Kenting Mélange

Lichi Mélange Kenting Mélange

Similarities Matrix Intensely sheared mudstones without distinctive stratifi cation. Some layers with coherent 
stratifi cation have been locally reported

Texture Scaly foliation, dense pattern of small faults with slickenside lineations (mainly thrust 
and strike-slip in type, also normal)

Exotic blocks Ophiolitic blocks and sedimentary blocks, metric to kilometric in size
Boundary 

structure
Bounded by west-verging thrusts at both eastern and western boundaries of mélange zone

Footwall Quaternary fl uvial deposit (both Lichi and Kenting) and coral reef (Kenting only) in the west
Tectonic regime Mainly NW-SE compression indicated by fault slip data and other structures inside 

the mélange
Differences Clay mineral Illite (48.8%), chlorite (8.4%), kaolinite (13.9%), 

smectite (1.9%) and mixed-layer clay 
minerals (27.0%)

Illite (57.8%), chlorite (10.3%), dickite 
(11.5%), montmorillonite (2.0%) and 
mixed-layer clay minerals (18.6%)

Age of matrix Rather well constrained, 3.5∼3.7 Ma Large dispersion of ages, approximate 
range 1 to10 Ma

Exotic blocks –  Include both Miocene and Pliocene 
sedimentary rocks

–  Include Miocene volcanic rocks (with volcanic 
breccias, tuffs, and volcaniclastic turbidites) 
issued from the Luzon Arc

– Not include ultrabasic rocks

–  Include Miocene turbiditic blocks, but 
does not include Pliocene sedimentary 
rocks

– Not include volcanic rocks
– Include ultrabasic rocks

Pebbly layer Locally reported (especially in the rivers of 
the central segment)

Not found (but many conglomerate blocks 
exposed)

Limestone 
included

Pliocene Kangkou Limestone (around the 
summit of the volcanic arc east to 
the mélange)

Pleistocene Hengchun Limestone (apron 
coral reef and lagoon phase limestone 
exposed in west of the mélange)

Hanging wall 
strata

Miocene volcanic basement overlaid by 
Pliocene turbidites to the east

Miocene turbidite formation to the east

Geographic 
location

Along the southwestern fl ank of the Coastal 
Range, east of the Central Range and 
Longitudinal Valley

In a narrow area of low hills that bound the 
main range of Hengchun Peninsula 
(souther extension of Central Range) 
to the west

Geological 
location

Between the Taiwan accretionary prism/Central 
Range and the Luzon volcanic arc

Between the foreland of the Taiwan belt 
and the western fl ank of the southern 
Taiwan accretionary prism

Origin of 
ophiolite

Basement of forearc basin (probably the 
Philippine Sea oceanic crust)

South China Sea oceanic crust

Tectonic origin Forearc mélange: originates from the thrusted 
strata at the front of a forearc basin west of, 
and attached to, the Luzon Arc

Formed at the front of an accretionary 
prism above the subduction zone, 
representing the relic of a submarine 
trench

A detailed comparison between the Lichi Mélange 
and the Kenting Mélange is presented in Table 1. 
We took their similarities and differences into account 
based on previously published information and our 
observations. Among the multiple characteristics sum-
marised in this Table, some are of particular impor-
tance and will be invoked in the following discussion. 
They include the clay mineral composition, the origin 
of ophiolitic blocks, the particular nature of some sedi-
mentary blocks and the age of the mélange matrix.

4  Significance of Clay Mineral 
Composition and Sources of 
Sedimentary Rock in Mélanges

According to a systematic study by Lin and Chen 
(1986), the clay mineral compositions of the muddy 
matrix and sedimentary blocks in various facies and 
exposures of the Lichi Mélange are very similar and 
contain illite, chlorite, kaolinite and little smectite. 
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This composition resembles that of the clay mineral 
assemblages of the Takangkou fl ysch-like formation of 
the remnant forearc basin of the Coastal Range, except 
for kaolinite. Lin and Chen (1986) claimed that the 
Lichi Mélange could have two sediment sources. One 
of these sources involves continental materials, which 
were rich in illite and chlorite and underwent transport 
from land into the marine basin, coming from the 
eastern Asian continent and/or the accretionary prism 
of the subduction zone (such as the ancient Central 
Range and its southern extension). The other source 
involves the volcanic arc material, which is rich in 
kaolinite and smectite and was transported from the 
volcanic arc in a tropical area (such as the Philippine 
islands). These two contrasting groups of source mate-
rials were simultaneously deposited in a single major 
sedimentary basin, that of future Lichi Mélange.

As indicated by the presence of large amounts of 
kaolinite in the Mélange, part of the source area for the 
primary strata precursor of the Lichi Mélange had a 
humid, warm climate with much rainfall. This context 
fi ts well with the Miocene paleo-position of the Luzon 
arc, far to the southeast of the present location of the 
Lichi Mélange in Taiwan. In contrast with the Lichi 
Mélange, the kaolinite is rare or almost absent in the 
clay fractions of the adjacent Takangkou Formation 
(the remnant forearc deposition in the Coastal Range). 
This suggests that contrary to the Lichi Mélange basin, 
the typical forearc basin received more material from a 
continental source to the west (like the ancient Central 
Range) than from a volcanic arc source to the east (Lin 
and Chen, 1986; Chang, 1996). Such a contrast favours 
an eastern location for the depocentre of the future 
Lichi Mélange during the Pliocene, as compared with 
the main forearc basin.

In terms of matrix clay contents, the most signifi cant 
difference between the Lichi Mélange and the Kenting 
Mélange is the absence of kaolinite in the latter forma-
tion. The Kenting Mélange contains illite, chlorite, 
dickite, montmorillonite and MLC. A comparison 
between the Kenting Mélange and the Miocene Mutan 
Formation (that forms the main body of the Hengchun 
Peninsula) reveals closely similar compositions and 
the same polytypes of clay minerals. This similarity 
suggests that these two formations had a common sedi-
mentary source, a terrain of acidic igneous and/or meta-
morphic rock with grade probably up to greenschist 
facies. Based on such observations, it is reasonable to 
consider the Kenting Mélange as the dismantled facies 

of the Mutan Formation affected by strong tectonic 
disruption and pervasive shear near a the west-verging 
low-angle thrust (Lin and Wang, 2001).

As could be expected according to the above inter-
pretation, the sedimentary blocks contained in the 
Kenting Mélange principally consist of turbidites 
derived from the body of the Hengchun peninsula – the 
Miocene Mutan formation. This is another signifi cant 
difference between the two mélanges: the sedimentary 
blocks in the Lichi Mélange display variety. In addi-
tion to the largest component made of rocks coming 
from the remnant forearc basin of the Coastal Range, 
one observes whitish, well-lithifi ed, quartz-rich, feld-
spathic sandstone blocks in the Lichi Mélange. These 
sandstones were determined to be Late Miocene in 
age (Chi, 1982; Barrier and Muller, 1984), consistent 
with those of the Mutan Formation of the Hengchun 
peninsula (Chang, 1966; Huang et al., 1997) and 
clearly older than the Plio-Pleistocene remnant forearc 
basin strata and the Pliocene protolith of the Lichi 
Mélange. Assuming that these Miocene sandstones 
were actually derived from the Hengchun peninsula, 
two possible routes exist to explain their presence in 
the Lichi Mélange: (a) erosion of the exposed accre-
tionary prism (that is, the future Central Range) before 
exhumation of the underthrust Eurasian continent 
materials in the last 2.5 Ma (Huang et al., 2006) 
followed by transport towards the North Luzon Trough 
(the forearc basin) by turbidity fl ow or mass slumping 
processes (Page and Suppe, 1981); or (b) eastward 
thrusting pushing the non-exposed Late Miocene 
accretionary prism materials upward into the deformed 
forearc strata (proto-Lichi Mélange like the modern 
Huatung Ridge) in the western part of the North Luzon 
Trough (Fig. 1). Because these particular Miocene 
standstones have never been observed in the weakly-
sheared broken formation facies of the Lichi Mélange 
or in the remnant forearc basin sequences (as should 
have been the case had they been deposited in the Lichi 
Mélange basin), the fi rst route is unlikely. In contrast, 
the second route may well account for the presence of 
exotic sedimentary blocks fully independent with 
respect to the turbiditic sediments of the Lichi Mélange 
basin and remnant forearc basin. The observation of 
marine seismic-refl ection profi les suggests that such 
sandstones from the non-exposed accretionary prism 
may have been thrusted towards the western North 
Luzon Trough forearc basin to be incorporated in the 
deformed proto-Lichi Mélange (Huatung Ridge), 
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instead of being derived from the exposed Taiwan 
accretionary prism by turbidity fl ows or mass slump-
ing downward to the entire North Luzon Trough 
(Chang et al., 2001).

5  Origin of Ophiolite and Tectonic 
Evolution of Mélanges

After considering the geological situation of these 
two mélanges, it is appropriate to interpret their origin 
and evolution within the framework of the Late 
Cenozoic convergence in Taiwan. To this respect, the 
origin and signifi cance of the ophiolites present in 
both the Lichi Mélange and the Kenting Mélange are 
key issues.

There is some agreement to consider that the ophi-
olite blocks in the Kenting Mélange represent the 
 oceanic crust of the South China Sea (SCS), which 
was scraped into the Taiwan accretionary prism by 
thrusts and possible ductile fl ow (Biq, 1977; Lu and 
Hsu, 1992; Hsu, 1988). In contrast, the origin and the 
emplacement mechanism of the ophiolite blocks of 
the Lichi Mélange (the East Taiwan Ophiolite, hereaf-
ter ETO) is still a subject of debate. Three possible 
sources of the ophiolite blocks in the Lichi Mélange 
have been considered: (1) the South China Sea oce-
anic crust (Chung and Sun, 1992), (2) the oceanic 
basement beneath the Luzon arc/forearc of the 
Philippine Sea plate (Juan et al., 1980; Malavieille 
et al., 2002) and (3) the “irregular” oceanic crust pro-
duced at ridge or close to a transform zone (Suppe 
et al., 1977, 1981).

Had the ETO been part of the SCS oceanic crust, 
its age would be younger than late Oligocene because 
the SCS opened in 32∼17 Ma (Taylor and Hayes, 
1980). Microfossils recovered from the thin red shale 
intercalated in the ETO sequence showed an age of 
15 Ma (Zone NN5 of calcareous nannoplanktons; 
Huang et al., 1979), close to the last phase of the SCS 
opening. This may favour the SCS oceanic crust 
source. The ETO blocks are generally massive and 
large in size, some reaching hectometric and even 
 kilometric size (such as the major block near Kuanshan, 
in the southern Coastal Range). The sedimentary 
source of ETO, if a SCS source is assumed, should be 
very close to its present location; however, no ETO-
like rock occurs in the present Central Range except 

some large masses near the Yuli and Juishui areas 
(see location in Fig. 1). These masses display relatively 
high metamorphic grade and have been incorporated 
in the syn-metamorphic deformation of the eastern 
Central Range, so that they probably have a different 
origin as compared with the ETO. For these reasons, 
the ETO blocks are unlikely to have been derived 
from the exposed accretionary prism (Central Range) 
as a result of sedimentary slumping processes. 
Interestingly, in the Lichi area the ETO blocks often 
coexist with typical Miocene whitish sandstone blocks. 
As discussed in the previous section, these particular 
sandstones were probably emplaced in the Lichi 
Mélange by eastward backthrusting processes, rather 
than simple mass slumping.

This observation may suggest a similar emplace-
ment for the ETO, which could have also been thrusted 
eastward from the accretionary prism of the Hengchun 
Peninsula into the Lichi Mélange basin, during the 
early stage of the arc-continent collision. The hypoth-
esis of a SCS origin for the ETO, however, encounters 
noticeable diffi culties. Note fi rst that unlike the wide-
spread deep-sea fan sandstones of the Hengchun 
Peninsula (Huang et al., 1997), the ophiolite blocks 
in the Kenting Mélange occur in a very limited area 
(Fig. 2b), whereas the ETO is common along the 
southern Longitudinal Valley. More important, these 
ophiolite blocks in the Kenting Mélange markedly 
differ in composition from the ETO. As an example, 
the chromitite that was commonly found in the Kenting 
Mélange of the Hengchun Peninsula (Chu et al., 1988) 
was never observed in the ETO. We conclude that 
although a plausible emplacement mechanism can be 
invoked (the eastward backthrusting, such as for the 
sandstones probably issued from the Hengchun 
Peninsula domain) it is unlikely for the ETO to have 
originated from the West (the accretionary prism of the 
Hengchun Peninsula). A simpler hypothesis involves 
an eastern origin. The ETO would represent the 
oceanic crust underlying the forearc basin, an origin 
already considered by several authors (Juan et al., 
1980; Malavieille et al., 2002). This oceanic crust 
would have been emplaced by thrusting processes 
that affected the Northern Luzon Trough or the Luzon 
arc basement during the fi nal westward accretion of 
Luzon arc-forearc to eastern Taiwan in the last few 
million years. It is also possible that the ETO could 
be developed by suprasubduction (Pearce et al., 1984) 
by which the lower curst materials like serpentinite 
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and peridotite can be found in the forearc basin setting 
like the modern Marianas (Fryer et al., 1985).

Suppe et al. (1977, 1981) observed that the plutonic 
parts of the ETO are generally breccias and have 
pelagic red clays intermixed. Because the red clays 
were deposited below the calcite compensation depth, 
which is too deep for most of the proposed origins of 
standard oceanic crust, they consequently interpreted 
these plutonic breccias as deep submarine scree depos-
its derived from a fault scarp in oceanic crust, probably 
an active ridge-ridge transform fault (Suppe et al., 
1977, 1981). We accept their interpretation concerning 
the ETO is part of the forearc basin sequence, but our 
opinion differs concerning the site of the “fault scarp”. 
According to Suppe et al. (1981), this site is located on 
the subducted South China Sea; however, this hypoth-
esis meets the same problem as that of the SCS origin 
mentioned before. Another conceivable location for 
this “fault scarp” is the Ryukyu-Luzon Transform 
Fault (RLTF in Fig. 6b); a left-lateral transform fault 
that connected the Ryukyu trench and the Manila 
trench before the Taiwan orogeny (Angelier, 1990). 
Because according to our interpretation the Lichi 
Mélange originated from the lower forearc basin 
and formed by the follow-up tectonic processes, the 

presence of ETO, even originating from larger depths 
than the sediment, is easily explained. For the sake 
of simplifi city, we consider the ETO as the forearc 
basement hereafter.

In summary, whereas the origin and evolution of 
the Kenting Mélange is relatively simple, that of the 
Lichi Mélange deserves discussion. In southern Taiwan, 
during the Plio-Pleistocene time the Miocene sedi-
ments of the Hengchun Peninsula were incorporated 
into the Taiwan accretionary prism along the Manila 
trench. At present, the front of the Manila trench had 
propagated, or jumped westward to the southwestern 
offshore Taiwan so that the affected units, including 
the Kenting Mélange, are now at a large distance east 
of the subduction front. This evolving structural situa-
tion with respect to the trench axis and subduction front 
could well explain why the Kenting Mélange, albeit 
mainly formed with Late Miocene sediments, contains 
Plio-Pleistocene elements. We infer that these younger 
ages may belong to mélange sub-zones that have been 
tectonically reworked and rejuvenated in marine sedi-
ments, during the westward migration of the prism 
front, a phenomenon that has been illustrated at a wider 
scale by out-of-sequence thrust sheets near the fronts 
of mountain belts.

Fig. 6 (a) Topographic map of the Taiwan area. Principal subduc-
tion zones are shown, including: Ryukyu Trench, Manila Trench, 
and Philippine Trench. Large black arrow shows the movement of 
the Philippine Sea plate against the Eurasian plate. (b) Presumed 
paleogeographic confi guration of Ryukyu-Luzon arcs and the 
trenches at around 10 Ma and 5 Ma. The present Luzon arc is 
shown by blank islands and dashed lines. The proto- Hengchun 

Peninsula (shown by black rectangular) was located on the base of 
continental slope southeastern to its present position. arc propa.: 
Moving path of the Luzon Arc on the Philippine Sea plate; FB, 
forearc basin, RLTF Ryukyu-Luzon Transform Fault, a left-lateral 
transform fault connected the Ryukyu trench and the Manila trench 
before the Taiwan orogeny (Angelier, 1990); sub. FB and sub. SCS 
subduction of forearc basin and South China Sea oceanic crust
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From the tectonic point of view, the Kenting 
Mélange is thus considered herein as a mega-sheared 
fault zone located (when active) at the front of the 
ancient Taiwan accretionary prism (but now inside 
the prism, because of westward migration of most 
active thrusts). This fault zone cuts across the Miocene 
Mutan formation and may represent a relic of the 
Manila trench. Regarding the Lichi Mélange, if we 
accept the most reasonable hypothesis, that is the ETO 
originating from the forearc basement oceanic crust, 
the Lichi Mélange should be considered as part of 
the deformed North Luzon Trough forearc sequences. 
It would thus represent a collision mélange formed 
during the forearc closure, when the Luzon arc started 
to collide with the Eurasian continent. In this case, the 
simpler hypothesis would consist of explaining the 
genesis of the Lichi Mélange by the west-vergent thrust-
ing process. Such an hypothesis cannot provide any 
good explanation for the presence of the blocks of white 
quartz-rich sandstone similar to the Mutan formation, 
which originate from the Hengchun Peninsula domain 
to the west. Moreover, considering that the Lichi 
Mélange uniquely results from the westward thrusting 
at the front of a subduction zone fails to explain why 
fossils constrain a short time span for the age of the 
mélange matrix during the Pliocene, especially why 
the Miocene is absent except in the blocks. For these 
reasons, we consider that the Lichi Mélange probably 
developed in connection with the along arcward (east-
ward) backthrusting that is well documented along the 
eastern fl ank of the Central Range of Taiwan (Chang 
et al., 2007). Invoking this backthrusting process as a 
major element responsible for the development of the 
Lichi Mélange accounts for this relatively recent age, 
as compared with the long-term convergence between 
the Luzon arc system and the Eurasian continental 
margin. It is also consistent with the short lifetime of 
the Lichi Mélange and the presence of sandstones 
coming from the eastern slope of the accretionary 
prism to the west.

We fi nally point out that a variety of independent 
observations concur to highlight the differences 
between the two mélanges of Taiwan. Not only does 
the composition of sedimentary and ophiolitic blocks 
suggest differences in origin, but also the age range 
difference between the sediment matrixes of the Lichi 
and the Kenting mélanges shed light on a very signifi -
cant difference in terms of their basin location and 
origin.

6  From Subduction to Collision: 
Evolution of the Manila 
Subduction System

Figure 6 shows the present (Fig. 6a) and ancient 
(Fig. 6b) tectonic confi guration around the Taiwan 
island. Before considering the subduction evolution of 
the Manila system, one needs to discuss the origin of 
the South China Sea. The rifting of the Paleocene-
Eocene times led to the development of a series of 
NE-SW trending grabens along the SE Asian conti-
nental margin (Sun, 1982). From the Oligocene to the 
Middle Miocene, widespread rifting and sea-fl oor 
spreading resulted in the formation of the oceanic lith-
osphere of the South China Sea, which ceased about 
16 Ma ago (Taylor and Hayes, 1983). Soon after it was 
generated in the Early Miocene, the South China Sea 
oceanic lithosphere was subducted beneath the west-
moving Philippine Sea plate along the Manila trench 
(Fig. 6b). The present Luzon arc thus formed in the 
western edge zone of the Philippine Sea plate. 
Continued subduction fi nally resulted in the collision 
between the Luzon arc and the Eurasian continent in 
the Late Miocene (Suppe, 1984; Ho, 1986).

From the kinematic point of view, it is likely that, 
between the northern tip of the Luzon arc and the south-
western tip of the Ryukyu subduction zone, a large 
zone of left-lateral transform motion accommodated 
the opposite-vergent subductions, as the Taiwan-Luzon 
transform zone (Angelier, 1990) (Fig. 6b). The present 
Taiwan island is a product of arc-continent collision 
(Chai, 1972; Biq, 1973; Bowin et al., 1978) (Fig. 6a), 
and because this arc-continent collision is an oblique 
collision, the orogenic belt has been propagating 
 southward (Suppe, 1984).

After considering the geometric situation of plates, 
the distribution of continental margin, the geological 
situation of the Kenting and Lichi Mélanges, and the 
kinematic state, the tectonic evolution of the Manila 
subduction system, from its subduction to collision, 
can be reconstructed as follows.

6.1 Pure Subduction Stage (Fig. 7a)

This stage corresponds to Miocene time (before 5 Ma) 
in Taiwan. The South China Sea oceanic crust was sub-
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ducting beneath the Philippine Sea plate to generate an 
arc–trench system and a forearc basin. At this stage, 
the Manila trench was the active plate boundary 
between the Eurasian plate and the Philippine Sea 
plate. An accretionary prism, composed of deep-marine 
sediments originally deposited on the South China Sea 
oceanic crust, developed east of the Manila trench; this 
accretionary prism propagated westward gradually and 
smoothly. The growth rate of the accretionary prism 
increased when the subduction front was approaching 
the continental margin, because of the increasing abun-
dance of sediments. However, the main Taiwan 
arc-continent collision had not yet occurred.

6.2 Trench Jump Stage (Fig. 7b)

This stage corresponds to Plio-Pleistocene time (from 
5 Ma to around 2 Ma) in Taiwan. Considering the 
orogenic propagation from north to south along the 
main mountain trend of Taiwan, the general tectonic 
confi guration of this stage can be observed today in the 
 cross-section of southern Taiwan, cutting through the 
Hengchun peninsula and the Kenting Mélange (Fig. 7b). 
At this stage, the subduction front of the Manila trench 
(especially Fault 1 in Fig. 7b) reached the Chinese 

continental margin. Because of the presence of the 
continental crust to the west, the westward propagation 
of the submarine trench and accretionary prism met 
increasing mechanical resistance. As the most likely 
scenario, the trench developed itself fi rst along the 
innately weak zone in the continental crust (Fault 2 in 
Fig. 7b), and then transformed into the thrust front 
(TF or Fault 3 in Fig. 7b) and propagated (or jumped) 
into the thick sediment layer on the continental shelf. 
A large slice of continental crust has thus been scraped 
off and incorporated into the accretionary prism by 
propagation of the Manila trench. This evolution well 
accounts for the relatively long history and present-day 
position of the Kenting Mélange as a major thrust zone 
that has occasionally been re-activated after the upper 
Miocene.

We consider the paleogeographic confi guration as an 
important factor while generating the Kenting Mélange. 
According to the reconstruction of Fig. 6b, the original 
continental margin was not straight: before the subduc-
tion, part of the continental slope was protruding in the 
area SE to the present Hengchun peninsula (Fig. 6b, 
proto-Hengchun peninsula). When the submarine trench 
(Fault 1 in Fig. 7b) propagated and reached this area, 
the protruding continental crust of this proto-Hengchun 
peninsula and the oceanic crust of South China Sea west 
to it experienced thrusting, part of the oceanic crust 

Fig. 7 Lithospheric profi le of the Taiwan orogen from subduction 
to collision. (a) General framework at about 10 Ma. (b) Profi le 
cuts across the present Kenting Mélange. 1: older relic of subma-
rine trench; 2: younger relic of submarine trench; 3: present thrust 

front; 4: new generated lithospheric fault. (c) Profi le cuts across 
the present Lichi Mélange. 1: Longitudinal Valley fault; 2: thrust 
front. sub. FB and sub. SCS: subduction of forearc basin and South 
China Sea oceanic crust (see paleogeographic location in Fig. 6b)
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(sub. SCS in Figs. 6b and 7b) being broken and sub-
ducted along a large thrust fault (Fault 2 in Fig. 7b, 
resembling a relay of jumping trench). This phenome-
non probably commenced from the Plio-Pleistocene 
time (the initial stage of arc-continent collision, Chi 
et al., 1981; Chang and Chi, 1983; Dorsey, 1985, 1988) 
and left some ophiolite blocks in the Kenting Mélange 
(scraped off by thrusting). Then, as a result of the 
increasing resistance of the continental crust, the trench 
zone changed from an active subduction plate boundary 
into a separated thrust zone (Fault 3 in Fig. 7b) in the 
western foreland area.

Based on the stratigraphic analysis, Pelletier and 
Stephan (1986) and Stephan et al. (1986) considered 
the Hengchun stratigraphy to have formed on the 
Chinese continental margin, close to its present loca-
tion. However, the Hengchun peninsula lies now 
100 km east of the thrust front and in the uppermost 
position of the present accretionary prism (Fig. 7b). 
Suppe (1988) therefore considered that the Hengchun 
peninsula has been incorporated into the wedge rela-
tively early in its history. He further proposed a colli-
sion with rifted fragments of China on the south side of 
the South China Sea in the Miocene to explain the 
stratigraphic and tectonic records of the Hengchun 
Peninsula. However, there is no clear evidence for the 
existence of a micro-continent in the present Taiwan 
orogen. The protruding continental margin and the 
trench jump process proposed in this paper can be 
regarded as a compromise but provides a reasonable 
solution to explain this dilemma.

Later during this stage, east of the accretionary 
prism of the southern Central Range and Hengchun 
Peninsula, the narrow domain left by continuing con-
vergence between the Luzon arc and the accretionary 
prism experienced increasing shortening, which pro-
duced a new lithospheric fault (Fault 4 in Fig. 7b) 
below the forearc area as well as series of back-thrusts 
in the eastern accretionary prism and forearc basin, 
this increasing compression uplifted the precursor of 
the Lichi Mélange, that is the Huatung Ridge (HR in 
Fig. 7b. Chang et al., 2000, 2001; Huang et al., 2007).

6.3 Forearc Subduction Stage (Fig. 7c)

This stage started ∼3.5 Ma ago in eastern Taiwan, when 
the trench jump began to be blocked. This fi ts well the 
independent observation concerning the very begin-

ning of the paroxysmal collision in central-southern 
Taiwan (e.g., Chang and Chi, 1983). The mature tec-
tonic confi guration of this stage can be observed today 
in a cross-section cutting across the Coastal Range 
and the Lichi Mélange (Fig. 6c). At this stage, the 
Longitudinal Valley fault (LV; Fault 1 in Fig. 7c) 
replaced the submarine trench and the thrust front of 
the western foreland (Fault 2 in Fig. 7c), as the most 
active structure accommodating shortening in Taiwan. 
This LV fault occupies the site of arc-prism boundary, 
and represents the principal present-day zone of weak-
ness and shortening in the Taiwan orogenic belt.

Continuous shortening caused the basement of the 
forearc basin (sub. FB in Figs. 6b and 7c; probably the 
oceanic crust of the Philippine Sea) to subduct beneath 
the volcanic arc along the LV fault. The material in the 
western forearc basin (including the Pliocene forearc 
sediments, the Miocene Mutan Formation and part 
of the forearc basement) was extruded and exposed at 
the western border of the Coastal Range to form the 
Lichi Mélange. In the initial period, the backthrusts 
formed mechanically consistent conjugate systems of 
reverse faults with the thrusts in front of the accretion-
ary prism, and hence played an important role in uplift-
ing the forearc material. However, the present-day 
attitude of faults in Lichi Mélange principally results 
from the latest evolution, which also involved major 
westward thrusting and eastward backthrusting as 
local shown by geological cross-sections (Fig. 5a). 
At the latest stage, strong shortening and west-verging 
thrusting resulted in a rearrangement of the regional 
structural pattern. This fi nal evolution, with major 
west-verging thrusts cutting through a complex struc-
ture incorporating backthrusts, explains why the 
younger Takankou Formation could be locally thrusted 
westwards over the older Lichi Mélange along the 
Tuluanshan Fault (Fig. 5a2), a situation diffi cult to 
understand otherwise.

6.4 Mélanges as Mega-Thrust Zones

We fi nally consider that the Lichi and Kenting Mélanges 
are two distinct mega-fault zones that represent two 
 separate sites of subduction. On the west side of the 
major accretionary prism of southern Taiwan (the south-
ern Central Range and Hengchun Peninsula), the Kenting 
Mélange is one of the relics of the Manila trench, where 
the South China Sea oceanic crust subducts beneath 
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Luzon and South Taiwan. East of this main accretionary 
prism, the Lichi Mélange marked a newly developed 
subduction zone, where the oceanic crust of the forearc 
basement of the Luzon arc system was subducting. Note 
that according to this reconstruction this oceanic crust 
did not develop in the South China Sea but was probably 
part of the Philippine Sea Plate.

The large difference between the fossil ages in the 
matrix of Taiwan mélanges has been a controversial 
subject for a long time. For the Kenting Mélange, the 
fossil age ranges from Miocene (∼10 Ma) to Pleistocene 
(∼1 Ma) time. On the contrary, for the Lichi Mélange, 
the fossil age concentrates between 3.5∼3.7 Ma. To us, 
this difference is quite signifi cant. The most simple and 
direct explanation is that whereas the Kenting Mélange 
was generated during a longer time span the Lichi 
Mélange was produced relatively quickly. However, 
considering the tectonic origin and deformation of 
mélanges and their relationship with the adjacent strata, 
this inference deserves discussion. In the model pre-
sented before, the Kenting Mélange marks the relic of 
a subduction fault zone. When the newly formed shear 
zone cut across the Miocene Formation deposited prior 
to thrust development, fossils of Miocene time were 
incorporated; later, when the fault cut through more 
recent sediments on the sea fl oor, new sediments and 
fossils were incorporated in the mélange. We conclude 
that the variety of fossil ages in the Kenting Mélange 
results from its origin as a propagating subduction 
fault. In contrast, the Lichi Mélange was principally 
generated by compressional deformation process 
(thrusting and folding) occurring in the forearc basin 
during the stage of arc-continent collision. The mate-
rial of the Lichi Mélange was mainly issued from the 
sediments of the lower forearc basin and adjacent 
strata. Because of this rather quick development there 
was no way for the Lichi mélange to gather a large 
range of fossil ages from the affected sediments. The 
fossil records are thus consistent with our interpreta-
tion of the Kenting Mélange as a subduction mélange 
and the Lichi Mélange as a collision mélange.

7 Conclusion

The Lichi and Kenting Mélanges of Taiwan play a key 
role in reconstruction of the subduction history of the 
Manila-Luzon trench-prism system. Examining the 

geological evidences collected in the mélanges and 
the results of fi eld observation in light of the general 
evolution of the convergence from subduction to 
arc-continent collision enables us to present the recon-
struction summarised in Fig. 7.

All evidences, including the structural confi gura-
tion, clay mineral composition, age(s) of matrix, nature 
of exotic blocks, geological position and relationship 
with adjacent strata, suggest different origins for 
these two mélanges. West of the accretionary prism, the 
Kenting Mélange is a relic of the Manila trench, along 
which the South China Sea oceanic crust was subducted 
since the middle-late Miocene. East of the accretionary 
prism, the Lichi Mélange is located at the arc-prism 
boundary, west of the Luzon volcanic arc and far from 
the South China Sea. A considerable amount of short-
ening has occurred between the accretionary prism and 
the volcanic arc during the arc- continent collision (soon 
after 3.5 Ma) and induced a smaller-scale subduction 
which consumed the oceanic crust underlying the 
forearc basin area (probably belonging to the Philippine 
Sea plate). The present Lichi Mélange can be consid-
ered as the product of this shortening and subduction, 
but its main development occurred in conjunction with 
the incipient collision that produced widespread back-
thrusting on the eastern side of the accretionary prism.

Based on the mélanges origin and evolution, the 
tectonic history of the Manila subduction system can 
be reconstructed in more detail than before, including 
a pure subduction stage (before 5 Ma), a trench jump 
stage (from 5 to around 2 Ma) and a forearc subduction 
stage (since the last 3.5 Ma). The mélanges that devel-
oped on both sides of the major accretionary prism of 
southern Taiwan markedly differ. To the west, the 
Kenting mélange was active during a long period of 
subduction of the South China Sea fl oor. The presence 
of continental material in the Hengchun Peninsula and 
the exotic block composition in the Kenting Mélange 
indicate that the paleogeography of the continental 
margin, curved and protruded, was a major factor 
inducing trench jump. To the east, the Lichi Mélange 
provides an example of mélange active during a rela-
tively short period, developing by tectonic thrusting 
during the closure of a forearc basin in an active 
arc-continent collision context.
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Abstract The Chile-Argentina Patagonian Cordillera is a natural laboratory to study 
the interactions between oceanic and continental lithosphere during the subduction of 
an active spreading ridge beneath a continent. Subduction of the South Chile spread-
ing ridge, which separates the Nazca plate from the Antarctic plate, started around 
15–14 Ma at the southern tip of Patagonia. Presently, the southernmost segment of the 
Chile Ridge enters the Peru-Chile trench at 46°S, at the site of the Chile Triple 
Junction (CTJ). We review the main events which occurred on land in the CTJ region 
(46–47°S), related with processes of ridge subduction. We summarize tectonic, 
sedimentary, and magmatic features in a 30 Ma-to Present chronological table. A pre-
ridge subduction stage, from 30 to 15 Ma, is characterized by the onset and growth of 
Patagonian relief and by a shift from marine to continental detrital sedimentation in 
the foreland at 20–22 Ma. The change from pre-ridge subduction to ridge subduction 
is marked on land by a transition from calc-alkaline to alkaline volcanism, at 
14–12 Ma, and by the onset of eruption of very large fl ood basalt provinces (future 
volcanic plateaus) following rapid erosion of the eastern foreland belt. Post-plateau 
basaltic volcanism (<4 Ma) is coeval with a period of tectonic and morphological 
rejuvenation during which the eastern foreland of the Cordillera has been affected by 
extensional/transtensional tectonics. We place these events in the framework of a 
tectonomagmatic model involving the opening of slab windows due to both slab tear 
and ridge axis subduction.
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1 Introduction

During the Cenozoic, the Patagonian Cordillera, which 
forms the southern segment of the Andes, north of the 
Andes of Tierra del Fuego, was built coevally with the 
subduction of the southern part of the Farallon-Nazca 
plate followed by subduction of the southern part of 
the Chile Spreading Ridge, which separates the Nazca 

plate from the Antarctic plate. The South Chile Ridge 
entered the south Chile trench, bounding the South 
American plate, at around 15 Ma at the southern tip of 
Patagonia. The Chile Triple Junction (CTJ), now 
located at 46°12′S, is the point where the Nazca, 
Antarctic, and South American plates meet (Fig. 1). 
The subduction of successive spreading segments 
of the South Chile Ridge led to the opening of a slab 

Fig. 1 Plate tectonic setting of southern South America between 
35 and 55°S and main features of the subducting South Chile 
Ridge, including transform fault zones (FZ) and active spread-
ing segments (thick black lines) (adapted from Tebbens et al., 
1997; Ramos, 1989; DeMets et al., 1990; Cembrano et al., 1996; 
Guivel et al., 1999). Tectonic data are compiled after: Ramos, 
1989; Tebbens et al., 1997; Cembrano et al., 1996, 2002; 
Coutand et al., 1999; Diraison et al., 2000; Melnick et al., 2002; 
Lagabrielle et al., 2004 and Ghiglione and Ramos, 2005). 
Location of Somuncura volcanic fi eld is after De Ignacio et al. 
(2001). The segments of the tectonic front of the Cordillera 

south of the latitude of the Chile Triple Junction are labelled 
1–9: (1) Balmaceda-Portezuelo segment; (2) Chile Chico seg-
ment; (3) Las Horquetas segment; (4) Paso Roballos segment; 
(5) Lago Posadas segment; (6) Lago San Martin segment; (7) 
Lago Viedma segment; (8) Paine segment; and (9) Cordillera 
Riesco segment. CTJ Chile Triple Junction, LGCBA Lake 
General Carrera Buenos Aires, LCP Lake Cochrane-Pueyrredon, 
MSV Monte San Valentin, VH Volcan Hudson, M Murta basalts, 
LOZF Liquine Ofqui Fault Zone, GTZ Gastre Fault Zone, MFF 
Magallanes-Fagnano Fault, NSR western tip of the North Scotia 
Ridge, corresponding to the North Scotia orogenic front
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window beneath the South American upper plate, trig-
gering large scale changes in the rheology of the litho-
sphere due to dynamic upwelling of hot mantle beneath 
the entire region (Lagabrielle et al., 2004). A similar 
situation is reported for the Antarctic Peninsula and 
the western Scotia Sea, where active ridge segments 
have been subducting coevally (Garret and Storey, 
1987).

The Patagonian Cordillera is almost topographi-
cally continuous from 54°S to 40°S. However, between 
45°S and 47°S, at the latitude of the CTJ in Central 
Patagonia, it is characterized by several topographic 
anomalies. This unusual region includes both the 
highest mountains (Monte San Valentin, 4058 m a.s.l.) 
and a series of internal deep transverse incisions occu-
pied by large post-glacial lakes (Fig. 1) (Lake General 
Carrera Buenos Aires: LGCBA; Lake Cochrane 
Pueyrredon: LCP; Lake Lapparent). The bottom of 
the largest lakes lie well below sea level, with lake-
shores close to +200 m. Therefore, the axial region of 
the Central Patagonia Cordillera has an average low 
elevation, rather than showing the highest peaks, as 
along the Central and Northern Andes, and in most 
mountain belts worldwide. It has been suggested that 
these internal belt basins have tectonically controlled 
edges, although evidence of recent deformation is 
scarce due to the strong imprint of glacial processes 
during landscape evolution (Lagabrielle et al., 2004, 
2007; Scalabrino et al., 2007). Such peculiar depres-
sions are locally associated with very recent basaltic 
volcanism implying a MORB-like source from a bur-
ied spreading centre at depth (e.g., Guivel et al., 
2006).

It has been suggested that the evolution of the 
Southern Andes contains a succession of events 
related to the various steps of subduction of the South 
Chile Ridge. The aim of this article is fi rst to provide 
a synthesis of available plate kinematic models of the 
region (Sect. 2), and second to summarize the history 
of the Patagonian Cordillera at the latitude of the CTJ 
(46–47°S) since 30 Ma, based on regional geological 
records (Sect. 3). This history can be divided into 
two main periods: a pre-ridge subduction stage of 
“normal subduction” (30–15 Ma), and a ridge sub-
duction stage involving opening of slab windows, 
due to both slab tear and ridge axis subduction 
(15 Ma-Present). This two-period history is in turn 
divided into a six-stage model, as proposed in the last 
section.

2  Subduction of Active Ridges and 
Plate Kinematics of the South 
American-Antarctica Junction 
Since 60 Ma: A Synthesis of 
Available Models

North of the CTJ, the present-day relative motion vector 
between the Nazca and the South American plates is ori-
ented N80 (Gripp and Gordon, 1990; DeMets et al., 
1990) with a magnitude of 84 mm/year (Fig. 1). Oblique 
subduction has led to tectonic partitioning in the 
Cordillera, and a part of the convergence is now accom-
modated along the Liquine-Ofqui fault zone north of the 
CTJ (Hervé, 1994; Cembrano et al., 1996, 2002; Roseneau 
et al., 2006) (Fig. 1). South of the CTJ, the current con-
vergence rate between the Antarctic and the South 
American plates is 20 mm/year, in an E-W direction 
(Gripp and Gordon, 1990; DeMets et al., 1990) (Fig. 1).

The Patagonian and Antarctic Peninsulas have 
undergone a long history of ridge subduction through-
out the Cenozoic. Figure 2 shows a series of cartoons 
based on a compilation of various reconstructions 
gathered from the literature, highlighting the changes 
in plate confi guration of the Antarctica-Patagonia 
junction region since 60 Ma. This fi gure shows for the 
fi rst time on a large scale all the active spreading cen-
tres that existed in the area including both the Pacifi c 
and the Atlantic sides of South America, and the suc-
cessive key steps of the evolution this domain.

In the early Cenozoic, the South American and 
Antarctic plates were welded, constituting a single 
large continental plate. The Phoenix oceanic plate was 
subducting beneath this large plate at a rate of about 
102 mm/a (McCarron and Larter, 1998) (Fig. 2). The 
Antarctica-Phoenix active spreading center was sub-
ducting under the western Antarctica Peninsula 
(Ramos, 2005; Eagles, 2003; Eagles et al., 2005).

Around 50 Ma, subduction of the Farallon-Phoenix 
spreading center under the South America plate began in 
the N20° direction (Pardo-Casas and Molnar, 1987). This 
ridge progressively migrated southward along the South 
American trench, leading to the opening of a fi rst slab 
window below the continent, as recorded by the alkaline 
Eocene plateau basalts of Central Patagonia (Ramos and 
Kay, 1992; Espinoza et al., 2005). This stage was also 
characterized by the onset of the dislocation of the South 
American and Antarctic plates south of the future Tierra 
del Fuego. The relative motion between South America 
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Fig. 2 Simplifi ed kinematic reconstructions of the junction between the South American and Antarctic Peninsulas since 60 Ma, 
emphasizing the relationships between the subductions of numerous active spreading ridges, the migrations of several triple  junctions 
and the onset of oceanic spreading within the Scotia Sea region. These reconstructions are based on a compilation of plate kinematic 
models available for the region. The South American plate is considered fi xed

and Antarctica increased from 3 to 24 km/Ma, and was 
oriented WNW-ESE (Livermore et al., 2005), causing 
small continental blocks to detach from the continental 
shelf near the South American and Antarctic peninsula 

junction (Fig. 2). A decrease in the Phoenix plate conver-
gence rate to 42 mm/a occurred as a segment of the 
Phoenix-Antarctic active spreading center approached 
the Antarctic trench (McCarron and Larter, 1998).
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Around 43 Ma, dislocation between South America 
and Antarctica continued. The Farallon-Phoenix spread-
ing center was still subducting beneath the South 
American plate and migrating southwards. The Phoenix 
plate was converging on the Antarctic Peninsula at a 
rate of 28 mm/a (McCarron and Larter, 1998) (Fig. 2).

The Oligocene was characterized by the onset of 
oceanic spreading in the Scotia Sea, along the West 
Scotia spreading center (oldest anomalies at 30 Ma; 
e.g., Eagles et al., 2003, 2005; Lawver and Gahagan, 
2003; Livermore et al., 2005, 2007) (Fig. 2). A sig-
nifi cant change in the convergence rate and direction 
of the Nazca (ex-Farallon plate) plate with respect to 
South America occurred in this period: the earlier 
rate of 35 ± 25 mm/a at 40 Ma increased to 112 ± 
8 mm/a at 25 Ma (Pardo-Casas and Molnar, 1987), 
and the plate underwent clockwise rotation of about 
70°, with a new convergence direction of N90° 
(Pardo-Casas and Molnar, 1987). These changes led 
the South Chile Ridge to lie near the Chile trench, in 
a slightly oblique position. The Farallon-Phoenix-
South American triple junction reached Tierra del 
Fuego in the Early Oligocene; this event was followed 
by the cessation of Phoenix-Farallon spreading cen-
ter activity (Fig. 2).

The subduction of southern segments of the South 
Chile Ridge at 15–14, 14–13, 12, 6, 3, and 0.3 Ma (Herron 
et al., 1981; Cande and Leslie, 1986; Cande et al., 1987; 
Nelson et al., 1994; Tebbens and Cande, 1997; Tebbens 
et al., 1997) progressively buried at depth, led to the 
opening of a large slab window beneath Patagonia 
(Fig. 4) (Ramos and Kay, 1992; Gorring et al., 1997; 
Gorring and Kay, 2001).

This complex evolution, which implies the sub-
duction of various spreading ridges since 60 Ma, 
 obviously had a signifi cant effect on various charac-
teristics of the mantle convecting beneath this region. 
Disruption of the Antarctic-Patagonian connection 
and rapid seafl oor spreading in the Scotia region may 
be viewed as consequences of this evolution. The suc-
cessive migration of two spreading centers beneath 
southern South America also left a clear volcanic mark 
along the Patagonian Cordillera, including a very large 
gap in Cenozoic typical calc-alkaline products, the 
development of basaltic plateau basalts (50 Ma to 
Present), and the occurrence of a volcanic arc of 
adakitic edifi ces outlining the Antarctic edge of the 
current slab window (Hole and Larter, 1993; Stern 
and Kilian, 1996; Stern, 2004; D’Orazio et al., 2005) 
(Fig. 4).

3  Subduction of the South Chile 
Ridge: Geological Records from 
the Patagonian Cordillera

Since the Late Paleozoic, the western margin of South 
America has been characterized by eastward  subduction 
of oceanic crust (Bell and Suarez, 2000). As a conse-
quence, Jurassic subduction-related acidic volcanics 
and volcanosedimentary rocks of the Ibañez Group 
unconformably overlie the Paleozoic basement rocks. 
The western part of the Patagonian belt is character-
ized by exposures of Patagonian Batholith calc-alka-
line granitoids, which were emplaced over a continuum 
subduction environment from the Late Jurassic to the 
Cretaceous (Pankhurst et al., 2000; Suarez and de la 
Cruz, 2001) and were exhumed during the Cenozoic 
(Thomson et al., 2001).

In the following section, we detail the major sedi-
mentary, magmatic and tectonic features of the Central 
Patagonian Cordillera, focusing particularly on the 
internal part and eastern side of the belt. These features 
represent geologic records related to pre-ridge subduc-
tion to ridge subduction stages of the Cordillera, over 
the period 30–0 Ma.

3.1  Sedimentary Records from the 
Central Patagonian Cordillera

South of 45°S, Cenozoic sedimentation is represented 
by foreland molasse deposits and internal inverted 
basins that are roughly the same age along strike 
(Fig. 3). All records from regions north of the Tierra 
del Fuego are consistent with a major constriction of 
the Cordillera before Chile Ridge subduction, that is 
30–14 Ma (Marenssi et al., 2003; Lagabrielle et al., 
2004). Three main steps in the development of the 
Cenozoic clastic sequences can be described.

In a fi rst step, Patagonia experienced generalized 
regression that initiated during the Late Eocene-Early 
Oligocene, related to the onset of uplift due to fi rst 
compressional events in the Cordillera. The maximum 
of this phase, characterized by the deposition of 
clastic continental sequences in the proto-Cordillera, 
occurred around 30 Ma. Such a clastic sequence is 
clearly observed in the internal part of the Central 
Patagonian belt, south of Lake General Carrera Buenos 
Aires, in the tectonically inverted Cosmelli basin 



232 B. Scalabrino et al.

(Flint et al., 1994) where it corresponds to the San 
José Formation (Fig. 3).

In a second step, an important transgressive phase 
occurred during the Late Oligocene and Early Miocene 
(29–20 Ma), in which all of southern Patagonia was 
invaded by the Patagoniano Sea, including regions 
now located in the core of the belt, close to the Pacifi c 
coast. This stage of relative high sea-level is typically 
recorded by the Centinela Formation (Fig. 3), charac-

terized by fossiliferous, shallow-water, coastal sedi-
ments, well exposed in the foothills region of Patagonia 
(Santa Cruz Province). It is best explained by foreland 
basin subsidence due to fl exural response to crustal 
thickening in the western Cordillera. In the Cosmelli 
basin, this marine sequence corresponds to the Guadal 
Formation deposited from Late Oligocene to Early 
Miocene (Fig. 3), and overlies the San José Formation 
(Flint et al., 1994). The Guadal Formation often shows 
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contractional syn-sedimentary deformation, such as 
internal thrusts and duplex systems.

In a third step, continuous shortening and uplift of 
the Cordillera led to a shift from shallow marine to 
renewed continental fl uvial conditions, still recording 
an important outfl ow of detrital sediments. These 
voluminous  erosional products now form the well-
known Santa Cruz Formation of the Patagonian foot-
hills of Argentina (Fig. 3). An equivalent of the Santa 
Cruz Formation, the Pampa Castillo Formation (Fig. 3), 
is exposed in the Cosmelli basin and includes terres-
trial sandstones, claystones, and minor conglomerates. 
The transition from the Guadal to the Pampa Castillo 
Formation marks the withdrawal of the middle 
Cenozoic Patagonia seaway after it reached its maxi-
mum northward and westward extents (Flynn et al., 
2002). At the latitude of the CTJ, the morphotectonic 
front of the belt exposes continental beds of the Rio 
Zeballos Group, which correspond to the Santa Cruz 
Formation (Fig. 3). In the Rio Jeinimeni-Rio Zeballos 
valleys, the Rio Zeballos Group stratigraphically over-
lies the Centinela Formation. This consists of a 1500 m 
thick sequence of fl uvial sandstones, siltstones, and 
conglomerates that record rapid erosion of uplifted 
relief (Escosteguy et al., 2002). At Cerro Zeballos, at 
the head of Rio Zeballos, these sandstones are capped 
by lava fl ows dated to 16 and 14 Ma (Espinoza et al., 
2006). South of the Lake General Carrera Buenos 
Aires, the sub-horizontal basal fl ows of the volcanic 
meseta Lago Buenos Aires, dated around 12 Ma 
(Guivel et al., 2006), rest unconformably over these 
deposits, confi rming that erosion and compressional 
tectonics ceased completely between 14 and 12 Ma 
(Lagabrielle et al., 2004).

South of Lake General Carrera Buenos Aires, in the 
Lake Cochrane-Pueyrredon region, the continental 
deposits of the Santa Cruz Formation are represented 
by clastic fl uvial deposits dominated by sand-, silt- and 
claystone beds locally with conglomerates, resting on 
the Centinela Formation (Fig. 3). The age of the Santa 
Cruz Formation in this region has been constrained to 
be between 22 and 14 Ma by tuffaceous deposits 
(Blisniuk et al., 2005).

The overall stratigraphy of the Cenozoic detrital 
formations exposed in Central Patagonia is very close 
to the successions exposed in more southern Patagonian 
regions. South of 50°S, in the southwestern corner of 
the Santa Cruz province, the Rio Turbio Formation of 
Middle Eocene age comprises marine and terrestrial 

sandstones and conglomerates. It is followed by the 
Rio Guillermo and Rio Leona fl uvial deposits (Upper 
Eocene-Lower Oligocene), equivalent to the San Jose 
Formation (Fig. 3). These continental sequences are 
unconformably overlain by the marine Centinela 
Formation. Isotopic dating of oysters and Ar/Ar data 
yield ages between 27 and 20 Ma for the Centinela 
Formation (Parras et al., 2004; Guerstein et al., 2004), 
thus dating the major Cenozoic transgression in all 
Patagonia. A similar succession is found in the Viedma 
Lake region (Marenssi et al., 2003) (Fig. 3).

The Patagonian Cordillera is also characterized by 
a complex succession of Upper Miocene to Quaternary 
glacial deposits (Fig. 3). Some of these, dated between 
7 and 3 Ma, are still preserved as tills interbedded 
within lava fl ow successions of Meseta Lago Buenos 
Aires or close to it (Mercer and Sutter, 1982; Lagabrielle 
et al., 2007). A complete review of such deposits is 
beyond the scope of this paper.

3.2  Volcanic and Plutonic Records of 
the Central Patagonian Belt

The volcanic-plutonic history of the Patagonian 
Cordillera at the latitude of the CTJ is characterized 
by successive magmatic events related to the succes-
sive subduction of two active spreading ridges, the 
Farallon-Phoenix (Aluk) ridge and the Chile Spreading 
Ridge.

South of the Lake General Carrera Buenos Aires, 
the Meseta Chile Chico (2160 m a.s.l, Fig. 4) exposes a 
Cenozoic succession unconformably overlying the 
Jurassic volcanic rocks of the Ibanez Group (Suarez 
and de la Cruz, 2000; Suarez et al., 2000a, b). This suc-
cession, 1000 m thick, consists of: a) Late Paleocene-
Eocene basalts with alkaline and sub-alkaline tholeiite 
affi nities (OIB signature, Espinoza, 2003) dated to 
57–34 Ma (Charrier et al., 1979; Petford et al., 1996; 
Flynn et al., 2002); these overlie late Paleocene-Lower 
Eocene fl uvial deposits and are related to a slab win-
dow that opened during the older Farallon-Aluk ridge 
subduction (Espinoza, 2003); and b) Late Miocene to 
Pliocene basalts overlying Late Oligocene-Early 
Miocene marine sediments of the Guadal Formation. 
These basaltic fl ows are 400 m thick and have alkaline 
and sub-alkaline affi nities; they give K/Ar ages rang-
ing between 4. ± 0.8 and 9.8 ± 0.1 Ma (Espinoza et al., 
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2003) (Figs. 5a, b). These are related to the subduction 
of the South Chile Ridge and were probably connected 
to lava fl ows of the Meseta Lago Buenos Aires, located 
some km to the southeast. The youngest fl ows of 
Meseta Chile Chico correlate with basaltic fl ows 
exposed on the poorly known Avellanos paleo-surface, 
which dominates the northern side of Lake General 
Carrera Buenos Aires (Lagabrielle et al., 2007).

At the morphotectonic front of the Central 
Patagonian belt, a basaltic fl ood volcanism event post-
dates a period of intense peneplanation of the tectonic 
front (Lagabrielle et al., 2004). The remnants of these 
fl ows now form large basaltic plateaus or mesetas that 
morphologically dominate the eastern pampa region. 
The largest plateau in Central Patagonia is the fl at-
topped Meseta del Lago Buenos Aires (MLBA; Figs. 
4–5), mainly formed by a fi rst-stage OIB-like basaltic 
magmatism dated from 12.4 to 5 Ma (Main-Plateau 
basalts, Gorring et al., 1997; Guivel et al., 2006). 
Sporadic volcanic activity occurred later, as shown by 
numerous scoria cones, maars and lava fl ows younger 
that 5 Ma emplaced over the Miocene basalts (Post-
Plateau basalts; Gorring et al., 2003; Brown et al., 
2004; Guivel et al., 2006, Fig. 5b). Flows are interbed-
ded with fl uvial deposits and glacial sediments, con-
fi rming that basalts were emplaced along a main 
drainage area that is now topographically inverted. 
This later volcanism event is thought to be the expres-

sion of opening of a slab window due to the presence 
of subducted segments below them (Gorring et al., 
2003). However, discrepancies between the ages of the 
oldest fl ows (around 12 Ma) and the date of the onset 
of migration of the subducted segment of the South 
Chile Ridge at the latitude of the Meseta Lago Buenos 
Aires led some authors to propose a model involving 
slab tear within the Nazca plate prior to ridge subduc-
tion (Guivel et al., 2006).

More recently, the northern side of Lake General 
Carrera Buenos Aires was marked by the emplacement 
of the Murta Quaternary E-MORB type basalts (Fig. 4). 
The source of these basalts has clear affi nities with 
oceanic mantle (Demant et al., 1998; Guivel et al., 
2006), confi rming the presence of an opened slab win-
dow below the region. Only a few km to the NW of the 
Murta basalts, the Cerro Hudson active arc-volcano is 
the southernmost volcano of the South Volcanic Zone 
and represents the limit of the volcanic arc gap (Stern 
and Kilian, 1996; Stern, 2004). Due to the presence of 
relatively primitive basaltic magmas forming the lower 
part of this edifi ce, this volcano has also been inter-
preted as a consequence of opening of a slab window 
related to the subduction of a young segment of the 
South Chile Ridge (Gutiérrez et al., 2005).

Numerous examples of large volcanic fi elds related 
to slab window development are also observed south 
of the latitude of the CTJ. First, immediately south of 
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Fig. 5 Landsat 7 image of the internal part of Central Patagonia at the latitude of the Chile Triple Junction (see location in Fig. 4) 
and a compilation of published ages of volcanic rocks shown on a DEM of the Meseta del Lago Buenos Aires region (after Scalabrino 
et al., in preparation). Main Plateau (a) and Post Plateau (b) volcanics are shown separately. Black dots in Figure (a) correspond to 
dated samples. The origin of data is marked as numbers in brackets after each age, as follows: (1) Brown et al., 2004; (2) Mercer and 
Sutter, 1982; (3) Guivel et al., 2006; (4) Espinoza et al., 2005; (5) Espinoza, 2003; (6) Pelleter, 2003; (7) Suarez et al., 2000b. Grey 
stars in Figure (b) are the locations of the Pliocene-Pleistocene Post-Plateau lavas studied by Gorring et al., (1997). LGCBA Lake 
General Carrera Buenos Aires, MLBA Meseta del Lago Buenos Aires, MCC Meseta Chile Chico
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the Meseta Lago Buenos Aires, around 48–49°S, four 
plateau lavas are present: Meseta Northeast, Meseta 
Central, Meseta de la Muerte, and Meseta Belgrano 
(Fig. 4). These all exhibit a typical bi-modal succes-
sion, including: a) Late Miocene to Early Pliocene tho-
leiitic voluminous main plateau sequences with whole 
rock Ar/Ar ages ranging from 13.88 ± 0.32 to 4.99 ± 
0.11 Ma (Gorring et al., 1997), and b) Latest Miocene 
to Plio-Pleistocene alkaline minor post-plateau lava 
sequences dated from 6.22 ± 0.09 to 1.96 ± 0.16 Ma 
(Gorring et al., 1997). D’Orazio et al. (2000, 2001, 
2005) found similar plateau lavas sequences exposed 
between 50°S and 52°S (Fig. 4). The tholeiitic main 
plateau lavas are located close to the Estancia Glencross 
(at around 52°S) and exhibit ages between 9.02 ± 1.03 
and 7.34 ± 1.01 Ma, while alkaline post-plateau lavas 
of the Camusu Aike Volcanic Field located on the 
northern side of Glencross meseta give Ar/Ar ages 
between 2.95 ± 0.06 and 2.51 ± 0.09 Ma. Further south, 
in the Pali Aike volcanic fi eld, alkaline to sub-alkaline 
basalts give Ar/Ar ages of 3.78 ± 0.17–0.17 Ma 
(Mercer, 1976; Linares and Gonzalez, 1990; Meglioli, 
1992; Singer et al., 1997; Corbella, 1999). It has been 
suggested that these southernmost Patagonian mesetas 
are related to the recent widening of the slab window 
beneath the South American plate (D’Orazio et al., 
2000, 2001, 2005).

Various plutonic bodies also characterize the inter-
nal Patagonian belt near 47°S. First, a Tertiary pluton 
crops out at the summit of the Monte San Lorenzo, 
forming the second highest peak in Patagonia (3706 m 
a.s.l), which yields biotite K/Ar ages of 6.6 ± 0.4 Ma 
(Welkner, 1999; Suarez and de la Cruz, 2000). On the 
southern coast of the LGCBA, a young pluton crops 
out in the Paso Las Llaves, which gives biotite Ar/Ar 
dates of 9.6 ± 0.5 and 9.6 ± 0.4 Ma (Petford and Turner, 
1996), a Rb/Sr isochron of 10.3 ± 0.4 Ma (Pankhurst 
et al., 2000), a biotite K/Ar age of 10 ± 1.1 Ma (Suarez 
and de la Cruz, 2000) and a zircon fi ssion track date of 
9.7 ± 0.4 Ma (Thomson et al., 2001). The Las Nieves 
plutonic body crops out close to the Meseta Chile Chico 
(Fig. 5b), and gives a biotite K/Ar age of 3.2 ± 0.4 Ma 
(Suarez et al., 2000a, b) and an apatite fi ssion track date 
of 4.3 ± 0.7 Ma (Morata et al., 2002). Recently, a small 
alkaline body exposed on the western side of the meseta 
del Lago Buenos Aires, the Mifeldi pluton, gave a 
whole rock K/Ar age of 3.28 ± 0.1 Ma (Espinoza et al., 
2005) (Fig. 5b). These Pliocene plutons have been 
interpreted as the result of a thermal anomaly linked to 

slab window development. Fast exhumation of the 
Mifeldi pluton may be a consequence of tectonic 
activity and rapid erosion of an important lineament 
running along the Patagonia front, the Rio Zeballos 
fault zone (Lagabrielle et al., 2004, 2007).

3.3  Tectonic Records from the Central 
Patagonian Cordillera

From the CTJ to north of the Tierra del Fuego, the 
morphotectonic segments of the Patagonian Cordillera 
are 20–100 km long and more often show right lateral 
offset (Ramos, 1989; Coutand et al., 1999; Diraison 
et al., 2000; Thomson et al., 2001; Lagabrielle et al., 
2004) (Figs. 1–6). As reported above, it has been 
suggested that the fi rst stage of constriction of Central 
Patagonia started close to the Eocene-Oligocene 
boundary (32–24 Ma) (e.g., Marenssi et al., 2003). To 
the south, in Southern Patagonia or in the Fuegian 
Andes, the tectonic history of the belt is different 
because of the presence of an old back-arc basin with 
a mafi c sea-fl oor (Rocas Verdes basin) (Dalziel, 1981; 
Ramos 1989, 2005; Ghiglione and Ramos, 2005). The 
Southern Andean foothills correspond to a thin-skinned 
fold and thrust belt built up from the Late Cretaceous 
(closure of Rocas Verdes basin) (Dalziel, 1981) to the 
Late Miocene (Kraemer et al., 1998; Coutand et al., 
1999). Later, this portion of the Patagonian belt was 
affected by a major Neogene extensional phase 
affecting the Magallanes foreland, giving rise to gra-
ben systems (Diraison et al., 1997) (Fig. 6).

At the latitude of the CTJ, the eastern orogenic front 
is marked by a topographic jump of several hundred 
meters, due to an easterly vergent thrust system, juxta-
posing internal Paleozoic and Mesozoic units of the 
main Cordillera over the Mesozoic-Cenozoic foreland 
deposits to the east (Ray, 1996; Suarez and de la Cruz, 
2000; Lagabrielle et al., 2004). This compressive stage 
started at around 32 Ma, as shown by contractional 
syn-sedimentary deformation recorded by the fl uvial 
deposits of the San Jose and Rio Leona Formations 
(Upper Eocene-Late Oligocene) and by marine sedi-
ments of the Guadal and Centinela Formations (Lower 
Oligocene-Early Miocene). As reported earlier, the 
change from continental to marine depositional envi-
ronment is related to foreland basin subsidence due to 
fl exural response to crustal thickening in the western 
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Cordillera. The ages of main uplift and exhumation of 
the central Patagonian Andes are confi rmed by apatite 
and zircon fi ssion track ages that show accelerated 
denudation between 30 and 12–8 Ma and up to 200 km 
eastward migration of the locus of maximum denuda-
tion during this period (Thomson et al., 2001). The age 
of the frontal thrust is now well constrained by calc-
alkaline fl ows dated at 16–14 Ma that conformably 
overlie the eroded upper beds of the Zeballos Group 
(Espinoza et al., 2006). Therefore, it appears that com-
pressional tectonics ceased in Central Patagonia at 
around 14 Ma, which is the time when the South Chile 
Ridge entered the Chile trench.

During the Latest Miocene-Pliocene, the eastern 
foreland of the Patagonian Cordillera experienced an 
episode of relief inversion, revealed by the presence of 
relict planar surfaces capping the fl at-topped mesetas 
(Avellanos surface, meseta Chile Chico, meseta Lago 
Buenos Aires, meseta del Guenguel). Before this event, 
the overall topography was smoother and not so deeply 
incised as the present-day (Lagabrielle et al., 2004). 
The transverse incisions of the General Carrera Buenos 
Aires and Cochrane-Pueyrredon lakes, the N-S ori-
ented valleys paralleling the front of the Cordillera 
(Rio Jeinimeni and Rio Ghio valleys), and the tectoni-
cally-controlled depressed area in the core of the belt 
did not exist before 5–4 Ma (Lagabrielle et al., 2004; 

Scalabrino et al., 2007) (Fig. 6). An extensional or 
transtensional tectonic event occurred after 5 Ma, reac-
tivating ENE and NNW-trending lineaments 
(Lagabrielle et al., 2007; Scalabrino et al., 2007). 
Faults are well-observed west and south of meseta 
Lago Buenos Aires (Fig. 6) as well as on the edges of 
the Cenozoic inverted pop-down Cosmelli basin. These 
faults have a complex polyphase history and can be 
interpreted as back-arc extensional fault that controlled 
the Cretaceous basins, were slightly inverted during 
the Late Oligocene-Middle Miocene compressional 
stage, and have been partially reactivated with a nor-
mal to strike-slip component since 5 Ma (Scalabrino 
et al., 2007). However, since Patagonia was covered by 
thick ice sheets during the Pliocene-Quaternary glacial 
periods, the most obvious marks of recent tectonic 
activity have been erased by widespread glacial ero-
sion. This explains why little evidence of recent active 
tectonics has been observed to date. The extensional 
regime that caused local to regional collapse of the belt 
and relief inversion in Central Patagonia was induced 
by possible weakening of the South American litho-
sphere in response to the presence of hot mantle at 
depth related to opening of a slab window (Lagabrielle 
et al., 2004, 2007). Such an extensional pattern related 
to a subducted ridge at depth was also shown by Garret 
and Storey (1987) in the Antarctic Peninsula.

Fig. 6 Simplifi ed structural map of Central and 
Southern Patagonia showing the main neotectonic 
features. Segments of the now inactive thrust 
system are represented by grey lines, while 
Neogene rift systems and extensional areas are 
marked by black lines. Data are compiled after: 
Ramos, 1989; Coutand et al., 1999; Diraison et al., 
2000; Lagabrielle et al., 2004, 2007; Ghiglione and 
Ramos, 2005 and Scalabrino et al., in preparation 
MFF Magallanes-Fagnano Fault, LOFZ Liquine 
Ofqui Fault Zone
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4  Subduction of the South Chile Ridge 
and Its Impact on the Patagonian 
Cordillera at the CTJ Latitude: 
A Six-stage Evolution

In this section, we summarize the onland effects of the 
subduction of successive segments of the South Chile 
Ridge in a chronological table for the period 30 Ma to 
Present (Fig. 7). This table includes tectonic, sedimen-
tological, and magmatic features and is based on data 
collected over more than 10 years by our group, 
together with data from other workers.

–  First stage (before 30 Ma): This represents the pre-
ridge subduction stage. The convergence of the Nazca 
(ex-Farallon) plate is nearly frontal relative to the 
Chile trench. A shallow sea with cool water is locally 
present at the site of the current Patagonian Cordillera. 
During this period of “normal subduction,” no sig-
nifi cant magmatic and tectonic activity is observed, 
probably because of the remnant of a wide slab win-
dow due to southward migration of the Phoenix-
Farallon spreading ridge before 30 Ma (Figs. 7–8).

–  Second stage (around 25 Ma): The Patagonian 
Cordillera experiences onset of compressional defor-

mation (syn-sedimentary deformation of upper marine 
sequences – Guadal formation, Fig. 7). This may be 
due to the increase of the Nazca convergence rate 
(35–112 mm/year; Pardo-Casas and Molnar, 1987), 
and the approach of the South Chile Ridge positive 
bathymetric high, causing increased  tectonic coupling 
between the Nazca and South American plates.

–  Third stage (20–15 Ma): A long segment of the 
South Chile Ridge is very close to the Chile trench 
(Figs. 7–8). An increase in tectonic coupling causes 
uplift and compression in the internal Cordillera. 
During this period, sedimentation shifts from marine 
to continental deposits (Upper Guadal and Galera 
formations, fl uvial humid to arid, Fig. 7) and easterly 
vergent frontal thrust systems bring external units 
over molasse deposits.

–  Fourth stage (16–14 Ma): The tip of a segment of the 
South Chile Ridge enters the Chile trench at around 
55°S. In the Patagonian Cordillera, compression 
resumes and a major phase of erosion results in the 
rapid peneplanation of a wide frontal part belt on its 
eastern side (Fig. 7). Very scarce calc-alkaline volca-
nic lavas erupt (Cerro Zeballos) with a transition to 
the fi rst alkaline fl ows that are emplaced on the east-
ern side of the Cordillera, over the eroded surface.

30 Ma

20 Ma

10 Ma

Present

Events in Patagonian Cordillera at the CTJ latitude

Sedimentation Tectonics Magmatism

Marine sedimentation 
in foreland 
(Guadal, Centinela 
Formations ).

End of marine sedimentation

Fluvial deposits
Zeballos Group
(Galera , Santa Cruz
Formations).

Fluvioglacial and tills
deposits interbedded 
within flows.

Uplift of the internal 
Cordillera. 

Syn-sedimentary tectonic 
(deformation of San José
and Guadal/Centinela
beds)

Erosion of the belt
Tectonic relaxation
End of compressional 
deformation

 

Emplacement of 
Main Plateau 
Alkaline Basalts

Transition from
Calc-alkaline to
alkaline basalts

Obduction of
Taitao ophiolite 

E-MORB Murta

SAM

Nazca SAM

Nazca

SAM

SCR-2

Antarctic

SCR-1
SCR0SCR1

Nazca

Antarctic

SAM

Nazca

Antarctic

SAM

SCR2

Nazca

Antarctic

SAM

oldest glaciations of South 
America.

Compressional 

Convergence
rate

8 
cm

/y
r

2 
cm

/y
r  Local normal faulting

 transtension and local
collapse

5 Ma

15 Ma

25 Ma

Map

Fluvial deposits
(San José Formation)

Post Plateau Basasalts
Alkaline bi-modal
intrusions
(Mifeldi, Las Nieves)

Fig. 7 Chronological table 
including the main sedimen-
tary, tectonic and magmatic 
events of the Patagonian 
Cordillera at the latitude of 
the CTJ, from 30 to 0 Ma, 
in relation to the plate tectonic 
settings (left column)
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Before 30 Ma

30-20 Ma

15 Ma

10 Ma

5 Ma-to Present

Initiation of compression

Compressional tectonics

The Chile Ridge is close to the 
trench.
Initiation of slab-tear

End of compression.
Emplacement of Main Plateau.

Extension/transtension.
Emplacement of Post Plateau.
Slab window development.

Slab tear to slab window

Fig. 8 Simplifi ed 
geodynamical models 
showing the six main 
stages of the evolution 
of the Patagonian 
Cordillera, including 
opening of a slab-tear-
related to true slab 
window during the 
subduction of the active 
Chile spreading ridge
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–  Fifth stage (15 to 5–4 Ma): On the Pacifi c side of the 
belt, the coastal domain is dominated by the obduc-
tion of the Taitao ophiolite units related to the colli-
sion of a segment of the South Chile Ridge (Lagabrielle 
et al., 2000, Anma et al., 2006). The eastern Patagonian 
Cordillera records the main magmatic activity, char-
acterized by the emplacement of the largest alkaline 
plateau basalts (Meseta del Lago Buenos Aires; 
Meseta Chile Chico, Figs. 7–8). This event is likely 
linked to the development of a tear in the Nazca slab 
(Fig. 8), which is a consequence of an increase in tec-
tonic coupling during the ridge-trench collision 
(Guivel et al., 2006) that occurred before the opening 
of the “normal” slab window. The main plateau fl ows 
are interbedded with fl uvioglacial materials, showing 
that glaciers were fl owing on an eastward paleoslope 
that is now highly dissected and topographically 
inverted. During this period, no signifi cant tectonic 
activity is known in the Cordillera domain.

–  Sixth stage (5–4 Ma to Present): The main plateau 
basalt volcanism ceases with a change to post-pla-
teau volcanic activity. This volcanic change is fol-
lowed by the emplacement of alkaline plutonic 
bodies in the western fl ank of the meseta Lago 
Buenos Aires, and locally in the internal belt (Fig. 7). 
The consequences of a transtensional/extensional 
phase are local collapse of the belt and the develop-
ment of deep depressions in the axial part of the belt. 
We suggest that the tectono-magmatic activity 
recorded from 5 to 4 Ma to Present is closely linked 
to the development of an asthenospheric slab win-
dow beneath the study area (Fig. 8). Emplacement 
of the Murta basalts in the bottoms of Quaternary 
glacial valleys confi rms that a hot “oceanic” mantle 
is present beneath the axis of the Patagonian belt at 
the latitude of the CTJ.

5 Discussion and Conclusions

Subduction of active spreading ridges occurs at rela-
tively few locations along present-day active margins 
worldwide. However, due to plate motions and migra-
tions of triple junctions, interaction between subduct-
ing ridges and continents has drastically modifi ed long 
portions of the circum-Pacifi c margin during the 
Cretaceous and Tertiary. Modern triple junctions that 
include a ridge along the Pacifi c margin are of three 

types: (1) ridge-trench-trench (RTT): British Columbia, 
Woodlark, Antarctica and Chile Triple Junctions, (2) 
ridge-trench-transform (RTTr): Rivera Triple Junction, 
and (3) trench-transform-transform (TTT): Mendocino 
and Panama Triple Junctions.

Studies of ancient systems that may expose mid-
crustal rocks provide important perspectives on the long-
term temporal evolution of a ridge subduction event. 
However, it is necessary to investigate modern examples 
of ridge subduction because robust links can be estab-
lished between magmato-tectonic manifestations at the 
surface and well-constrained locations of slab windows 
at depth. In the case of the Chile triple junction, the 
entire region of the Patagonia-Antarctic connection is 
characterized by a strong thermal anomaly due to suc-
cessive subduction of various spreading ridges, as sum-
marized by our reconstructions in Fig. 2. Global models 
show that a thin lithosphere is present beneath southern 
South America and Antarctica (Artemieva, 2006) and 
that a region of abnormal heat fl ow is present in the 
Patagonia-Antarctic connection (Shapiro and Ritzwoller, 
2004). The development of a slab window beneath all of 
Patagonia is proven or suggested by a number of geo-
physical data, including a gap in seismic activity along 
the Chile trench south of 46°S, a region of abnormally 
hot mantle revealed by seismic tomography (Heintz 
et al., 2005) and abnormal terrestrial heat fl ow values 
along the Patagonian Andes (Hamza and Munoz, 1996). 
Figure 9 compiles data showing the extent of the thermal 
anomaly at the scale of the Antarctic-Patagonian region.

Geological records from ancient triple junctions 
implying ridge subduction, such as Alaska and Japan 
during the Late Cretaceous and Tertiary, show that the 
various components of subduction have changed through 
time. Therefore, long term variations in the confi gura-
tions of subduction parameters are expected in these 
complex tectonic settings. Table 1 gives a summary of 
the major geological features linked to the subduction of 
active spreading ridges beneath Alaska, Northern and 
Central America, Chile, Antarctica, Woodlark and 
Japan. This table summarizes data collected from review 
articles related to these type-localities. It shows that tri-
ple junction areas are fi rst characterized by rapid shifts 
in kinematics inducing temporal and spatial variations 
in the structural history of the upper plate. The most 
common magmatic impacts of ridge subduction include 
a gap in normal orogenic volcanism, and back-arc mag-
matism with an alkalic signature. Such features are well 
expressed in southern Chile, where correlations can be 
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Fig. 9 Compilation map of SV wave 
heterogeneity at 100 km (red regions, 
after Heintz et al., 2005) and heat 
fl ow measurements in Central and 
Southern Patagonia (dashed region, 
after Hamza and Munoz, 1996)

Table 1 Summary of geological and geophysical impacts of Cretaceous to Present ridge subductions in the Circum-Pacifi c area

Geological processes Characteristics Some examples

Tectonics Rapid shifts in kinematics in one region
Temporal and spatial variations in structural history
Extensional tectonism

Alaska and Northern America (Bradley 
et al. 2003).

Antarctica Peninsula (Garret and Storey, 1987)
South Chile (Lagabrielle et al. 2004, 2007; 

Scalabrino et al. this paper)

Magmatism Abnormal near-trench volcanism
Gap in normal arc magmatism
Back-arc magmatism with alkalic signature 

localized N-MORB basaltic volcanism

Alaska and Northern America (Kusky et al. 
2003; Sisson and Palvis, 1993; Sisson et al., 
2003)

California (Thorkelson et al., 1990; Cole and 
Basu, 1992, 1995)

Woodlark (Johnson et al., 1987)
Antarctica Peninsula (Hole and Larter, 1993)
Japan (Hibbard and Karig, 1990, Maeda and 

Kagami, 1983)
South Chile (Lagabrielle et al., 1994; Gorring 

et al., 1997; Guivel, 1999; Guivel et al., 
2006, Espinoza et al., 2005, 2006)

(continued)
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established between the migration of the Chile triple 
junction along the trench since 15 Myr, the age of the 
alkalic magmatism, and the timing of deformational 
events. Our review of records from the central Patagonian 
foreland helps better constrain the consequences of the 
subduction of an active ridge on the geological evolu-
tion of the upper plate. Five features can be outlined:

1. During the Cenozoic, the Central Patagonia region 
shows a simple correlation of sedimentary and tec-
tonic events. Cenozoic sedimentation can be simply 
explained by foreland subsidence followed by con-
tractional tectonics and uplift of the belt during the 
pre-ridge subduction stage.

2. In Southern and Central Patagonia, compressional 
tectonics ceased around 14 Ma, when the active 
Chile ridge entered the Chile trench. This tectonic 
relaxation may have been induced by a drastic 
decrease in the tectonic coupling at the trench, 
inducing weakening of the horizontal forces that 
maintained active shortening.

3. The spatial and temporal distribution of Cenozoic 
Patagonian basaltic plateaus (main-plateau basalts) 
cannot be simply explained by slab window devel-
opment beneath the South American plate. A slab 
tear model ahead of subducted spreading ridge seg-
ments has been proposed by Guivel et al. (2006), 
but alternative models may imply return of astheno-
spheric mantle fl ow such as that described for the 
Somuncura volcanic fi eld in Northern Patagonia 
(41°S) (De Ignacio et al., 2001).

4. The limits of the slab window below Patagonia can 
be followed by the presence of the adakitic belt on 
the western side (e.g., Stern, 2004) and the basaltic 
mesetas on the eastern side. Recent extensional and 
transtensional tectonics in Central and Southern 
Patagonia record important changes in lithosphere 
rheology that occurred after subduction of the Chile 
Ridge. The areas where this new tectonic regime 
develops are likely to delineate the central region of 
the slab-window opened at depth; the same is true 
for the Pali-Aike fi eld in southernmost Patagonia 
(Stern et al., 1990).

5. The Central Patagonia Cordillera is characterized 
by anomalous topography and the occurrence of sev-
eral tectonically-controlled transverse depressions 
bounded by regions of high elevation, which is oppo-
site of what is expected for an orogenic belt in a clas-
sical subduction context. This facet warrants further 
development, in particular because it is not clear 
whether a phase of doming existed before local col-
lapse of transverse depressions. This is important as 
doming may be the only topographic consequence of 
slab window opening. However, previous studies in 
the Antarctica Peninsula and Alaska have reported 
extensional tectonics in the upper plate following 
ridge subduction (Garret and Storey, 1987; Bradley 
et al., 2003). Therefore, Central Patagonia should 
remain a suitable location to study the balance 
between coupling at the trench and vertical forces 
due to abnormal mantle at depth in controlling the 
topography of subduction-related mountain belts.

Table 1 (continued)

Geological processes Characteristics Some examples

Metamorphism Low pressure/high temperature metamorphism 
Buchan series metamorphism

Japan (Osaozawa, 1992)
Alaska and Northern Cordillera (Bowman 

et al., 2003; Zumsteg et al., 2003)
South Chile (Bell and Suarez, 2000)

Others Punctuated periods of tectonic erosion during 
ridge interactions

Regional gold deposits
Accretion of forearc ophiolites
Strong gravimetry anomalies on the upper plate
Seismic gap and abnormal hot mantle at depth

South Chile (Behrmann et al., 1994)
Alaska (Haeussler et al., 1995, 2003)
Chile (Lagabrielle et al., 2000; Anma et al., 

2006)
Alaska (Nelson and Forsythe, 1989; Kusky 

and Young, 1999)
South Chile (Murdie et al., 2000)
Japan (Sakagushi, 1996)
South Chile (Hamza and Munoz, 1996; 

Murdie et al., 2000; Heintz et al., 2005; 
Artemieva, 2006) and Antarctica 
(Shapiro and Ritzwoller, 2004)



Subduction of an Active Spreading Ridge Beneath Southern South America 243

Acknowledgements This research was funded by grants from 
the Chilean-French ECOS-CONICYT program (project 
C05U01) and CNRS-INSU DyETI (France) program. We thank 
R. Stern and C. Faccenna for constructive and helpful reviews.

References

Anma, R., Armstrong, R., Danhara, T., Orihashi, Y., Iwano, H., 
2006. Zircon sensitive high mass-resolution U-Pb and fi s-
sion-track ages for gabbros and sheeted dykes of the Taitao 
ophiolite, Southern Chile, and their tectonic implications. 
Island Arc 15, 130–142.

Artemieva, I.M., 2006. Global 1°×1° therma model TC1 for the 
continental lithosphere: Implications for the lithosphere 
secular evolution. Tectonophysics 416, 245–277.

Bangs, N.L., Cande, S.C., Lewis, S.D., Miller, J.J., 1992. 
Structural framework of the Chile margin at the Chile Ridge 
collision zone. Proceedings of Ocean Drilling Program 
Initial Report 141, 11–21.

Bell, M., Suarez, M., 2000. The Rio Lacteo Formation of 
southern Chile. Late Paleozoic orogeny in the Andes of the 
southernmost South America. Journal of South American 
Earth Sciences 13, 133–145.

Behrmann, J.H., Leslie, S.D., Cande, S.C., 1994. ODP Leg 141 
scientifi c party. Tectonics and geology of spreading ridge 
subduction at the Chile Triple Junction: a synthesis of results 
from Leg 141 of the Ocean Drilling Program. Geol. Rundsch, 
83, 832–853.

Blisniuk, P.M., Stern, L.A., Chamberlain, C.P., Idleman, B., and 
Zeitler, P.K., 2005. Climatic and ecologic changes during 
Miocene surface uplift in the Southern Patagonian Andes. 
Earth Planet Sciences Letters, 230, 125–142.

Bowman, J.R., Sisson, V.B., Valley, J.W., Pavlis, T.L., 2003. 
Oxygen isotope constraints on fl uid infi ltration associated 
with high-temperature-low-pressure metamorphism 
(Chugach metamorphic complex) within the Eocene south-
ern Alaska forearc. In Sisson, V.B., Roeske, S.M., and Palvis, 
T.L., eds., Geology of a transpressional orogen developed 
during ridge-trench interaction along the North pacifi c 
margin: Boulder, Colorado, Geological Society of America 
Special paper 371, p. 237–253.

Bradley, D., Kusky, T., Haeussler, P., Goldfard, R., Miller, M., 
Dumoulin, J., Nelson, S.W., and Karl, S., 2003. Geologic 
signature of early Tertiary ridge subduction in Alaska. In 
Sisson, V.B., Roeske, S.M., and Palvis, T.L., eds., Geology 
of a transpressional orogen developed during ridge-trench 
interaction along the North pacifi c margin: Boulder, Colorado, 
Geological Society of America Special paper 371, p. 19–49.

Brown, L.L., Singer, B.S., Gorring, M.L., 2004. Paleomagnetism 
and 40Ar/39Ar chronology of lavas from Meseta del Lago 
Buenos Aires, Patagonia. Geochem. Geophys. Geosyst. 
5 (1), Q01H04. Doi:10.1029/2003GC000526.

Cande, S.C., Leslie, R.B., 1986. Late Cenozoic tectonics of the 
Southern Chile Trench. Journal of Geophysical Reseach 91, 
471–496.

Cande, S.C., Leslie, R.B., Parra, J.C., Hobart, M., 1987. 
Interaction between the Chile ridge and the Chile trench: geo-

physical and geothermal evidence. Journal of Geophysical 
Research 92, 495–520.

Cembrano, J., Hervé, F., Lavenu, A., 1996. The Liquine-Ofqui 
fault zone: A long-lived intra-arc fault  system in Southern 
Chile. Tectonophysics 259, 207–224.

Cembrano, J., Lavenu, A., Reynolds, P., Arancibia, G., Lopez, 
G., Sanhueza, A., 2002. Late Cenozoic transpressional duc-
tile deformation north of Nazca-South America-Antarctica 
triple junction. Tectonophysics 354, 289–314.

Charrier, R., Linares, E., Niemeyer, H., Skarmeta, J., 1979. K-Ar 
ages of basalt fl ows of the Meseta Buenos Aires in the 
southern Chile and their relation to the Southeast Pacifi c 
triple junction. Geology 7, 436–439.

Cole, R.B., and Basu, A.R., 1992. Middle Tertiary volcanism 
during ridge-trench interactions in Western California. 
Science, 258: 793–796.

Cole, R.B., and Basu, A.R., 1995. Nd-Sr geochemistry and 
tectonics of ridge subduction and middle Cenozoic 
volcanism in Western California. Geological Society of 
America Bulletin, 18, 167–179.

Corbella, H., 1999. Dataciones radiometricas en Pali Aike, 
patagonia Austral In: XIV Congreso Geologico Argentino, 
Actas, II, 265–268.

Coutand, I., Diraison, M., Cobbold, P.R., Gapais, D.,
Rossello, E., 1999. Structure and kinematic of a foothills 
transect, Lago Viedma, southern Andes (49°30’S). Journal 
of South American Earth Sciences (Oxford) 12, 1–15.

Dalziel, I.W., 1981. Back-arc extension in the southern Andes: 
areview and critical reappraisal. Phil. Trans. R. Soc. Lond. 
A300, 319–335.

Demant, A., Belmar, M., Hervé, F., Pankhurst, R.J., Suarez, M., 
1998. Pétrologie et géochimie des basaltes de Murta: une 
éruption sous-glaciaire dans les Andes patagoniennes (46°S). 
Relation avec la subduction de la ride du Chili. C. R. Acad 
Sci., Paris 327, 795–801.

DeMets, C., Gordon, A.E., Aegus, D.F., Stein, S., 1990. Current 
plate motions. Geophysical Journal International 101, 
425–478.

Diraison, M., Cobbold, P.R., Gapais, D., Rossello, E.A., 1997. 
Magellan strait: Part of a Neogene rift system. Geology 25, 
703–706.

Diraison, M., Cobbold, P.R., Gapais, D., Rossello, E.A., Le 
Corre, C., 2000. Cenozoic crustal thickening, wrenching and 
rifting in the foothills of the southernmost Andes. 
Tectonophysics 316, issue 1-2, 91–119.

De Ignacio, C., Lopez, I., Oyarzun, R., Marquez, A., 2001. The 
Northern Patagonia Somuncura plateau basalts: a product 
of slab-induced, shallow asthenospheric upwelling? Terra 
Nova, 13, 117–121, 2001.

D’Orazio, M., Agostini, S., Mazzarini, F., Innocenti, F., 
Manetti, P., Haller, M., Lahsen, A., 2000. The Pali Aike 
Volcanic Field. Patagonia: slab-window magmatism near the 
tip of South America. Tectonophysics 321, 407–427.

D’Orazio, M., Agostini, S., Innocenti, F., Haller, M., Manetti, P., 
Mazzarini, F., 2001. Slab-window-related magmatism from 
southernmost South America: The Late Miocene mafi c 
volcanics from the Estancia Glencross area (~52°S Argentina-
Chile). Lithos 57, 67–89.

D’Orazio, M., Innocenti, F., Manetti, P., Haller, M.J., 
Di Vincenzo, G., Tonarini, S., 2005. The Late Pliocene mafi c 
lavas from the Camusù Aike volcanic fi eld (~50°S, 



244 B. Scalabrino et al.

Argentina): Evidence for geochemical variability in slab 
window magmatism. Journal of South American Earth 
Sciences 18, 107–124.

Eagles, G., 2003. Plate tectonics of the Antarctic-Phoenix plate 
system since 15 Ma. Earth and Planetary Science Letters, 88, 
289–307.

Eagles, G., Livermore, R.A., Fairhead, J.D., Morris, P., 2005. 
Tectonic evolution of the west Scotia Sea. Journal 
of Geophysical Research, 11, B02401.

Escosteguy, L., Dal Molin, C., Franchi, M., Geuna, S., Lapido, 
O., 2002. Estratigrafi a de la cuenca de los rios el Zeballos y 
Jeinimeni, noroeste de la Provincia de Santa Cruz. Actas del 
XV Congresso Geologico Argentino. El Calafate.

Espinoza, F., 2003. Petrologia y geoquimica de los basaltos 
cenozoicos de la meseta de Chile Chico, 46°35’S- 
46°47’S- 71°46’-72°02’W XI region de Aysen, Chile. 
Unpublished MSc thesis, Universidad de Chile, Santiago, 
Chile. 220 pp.

Espinoza, F., Morata, D., Pelleter, E., Maury, R.C., Suarez, M., 
Lagabrielle, Y., Polvé, M., Bellon, H., Cotten, J., de la Cruz, 
R., Guivel, C., 2005. Petrogenesis of the Eocene and 
Mio-Pliocene alkaline basaltic magmatism in Meseta Chile 
Chico, Southern Patagonia, Chile: evidence for the participa-
tion of two slab windows. Lithos 82 (3–4), 315–343.

Espinoza, F., Morata, D., Polvé, M., Maury, R.C., Cotten, J., 
Bellon, H., Guivel, C., Lagabrielle, Y., Suárez, M., and 
Rosselló, E., 2006. Mio-Pliocene magmatic variability in the 
central Patagonia back-arc region (47.5aS). Backbone of the 
Americas – Patagonia to Alaska. Geological Society 
of America, Mendoza (Argentina), 3–7 Abril, CD-rom.

Flint, F.F., Prior, D.J., Agar, S.M., Turner, P., 1994. Stratigraphic 
and structural evolution of the tertiary Cosmelli basin and its 
relationships to the Chile Triple Junction. Journal 
of Geological society of London 151, 251–268.

Flynn, J.J., Novacek, M.J., Dodson, H.E., Frassinetti, D., 
McKenna, M.C., Norell, M.A., Sears, K.E., Swisher, C.C. 
III, Wyss, A.R., 2002. A new fossil mammal assemblage 
from the southern Chilean Andes: Implications for geology, 
geochronology and tectonics. Journal of Southern American 
Earth Sciences 15, 285–302.

Garret, S.W., Storey, B.C., 1987. Lithospheric extension on the 
Antarctica Peninsula during Cenozoic subduction. In 
Extension in the basin and Range Province and East Pacifi c 
Margin, Geological Society, London, Special Publications, 
v. 28, pp. 419–431.

Ghiglione, M.C., Ramos, V.A., 2005. Progression of deforma-
tion and sedimentation in the southernmost Andes. 
Tectonophysics 405, 25–46.

Gorring, M., Kay, S., 2001. Mantle processes and sources 
of Neogene slab window magmas from Southern Patagonia, 
Argentina. Journal of Petrology 42, 1067–1094.

Gorring, M., Kay, S., Zeitler, P., Ramos, V., Rubiolo, D., 
Fernandez, M., Panza, J., 1997. Neogene Patagonian plateau 
lavas: continental magmas associated with ridge collision 
at the Chile Triple Junction. Tectonics 16, 1–17.

Gorring, M., Singer, B., Gowers, J., Kay, S., 2003. 
Plio-Pleistocene basalts from the Meseta del Lago Buenos 
Aires, Argentina: evidence for asthenosphere-lithosphere 
interactions during slab-window magmatism. Chemical 
Geology 193, 213–235.

Gripp, A.E., Gordon, R.G., 1990. Current plate velocities 
relative to the hotspots incorporating the NUVEL-1 global 
plate motion model. Geophysical Research Letters 17, 
1109–1112.

Guerstein, G.R., Guler, M.V., and Casadio, S., 2004. 
Polynostratigraphy and paleoenvironments across the 
Oligocene-Miocene boundary within the Centinela 
Formation, southwestern Argentina. Geological Society, 
London, Special Publications, 230, 325–343.

Guivel, C., Lagabrielle, Y., Bourgois, J., Maury, R.C., Fourcade, 
S., Martin, H., Arnaud, N., 1999. New geochemical con-
straints for the origin of ridge-subduction-related plutonic 
and volcanic suites from the Chile Triple Junction (Taitao 
Peninsula and site 862, LEG ODP141 on the Taitao Ridge). 
Tectonophysics 311, 83–111.

Guivel, C., Morata, D., Pelleter, E., Espinoza, F., Maury, R.C., 
Lagabrielle, Y., Polvé, M., Bellon, H., Cotten, J., Benoit, M., 
Suarez, M., de la Cruz, R., 2006. Miocene to Late Quaternary 
Patagonian basalts (46°-47°S): Geochronometric and geo-
chemical evidence for slab tearing due to active  spreading 
ride subduction. Journal of Volcanology and Geothermal 
Research 149, 346–370.

Gutiérrez, F., Gioncada, A., Gonzalez Ferran, O., Lahsen, A., 
Mazzuoli, R., 2005. The Hudson volcano and surrounding 
monogenetic centres (Chilean Patagonia): An example of 
volcanism associated with ridge-trench collision environ-
ment. Journal of Volcanology and Geothermal Research 145, 
pp. 207–233.

Haeussler, P.J., Bradley, D., Goldfarb, R., Snee, L., Taylor, C., 
1995. Link between ridge subduction and gold mineraliza-
tion in southern Alaska. Geology 23 (11), 995–998.

Haeussler, P.J., Dwight, C., Bradley, D., Goldfarb, R.J., 2003. 
Brittle deformation along the Gulf of Alaska margin 
in response to Paleocene-Eocene triple junction migration. 
In Sisson, V.B., Roeske, S.M., and Palvis, T.L., eds., Geology 
of a transpressional orogen developed during ridge-trench 
interaction along the North pacifi c margin: Boulder, 
Colorado, Geological Society of America Special paper 371, 
pp. 119–141.

Hamza, V.M., Munoz, M., 1996. Heat fl ow map of South 
America. Geothermics 25(6), 599–646.

Heintz, M., Debayle, E., Vauchez, A., 2005. Upper mantle struc-
ture of the South America continent and neighboring oceans 
from surface wave tomography. Tectonophysics 406, 
115–139.

Herron, E.M., Cande, S.C., Hall, B.R., 1981. An active spread-
ing center collides with a subduction zone; a geophysical 
survey of the Chile margin triple junction. Memoir-
Geological Society of America 154, 683–701.

Hervé, F., 1994. The Southern Andes between 39°S and 44°S 
latitude: the geological signature of a transpressive tectonic 
regime related to a magmatic arc. In: Reutter, K-J., Scheuber, 
E., Wigger, P.J., eds., Tectonics of the Southern central 
Andes. Springer, Berlin, pp. 243–248.

Hibbard, J.P., Karig, D.E., 1990. Structural and magmatic 
responses to spreading ridge subduction: an example from 
southwest Japan. Tectonics 9 (2), 207–230.

Hole, M.J., Larter, R.D., 1993. Trench-proximal volcanism 
following ridge crest-trench collision along the Antarctic 
Peninsula. Tectonics 12, 897–901.



Subduction of an Active Spreading Ridge Beneath Southern South America 245

Johnson, R.W., Jaques, A.L., Langmuir, C.H., Perfi t, M.R., 
Dunkley, P.N., Chappell, B.W., Taylor, S.R., 1987. Ridge 
subduction and forearc volcanism: petrology and geochem-
istry of rocks dredged from the western Solomon arc and 
Woodlark basin. 155–226.

Kraemer, P.E., 2003.Orogenic shortening and the origin of the 
Patagonian orocline (56° S.lat). Journal of South American 
Earth Sciences 15, 731–748.

Kusky, T.M., Young, C.P., 1999. Emplacement of the ressurec-
tion Peninsula ophiolite in the southernalaska forearc during 
a ridge-trench encounter. Journal of Geophysical Research, 
vol. 104, NoB12, p. 29.025–29.054.

Kusky, T.M., Bradley, D., Donley, D.T., Rowley, D., Haeussler, 
P., 2003. Controls on intrusion of near-trench magmas of the 
Sanak-Baranof Belt, Alaska, during Paleogene ridge subduc-
tion, and consequences for forearc evolution. In Sisson, V.B., 
Roeske, S.M., and Palvis, T.L., eds., Geology of a transpres-
sional orogen developed during ridge-trench interaction along 
the North pacifi c margin: Boulder, Colorado, Geological 
Society of America Special paper 371, p. 269–292.

Lagabrielle, Y., LeMoigne, J., Maury, R.C., Cotton, J., 
Bourgois, J., 1994. Volcanic record of the subduction of 
an active spreading ridge, Taitao peninsula (southern Chile). 
Geology 22, 515–518.

Lagabrielle, Y., Guivel, C., Maury, R.C., Bourgois, Y., Fourcade, 
S., Martin, H., 2000. Magmatic-tectonic effects of high 
thermal regime at the site of active spreading ridge 
subduction: the Chile Triple Junction model. Tectonophysics 
326 (3–4), 215–228.

Lagabrielle, Y., Suarez, M., Rossello, E.A., Hérail, G., Martinod, 
J., Régnier, M., de la Cruz, R., 2004. Neogene to Quaternary 
tectonic evolution of the Patagonian Andes at the latitude of 
the Chile Triple Junction. Tectonophysics 385, 211–241.

Lagabrielle, Y., Suarez, M., Malavieille, J., Morata, D., 
Espinoza, F., Maury, R.C., Scalabrino, B., Barbero, L., de la 
Cruz, R., Rossello, E., Bellon, H., 2007. Pliocene 
extensional tectonics in Eastern Central Patagonian 
Cordillera: geochronological constraints and new fi eld 
evidence. Terra Nova in press.

Lawver, L.A., Gahagan, L.M., 2003. Evolution of Cenozoic 
seaways in the circum-Antarctic region. Palaeogeography, 
Palaeoclimatology, Palaeoecology 198, 11–37.

Linares, E., Gonzalez, R., 1990. Catalogo de edades radimet-
ricas de la Republica argentina: 1957–1987, Publicaciones 
Especiales de la Asociacion Geologica Argentina, serie B, 
vol. 19, 628 pp.

Livermore, R., Nankivell, A., Eagles, G., Morris, P., 2005. 
Paleogene opening of Drake Passage. Earth and Planetary 
Science Letters, 236, 459–470.

Livermore, R., Hillenbrand, C.D., Meredith, M., Eagles, G., 
2007. Drake Passage and Cenozoic climate: An open and 
shut case? Geochemistry, Geophysics, Geosystems 8, 1. 
Q01005, doi:10,1029/2005GC001224.

Maeda, J., and Kagami, H., 1996 Interaction of a spreading ridge 
and an accretionary prism: implications for MORB magma-
tism in the Hidaka magmatic zone, Hokkaido, Japan. 
Geology 24 (1), 31–34.

Marenssi, S.A., Casadio, S., Santillana, S.N., 2003. Estratigrafi a 
y sedimentologia de las unidades del Cretacico superior-
Paleogeno afl orantes en la margen sureste del lago Viedma, 

provincia de Santa Cruz, Argentina. Revista de la Asociacion 
Geologica Argentina 58 (3), 403–416.

McCarron, J.J., Larter, D.D., 1998. Late cretaceous to Early 
Tertiary Subduction history of the Antarctic Peninsula. 
Journal of Geological Society, London 155, 255–268.

Meglioli, A., 1992. Glacial geology and geochronology of 
southernmost patagonia and Tierra del Fuego, Argentina and 
Chile. Ph.D. dissertation. Leigh University, Bethlehem, PA, 
USA.

Mercer, J.H., 1976. Glacial history of southernmost South 
America. Quat. Res. 6, 125–166.

Melnick, D., Folguera, A., Roseneau, M., Echtler, H., Potent, S., 
2002. Tectonics from the northern segment of the Liquine-
Ofqui fault system (37°S-39°S), Patagonian Andes, paper 
presented at Fifth International Symposium of Andean 
Geodynamics, IRD, Toulouse, France.

Mercer, J.H., Sutter, J.F., 1982. Late Miocene-Earliest Pliocene 
Glaciation in Southern Argentina: implications for global 
ice-sheet history. Paleogeography, Paleoclimatology, 
Paleoecology 38, 185–206.

Morata, D., Barbero, L., Suarez, M., de la Cruz, R., 2002. Early 
Pliocene magmatism and high exhumation rates in the 
Patagonian Cordillera (46°40’S): K-Ar, and fi ssion track 
data. ISAG.

Murdie, R., Styles, P., Prior, D.J., Daniel, A.J., 2000. A new 
gravity map of southern Chile and its preliminary interpreta-
tion. Revista Geologica de Chile 27 (1), 49–63.

Nelson, E.P., Forsythe, R.F., 1989. Ridge collision at convergent 
margins: implications for Archean and post Archean crustal 
growth. Tectonophysics 161, 307–315.

Nelson, E., Forsythe, R., Diemer, J., Allen, M., Urbina, O., 1994. 
Taitao ophiolite: a ridge collision ophiolite in the forearc of 
the southern Chile (46°S). Revista Geologica de Chile 20(2), 
137–165.

Osazawa, A., 1992. Double ridge subduction recorded in the 
Shimanto accretionary complex, Japan, and plate reconstruc-
tion. Geology 20, 939–942.

Pankhurst, R.J., Riley, T.R., Fanning, C.M., Kelley, S.P., 2000. 
Episodic silicic = volcanism in Patagonian and Antarctic 
Peninsula: chronology of magmatism associated with 
break-up of Gondwana. Journal of Petrology 41, 605–625.

Parras, A., Casadio, S., Feldmann, R., Griffi n, M., Schweitzer, 
C.E., 2004. Age and paleogeography of the marine trans-
gression at the Paleogene-Neogene boundary in Patagonia, 
southern Argentina. Denver Annual Meeting, Geological 
Society of America Abstracts with programs 16(5), 364.

Pardo-Casas, F., Molnar, P., 1987. Relative motion of the Nazca 
(Farallon) and South America plates since Late Cretaceous 
time. Tectonics 6(3), 233–248.

Pelleter, E., 2003. Diversité géochimique et géochronologique 
des basaltes de la région du lac Général Carrera-Buenos 
Aires: nouvelles contraintes sur la subduction de la dorsale 
du Chili. Unpublished DEA Thesis; Université de Bretagne 
Occidentale, Brest, France.

Petford, N., Cheadle, M., Barreiro, B., 1996. Age and origin of 
southern fl ood basalts, Chile Chico region (46°45’S). Third 
International Symposium on Andean Geology (ISAG), 
St. Malo, France, 629–632 (extended abstract).

Petford, N., Turner, P., 1996. Reconnaissance 40Ar/39Ar age 
and paleomagnetic study of igneous rocks around Coyhaique, 



246 B. Scalabrino et al.

S. Chile. Third International Symposium on Andean Geology 
(ISAG), St. Malo, France, 625–627.

Ramos, V.A., 1989. Andean foothills structures in the northern 
Magallanes Basin, Argentina. American Association 
of Petroleum Geologist Bulletin 73, 887–903.

Ramos, V.A., 2005. Ridge collision and topography: foreland 
deformation in the Patagonian Andes. Tectonophysics 399, 
73–86.

Ramos, V., Kay, S.M., 1992. Southern Patagonian plateau basalts 
and deformation: backarc testimony of ridge collision. 
Tectonophysics 205, 261–282.

Ray, F.M., 1996. Stratigraphical and structural evolution 
of Tertiary backarc basins in Southern Chile. University of 
Liverpool, England, 208 pp; Unpublished Thesis.

Roseneau, M., Melnick, D., Echtler, H., 2006. Kinematic 
constraints on intra-arc shear and strain partitioning in the 
southern Andes between 38°S and 42°S latitude. Tectonics 
vol. 25, TC4013, doi:10.1029/2005TC001943.

Sakagushi, A., 1996. High paleogeothermal gradient with ridge 
subduction beneath the cretaceous Shimanto accretionary 
prism, southwest Japan. Geology 24(9), 795–798.

Scalabrino, B., Lagabrielle, Y., Malavieille, J., Dominguez, S., 
Morata, D., Espinoza, F., Suarez, M., Rossello, E., 2007. 
Impact of spreading ridge subduction on the morphotectonic 
evolution of the Patagonian Cordillera since 15 Ma (latitude 
of the Chile Triple Junction, CTJ). Poster, GEOSUR 2007 
International Geological Congress on the Southern 
hemisphere, Santiago, Chile.

Shapiro, N.M., Ritzwoller, M.H., 2004. Inferring surface heat 
fl ux distributions guided by a global seismic model: 
particular application to Antarctica. Earth and Planetary 
Earth Letters 223, 213–224.

Singer, B.S., Ton-That, T., Vincze, T., Rabassa, J., Roig, C., 
Brunstad, K., 1997. Timescale of late Cenozoic climate 
change in the southern hemisphere from 40Ar/39Ar dating of 
patagonia lavas. Terra Abs., Eur. Union Geosci. 9(9), 65–66.

Sisson, V.B., and Palvis, T.L., 1993. Geologic consequences of 
plate reorganization: an example from the Eocene southern 
Alaska forearc. Geology 21, 913–916.

Sisson, V.B., Poole, A.R., Harris, N.R., Cooper Burner, H., 
Palvis, T.L., Copeland, P., Donelick, R.A., and McLelland, 
W.C., 2003. Geochemical and geochronologic constraints for 
genesis of a tonalite-trondhjemite suite and associated mafi c 
intrusive rocks in the eastern Chugach Mountains, Alaska: a 
record of ridge-transform subduction. In Sisson, V.B., Roeske, 
S.M., and Palvis, T.L., eds., Geology of a transpressional oro-
gen developed during ridge-trench interaction along the 
North pacifi c margin: Boulder, Colorado, Geological Society 
of America Special paper 371, p. 293–326.

Stern, C.R., 2004. Active Andean volcanism: its geological and 
tectonic setting. Revista Geologica de Chile, vol. 31, no. 2, 
pp. 161–206.

Stern, C.R., Kilian, R., 1996. Role of the subducted slab, mantle 
wedge and continental crust in the generation of adakites 
from the Andean Austral Volcanic Zone. Contributions to 
Mineralogy and Petrology 123, 263–281.

Stern, C.R., Zartman, F.A., Futa, K., Zartman, R.E., Peng, Z., 
Kyser, T.K., 1990. Trace-element and Sr, Nd, Pb, and O iso-
topic composition of Pliocene and Quaternary alkali basalts 
of the Patagonian Plateau lavas of the Southernmost South 
America. Contributions to Mineralogy and Petrology 104, 
294–308.

Stern, C.R., Kilian, R., 1996. Role of the subducted slab, mantle 
wedge and continental crust in the generation of adakites 
from the Andean Austral Volcanic Zone. Contributions to 
Mineralogy and Petrology 123, 263–281.

Suarez, M., de la Cruz, R., 2001. Jurassic to Miocene K-Ar dates 
from eastern central Patagonian Cordillera plutons, Chile 
(45°-48°S). Geological Magazine 138(1), 53–66.

Suarez, M., de la Cruz, R., 2000. Tectonics in the eastern central 
Patagonian Cordillera (45°30’-47°30’S). Journal of the 
Geological Society (London) 157, 995–1001.

Suarez, M., de la Cruz, R., Troncoso, A., 2000a. Tropical/sub-
tropical Upper Paleocene-Lower Eocene fl uviatil deposits in 
eastern Patagonia, Chile (46°45’S). Journal of South 
American Earth Sciences 13, 527–536.

Suarez, M., de la Cruz, R., Bell, C.M., 2000b. Timing and origin 
of deformation along the Patagonian fold and thrust belt. 
Geological Magazine 137, 345–353.

Tebbens, S.F., Cande, S.C., 1997. Southeast Pacifi c tectonic 
evolution from the early Oligocene to Present. Journal of 
Geophysical Research 102, 12061–12084.

Tebbens, S.F., Cande, S.C., Kpovacs, L., Parra, J.C., Labrecque, 
J.L., Vergara, H., 1997. The Chile Ridge: a tectonic frame-
work. Journal of Geophysical Research 102, 
12035–12059.

Thomson, S.N., Hervé, F., Brix, M., and Stockhert, B., 2001. 
The Mesozoic-Cenozoic denudation history of the southern 
Chilean Andes and its correlation to different subduction 
processes. Tectonics 20, 693–711.

Thorkelson, D.J., 1990. Tectonic and magmatic aspects of slab 
window, Geological Association of Canada Program and 
Abstract, 15, A105.

Welkner, D., 1999. Geologia del area del Cerro de San Lorenzo: 
cordillera patagonica oriental, XI region de Aysen, Chile 
(47°25’-47°50’S). Memoria Titulo Departemento de 
Geologia. Universitad de Chile. Unpublished.

Zumsteg, C.L., Himmelberg, G.R., Karl, S.M., Hauessler, P.J., 
2003. Metamorphism within the Chugach accretionary  complex 
on southern Baranof Island, southeastern Alaska. In Sisson, 
V.B., Roeske, S.M., and Palvis, T.L., eds., Geology of a trans-
pressional orogen developed during ridge-trench interaction 
along the North pacifi c margin: Boulder, Colorado, Geological 
Society of America Special paper 371, p. 253–269.



 S. Lallemand and F. Funiciello (eds.), Subduction Zone Geodynamics,  247
DOI 10.1007/978-3-540-87974-9, © Springer-Verlag Berlin Heidelberg 2009

Abstract The active Colombian Caribbean margin has evolved since late Cretaceous 
time, resulting in an intricate deformation history involving oblique subduction – 
accretion, extension, and tectonic inversion during the Cenozoic. The combined 
interpretation of 2D seismic refl ection, gravity and magnetic data provides new 
insights into the confi guration of the Colombian Caribbean margin and the crust-
types present along it. The margin displays the morphological and tectonic character-
istics of a typical accretion-dominated subduction complex. The 3D gravity modelling 
suggests that the Caribbean Plate is subducting beneath NW Colombia at a low angle 
of about 5° in E to SE direction. The major tectonic domains forming the margin 
include, from west to east: trench, active accretionary prism, outer high and forearc 
basins. The trench axis coincides with the toe of the active accretionary prism. The 
active prism corresponds to the external part of the Sinú-Colombia Accretionary 
Wedge. The outer high domain includes the major structural complex formed by the 
easternmost part of the Sinú-Colombia Accretionary Wedge and the San Jacinto Fold 
Belt. It represents the fossil part of the accretionary prism, which today acts as a 
dynamic backstop to the active accretionary prism. The outer high comprises several 
small sedimentary basins containing post-kinematic Plio-Pleistocene deposits, which 
fossilize the complex outer high structure. The landward boundary of the outer high 
is marked by the well-developed positive fl ower structure of the Romeral North or 
San Jacinto Fault System, which represents a structural break between the smaller 
basins deformed by mud diapirism to the west and the main and deeper forearc San 
Jorge Basin to the east. The basement-type present along outer high-forearc transition 
(San Jacinto Fold Belt-San Jorge Basin) is still discussed controversially. The results 
of 3D gravity and 3D magnetic modelling in this study support the presence of an 
oceanic “basement complex” (mixture of basalts and sediments) underlain by a con-
tinental tectonic wedge (CTW) which belongs to the overriding South American 
Plate. The emplacement of oceanic affi nity rocks over continental basement is inter-
preted as offscraping and backthrusting of Caribbean material onto the continental 
margin during the initiation of the oblique subduction of Caribbean crust beneath 
NW South America. The continental crust of the South American arc framework 
provided the static backstop, against which the material of the later dynamic backstop 
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1 Introduction

Since the 1960s the Andean margin of the South America 
and the circum-Caribbean region have been areas of 
particular interest to geoscientists (Pennington, 1981). 
Plate tectonic reconstructions (e.g. Pindell et al., 1998) 
have determined that the convergence of the Caribbean 
Plate and the NW South America Plate has been respon-
sible for the diachronous accretion of allocthonous 

terranes and development of fold-thrust-belts along 
the Colombian and Venezuelan Caribbean margins.

The Colombian Caribbean margin extends from the 
Urabá Gulf (Panama border) in the SW to Guajira 
Peninsula (Venezuela border) in the NE. The area of 
interest of the present work represents the Caribbean 
coast of Colombia, situated in the north of the culmi-
nation of the Colombian Andes and southwest of the 
Santa Marta Massif (Figs. 1, 2 and 3). This region 

Fig. 1 Present day tectonic map of the northern South America and Caribbean region, indicating the plate boundaries and main 
fault systems. Map sources: Pindell and Barrett (1990); Taboada et al. (2000); topography from http://topex.ucsd.edu

was accreted. The existence of a continental tectonic wedge (CTW) beneath the 
 oceanic “basement complex” in the San Jacinto Fold Belt (west of the Romeral Zone) 
indicates that the Romeral North Fault System does not form the tectonic boundary 
between oceanic crust to the west and continental crust to the east. The Romeral Fault 
and its associated structures form a dextrally transpressive fault system developed 
within continental crust (the static backstop) as a result of the oblique convergence 
between Caribbean and South American plates. From the crustal model proposed 
here, two tectonic limits are identifi ed as ocean-continental crust boundaries: an 
upper one, which represents a major east-directed backthrust that detached oceanic 
basalts and sediments from the downgoing slab, emplacing them over the continental 
tectonic wedge (CTW), and a lower one, which corresponds to the east-dipping 
boundary between the downgoing Caribbean and overriding South American plates.

Keywords Romeral Fault System · Structural Confi guration of the Colombian 
Caribbean Margin · 3D Gravity and Magnetic Modelling · Tectonic Evolution of the 
San Jacinto and Sinu Fold Belts.
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Fig. 2 Tectonic map of NW Colombia (simplifi ed from Cediel and Cáceres, 2000). WC Western Cordillera; CC Central 
Cordillera; EC Eastern Cordillera; SP Sierra de Perijá; SM Santa Marta Massif

Fig. 3 Simplifi ed Geologic Map of NW Colombia (French and Schenk, 2004). Grey lines and black symbols indicate the seismic 
lines and wells used for the interpretation
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includes the offshore Colombian Basin and the Sinú 
Fold Belt, and the onshore San Jacinto Fold Belt and 
the Lower Magdalena (San Jorge-Plato) Basin.

The investigations carried out by the Colombian 
Geological Survey (INGEOMINAS) and the Colombian 
Geographical Survey (IGAC) as well as the joint ven-
ture projects between the Colombian Oil Company 
(ECOPETROL S.A) and other oil and gas companies 
in this area have provided the more important integrated 
geological and geophysical studies. Nonetheless, the 
crustal composition of NW Colombia and the respon-
sible tectonic mechanisms of the current tectonic 
assemblage continue to be debated. The identifi cation 
of the deep crustal elements as well as the effects of the 
deformation has important implications for understand-
ing the tectonic evolution of the area. The main objec-
tive of this work is to characterize the crustal structure 
of the Colombian Caribbean margin using a combina-
tion of 2D seismic refl ection, gravity and magnetic 
data. The new interpretation of the tectonic domains 
along the margin, here presented, is constrained by the 
2D seismic dataset. The crustal structure is resolved 
satisfactorily by 3D gravity modelling. Additional 3D 
magnetic modelling is used to confi rm the basement 
type (obtained from the 3D gravity modelling) involved 
along the Romeral Fault System, which has been 
historically defi ned as the limit between ocean crust to 
the west (San Jacinto-Sinú Fold Belts) and continental 
crust to the east (San Jorge-Plato Basin).

2 Caribbean Tectonic Overview

The complex tectonic assemblage of the Colombian 
Caribbean region is the result of the interaction between 
the South American, Caribbean and Pacifi c plates 
(Fig. 1). According to the Pacifi c models (e.g. Pindell 
and Kennan, 2001), which are consistent with the geol-
ogy of the northern Andes, the tectonic evolution started 
with the separation of North-South America and Africa 
in late Jurassic time and continued with a westward-
directed movement of the two Americas by the opening 
of the Atlantic since Aptian. The Caribbean Plate is a 
part of the Pacifi c Farallón oceanic Plate, which was 
displaced between the two Americas by these general 
plate movements during Mesozoic. With the accelera-
tion of the Atlantic spreading, resulting in a relative NE 
movement of the Caribbean Plate, closure of the back-

arc basins in NW Colombia led to the accretion of 
back-arc oceanic crust and part of the Greater Caribbean 
Arc along the western edge of the South American 
Plate (Romeral terrane) as well as to the formation of a 
large right-lateral shear zone along the NW part of the 
South America Plate. By continued eastward displace-
ment, the plate boundary between NW Colombia and 
the Caribbean Plate became more compressive which 
initiated the subduction of the Caribbean oceanic crust 
along the NW edge of the South American Plate in 
Maastrichtian time. In the Miocene, the Panamanian 
Arc Ridge collided against the western border of the 
northern Andes, which led to the main Andean phase in 
Colombia, but which also caused the dramatic slowing 
of the subduction of the Caribbean Plate beneath South 
America. During the Miocene, formation of the 
Galapagos hot spot resulted in the break-up of 
the Farallón Plate into the Cocos and Nazca plates. The 
Nazca Plate is currently subducted along the western 
part of the South America Plate.

The geodetic observations indicate that convergence 
along the Colombian Caribbean margin is still occur-
ring (Fig. 1). The calculated rates of convergence are 
1.7 cm per year (Kellog and Bonini, 1982), 1 cm per 
year (Freymüller et al., 1993), 1.3 ± 0.3 cm per year 
(Van der Hilst and Mann, 1994) and 2.0 cm per year 
Cortés and Angelier (2005). Seismicity studies 
(Pennington, 1981; Kellog and Bonini, 1982; Malavé 
and Suárez, 1995) suggest that the Caribbean Plate is 
subducted amagmatically under the South American 
Plate. Taboada et al. (2000), and Cortes and Angelier 
(2005) also favor the subduction of the Caribbean and 
Nazca plates beneath the NW and W wedges of the 
northern Andes, which is based on integrated interpre-
tation of focal mechanisms of earthquakes and tomo-
graphic images. Both publications assume a gently 
E-NE dipping slab of the Caribbean Plate at latitudes 
north of 5° or 7°N. Southward of 7°N the moderately 
steep E-dipping slab of the Nazca Plate is present. 
Between these latitudes, an overlapping of the two sub-
ducting slabs is assumed, where the Nazca Plate is sub-
ducting below the Caribbean Plate. In contrast, the 
interpretation from tomography images (Van der Hilst, 
1990; Van der Hilst and Mann, 1994) indicates no sig-
nifi cant convergence between the Caribbean Plate and 
the entire South America Plate. These authors conclude 
that the principal motion between these plates is right-
lateral strike-slip, where the Caribbean Plate is under-
thrusted beneath the Maracaibo Block due to its 
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northward directed movement. Nevertheless, it must be 
noted that the discussion is restricted to the interaction 
between the Caribbean Plate and the Maracaibo Block 
only. The identifi ed subducted “Bucaramanga slab” is 
interpreted to be a part of the oceanic Nazca Plate, but 
which can be seen only in the tomographic images for 
latitudes from 7 to 10°N. The type of the continental 
margin at the NW Colombian margin (Sinú-San Jacinto 
accretion zone) is not discussed by these authors.

3 Tectonic Setting of NW Colombia

The Colombian Caribbean margin is part of the north-
ern Colombian Andes region. A fi rst overview of the 
evolution of this region based on surface geology and 
well information was published by Duque-Caro (1972, 
1973, 1975, 1976 and 1979). This author identifi ed 
three structural provinces, which include from west to 
east (Figs. 2 and 3): (1) the Sinú Fold Belt, (2) the San 
Jacinto Fold Belt and (3) the Lower Magdalena Basin. 
Two major structures separate these provinces: (1) the 
Romeral Fault System, which is considered as a major 
Paleo-suture between the Lower Magdalena Valley and 
the San Jacinto Fold Belt, and (2) the Sinú Fault between 
the San Jacinto Fold Belt and the Sinú Fold Belt.

The San Jacinto and Sinú Fold Belts have been 
interpreted as two prisms accreted to the NW Colombian 
margin (Duque-Caro, 1984). The San Jacinto Fold 
Belt, which is a narrow and complex structural zone 
developed adjacent to the platform, includes a complex 
of basalts and ocean-fl oor sediments of upper 
Cretaceous - Paleocene (?) age. Paleomagnetic (Brock 
and Duque-Caro in Cediel et al., 2003) and geochemi-
cal data (Kerr et al., 1996) suggest an origin southwest 
of its current position and an association with the tho-
leiitic MORB-type basalts of the Pacifi c Dagua-Piñón 
terrane (south part of the Western Cordillera). The 
Paleocene to Eocene turbiditic sequences of continen-
tal affi nity and the middle Eocene erosional unconfor-
mity indicates a pre-Oligocene accretion of the San 
Jacinto terrane to the South American Plate along the 
Romeral North Fault System. The Sinú Fold Belt cor-
responds to the east part of the Sinú-Colombia 
Accretionary Wedge, which lies between the present 
day offshore Colombia trench and the San Jacinto Fold 
Belt. Accretion of the Sinú terrane on the San Jacinto 
terrane took place since Miocene (Cediel et al., 2003).

The Sinú Fault marks the boundary between the 
San Jacinto and Sinú Fold Belts. Duque-Caro (1979) 
defi ned this limit by its surface expression, controlling 
the Sinú River, and by the change of the structural style 
between these two fold belts. Additionally, the San 
Jacinto Fold Belt has no mud diapirism or mud volca-
noes, which are common to the west in the Sinú Fold 
Belt. Active mud volcanoes are present in both areas 
Sinú River to the south and Cartagena-Barranquilla to 
the north. This phenomenon is well described and dis-
cussed by Case (1974), Duque-Caro (1979), Vernette 
(1986), Töto and Kellog (1992), Vernette et al. (1992) 
and others. The age assigned to this mud is late 
Oligocene to early Miocene based on foraminifera 
determinations from the heterogeneous mixture 
extruded at the surface (Duque-Caro, 1979).

The Romeral Fault System was initially recognized 
by Grosse (1926) in the southwest of the Antioquia 
State. Barrero et al. (1969) assigned this name to a 
west-vergent fault system, which separates the Western 
and Central Cordilleras. They assumed also that this 
fault is the contact between oceanic crust to the west 
and continental crust to the east. This fault system 
extends from southwestern Ecuador, where it has been 
mapped as the Peltec-Giron-Portovelo faults 
(CODIGEM, 1993a in Cediel et al., 2003), to the 
northern Colombian Andes. Duque-Caro (1975) 
extended this fault system 140 km further to the north 
into the Colombian Caribbean area to separate two dis-
tinct geologic environments: a continental one to the 
east and an oceanic one to the west (Figs. 1, 2 and 3). 
The Romeral Fault system was thus not interpreted as 
just a fault zone, but as a major structural contact 
between oceanic and continental crusts at the complete 
western part of Colombia. The Romeral Fault System 
in the Colombian Caribbean region has been later 
interpreted as the early-middle Eocene tectonic bound-
ary or suture between continental crust to the east and 
the accreted San Jacinto terrain to the west (ESRI-
ILEX, 1995; Laverde, 2000). The obduction model 
presented by Flinch et al. (2000), Flinch (2003) and 
Flinch (2003a, b) shows the Romeral Fault as a struc-
ture with a poliphase transpressional and transtensional 
evolution that offsets the west-dipping obduction 
suture. Cediel et al. (2003) use the name San Jacinto 
Fault to refer to the “Romeral North Fault”, interpret-
ing it and its associated structures as a dextral-oblique 
accretion record of the San Jacinto and later Sinú ter-
ranes to the continental margin.
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Fig. 4 Composite seismic profi le displays the typical morphological elements and tectonic domains of the subduction complex along the Colombian Caribbean Margin. See Fig. 3 
for location
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4 2D Structural Configuration

The interpretation of 850 km of 2D seismic refl ection 
data throughout the study area, integrating the surface 
geology and well-log data allows the identifi cation of 
the morphological elements and tectonic domains of a 
typical subduction complex. Figure 3 indicates the loca-
tion of the 3 composite 2D seismic profi les on the geo-
logic map. Each of them is about 250 km long and covers 
both offshore and onshore areas of the NW Colombian 
Caribbean margin. Four major tectonic domains from 
west to east can be defi ned (Fig. 4): trench, active accre-
tionary prism, outer high and forearc basins.

4.1  Colombian Caribbean Basin-trench 
Domain

The trench domain is particularly well defi ned in the 
westernmost part of the northern seismic profi le (Fig. 5). 
The trench axis coincides with the toe of the active 
accretionary prism. The Colombian Caribbean Basin 
extends from the structural front of the accretionary 
prism. The basin infi ll is characterized by sub-parallel, 
subhorizontal, continuous, landward-divergent refl ec-
tions. Seismic-stratigraphic analysis of the multi-channel 
seismic-refl ection profi les (Bowland, 1993) and DSDP 
sampled sediments (in Bowland, 1993) suggest that a 
very thick sedimentary sequence, locally over 6 km 
thick, was deposited at the top of the oceanic basement. 
This sequence includes late Cretaceous-Eocene bio-
genic pelagic sediments, Eocene - late Miocene clastic 

turbidites and late Miocene–Holocene clastic sediments 
from turbidite-fan systems (Bowland, 1993).

4.2  The Active Accretionary Domain 
(Frontal Prism)

A clear image of the front prism is shown in Figs. 5 and 
6. This domain is limited seaward by the trench and land-
ward by the outer high domain and represents the younger 
part of the Sinú-Colombia Accretionary Wedge. The 
area is characterized by a zone of active deformation and 
strong shortening, resulting in a complex seaward-ver-
gent imbricate thrust system of short wavelength folds 
and complicated patterns of syn-depositional deforma-
tion. This imbricate thrust system involves the complete 
sedimentary sequence. Its basal detachment could be 
localized near to the top of the oceanic basement. Because 
this detachment is deeper than the seismic record length 
(more than 8 seconds), its defi nition is based on struc-
tural modelling and geometrical constrains.

A very steep slope characterizes the sea fl oor topog-
raphy at the frontal structures of the active accretion-
ary prism. Several small basins can be recognized here. 
Pelagic sediments cover the thin-skinned structures, 
and pounded Pleistocene sediments are trapped in 
these small basins.

The seismic information shows a change in the 
structural style of the active front along strike, which 
varies from an imbricate thrust system (Fig. 5) to a tri-
angle zone (Fig. 6). These geometric structural changes 
could be the result of some stratigraphic or some 
deeper-seated mechanical control.

Fig. 5 Seismic image of the 
trench domain in the western 
part of the seismic line 1N (see 
location in Fig. 3). The trench 
infi ll is characterized by 
sub-parallel, sub-horizontal, 
continuous, landward-divergent 
refl ections that onlaps the 
interpreted basement indicated 
by green refl ector
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4.3  Outer High (Older Accretionary 
Domain)

The transition between the active accretionary prism 
and the forearc domain is marked by the outer high 
domain (Byrne et al., 1993). A seismically well-
imaged deformation zone is located 80 km landward 
from the trench in the landward direction (Fig. 5). This 
zone coincides with an elevated zone and the slope 
break at the seafl oor topography and is interpreted as 
the boundary between the active accretionary prism 
and the outer high. Structurally, this boundary is char-
acterized by a west-verging imbricate thrust system 
and by a backward breaking out-of-sequence thrust 
system. Some thrusts forming these systems cut 

through to the top of the forearc basin deposits (Fig. 
7). Younger deformation is evidenced by faulting and 
folding present in the forearc sedimentary fi ll. Towards 
the east, the zone of this boundary is characterized by 
normal faulting, growth folding and mud diapirism 
(Fig. 8). The geometry of the pre-kinematic sedimen-
tary units (beneath the yellow refl ector) is relatively 
well defi ned, but the high deformation and mud 
diapirism masks the lower units which characterize 
the internal structure of this domain. Shortening is 
concentrated in anticlines, where the underlying duc-
tile mud can fl ow towards the anticline cores leading 
to the formation of compressional diapirism. These 
mud diapirs do not necessarily extrude up to the sur-
face, but can be stopped and sealed by further sedi-
mentation (forearc basin sedimentary fi ll). Flanked to 

Fig. 6 Seismic expression of the 
active accretionary domain in 
seismic line 1C (see location in 
Fig. 3). This domain represents 
the younger part of the 
Sinú–Colombia Accretionary 
Wedge and is limited seaward 
by the trench and landward by 
the outer high domain

Fig. 7 Seismic expression of the 
boundary between the active 
accretionary prism and outer 
high domain in seismic line 2C 
(see location in Fig. 3). 
A west-verging imbricate thrust 
system and a backward breaking 
out-sequence thrust system 
characterize this zone
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the compressional diapirism structures, syn-tectonic 
sedimentation can be recognized. The layers of syn-
tectonic strata (middle Miocene – early Pliocene) 
deposited during uplift of the anticlines and diapirism 
display fan-like patterns with progressive onlaps onto 
the limbs of anticlines, leading to syn-tectonic uncon-
formities with overlying sediments. Normal faulting is 
present 15 km landward from the slope break. These 
faults show a typical fan-like pattern of deposition, 
indicating a contemporaneous fault-control subsid-
ence and syn-tectonics deposition.

Landward, where the limit between the Sinú-
Colombia Accretionary Wedge and San Jacinto Fold 
Belt has been defi ned, the seismic character changes 
from well defi ned refl ection geometry of the San Jacinto 

Fold Belt to chaotic seismic patterns of the Sinú Fault 
(Figs. 8 and 9). This loss in resolution indicates the region 
has undergone a high degree of deformation in this zone. 
Duque-Caro (1979) interpreted the Sinú Fault as the fea-
ture that marks a change in the structural style between 
the Sinú Fold belt in the west and the San Jacinto Fold 
Belt to the east, as well as the east-limit of the mud dia-
pirism, which is only present in the Sinú Area.

Because the San Jacinto Fold Belt is poorly defi ned by 
seismic images, it was only possible to identify the mid-
dle Eocene, middle Miocene and intra-Pliocene uncon-
formities but not the basement top (Fig. 9). Normal faults 
affecting the pre-middle Miocene sequence are common, 
while the compressional  deformation is represented by 
steep thrust faults and some inversion structures.

Fig. 8 Outer high domain 
displayed in the central 
composite seismic profi le 
(see location in Fig. 3). 
Normal faulting, growth 
folding and mud diapirism 
characterizes this domain

Fig. 9 Seismic line 2S (see 
location in Fig. 3) displays the 
best seismic image of the San 
Jacinto Fold Belt. Normal 
faults affecting the pre-middle 
Miocene sequence, steep thrust 
faults and some inversion 
structures characterize this 
zone
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The easternmost part of the Sinú-Colombia accre-
tionary wedge and the San Jacinto Fold Belt form a 
major structural complex, which is here interpreted as 
the outer high domain at the Colombia Caribbean 
 margin. The outer high represents part of an older 
accretionary prism, which now acts as a backstop to 
the frontal active accretionary prism of the Sinú-
Colombia Accretionary Wedge (Fig. 4).

4.4 Forearc Domain

Oceanographic investigations and experimental model-
ling have revealed that the process of tectonic accretion 
in active margins is an effi cient mechanism to develop 
forearc basins (Larroque et al., 1995). These basins are 
bounded seaward by the structural high of the accretion-
ary system and landward by a relative rigid backstop 
against which their sediments are deformed (Dickinson, 
1973, 1974; Karig & Sharman, 1975). Examples of 
these forearc basins have been recognized in western 
Colombia (Mountney and Westbrook, 1997), northern 
Colombia (Hardy, 1991), the Tobago Trough forearc 
basin off the Lesser Antilles (Westbrook, 1975), the 
Sunda Margin (Kopp et al., 2001), the Hikurangi Basin 
– New Zealand (Larroque et al, 1995) and the Tosa 
Basin adjacent to the Nankai Trough (Nasu, 1982).

Along the Colombian Caribbean margin, a seismi-
cally well-imaged series of depocenters, in the shelf 
sector, fossilizing the outer high domain can be recog-
nized (Figs. 4 and 8). These depocenters have a wide 
spread surface extension, over hundreds of square kilo-
meters, with an over 1 km thick sedimentary cover. They 
are elongated, oriented parallel to the regional structural 
trend, and they are particularly developed behind the 
Neogene accretionary prism and characterized as a 
series of forearc sub-basins. These sub-basins are fi lled 
by post-kinematic Plio-Pleistocene deposits and seismi-
cally characterized by parallel to sub-parallel and lightly 
continuous refl ectors onlapping the intra-Pliocene 
unconformity (Figs. 4 and 8). Growth folding and defor-
mation caused by mud diapirism are evident. The defor-
mation phase that generated the development of the 
active accretionary prism in the front of the Caribbean 
convergent margin was contemporaneous with the 
deposition of the upper Miocene – lower Pliocene (?) 
sequence, and had little effects on the post-kinematic 
forearc deposits, resulting in the preservation of almost 
fl at-lying sequences of Pliocene – Pleistocene strata.

Vernette et al. (1992) and Ruiz et al. (2000) recog-
nized previously some of these depocenters (e.g. San 
Bernardo Sub-basin), indicating the infl uence of 
oblique-slip deformation along its trend within the 
Sinú Fold Belt. Within the forearc basins, recent tec-
tonic movements are documented by folded sedimen-
tary strata and active faults, some of which crop out at 
the sea fl oor and seem to be active, because the sedi-
ments of the sea fl oor are affected. A well defi ned 
active extensional fault trend characterizes the sector 
near to the present shoreline (Figs. 4 and 8).

The landward part of the forearc domain is charac-
terized by a bulge which coincides with the zone where 
the Romeral Fault System has been traced (Fig. 10). 
The structural uplift generated by the development of 
the Romeral Fault System (RFS) is the most prominent 
characteristic at the transition between the highly 
deformed forearc domain to the west and the deep San 
Jorge-Plato Basin to the east (Figs. 4, 10 and 11). Upon 
the evidence on hand the Romeral Fault System is 
characterized by a seismically well defi ned, regional 
scale, asymmetric, positive fl ower structure (Figs. 4 
and 10). The thinning of the early Miocene strata 
toward the western border of the San Jorge-Plato Basin 
indicates rotation and uplift along the fault zone, which 
could be contemporaneous with the Miocene sedimen-
tation (Figs. 9, 10 and 11).

Seismic stratigraphic investigations (ICP, 2000) 
indicate a late Paleogene age for the oldest sediment 
layers in the forearc basins, corresponding to Eocene 
– Oligocene strata, which are thickening progressively 
to the west due to the Romeral structural uplift. The 
Pliocene to recent deposits reveal that the develop-
ment of the Plato – San Jorge Basin is characterized 
by continuous sedimentation and related subsidence. 
As in the adjacent basins, more than 4 km of sedi-
ments have been accumulated. The San Jorge-Plato 
Basin infi ll consists of horizontally layered strata, 
roughly parallel and mainly undisturbed (Fig. 11). 
Exploratory drilling has penetrated alternating 
sequences of sand, silty mudstone and limestones as 
well as metamorphic and igneous rock of continental 
basement. Structurally, the basin is characterized by 
initial extensional structures and later by thrusting 
and inversion, generated by a major transpressional 
tectonic regime. Interpreting the Plio-Pleistocene 
sequence of the San Jorge-Plato Basin as forearc sedi-
mentary fi ll, the Romeral Fault System represents a 
major structural break separating the smaller basins 
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Fig. 10 Line 5C (see location 
in Fig. 3) displays the seismic 
expression of the Romeral 
Fault System. A regional 
scale, asymmetric and positive 
fl ower structure is well defi ned

from the main Plato-San Jorge Basin in the forearc 
domain (Fig. 4).

According to weak refl ections present beneath the 
basin infi ll, which show low frequencies and high 
amplitudes, the continental basement continues west-
ward across the Romeral Zone and probably below the 
entire forearc basin.

5 Potential Field Interpretation

5.1 Bouguer Anomaly map

The gravity data set for NW Colombia was compiled 
from available land surveys from Colombia, gravity 
marine surveys acquired on the Colombia platform 

and adjacent areas, and complemented with satellite-
derived gravity data for the offshore area (Cerón, 
2002). The data set was reduced to complete Bouguer 
anomaly using a density of 2.67 × 103 kg m−3 onshore 
and 2.2 × 103 kg m−3 offshore (GETECH, 2001). Figure 
12 shows the Bouguer anomaly map in conjunction 
with the major structural features of northwestern 
Colombia.

Strongly positive Bouguer anomalies, which 
decrease toward the continental margin, characterize 
the Colombian Caribbean Basin. The region east of the 
South Caribbean deformation front is characterized by 
local high and low gravity anomalies which follow the 
trend of the Sinú and San Jacinto Fold Belts. The Sinú 
Fault (Duque-Caro, 1979), which separates the two 
fold belts, has no signifi cant gravity expression, which 
indicates that rocks on both sides of the fault have 

Fig. 11 Seismic lines 5C, 6C 
and 7C (for location refer to 
Fig. 3) cover fully the San 
Jorge Basin. Structurally, the 
basin is characterized by initial 
extensional structures and later 
by thrusting and inversion
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 similar average densities. The Romeral Zone corre-
sponds to a NE-SW striking positive anomaly. The 
Plato and San Jorge sub-basins are characterized by 
gravity lows down to -90 mGal. These basins are sepa-
rated by a local gravity high (−30 to 10 mGal), which 
correlates with the Cicuco High. A steep gradient is 
found along the Uramita (Urabá) Fault, which was 
interpreted by Duque-Caro (1990) as the structural 
boundary between the Urabá Basin and the Sinú 
Accretionary Wedge. The strongly positive anomalies 
of up to 190 mGals at the Santa Marta Massif, which 
rises to 5.776 m, indicate that the area is out of isostatic 
balance. An uncompensated excess mass must exist 
under the massif at relatively shallow depth (Case and 
McDonald, 1973). The massif is limited to the north 
by the Oca Fault which is correlated with a steep gradi-
ent that marks the density contrast between the crystal-
line rocks of the Santa Marta Massif and sedimentary 
deposits of the Ranchería offshore and Chuchupa-
Ballena basins. Another very steep gravity gradient 
characterizes the western limit of the massif. This gra-
dient coincides with the mapped trace of the Santa 

Marta – Bucaramanga Fault Zone, which represents 
the boundary between the massif and the San Jorge-
Plato Basin, where the anomaly values decrease 
substantially.

5.2 3D Density Model

A large scale 3D density model was constructed to 
characterize the crustal structure and density distribu-
tion of the Colombian Caribbean margin. The 3D grav-
ity modelling was carried out with the interactive 
modelling program IGMAS (Schmidt and Götze, 
1995). The 3D modelling region covers an area of 
258.7 × 163 sq. km and strikes with S56°E approxi-
mately parallel to the direction of the tectonic transport 
(Fig. 12). Eleven planes build the 3D model (Fig. 13). 
The planes 4, 8 and 10 correspond to the south, central 
and north 2D structural cross-sections (Fig. 3), for 
which seismic and well information are available. A 
very good fi t between the observed and calculated 

Fig. 12 Bouguer anomaly 
map of the NW Colombia and 
major structural features. (1) 
Colombian Caribbean Basin, 
(2) Sinú–Colombia 
Accretionary Wedge, (3) San 
Jacinto Fold Belt, (4) Plato 
Sub-basin, (5) San Jorge 
Sub-basin, (6) Cicuco High, 
(7) Santa Marta Massif, (8) 
Ranchería Offshore and 
Chuchupa-Ballenai Basins. 
The black rectangle indicates 
the 3D gravity modelling area. 
The plane 8 corresponds to the 
seismic composite profi le in 
Fig. 4
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curves was obtained for each plane along the different 
tectonic domains. Figure 13 shows a comparison 
between the calculated and the observed gravity fi eld. 
Figure 14 shows the plane 8 of the model. The model 
illustrates very well the current subduction complex, 
where the Caribbean Plate dips at a low angle of about 
5° in ESE direction (Fig. 15).

Due to use of the complete Bouguer anomaly in 
both offshore and onshore areas, the density of the 
water is replaced by the reduction density at the ocean 

side (Nettleton, 1971), which is 2.2 × 103 kg m−3. The 
Caribbean Plate was assumed to be normal oceanic 
crust and was modelled with a density of 2.9 × 103 kg 
m−3. The 3D density model shows that more than 6 km 
of sediments overlie the oceanic basement of the 
Caribbean Plate, which is consistent with interpreta-
tions of Edgar et al. (1971), Lu and McMillen (1982), 
and Bowland (1993) of refraction and multi-channel 
refl ection seismic data from the Colombian Caribbean 
Basin (CCB). A density of 3.3 × 103 kg m−3 was 

Fig. 13 Observed and calculated 
gravity fi elds in the 3D 
modelling area (contour interval 
5 mGal)

Fig. 14 Plane 8 of the 3D 
density model (see Fig. 12 for 
location). CCB Colombian 
Caribbean basin; SFB Sinú fold 
belt; SJFB San Jacinto Fold 
Belt; RFZ Romeral Fault Zone; 
SJB San Jorge Basin
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selected for both oceanic and continental lithospheric 
mantle. The depth of the crust – upper mantle bound-
ary of ≈25 km was initially taken from the publications 
of Case et al. (1984, 1990). However, the exact loca-
tion of the Moho-boundary could not be determined by 
this modelling. Any changes of the lower continental 
crust by granulite-eclogite transition, ultramafi c under-
plating or -intrusions were not considered because 
these changes lead to a rise of the density from 3.0 to 
3.3 × 103 kg m only. No separation between crust and 
lithosphere can be seen by the gravity modelling with-
out further information. Nevertheless, assuming an 
average thickness of the lower crust of 5–8 km, the 
Moho-limit in this model would be located at 23–26 km. 
According to seismic interpretation and well data, the 
upper crust in the San Jacinto and Sinú Fold Belts 
(SFB & SJFB) as well as in the San Jorge (SJB) and 
Plato Basins was divided in three sedimentary layers, 
which correspond to Late Paleocene to Oligocene (San 
Jacinto and Sinú Fold Belts), Eocene to Oligocene 
(San Jorge and Plato Basins), Miocene and Plio – 
Pleistocene sequences. The applied densities for these 
polygons were initially taken from density logs. The 
computed gravity anomaly was then compared with 
the observed data and the densities and boundaries of 
the layers were adjusted, until a satisfactory fi t was 
achieved. Thus, in the resultant model a density gradi-
ent for the sedimentary cover can be observed, which 
increases from 2.13 to 2.55 × 103 kg m−3. Average den-
sities of 2.8 × 103 kg m−3 for middle crust and 2.67 × 
103 kg m−3 for upper crust in the San Jorge (SJB) and 
Plato Basins were used.

The gravity modelling confi rms that the basement 
present in the San Jorge-Plato Basin is of continental 
type. The San Jacinto and Sinú Fold Belts (SFB 
&SJFB) correspond to a local positive anomaly, which 
decreases towards the San Jorge (SJB) and Plato Basins 
in the east. The variations of the gravity response 
between 100 and 200 km (Fig. 14) suggest a more 
complex deformation of the basement in the Sinú and 
San Jacinto Fold Belts (SFB & SJFB). Just as it can be 
seen in the Bouguer anomaly map (Fig. 12), also in the 
modelled planes the Sinú Fault cannot be resolved, 
because no density differences occur between the two 
areas. Therefore, the location of this lineament is based 
on surface geology and seismic data only. Several dif-
ferent interpretations of the composition of the base-
ment were tested for the San Jacinto Fold Belt (SJFB), 
west of the Romeral Fault Zone (RFZ). Finally two 
crustal bodies were included: an upper one, which rep-
resents lithologies of oceanic affi nity with an average 
density of 2.70 × 103 kg m−3 and the other lower one 
(CTW) with a density 2.8 × 103 kg m−3, which is mod-
elled as a block that contains middle continental crust. 
The upper layer presumably consists of a mixture of 
deep ocean fl oor sediments and oceanic crust, and 
therefore has an average density of 2.70 × 103 kg m−3, 
which is lower than that of pure basalt. This oceanic 
affi nity layer includes the upper Cretaceous “oceanic 
basement complex” and the deep ocean fl oor sedi-
ments. The emplacement of mixtured oceanic rocks 
over continental basement (CTW) can be interpreted 
in two ways: (1) Offscraping of materials from the 
upper Caribbean Plate during the initiation of east-
dipping subduction of Caribbean crust beneath NW 
South America, or (2) obduction of proto-Caribbean 
oceanic crust over continental basement of the South 
American margin, as proposed by Flinch (2003) and 
Flinch et al. (2003a, b). The density model does not 
allow the differentiation of these two cases. Flinch 
(2003) and Flinch et al. (2003a, b) assumed obduction 
of the proto-Caribbean oceanic crust during the upper 
Cretaceous (Campanian – Maastrichtian), followed by 
subduction and accretion. These authors identifi ed 
ophiolites thrust onto the basement of the South 
American Plate, which are interpreted as obducted 
fragments of the Great Caribbean Arc of Burke (1988) 
or even parts of the over-thickened Caribbean Plateau 
crust. In their interpretation, the Romeral Fault System 
offsets the westward dipping obduction suture. 
However, the 3D gravity modelling results obtained 

Fig. 15 Distribution of crust-types along the Colombian 
Caribbean margin (3D view of the density model). CTW: 
 continental tectonic wedge
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here do not support the presence of layers with 
 oceanic-type density east of the Romeral Fault Zone, 
in the San Jorge-Plato Basin (Fig. 14). Apart from the 
discussion of the emplacement-mechanism of these 
basalts (either obduction or early subduction related), 
the absence of rocks with oceanic affi nity east of the 
Romeral Fault Zone (San Jorge-Plato Basin) could be 
explained by their erosion caused by the hanging wall 
uplift of the subduction system during the earlier phase 
of development of the Romeral Fault System. The 
minimum and maximum depth of the top of the upper 
oceanic layer (ρ = 2.70 × 103 kg m−3) is 5.5 and 13 km, 
respectively. This unit has a minimum thickness of 
about 2.6 km in the San Jacinto Fold Belt and it extends 
westernmost into the Sinú Fold Belt, with an approxi-
mate maximum thickness of 4 km. Because these lower 
boundaries cannot be identifi ed from the seismic data, 
their approximation is based solely on the results 
of the gravity modelling. The lower layer consists of 
 middle continental crust and is interpreted as a conti-
nental tectonic wedge (CTW), which is part of the 
overriding South American Plate. This is partially in 
accordance with the interpretation of Ruiz et al. (2000): 
according to them, continental crust is present west of 
the Romeral Fault System in the northern part of the 
San Jacinto Fold Belt, whereas the role of the Romeral 
Fault System as an oceanic-continental crust boundary 
is restricted to the south of the Canoas Fault Zone.

However, the results of the 3D gravity modelling 
from this study show that continental crust underlies the 
oceanic “basement complex” of the San Jacinto Fold 
Belt along the whole modelled region, which includes 
the area south of the Canoas Fault Zone. The lack of any 
density contrast between middle continental crust of the 
CTW and the continental crust of the South American 
Plate, which occurs almost at the same depths, indicates 
that both together form the continental margin.

According to the modelling results, the Romeral 
Fault Zone (RFZ) coincides with an east-dipping limit, 
which separates the upper continental crust (2.67 × 103 
kg m−3) to the east from the upper oceanic crust (2.70 
× 103 kg m−3) to the west at least to a depth of 10 km. 
The presence of blocks that contain middle continental 
crust beneath a layer of oceanic type rocks in the San 
Jacinto Fold Belt (SJFB) indicates that the Romeral 
Fault System does not represent a paleo-suture, along 
which oceanic crust has been accreted. Apparently, the 
Romeral Fault System had cut the block of continental 
crust, on which the San Jacinto Fold Belt (SJFB) was 

formed. Therefore, the Romeral Fault System is not an 
oceanic-continental crust boundary as has been inter-
preted elsewhere, but represents a transcurrent fault 
system, which is developed on the continental side. 
This implies a new defi nition of the ocean-continental 
crust boundary. Two tectonic limits are identifi ed: an 
upper one, which represents the west-ward dipping 
contact between the continental tectonic wedge (CTW) 
and oceanic basalts decoupled from the downgoing 
slab, and a lower one, which represents the east-ward 
dipping boundary between the subducting Caribbean 
Plate and overriding South American Plate.

5.3 Reduced-to-Pole map (RTP)

Magnetic surveys both from aerial and marine 
platforms were compiled into a single grid using a 
leveling technique to bring different data patches to a 
common equivalent elevation of 1,000 m barometric 
at average sea level (Cerón, 2002). The data coverage 
in the Colombian Caribbean Basin (offshore region) 
is not suffi cient to analyze the character of the anoma-
lies in this area. Therefore, the description presented 
below is restricted to the onshore portion and the most 
eastern offshore part of the study area. LCT-Fugro 
software was used for the reduction to pole process 
(RTP) to obtain the map shown in Fig. 16. The param-
eters of the Earths regional magnetic fi eld are deter-
mined from a 13th order polynomial approximation 
of magnetic satellite readings and calculated for the 
time of the survey. The value for the Earth’s magnetic 
intensity of 28,400 nT and the magnetic inclination 
and declination for the survey area of 39.5°N and 
3.5°W respectively were used as magnetic parameters 
for the merged onshore and offshore area. Anomalies 
of medium to high amplitude and high-relief, trending 
NW–SE and E–W are present across the San Jorge 
and Plato sub-basins (east of the Romeral Fault 
System). The Cicuco High, which separates the San 
Jorge and Plato sub-basins, follows NW-SE linear, 
strong and positive anomalies. The anomalies present 
east of the Romeral Zone must be generated by the 
basement (intra-basement source) that underlies the 
San Jorge and Plato sub-basins, which has been drilled 
by several wells. The basement consists of Silurian 
to Paleozoic metamorphic rocks (greenschists, 
 amphibolites, metabasites, granulitic migmatites and 
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gneisses), which were intruded by Paleozoic mafi c to 
ultramafi c rocks and Cretaceous stocks of tonalites 
and granodiorites (INGEOMINAS, 1997). Ultramafi c 
to mafi c intrusions occur frequently in the western 
part of the Cordillera Central. It can be assumed that 
the high amplitude and high relief anomalies (in Fig. 
16 designated with 5 and 7) are caused by these local 
lithologic variations within the basement, as these 
rocks contain higher amounts of magnetic minerals. 
In the RTP-map (Fig. 16), the location of the Romeral 
Fault System can be much better identifi ed when com-
pared with the Bouguer anomaly map (Fig. 12). The 
Romeral Zone is characterized by long, NE-SW strik-
ing anomalies with steep gradients at their borders. 
The strong positive anomalies indicate that this fault 
system has displaced strongly magnetized rocks near 
to the surface. This assumption is confi rmed by the 
occurrence of positive magnetic anomalies at the 
Cicuco, Ayhombe and Apure highs, where wells have 
drilled shallow basement. Reyes-Santos et al. (2000) 
interpreted the region, east to the Romeral Fault 
System, as a group of transtensional and rotating 
basins, which are underlain by basements blocks. 
These blocks are bordered by normal faults which had 
controlled the thickness of the overlaying sedimen-
tary units. The San Jacinto Fold Belt, west of the 
Romeral Fault Zone, is generally characterized by 
large positive to negative anomalies of medium mag-

netic relief with smooth gradients. This indicates 
higher sediment load, where the magnetized rocks of 
the basement are very deep. Small local positive 
anomalies present to the east of Monteria and Tolú 
cities could be related to highs of oceanic basement, 
which is exposed in the southern part of the San 
Jacinto Fold Belt. The positive anomaly up to 190 nT, 
located southeast of Cartagena city, is interpreted to 
be related with the continental basement present in 
the San Jorge and Plato basins. This would indicate 
that toward north, the Romeral Fault System is propa-
gating to the west and its frontal structures are involv-
ing also here continental basement.

5.4 3 D Magnetic Model

The IGMAS software was also used to obtain a 3D 
magnetic model. Figure 17 indicates the location of 
the modelled areas in the RTP-map. The confi rmation 
of the basement-type involved by the Romeral Fault 
System (obtained from the 3D gravity modelling) 
constitutes the main objective of the magnetic 
modelling.

Because remanent intensities as well as the direction 
of magnetization are unknown for the rocks in the study 
area, only apparent susceptibilities can be estimated 

Fig. 16 Magnetic Reduced-to-
pole anomaly map of NW 
Colombia (1) San Jorge 
Sub-basin, (2) Plato Sub-basin, 
(3) San Jacinto Fold Belt, (4) 
Sinú Fold Belt, (5) Cicuco 
High, (6) Ayhombe High (7) 
Apure High, (8) Cábano-
Tablón High, and (9) positive 
anomaly southeast to Cartagena 
city. The symbols indicate the 
location of some wells, which 
have drilled the basement
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(sum of induced and remanent rock magnetization). 
Constraints from the 3D density model and seismic 
interpretation, as well as the basement-depth informa-
tion from some wells and magnetic data (Mantilla-
Pimiento, 2007) are used. For the sedimentary cover, 
apparent magnetic susceptibility is set to 0. This value 
is supported by the general observation from the TMT-
map (Mantilla-Pimiento, 2007), as magnetic intensity 
is inversely correlated with the  sediment load on the 
basement surface. Therefore, contribution to the mag-
netic profi les from sediments is negligible. For the con-
tinental basement, only the depth-values previously 
calculated by Peter’s method (Mantilla-Pimiento, 2007) 
are set to be constant during modelling with the soft-
ware IGMAS. The remaining geometry of the base-
ment-surface and the magnetic susceptibilities are 
modifi ed, until a satisfying fi t between calculated and 
observed anomalies is achieved. Apparent susceptibil-
ity of the layer “oceanic basement complex (basalts + 
sediments)” of San Jacinto Fold Belt is adjusted with-
out modifying the basement geometry, which is con-
trolled by depth estimations (see Table 2 in 
Mantilla-Pimiento, 2007) and 3D density model. The 
susceptibility value of this layer is lower than the aver-
age value of pure basalt. This is in accordance with the 
assumption that this layer represents a mixture between 
deep-ocean sediments and offscraped basalts from the 
Caribbean Plate. The position of the Caribbean Plate is 
not changed from that one of the 3D density model. An 
apparent susceptibility of average basalt is assumed. 
Nevertheless, the impact on the calculated anomaly is 
very small due to its depth. The oceanic-continental 
crust boundaries are taken from the 3D density model 
and only small adjustments were made.

Two areas were selected for the magnetic model-
ling (north and south model, Fig. 17) to confi rm the 
basement type involved by the Romeral Fault System 
and to explain the origin of larger differences observed 
in the residuals from the 3D density model. Magnetic 
profi les for the two areas are similar as three main 
anomalies can be identifi ed, which corresponds from 
west to east to the layers “basalts + sediments”, 
Romeral Fault Zone and to some anomalies within the 
basement, which will be explained in the following 
(Figs. 18 and 19).

Superimposed on the main anomalies are several 
smaller ones, especially for the layer “basalts+sediments”, 
which indicate a strong  structural deformation and 
inhomogeneous composition for the north as well as 

south model area. Magnetic modelling indicates also 
the presence of continental basement (CTW) below this 
layer, which is in accordance with the results from the 
3D density model.

The Romeral Fault Zone appears as strong positive 
magnetic anomaly in both model areas, which is caused 
by the uplift of the basement as explained before. In dif-
ference to the south model, where the Romeral Fault 
System can be modelled as a narrow fault zone, the pres-
ence of several magnetic suprabasement peaks indicates 
the complex confi guration of the Romeral Fault System 
in the North model (Fig. 18). Final modelling resulted in 
a more than 20 km wide fault zone, which extends into 
the San Jacinto Fold Belt. It can be concluded that the 
Romeral Fault Zone is trending almost N-S within the 
complete study area and that its width is increasing from 
south to north. Reyes-Santos et al. (2000) suggest that 
toward the south the compressive component along this 
fault zone is stronger, whereas the lateral movement has 
a larger contribution towards the north.

The origin of the anomalies within the basement is 
different for the north and south model. In case of the 
south model (Fig. 19), the anomaly can be explained 
as suprabasement source only. This is also supported 
by the identifi cation of a basement confi guration from 
seismic profi les. In case of the north model (Fig. 18), 
the anomaly is caused by an intrabasement source, 
because depth variation of the basement top cannot 
explain the strong magnetic anomaly. Lower 
Palaeozoic mafi c to ultramafi c intrusives occur fre-
quently in the Silurian to Ordovician metabasalts of 
the Central Cordillera. These rocks build up the west-
ern part of the basement of the San Jorge Basin and 
Cicuco High. It can be concluded that this anomaly, 
but also most of the others in the eastern part of the 
San-Jorge-Plato Basin, which have strong magnetic 
expression but limited spatial extension, are caused by 
these intrusions.

6 Integration of Results and Discussion

Based on the integrated analysis of different geophysi-
cal methods, the structural architecture of the 
Colombian Caribbean margin has been examined. 
Three important aspects of the results in this study are 
discussed in the following.
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Fig. 17 Combination of the 
RTP-map (Fig 16) and residual 
map of resultant 3D density 
model. The black lines depict the 
planes of the magnetic modelling 
areas; the red symbols indicate 
the location of wells used for the 
modelling with their respectively 
basement-top depth in km

Fig. 18 Plane 3 of the 3D 
magnetic north model (see 
Fig. 17 for location). SJFB 
San Jacinto fold belt; RFZ 
Romeral fault zone
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6.1 Crustal Structure

An accretion-dominated subduction model is proposed 
for the Colombian Caribbean margin. The major tec-
tonic features of the margin are shown in Figure 20. 
The gravity modelling defi nes the Caribbean Plate as 
an 11 km thick slab, which is subducting beneath NW 
Colombia in ESE direction. The dip angle of the plate 
is 2.5° between the deformation front and the outer 
high, reaching more than 4° beneath the San Jorge-
Plato Basin.

The active accretionary prism is defi ned by Byrne 
et al. (1993), as the material accreted relative recently 
to a backstop of stronger rocks. In this model, the 
active prism corresponds to the external part of the 
Sinú-Colombia Accretionary Wedge. The develop-
ment of seaward-vergent thrusting and accretionary 
ridges in the frontal part of the margin indicates that 
the accretion is ongoing.

The outer high domain, which includes the major 
structural complex formed by the easternmost part of 
the Sinú-Colombia Accretionary Wedge and the San 
Jacinto Fold Belt (SJFB), results from the gradual 
increase in both strength and bulk density as the mate-
rial is compacted with increasing depth and distance 
from the deformation front (Byrne et al., 1993). Thus, 
this domain represents the fossil part of the accretion-
ary prism, which acts as a dynamic backstop to the 
frontal active accretionary prism. This backstop is 

named dynamic according to the defi nition of Kopp 
and Kukowski (2003) because its trenchward termina-
tion will progress seaward as new material is frontally 
accreted and lithifi ed. Seaward of the outer high, nor-
mal faulting, growth folding and mud diapirism can be 
well identifi ed. Depth of the seismic data and its reso-
lution are decreasing landward of this structural com-
plex. Consequently, the detailed confi guration of the 
pre-Oligocene units cannot be resolved.

The Sinú Fault has been interpreted as the boundary 
between the early-middle Eocene San Jacinto and mid-
dle Miocene to recent Sinú-Colombia accretionary 
prisms. However, from the examination of the density 
model (Fig. 14) as well as the Bouguer anomaly Map 
(Fig. 12) it can be observed that the fault zone does not 
correspond to a sharp lateral density contrast, as would 
be expected at the limit between two distinct units 
accreted in different events. In this study, the outer 
high is considered as the result of a continuous 
accretion  from upper Cretaceous to late Miocene time, 
when the plate convergence changed from oblique to 
orthogonal, leading to the development of the accre-
tionary prism active today. Therefore, it can be con-
cluded that this fault has no regional tectonic 
signifi cance.

The limit between the active accretionary prism and 
the outer high domain corresponds to a structural back-
stop, whose defi nition is commonly based on strong 
acoustic refl ectors and zones of higher seismic velocity. 

Fig. 19 Plane 3 of the 3D 
magnetic south model (see 
Fig. 17 for location). SJFB 
San Jacinto fold belt; RFZ 
Romeral fault zone; SJB 
San Jorge basin
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These geometries are well documented by Silver et al. 
(1985), Brandon et al. (1984), Byme and Hibbard 
(1987), Byrne et al. (1993), Davis (1996) and others. In 
the proposed model, this boundary is interpreted be 
located at the structurally elevated zone, which coin-
cides with a topographic high and the slope break at the 
seafl oor. This zone, which is characterized by a west-
verging imbricate thrust system and by a backward 
breaking out-of-sequence thrust system, suggest a 
landward-dipping geometry for the dynamic backstop. 
This geometry corresponds to a backstop type II of 
Byrne et al. (1993), which implies that much of the 
deformation involved dragging of weaker material 
beneath the backstop. The density model (Fig. 14) 
shows that the lower end of the limit between the active 
accretionary prism and the outer high domain coincides 
with the seaward termination of the oceanic “basement 
complex” present in the San Jacinto Fold Belt. The 
downward limit of the dynamic backstop (outer high) is 
marked by the subducting Caribbean Plate, while its 
landward termination is provided by the continental 
basement of the overriding South American Plate.

To the present day, the composition of the basement 
at the outer high domain is discussed controversially. 
Basalts of upper Cretaceous age are exposed together 
with ocean-fl oor sediments in fault slices and have also 
been drilled by some wells in the onshore area of the 

San Jacinto Fold Belt. Although the contact of this 
“basement complex” with the overlying sedimentary 
strata is impossible to identify from the existent seis-
mic data, the 3D gravity (Fig. 14) and 3D magnetic 
(Figs. 18 and 19) modelling supports the presence of 
an oceanic affi nity unit, which includes a mixture 
of the basalt and sediments (density: 2.70 × 103 kg m−3, 
susceptibility: 2.51 × 10−2 SI units). The oceanic “base-
ment complex” of the outer high is underlain by 
a  continental tectonic wedge (CTW), which is mod-
elled with a density of 2.80 × 103 kg m−3 and a suscep-
tibility of 3.77 × 10−2 (SI units), and which is interpreted 
to be part of the South American margin.

According to the proposed model, the continental 
basement of the arc framework provides the static back-
stop, against which the material of the dynamic back-
stop was previously accreted. While a static  backstop 
supports most of the plate boundary stress, a region of 
low stress is developed above it (Byrne et al. 1993). 
This explains the moderate deformation undergone by 
the overlying Plio-Pleistocene forearc basin infi ll, which 
fossilizes most structures of the outer high domain.

The forearc domain exhibits several sub-basins fi lled 
by Plio-Pleistocene deposits. Seaward, these post-kine-
matic deposits fossilize the complexly deformed outer 
high. The landward part of the forearc domain comprises 
the bulge generated by the Romeral Fault System.

Fig. 20 Major tectonic features of the Colombian Caribbean mar-
gin. The accretionary system between the forearc region and 
 deformation front is divided into two zones (active accretionary 
prism and outer high) with different morphological and structural 

characteristics. The outer high initially evolved by accretion 
against the static backstop (continental crust of the arc frame-
work). Later, the outer high acts as dynamic backstop for the 
younger accretionary prism that remains active to the present day
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The geometry of the static backstop in the study area 
is impossible to determine from the available seismic 
data due to its limited depth. However, a seaward-dip-
ping geometry of the static backstop can be interpreted 
from the density model (Fig. 14). This geometry indi-
cates a backstop type I of Byrne et al. (1993), whose 
toe is located on the top of the Caribbean Plate, approx-
imately 130 km from the trench. In this static backstop 
type I, much of the weaker rock lies above the back-
stop, where it forms a large outer arc high and a forearc 
basin. Byrne et al. (1993) suggest that the understuffi ng 
of wedge sediments beneath the high causes a slight 
landward tilt of the outer high, which was initially 
developed as a relatively symmetric pop-up structure, 
over the toe of the static backstop.

6.2  Emplacement of the Oceanic 
“Basement Complex”

The emplacement mechanism of mafi c and ultramafi c 
rocks along western Colombia is still a subject of dis-
cussion. Besides the units here termed collectively 
oceanic “basement complex” (basalts + deep ocean 
sediments), isolated bodies of ultramafi c rocks are also 
exposed in the southern part of the San Jacinto Fold 
Belt. These rocks, which contain the main iron–nickel 
ore deposits in Colombia, have been interpreted (e.g. 
Mejía and Durango, 1981–1982) to be part of the ophi-
olite sequences located along the Romeral mélange 
zone to the west of the Central Cordillera. The rocks 
located in the Romeral mélange were accreted during 
the Aptian – Albian collision of the Romeral terrane 
(Cediel et al., 2003; Amaime terrane in Pindell publi-
cations) with the Colombian Central Cordillera. 
However, as mentioned by Cediel et al. (2003), the San 
Jacinto Fold Belt (west of the Romeral North Fault 
Zone) does not exhibit evidences of a tectonic mélange 
similar to that of the Romeral mélange zone.

Although peridotites and ultramafi c to mafi c 
sequences are found in the San Jacinto Fold Belt (e.g. 
Ortiz, 2004), most of the members of an ophiolite suite 
(Coleman, 1977) are missing and contacts between its 
members are not well understood due to strong tec-
tonic deformation. The oceanic “basement” of the San 
Jacinto Fold Belt is only defi ned by thrust sheets or 
blocks of oceanic sediments, basalts and mafi c to ultra-
mafi c rocks, which are intercalated within the accre-

tionary prism. The lack of a complete ophiolite trinity 
(e.g. ultramafi c rocks - layered gabbros and pillow 
basalts - pelagic sediments) supports the assumption 
that these complexes cannot be interpreted as evidence 
for wholesale obduction of oceanic crust, but represent 
offscraped material from an oceanic crust during sub-
duction. Offscraping is defi ned as the removal of topo-
graphic highs from the upper part of a downgoing 
oceanic slab. Ultramafi c rocks within accretionary 
prisms may be offscraped remnants of peridotite-cored 
uplifts at ridge-transform intersections (Coleman, 
2000).

Palinspastic reconstructions (Tectonic Analysis 
Inc., 1995; Pindell and Tabbutt, 1995) suggest that 
after accretion of the Amaime (Romeral) terrane the 
convergence of the South American and Caribbean 
plates in the northern Andes was accommodated by 
the initiation of the east-dipping subduction of the 
Caribbean crust beneath the Amaime terrane and rest 
of Colombia. This subduction led to the westward 
emplacement of offscraped upper Caribbean crust onto 
the Amaime terrane to the south (Dagua terrane) and 
on top of the continental crust (CTW) along the NW 
Colombian margin. Thus, the presence of oceanic 
affi nity rocks over continental basement (CTW: cur-
rent static backstop) is here interpreted as material 
detached from the downgoing Caribbean slab by back-
thrusting, which is developed in the internal part of the 
prism as result of the oblique convergence.

6.3  Romeral Fault System and Ocean-
Continent Crust Boundary

The existence of a continental tectonic wedge (CTW) 
beneath the oceanic “basement complex” in the San 
Jacinto Fold Belt indicates that the Romeral Fault 
System does not represent a paleo-suture or tectonic 
boundary between oceanic crust to the west and conti-
nental crust to the east. The main reason why this 
interpretation had been proposed and for many years 
accepted is the presence of upper Cretaceous basalts in 
the San Jacinto Fold Belt (west of the Romeral Zone). 
However, the results of 3D gravity and magnetic mod-
elling suggest that the Romeral Fault System origi-
nated within the block of continental crust on which 
the San Jacinto Fold Belt was formed. The absence of 
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oceanic “basement complex” units (present in the San 
Jacinto Fold Belt) east of the Romeral north zone 
(western fl ank of the San Jorge-Plato Basin) is 
explained by their erosion due to tectonic uplift along 
the Romeral Fault Zone before the sedimentation of 
the middle (?)-late Eocene units. A clear characteristic, 
which can be observed in Figure 20, is the confi gura-
tion of the Romeral Fault System as a positive fl ower 
structure, along which blocks of continental crust have 
been displaced following the major fault rise. Thus, the 
Romeral North Fault Zone (San Jacinto of Cediel 
et al., 2003) and its associated structures are here inter-
preted as a transcurrent fault system developed on the 
continental side of the forearc domain (static backstop) 
as a result of the oblique collision between the 
Caribbean and South American plates (Fig. 21). The 
evolution of transcurrent fault systems in zones of 
oblique convergence is amply discussed by Fitch 
(1972). Callasou et al. (1993) presented analogue 
experiments that show strike-slip faulting developing 
fl ower structures near the static backstop.

It should be noted that the Colombian continental 
margin has a long and complex history. From south to 
north Colombia, the Romeral-Peltetec-San Jacinto 
Fault System has been considered as the continental 
margin along which Jurassic (?) and Cretaceous oce-
anic rocks were accreted. However, Cediel et al. (2003) 
highlight the differences in style and associated char-
acteristics observed in the Romeral-Peltetec System 
(Romeral South) and the San Jacinto Fault System 
(Romeral North). The migration of the Caribbean Plate 
along the northern margin of the South American 

 craton during the Cretaceous-Cenozoic is documented 
by the transpressive strike-slip movement along the 
Romeral-Peltetec and San Jacinto faults accompanied 
with the east-west growth of the Oca–El Pilar trans-
form system (Pindell, 1993; Cediel et al., 1994; 
Maresch et al., 2000). Since Miocene time, collision of 
the Panama Arc (Cañas Gordas and Baudó terranes) 
with NW Colombia has truncated the southern San 
Jacinto System and the faults of the Romeral-Peltetec 
system (Cediel et al., 2003).

The new interpretation of the Romeral Fault System 
as discussed above implies a new defi nition of the 
ocean-continental crust boundary. Two tectonic limits 
are identifi ed from the proposed crustal model: an 
upper one, which represents the west-ward dipping 
contact between the continental tectonic wedge (CTW) 
and oceanic basalts detached from the downgoing 
slab, and a lower one, which represents the eastward 
dipping boundary between the subducting Caribbean 
Plate and the overriding South American Plate. The 
exact architecture of the upper ocean-continental crust 
boundary is diffi cult to defi ne from this model. New, 
higher resolution seismic data and a detailed model-
ling along this zone, applying modern interpretation 
techniques, which allow the loading of the seismic 
data as a backdrop during the gravity and magnetic 
modelling, are necessary to distinguish the basement 
features and structures confi ned to the sedimentary 
cover. The lower ocean-continental crust boundary 
can be identifi ed in the resultant model, where a den-
sity contrast between the subducted Caribbean Plate 
and the crust of the overriding South American Plate 

Fig. 21 Interpretation of the 
Romeral North (San Jacinto) 
fault system as an intraconti-
nental transpressive fault 
system. Left side shows the 
classic, right side the new 
interpretation of this study. 
Presence of oceanic affi nity 
rocks in the San Jacinto Fold 
Belt is interpreted as material 
swept from the downgoing 
Caribbean slab by 
backthrusting
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(static backstop) occurs. In the modelled region, this 
zone is approximately 180 km long and starts at a 
depth of 14 until the crust-mantle transition at a depth 
of 24 km.

7 Conclusions

The present-day crustal structure of the Colombian 
Caribbean margin is a result of the E-NE migration of 
the Caribbean Plate and its subsequent subduction 
beneath Colombia, which has generated strike-slip 
fault systems, lateral displacements, rotation and inver-
sion during the Cenozoic.

The 3D gravity modelling defi nes a shallow dipping 
Caribbean Plate that subducts at ∼5° beneath NW 
Colombia.

The continued Caribbean-South American plate 
convergence since upper Cretaceous has formed two 
accretionary prisms: the fossil accretionary prism 
(outer high) which includes the easternmost part of the 
Sinú-Colombia Accretionary Wedge and the San 
Jacinto Fold Belt, is assumed to be of upper Cretaceous 
to middle Miocene age, and the active frontal accre-
tionary prism of late Miocene to Recent age, which 
corresponds to the external part of the Sinú-Colombia 
Accretionary Wedge.

A seaward-vergent imbricate thrust system, which 
is developed in the frontal prism by the active defor-
mation and strong shortening, is well defi ned in the 
seismic data.

The older (fossil) accretionary prism is initially 
formed by upper Cretaceous basalts and ocean-fl oor 
sediments detached from the downgoing Caribbean 
Plate and subsequently emplaced on top of the conti-
nental basement of the South American Plate through 
backthrusting. Blocks of this oceanic “basement com-
plex” are exposed and has been drilled in the San 
Jacinto Fold Belt. Occurrence of ultramafi c rocks in 
the south of the San Jacinto Fold Belt is interpreted to 
be offscraped remnants of peridotite-cored uplifts, but 
not obducted oceanic crust.

The older prism becomes an outer high as it grows 
and uplifts. Seaward, the outer high is characterized by 
normal faulting, growth folding and mud diapirism. 
Landward, insuffi cient seismic coverage and its 
decreasing resolution do not allow determining the 
confi guration of the pre-Oligocene units.

The continental crust of the overriding South 
American Plate acted as a static-rigid backstop for the 
accreted older prism. 3D gravity and magnetic model-
ling suggest a seaward-dipping geometry for the static 
backstop.

The complexly deformed outer high, which is 
approximately 80 km wide and more than 10 km deep, 
behaves as the dynamic backstop for the younger 
accretionary prism. A landward-dipping limit between 
the active and fossil (dynamic backstop) accretionary 
prisms is inferred from the seismic data.

The Sinú Fault does not represent a limit between 
two distinct units accreted in different events because 
no sharp lateral density contrast from the 3D density 
model can be identifi ed.

The San Jorge-Plato Forearc Basin is formed 
between the older accretionary complex and arc 
framework. Some small depocenters developed 
behind the modern accretionary prism in the shelf 
sector are also interpreted as part of the forearc 
domain. The transition between the outer high and 
the main forearc basin is marked by the kilometer-
wide Romeral Fault Zone, which represents a struc-
tural break between the smaller basins that fossilizes 
the outer high to the west and the main San Jorge 
Forearc Basin to the east. The evolution of the forearc 
basins is controlled by the tectonic uplift, sediment 
supply and basement subsidence by loading. Tectonic 
subsidence mechanisms, which were not discussed 
in this study, could be related to crustal extension of 
the static backstop or localized tectonic erosion.

3D gravity and magnetic modelling indicate that 
the Romeral Fault System is involving continental 
basement-type along the transition from San Jorge-
Plato Basin to San Jacinto Fold Belt, which allows to 
conclude that Romeral does not represent a boundary 
between ocean and continental crust. Romeral and its 
associated structures form a dextral transpressive fault 
system, which is developed within continental crust 
(the static backstop) as a result of the oblique conver-
gence between Caribbean and South American plates.

From the proposed crustal model, two ocean-
continental  crust boundaries can be identifi ed: an upper 
one, which represents the highly deformed east-vergen t 
backthrust that emplaced the oceanic material onto the 
continental basement of the arc framework, and a 
lower one, which represents the eastward dipping 
boundary between the downgoing Caribbean Plate and 
the overriding South American Plate.
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